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PREFACE 


Isotope geology is the offspring of geology on one hand and of the concepts and methods of 
nuclear physics on the other. It was initially known as “nuclear geology”and then as “isotope 
geochemistry” before its current name of isotope geology came to be preferred because it is 
based on the measurement and interpretation of the isotopic compositions of chemical ele- 
ments making up the various natural systems. Variations in these isotope compositions 
yield useful information for the geological sciences (in the broad sense). The first break- 
through for isotope geology was the age determination of rocks and minerals, which at a 
stroke transformed geology into a quantitative science. Next came the measurement of past 
temperatures and the birth of paleoclimatology. Then horizons broadened with the emer- 
gence of the conceptof isotopic tracers to encompass not only questions of the Earth’s struc- 
tures and internal dynamics, oferosion, and of the transport of material, but also problems 
ofcosmochemistry, including those relating to the origins of the chemical elements. Andso 
isotope geology has not only extended across the entire domain ofthe earthsciences but has 
also expanded that domain, opening up many newareas, from astrophysics to environmen- 
talstudies. 

This book is designed to provide an introduction to the methods, techniques, and main 
findings of isotope geology. The general character of the subject defines its potential reader- 
ship: final-year undergraduates and postgraduates in the earth sciences (or environmental 
sciences), geologists, geophysicists, or climatologists wanting an overview of the field. 

This is an educational textbook. To my mind, an educational textbook must set out its 
subject matter and explain it, but it must also involve readers in the various stages in the 
reasoning. One cannot understand the development and the spirit of a science passively. 
The reader must be active. This book therefore makes constant use of questions, exercises, 
and problems. I have sought to write a book on isotope geology in the vein of Turcotte and 
Schubert’s Geodynamics (Cambridge University Press) or Arthur Beiser’s Concepts of 
Modern Physics (McGraw-Hill), which to my mind are exemplary. 

As itis an educational textbook, information is sometimes repeated in different places. As 
modern research in the neurosciences shows, learning is based on repetition, and so I have 
adopted this approach. This is why, for example, although numerical constants are often 
given in the main text, many of them are listed again in tables at the end. In other cases, I have 
deliberately not given values so that readers will have to look them up for themselves, because 
information onehas to seek out isremembered better than information served up ona plate. 

Readers must therefore work through the exercises, failing which they may not fully 
understand how the ideas follow on from one another. I have given solutions as we goalong, 
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sometimes in detail, sometimes more summarily. At the end of each chapter, I have set a 
number of problems whose solutions can be found at the end of the book. 

Another message I want to get across to students of isotope geology is that this is not an 
isolated discipline. It is immersed both in the physical sciences and in the earth sciences. 
Hence the deliberate use here and there of concepts from physics, from chemistry 
(Boltzmann distribution, Arrhenius equation, etc.), or from geology (plate tectonics, petro- 
graphy, etc.) to encourage study of these essential disciplines and, where need be, to make 
readers look up information in basic textbooks. Isotope geology is the outcome of an 
encounter between nuclear physics and geology; this multidisciplinary outlook must be 
maintained. 

This book does notset outto review all the results of isotope geology butto bring readers to 
a point where they can consult the original literature directly and without difficulty. Among 
current literature on the same topics, this book could be placed in the same category as 
Gunter Faure’s Isotope Geology (Wiley), to be read in preparation for Alan Dickin’s excel- 
lent Radiogenic Isotope Geology (Cambridge University Press). 

The guideline I have opted to follow has been to leave aside axiomatic exposition and to 
take instead a didactic, stepwise approach. The final chapter alone takes a more synthetic 
perspective, while giving pointers for future developments. 

I have to give a warning about the references. Since this is a book primarily directed 
towards teaching I have not given a full set of references for each topic. Ihave endeavored to 
give due credit to the significant contributors with the proper order of priority (which is not 
always the casein modern scientific journals). Because it is what lam most familiar with, I 
have made extensive use of work done in my laboratory. This leads to excessive emphasis on 
my own laboratory’s contributions in some chapters. I feel sure my colleagues will forgive 
me for this. The references at the end ofeach chapter are supplemented bya list ofsuggestions 
for further reading at the end of the book. 
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CHAPTER ONE 


Isotopes and radioactivity 


1.1 Reminders about the atomic nucleus 


In the model first developed by Niels Bohr and Ernest Rutherford and extended byArnold 
Sommerfeld, the atom is composed of two entities: a central nucleus, containing most of 
the mass, and an array of orbiting electrons.' The nucleus carries a positive charge of +Ze, 
which is balanced by the electron cloud’s negative charge of —Ze. The number of protons, 
Z, is matched in an electrically neutral atom by the number ofelectrons. Each of these parti- 
cles carries a negative electric charge e. 

As arough description, the nucleus of any element is made up of two types of particle, 
neutrons and protons. A neutron is slightly heavier than a proton with a mass of 
my = 1.67495 - 10-77 kg compared with m, = 1.672 65 - 10?’ kg for the proton. While of 
similar masses, then, the two particles differ above all in their charges. The proton has a 
positive charge (+ e) while the neutron is electrically neutral. The number of protons (Z) is 
the atomic number. The sum 4 = N + Z of the number of neutrons (N) plus the number of 
protons (Z) gives the mass number. This provides a measure of the mass of the nuclide in 
question if we take as our unit the approximate mass of the neutron or proton. Thomson 
(1914) and Aston (1919) showed that, fora given atomicnumber Z, thatis, fora given position 
in Mendeleyev’s periodic table, there are atoms with different mass numbers A, and there- 
fore nuclei which differ in the number of neutrons they contain (see Plate 1). Such nuclides 
are knownas theisotopes ofan element. 

Thus there is one form ofhydrogen whose nucleus is composed of just a single proton and 
another form of hydrogen (deuterium) whose nucleus comprises both a proton and a neu- 
tron; these are the two stable isotopes of hydrogen. Most elements have several naturally 
occurring isotopes. However, some, including sodium (Na), aluminum (Al), manganese 
(Mn), and niobium (Nb), have just one natural, stable isotope. 

The existence of isotopes has given rise toa special form of notation for nuclides. The sym- 
bolofthe element — H, He, Li, etc.— is completed by the atomic number and the mass number 
—1H, 7H, $Li, {Li, etc. This notation leaves the right-hand side of the symbol free for chemi- 
cal notations used for molecular or crystalline compounds such as 7H) '8O>.The notation 
atthe lower left can be omitted as it duplicates the letter symbol of the chemical element. 


' For the basic concepts of modern physics the exact references of original papers by prominent figures 
(Einstein, Fermi, etc.) are not cited. Readers should consult a standard textbook, for example Leighton 
(1959) or Beiser (1973). 
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The discovery of isotopes led immediately to that of isobars. These are atoms with the 
same mass numbers but with slightly different numbers of protons. The isobars rubidium 
§7Rband strontium §/Sr or alternatively rhenium '$/Re and osmium !57Osdonotbelongin 
the same slots in the periodic table and so are chemically distinct. It is important to know of 
isobars because, unless they are separated chemically beforehand, they “interfere” with one 


another when isotope abundances are measured with a mass spectrometer. 


1.2 The mass spectrometer 


Just as there would be no crystallography without x-rays nor astronomy without telescopes, 
so there would be no isotope geology without the invention of the mass spectrometer. This 
was the major contribution of Thomson (1914) and Aston (1918). Aston won the 1922 Nobel 
Prize for chemistry for developing this instrument and for the discoveries it enabled him to 
make.” Subsequent improvements were made by Bainbridge and Jordan (1936), Nier 
(1940), and Inghram and Chupka (1953). Major improvements have been made using 
advances in electronics and computing. A decisive step was taken by Arriens and 
Compston (1968) and Wasserburg et al. (1969) in connection with Moon exploration with 
the development of automated machines. More recent commercial machines have 
improved quality, performance, and reliability tenfold! 


1.2.1 The principle of the mass spectrometer 


The principle is straightforward enough. Atoms of the chemical element whose isotopic 
composition is to be measured are ionized in a vacuum chamber. The ions produced are 
then accelerated by using a potential difference of 3—-20kV. This produces a stream of 
ions, and so an electric current, which is passed through a magnetic field. The magnetic 
field exerts a force perpendicular to the “ionic current”and so bends the beam of ions. The 
lighter ions are deflected more than the heavier ones and so the ions can be sorted accord- 
ing to their masses. The relative abundance ofeach isotope can be measured from the rela- 
tive values of the electron currents produced by each stream of ions separated out in this 
way. 

Let us put this mathematically. Suppose atoms of the element in question have been 
ionized. The ion acceleration phase is: 
eV= ; my 
whereeVis the electrical energy, 4 mv’ is the kinetic energy, e is the ion’s charge, vitsspeed, m 
its mass, and V the potential difference. Itcan be deduced that: 


Lm )- 


? The other inventor of the mass spectrometer, J. J. Thomson, had already been awarded the 1906 Nobel 
Prize for physics for his discovery of the electron. 


Nie 
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Magnetic deflection is given by equating the magnetic force Bev to centripetal acceleration 
(/R) multiplied by mass m, where Bis the magnetic field and R the radius of curvature of 
the deflected path: 


y 
Bev=m(—). 
ev m (5) 


Itcan be deduced that: 


_ BeR 
om! 


y 


Making the two values of vequal, which is tantamountto removing speed from the equation, 
gives: 

m BR 

e WW" 

Therefore Ris proportional to \/m, foran ion ofa given charge. Allowing forelectron charge, 
elemental mass,’ and differences in units, we canwrite: 


B*R? 


= 12 
= x77 * 1° 


m 


inwhich Bis in teslas, min atomic mass units, Rin meters, and Vinvolts. 


Exercise 


A mass spectrometer has a radius of 0.3m and an acceleration voltage of 10000V. The 
magnetic field is adjusted to the various masses to be measured. Calculate the atomic mass 
corresponding to a field of 0.5T. 


Answer 
Just apply the formula with suitable units: 


0.5)? x (0.3)? 
fe IES eg Sse. 
20721 x (104) 


Exercise 


If hydrogen ions (mass number = 1) are accelerated with a voltage of 10 kV, at what speed are 
they emitted from the source? 


Answer 
Just apply the formula v = (2eV/m)?. The electron charge is 1.60219 - 10-*° coulombs and 
the atomic mass unit is 1.660 5402 - 10 *’kg. 


v = V1.9272 - 1012 = 1388kms ? 


> Atomic mass unit: m= 1.6605402-10°°” kg, electron charge: e=1.60219- 10 '° C, therefore 
e/m=0.964 - 10° Ckg~' (C=coulomb). 
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which is about 5 million km per hour. That is fast, admittedly, but still well below the speed of 
light, which is close to 1 billion km per hour! Heavy ions travel more slowly. For example ions 
of m= 100 would move at just a tenth of the hydrogen speed. 


1.2.2 The components of a mass spectrometer 


The principal components ofa mass spectrometer are the source, the magnet, and the col- 
lector and measurementsystems, all of which are maintained under vacuum. 


The source 
The source has three functions: 


e Togenerateions from atoms. The ions may be positive or negative. 

e To accelerate the ion by potential differences created by plates at different potentials 
(from ground to 20 KeV, and in accelerator mass spectrometers to several MeV). 

e Toshape the beam, through calibrated slits in the high-voltage plates. The beam from the 
source slit is usually rectangular. 


The magnet 

The magnet has two functions. It deviates the ions and this deflection separates them by 
mass. At the same time it treats the various components of the ion beam or a single mass as 
an optical instrument would. It handles both colors (masses) and also beam geometry. One 
ofits properties is to focus each ion beam for each mass on the collector. The characteristics 
of focusing vary with the shape of the magnet and the shape of the pole face, which may be 
curved in various ways (Figure |.1 and Plates 2 and 3). A further recent improvement, using 
computer simulation, has been to focus the beam not only in the x and y directions but in the 
z direction too. In modern solid-source mass spectrometers, the angular dispersion of ions 
is fully corrected and almost all the ions leaving the source end up in the collectors which 
are arranged ina focal plane. 


The collectors 

The collectors collect and integrate the ion charges so generating an electric current. The 
collector maybea Faraday bucket, which collects the charges and converts them intoacurrent 
that is conducted along a wire to an electrical resistor. By measuring the potential difference 
across the resistor terminals, the current can be calculated from Ohm’s law, V = JR. The 
advantage is that it is easy to amplify a potential difference electronically. It is convenient to 
work with voltages of about V. As the currents to be measured range from 10~'!to10-° A, by 
Ohm’s law, the resistors commonly used range from 10"! to 10° Q. This conversion may be 
made for small ion fluxes of electron multipliers or ion counters.“ In all cases the results are 
obtained by collecting the ion charges and measuring them. Just ahead of the collector 
system is a slit that isolates the ion beam. This is explained below. 


4 Each ion pulse is either counted (ion counter) or multiplied by a technical trick of the trade to give a 
measurable current (electron multiplier). 
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Figure 1.1 Athermal-ionization mass spectrometer. Top: in the center is the electromagnet whose field 
is perpendicular to the figure and directed downwards (through the page). By Fleming’s rules, the force 
is directed upwards (towards the top of the page) since the stream of ions is coming from the left. An 
array of Faraday cups may be used for multicollection, that is, for simultaneous measurement of the 
current produced by each isotope. One important feature has been omitted: the whole arrangement is 
held in a vacuum of 10° 7-10 ° mm Hg.” Bottom: the mass spectrum of strontium. 


The vacuum 

A fourth important component is the vacuum. Ions can travel from the source to the collec- 
tor only if they are in a vacuum. Otherwise they will lose their charge by collision with air 
molecules and return to the atom state. The whole system is built, then, in a tube where a 
vacuum can be maintained. In general, a vacuum of 10~7 millibars is produced near the 
source and another vacuum of 10~? millibars or better near the collector. Even so, some air 


> The SI unit of pressure is the pascal (Pa) but for a time it was measured by the height expressed in 
centimeters (cm) of a column of mercury in reference to Torricelli’s experiment. This unit has been used 
ever since for measuring extreme vacuums. “Standard” atmospheric pressure of 10° Pa corresponds to 
76cm of mercury. 
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Figure 1.2 (a) Incident beam in the focal plane. (b) Magnet focalization. The beam from the source has a 
certain aperture. The trajectories of some ions that are not strictly perpendicular to the source are 
refocused by the magnetic field. The refocusing surface for the various masses at the collector end is 
curved if the magnet faces are plane, but may be plane if a curved magnet face is used. The figure shows 
schematically how the magnet separates three isotopes in both configurations. 





molecules remain inside the mass spectrometer and collide with the beams, partially 
disrupting their initial rectangular section. 

All of these components contribute to the quality of the data obtained. Mass spectro- 
meter quality is characterized by anumber offeatures. 


Efficiency 
This is given by the ratio 


Number of ions collected 





Number of atoms in source 


6.24 x 10/8 


Number of ions = intensity x duration x =———____— 
Z — ion charge 


mass 
Number of atoms = —————— x Avogadro’s number. 
atomic mass 


Efficiency varies with atomic mass. 
Ionization efficiency of the source () and transmission efficiency of the total ion 
optics (7): 


IxT=E 


The value of Tis variable: 1% for ICP-MS, 25% for ion probes. 
The values of / have been greatly improved but vary with the nature of the element and 
the ionization process. The range is 5%00to 100% (ICP-MS)! 


Power of resolution 
The question is, what is the smallest difference in mass that can be separated and then mea- 
sured using amass spectrometer? A formal definition is: 


The mass spectrometer 





; M, 
1 RP =— 

resolving power AM 
where Mis the mass. AM is defined as M> = M, + AM, where M3 is the closest mass to M, 
that does not overlap by more than 50% in the collector. 

We can also define a resolving power at1%. 

The distance Ax betweentwo beams in the focal plane is written: 
Ax = K en ‘ 

m 

Depending on the angle of the incident beam to the magnet, K = R for anangle of incidence 
of 90°; K = 2R foranangle of 27°. 





From the formula above: 
R 
RP=C 
Ax’ 


R being the radius of curvature and Ax the distance between two beams of M and 
M+AM. 

This is just to show that when one wants to separate two masses more efficiently, the 
radius has to be increased and then the voltage adjusted accordingly. Suppose we want to 
separate *’Rb and ®’Sr by the difference in mass of neutrons and protons alone. A“mon- 
ster” mass spectrometer would be required. However, interferences between two masses 
can be avoided when separating isotopes of an element from contaminating molecules. 
(Methane CH, has the same mass as '°O and benzene C,H, interferes at mass 78 with 
krypton.) 


Abundance sensitivity 

Another important characteristicis the Ax distance (in millimeters) between thebeams.We 
have to come back to the slits in the collectors. The problem is easy enough to understand. 
At first, the beam is rectangular. Collisions with residual air molecules means that, when it 
reaches the collector slit, the beam is wider and trapezoid-shaped with long tails. Collector 
slits are open so that they can receive one mass but no contribution from the adjacent mass. 
When the abundances of two adjacent isotopes are very different, the tail of the more abun- 
dant isotope forms background noise for the less abundant one. Measuring the less abun- 
dant isotope involves reconstructing the tail of the more abundant one mathematically. 
This is possible only if the tail is not too big. Narrowing the collector slit brings about a 
rapid decline in sensitivity. 

Abundance sensitivity is the measurement of the contribution of the tail of one isotope 
to the signal of the neighboring isotope. It is given as a signal/noise ratio multiplied by 
the mass ratios. Special instruments have been developed for measuring abundance 
sensitivity in extreme cases, such as measuring '*C close to the massively more abundant 
"°C. Abundance sensitivity is related to resolving power but also to the quality of the 
ion optics. 
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Exercise 


The isotopic composition of the element rubidium (Rb) is measured, giving a current 
i=10-**A for the mass of ®’Rb. How many ions per second is that? If the measurement 
lasts 1 hour how much Rb has been used if the ionization yield is 1%? 





Answer 

The intensity of an electrical current is defined by i= dq/dt, where dqis the quantity of electrical 
charge and dt the unit of time. Electrical current is therefore the quantity of electrical charge 
flowing per unit time. The ampere, the unit of electrical current, is defined as being 1 coulomb 
per second, the coulomb being the unit of electrical charge. The charge of an electron is 
-1.6-10°*° coulombs. The positive charge is identical but with the opposite sign. An 
intensity of 10 ** amps therefore corresponds to 10 ** coulombs per second / 1.6-10 *° 
coulombs = 62.5 - 10° ions per second. 

If this intensity is maintained for 1 hour: 6.25 - 10’ x 3600 = 2.2464 - 107" ions of ®’Rb*. As 
the ionization is 1%, this corresponds to 2.2464 - 10+? atoms of 87®? placed on the emitter 
filament. As ®°Rb/®’Rb = 2.5933, RDiotai (in atoms) = ®’Rb (in atoms) (1 + 2.5933). 

So a total number of 8.0719 - 107? atoms of Rb is placed on the filament. As the atomic 
mass of Rb is 85.468 g, the total weight of Rb is 11 ng. 


Exercise 


How much rock is needed to determine the isotopic composition of Rb by measuring a sample 
for 20 minutes at 10 **A if its concentration in Rb is 10 ppm (parts per million)? 


Answer 
If 11 ng of Rb are needed for 1 hour, for 20 minutes we need (11 x 20)/60 = 3.66 ng, that is 
3.66 - 10 °/10 * = 0.36 mg of rock or mineral. 

It can be seen, then, that mass spectrometry is a very sensitive technique. 


1.2.3. Various developments in mass spectrometers 


Mass spectrometers have come a long way since the first instruments developed by J. J. 
Thomson and F. Aston.To give some idea of the advances made, when Al Nier was measur- 
ing lead isotopes as a postdoctoral fellow at Harvard in 1939 (more about this later), he used 
a galvanometer projecting a beam of light onto the wall and measured the peak witha ruler! 
Nowadays everything takes the form ofa computer output. 


Ionization 

The first technique was to use the element to be measured as a gaseous compound. When 
bombarded by electrons, atoms of the gas lose electrons and so become ionized (Nier, 1935, 
1938, 1939). Later came the thermal-ionization technique (TIMS) (Inghram and Chupka, 
1953). In the so-called solid-source mass spectrometer, a salt of the element is deposited on 
a metal filament (Ta,W, Pt). The filament is heated by the Joule effect ofan increasing electric 
current. At a certain temperature, the element ionizes (generally as positive ions [Sr, Rb, 
Sm, Nd, U, Pb] but also as negative ions [Os]). Ionization became a fundamental character- 
istic of mass spectrometry. 
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Nowadays, asan alternative, plasma is used for optimal ionization in instruments named 
ICP-MS. 


Ion optics 

Substantial effort has been put into optics combining various geometries and assemblies. 
Bainbridge and Jordan (1936) used a magnetic field to turn the beam through 180°. 
Mattauch and Herzog (1934) combined electric and magnetic fields to separate ions and 
focus beams. Magnet shapes were modified to improve transmission efficiency. 

Computerized numerical simulation has allowed tremendous advances in ion optics 
design. All of the techniques used tended to maximize ionization and transmission, to 
increase resolution power and abundance sensitivity, and to minimize the high voltage 
requirement and the size of the magnet, which are both big factors in cost. However, when 
the ionization process created a wide dispersion in ion energies, more sophisticated ion 
optics were required to refocus the ion beam in a narrow band on the collectors. So ICP- 
MS, ion probe, and AMS instruments have become large and more expensive. 

Collectors are another importantissue. Early mass spectrometers had a single collector. By 
scanning the magnetic field, the ion beam passed in sequence through the collector and aspec- 
trum of ion abundance was recorded (Figure 1.1). Nowadays most mass spectrometers use 
simultaneous ion collection with an array of collectors side by side, each collector correspond- 
ing to a distinct mass. This seems an obvious technique to use as it eliminates fluctuations 
between the recordings ofone mass (peak) to another. However, itis technically extremely diffi- 
cult to achieve, both mechanically, accurately installing several collectors in asmall space, and 
electronically, controlling drifting of the electronic circuits with time. These problems have 
now been virtually eradicated. It is worth noting that, unlike in most areas of science, all 
advances since 1980 have been made by industrial engineers rather than byacademicscientists. 
However, because of electronic “noise” and electrical instabilities, all isotopic measurements 
are statistical. On each run, thousands of spectra are recorded and statistically processed. 
Only since microcomputers have been available have such techniques become feasible. 


1.2.4 Preparatory chemistry and final accuracy 


In most mass spectrometry techniques (except for ion probes) chemical separation is used 
before measurement to purify the element whose isotopic composition is under study. 
Since the elements to be measured are present as traces, they have to be separated from the 
major elements which would otherwise prevent any ionization as the major elements rather 
than the trace elements would give out their electrons. For example, an excess of K inhibits 
any Rb ionization. Chemical separation also prevents isobaric interference between, say, 
87R band *’Sror'®’Reand'®’Os. 

Chemical separation can be donein gaseous form in purification lines, as for rare gases or 
for oxygen or hydrogen measurement, or in liquid solution for most elements. The basic 
technique in the latter case is the ion-exchange column as introduced by Aldrich et al. 
(1953). All these operations have to be performed invery clean conditions, otherwise sample 
contamination will ruin measurement.The greater the accuracy of mass spectrometry, the 
cleaner the chemistry required. The chemistry is carried out in a clean room with special 
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equipment using specially prepared ultra-clean reagents, that are far cleaner than any com- 
mercial versions. 

Whenjudging measurement reliability, investigators have to state the level of their blanks. 
Theblankis the amount ofthe target elements measuredina chemical process donewithout 
anysample. The blankhas to be negligible or very small compared with the amount of mater- 
ialtobe measured. Soincreases in accuracy are linked not only with the improvement of the 
mass spectrometer but also of the blanks. 

Although this is not the place to give full technical details about conditions for preparing 
and measuring samples, as these can only be learned in the laboratory and not from text- 
books, a few general remarks may be made. 

Modern techniques allow isotope ratios to be measured witha degree of precision of 10> 
or 10° (a few ppm!) on samples weighing just a few nanograms (10° g) or even a few pico- 
grams (10 '* g). For example, ifa rock contains 10 ppm of strontium, its isotope composi- 
tion can be measured on 10° g with a degree of precision of 30 ppm. Therefore just 10~* g, 
that is, 0.1mg would be needed to make the measurement. This method can be used for 
studying precious rocks, such as samples of moon rock or meteorites, or minor or rare 
minerals, that is, minerals that are difficult to separate and concentrate. What do such levels 
of precision mean? They mean we can readily tell apart two isotope ratios of strontium, say 
0.702 21 and 0.702 23, that is, to within 0.000 03, even where low concentrations are involved. 
To achieve such precision the measurement must be “internally calibrated.” When measut- 
ing the abundance ratio (A,/A2) of two isotopes, the electrical current ratio (/,//,) detected 
is slightly different from (4,/A>). The difference is engendered by the measurement itself. This 
is termed mass discrimination.° Either of two methodsisused forcalibrating measurements. 

The first is the internal standard method. If the element has three or more isotopes one 
particular ratio is chosen as the reference ratio and correction is made for mass discrimina- 
tion. So if the abundances are A), A>, A3, we take (4,/A3) = R. The measurement (/,/J>) is 
written R(1 + 6Am), where Amis the difference in mass between A, and A3. The fractiona- 
tion coefficient dis calculated and then applied to the measurement of the ratio (4;/A>).’ 

The second method is to measure a standard sample periodically and to express the 
values measured in terms of that standard. 

The extraordinary precision the mass spectrometer can achieve must not be jeopardized 
by accidental contamination when preparing samples. To this end ultra-clean preparatory 
chemistry is developed using ultra-pure chemical reagents in clean rooms (Plate 3 bottom). 


1.2.5 lonization techniques and the corresponding spectrometers 


Four major ionization techniques are used depending on the characteristics of the various 
chemical elements (ionization potential). 


Thermal-ionization mass spectrometry (TIMS) 
The element to be analyzed is first purified chemically (especially to separate any isobars) 
and deposited ona refractory filament. Heating the filament ina vacuum by the Joule effect 


® Such discrimination depends on the type of mass spectrometer used. It decreases with mass for any given 
type. 

7 Tn high-precision mass spectrometry an exponential law rather than a linear one is used to correct mass 
fractionation. 
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ionizes the elements, which either lose an electron becoming positive ions, as in the cases of 
Rb*, Sr*, and Pb‘, or gain an electron becoming negative ions as with OsO;_ and WO; _. 
Instrumental mass fractionation is of the order of 1% by mass deviation for light elements 
(Li) and 0.1% by mass deviation for heavy elements (Pb, U). 


Electronic bombardment 

Lightelements such as hydrogen (H), carbon (C), nitrogen (N), and oxygen (O) or rare gases 
are analyzed as gases (H2, CO», N2, Or, or atoms of He, Ne, At, or Xe) bombarded in a 
vacuum by an electron beam. Positive ions are thus formed by stripping an electron from 
such molecules or atoms. The ions are then accelerated and sorted magnetically as in 
TIMS. Substances are prepared for analysis in gaseous form by extracting the gas from the 
sample under vacuum either by fusion or by chemical reaction. The gas is then purified in 
vacuum lines where other gases are captured either by adsorption or by manipulating their 
liquefaction temperatures. 


Inductively coupled plasma mass spectrometry (ICPMS) in anargon plasma 
The sample is ionized in an argon plasma induced by a high-frequency electrical field 
(plasma torch). The high temperature of the plasma, about 10 000 K, means elements like 
hafnium or thorium, which are difficult to ionize by thermal emission, can be completely 
ionized. The element to be analyzed is atomized and then ionized. It is sprayed into the 
plasma from a solution as a liquid aerosol. Or it may be released from a solid sample by 
laser ablation. The solid aerosol so formed is injected into the plasma torch. Mass fractiona- 
tion is between a twentieth of 1% for a light element like boron and 1% for heavy elements. 
Fractionation is corrected for by using the isotope ratios of other similar elements as inter- 
nal standards, because, at the temperature of the plasma, fractionation is due to mass alone 
and is not affected by the element’s chemical characteristics. 


Ionic bombardment in secondary-ion mass spectrometry (SIMS) 

The solid sample (rock, mineral) containing the chemical element for analysis is cut, 
polished, and put into the vacuum chamber where it is bombarded by a“primary” beam of 
ions (argon, oxygen, or cesium). This bombardment creates a very-high-temperature 
plasma at about 40 000 K in which the element is atomized and ionized. The development 
ofhigh resolution secondary-ion mass spectrometers (ion microprobes) means in-situ iso- 
tope measurements can be made on very small samples and, above all, on tiny grains. This 
is essential for studying, say, the few grains of interstellar material contained in meteorites. 


Remark 

All of the big fundamental advances in isotope geology have been the result of improved 
sensitivity or precision in mass spectrometry or of improved chemical separation reducing con- 
tamination (chromatographic separation using highly selective resins, use of high-purity materials 
such as teflon). These techniques have recently become automated and automation will be more 
systematic in the future. 


1.3 lsotopy 


Assaid, each chemical elementis defined by the number of protons Z in its atomic structure. 
Itis the number of protons Z that defines the element’s position in the periodic table. Butin 
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Figure 1.3 The distribution of natural stable isotopes in the neutron—proton diagram. The diagram is 
stippled because natural or artificial radioactive isotopes lie between the stable isotopes. After N= 20, 
the zone of stable nuclei moves away from the diagonal for which the number of neutrons equals the 
number of protons. For N> 20, the number of neutrons then exceeds the number of protons. This zone 
is called the valley of stability as it corresponds to a minimum energy level of the nuclides. 


each position there are several isotopes which differ by the number of neutrons N they con- 
tain, that is, by their mass. These isotopes are created during nuclear processes which are 
collectively referred to as nucleosynthesis and which have been taking place in the stars 
throughout the history ofthe Universe (see Chapter 4). 

The isotopic composition of a chemical element is expressed either as a percentage or 
more conveniently as aratio. A reference isotope is chosen relative to which the quantities of 
other isotopes are expressed. Isotope ratios are expressed in terms of numbers of atoms 
and notofmass. For example, to study variations in the isotopic composition of the element 
strontium brought about by the radioactive decay of the isotope 8’Rb, we choose the 
87Sr/8°Sr isotope ratio. To study the isotopic variations of lead, we consider the 
a0Pb/'Pb, Phi Pb, and“ Pb/-"Pheattos, 


1.3.1 The chart of the nuclides 


The isotopic composition of all the naturally occurring chemical elements has been deter- 
mined, that is, the number of isotopes and their proportions have been identified. The find- 
ings have been plotted as a (Z, N) graph, that is, the number of protons against the number 
ofneutrons. Figure 1.3, details of which are given in the Appendix, prompts afew remarks. 
First ofall, the stableisotopes fall into a clearly defined zone, known as the valley of stability 
because it corresponds to the minimum energy levels of nuclides. Initially this energy valley 
follows the diagonal Z = N. Then, after NV = 20, the valley falls away from the diagonal on the 
side ofa surplus of neutrons. It is as if, as Z increases, an even greater number of neutrons is 
needed to prevent the electrically charged protons from repelling each other and breaking the 
nucleus apart. (Things are actually more complicated than this simplistic image suggests!) 
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A second remark relates to parity. Elements for which Z is an even number have far more 
isotopes than elements for which Z is an odd number. Fluorine (7 = 9), sodium (Z = 11), 
phosphorus (Z = 15), andscandium (Z = 21) have justa single isotope. 

Lastly, and not least importantly, the heaviest element with stable isotopes is lead.* 


1.3.2 Isotopic homogenization and isotopic exchange 


As the isotopes of any given chemical element all have the same electron suite, they all have 
pretty much the same chemical properties. But in all chemical, physical, or biological pro- 
cesses, isotopes of any given element behave slightly differently from each other, thus giving 
rise to isotopic fractionation. Such fractionation is very weak and is apparent above all in 
light elements. It is also exploited in isotope geology as shall be seen in Chapter 7. 

Initially we shallignore such fractionation, except where allowance has to be made for it 
as with '*C or when making measurements with a mass spectrometer where, as has been 
seen, correction must be made for mass discrimination. This virtually identical behavior of 
chemical isotopes entails a fundamental consequence in the tendency for isotopic homogen- 
ization to occur. Where two or more geochemical objects (minerals within the same rock, 
rocks in solution, etc.) are in thermodynamic equilibrium, the isotope ratios of the chemical 
elements present are generally equal. If they are unequal initially, they exchange some atoms 
until they equalize them. It is important to understand that isotopic homogenization occurs 
through isotopic exchange without chemical homogenization. Each chemical component 
retains its chemical identity, of course. This property of isotopic homogenization “across”che- 
mical diversity is one of the fundamentals of isotope geochemistry. A simple way of observing 
this phenomenon Is to put calcium carbonate powder in the presence ofa solution of carbo- 
nate in water in proportions corresponding to thermodynamic equilibrium. Therefore no 
chemical reaction occurs. Repeat the experiment but with radioactive “C in solution in the 
form ofcarbonate. Ifafter 10 days or so the solid calcium carbonate is isolated, it will be found 
to have become radioactive. It will have exchanged some of its carbon-14 with the carbonate 
of mass 12 and 13 which were in the solution. 


Exercise 


A liter of water saturated in CaCO; whose Ca? * content is 1 - 10°? moles per liter is put in the 
presence of 1g of CaCOs in solid form. The isotopic ratio of the solid CaCO; is %0Ca/*?Ca=151. 
The isotopic ratio of the dissolved Ca?* has been artificially enriched in **Ca such that 
“°Ca/**Ca=50. What is the common isotopic composition of the calcium when isotopic 
equilibrium is achieved? 


Answer 
99Ca/42Ca =121.2. 


As said, when two or more geochemical objects with different isotopic ratios are in 
each other’s presence, atom exchange (which occurs in all chemical reactions, including at 


8 Until recently it was believed to be bismuth (Z=83), whose only isotope is *°°Bi. In 2003 it was 
discovered to be radioactive with a half-life of 1.9 - 10!” years! 
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equilibrium) tends to homogenize the whole in terms of isotopes. This is known as isotopic 
exchange. Itisa kinetic phenomenon, depending therefore on the temperature and physical 
state of the phases present. Simplifying, isotope exchange is fast at high temperatures and 
slow at low temperatures like all chemical reactions which are accelerated by temperature 
increase. In liquids and gases, diffusion is fast and so isotope exchange is fast too. In solids, 
diffusion is slow and soisotope exchangeis slow too. In magmas (high-temperature liquids), 
then, both trends are compounded and isotope homogenization occurs quickly. The same 
istrue ofsupercritical fluids, thatis, fluids deep within the Earth’s crust. Conversely, in solids 
at ordinary temperatures, exchange occurs very slowly and isotope heterogeneities persist. 
Two important consequences follow from these two properties. The first is that a magma 
has the same isotope composition as the solid source from which it has issued by fusion, but 
not the same chemical composition. The second is that, conversely, a solid at ordinary tem- 
peratures retains its isotopic composition over time without becoming homogeneous with 
its surroundings. Thisis why rocksare reliable isotope records. This property is adirectcon- 
sequence of the diffusion properties of natural isotopes in liquids and solids. 

The theory of diffusion, that is, the spontaneous motion of atoms influenced by differ- 
ences in concentration, provides an approximate but adequate formula: 


xxvDt 


where x is the distance traveled by the element, ris time in seconds, and D the diffusion coef- 
ficient (cm?s~'). 


Exercise 


In a liquid silicate at 1200K the diffusion coefficient for elements like Rb, Sr, or K is 
D=10 °cm?s 7. In solid silicates heated to 1200 K, D=10 14cm? 5-7. 
How long does it take for two adjacent domains of 1 cm diameter to become homogeneous: 


(1) within a silicate magma? 
(2) between a silicate magma and a solid, which occurs during partial melting when 10% of 
the magma coexists with the residual solid? 


Answer 

(1) Ina silicate magma if D=10 ©cm? s+, t= x*/D=10°s, or about 11 days. 

If it takes 11 days for the magma to homogenize on a scale of 1cm, on a 1-km scale 
(=10°cm), it will take t~x?/D=10*°=10"°s, or close to 3- 10° years, given that 
1 year~3-10’s. 

In fact, homogenization at this scale would not occur by diffusion but by advection or 
convection, that is, a general motion of matter, and so would be much faster. 

(2) In the case of a magma impregnating a residual solid with crystals of the same dimen- 
sions (1cm), t= x°/D=10""s or about 3 - 10° years, or 300 000 years, which is rather fast 
in geological terms. For 1-mm crystals, which is more realistic, t~ 10 ?/D=3 - 10? years, 
or 3000 years. So isotope equilibrium is established quite quickly where a magma is in the 
presence of mineral phases. 


A second important question is whether rocks at ordinary temperatures can retain their 
isotope compositions without being modified and without being re-homogenized. To 
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answer this, it must be remembered that the diffusion coefficient varies with temperature 
by the Arrhenius law: 


—AH 
D = Do exp (3) 


where AH is the activation energy, which is about 40 kcal per mole, R is the ideal gas con- 
stant (1.987 cal per K per mole), and Tthe absolute temperature (K). If D= 107 ''cm?s_!in 
solids at 1300 °C, whatis the diffusion coefficient D,,at ordinary temperatures? 


Dor = exp| 9" (#4 I )J-@ 
D300 R \Tor — 11300 


from which Do, = (B) Dj300. 
Calculate (B) to find that it gives 1.86 - 10~*, therefore Do, = 2 -107*°cm?s71. 
To homogenize a 1-mm grainat ordinary temperatures takes 
0 
“2 10-96 





t = 0.5- 104s = 1.5- 10° years, 


whichis infinitelylong to allintents and purposes. 


Important remark 

Rocks therefore retain the memory of their history acquired at high temperatures. This is the prime 
reason isotope geology is so incredibly successful and is the physical and chemical basis of isotope 
memory. The phenomenon might be termed isotopic quenching, by analogy with metal which, if it is 
immersed when hot in cold water, permanently retains the properties it acquired at high temperature. 


1.3.3 A practical application of isotopic exchange: 
isotopic dilution 


Suppose we wish to measure the rubidium content ofa rock. Rubidium has two isotopes, of 
mass 85 and 87, in the proportion *Rb/*’Rb = 2.5933. (This is the value found when mea- 
suring the Rb isotope composition of natural rocks.) The rock is dissolved with a mixture of 
acids. To the solution obtained, we add a solution with a known Rb content which has been 
artificially enriched in “Rb (spike), whose *°Rb/*’Rb ratio in the spike is known. The two 
solutions mix and becomeisotopically balanced. Once equilibrium is reached, the absolute 
Rbcontent of the rock can be determined by simply measuring the isotope composition of 
afraction ofthe mixture. 
Writing (age) = (8) gives: 
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Because weknowthe*’Rb content of the spike, the Rb content ofthe rockcanbe obtained by 
simply measuring the isotope ratio of the mixture, without having to recover all the Rb by 
chemical separation. 

Suppose, say, the isotopic composition of the spike of Rb is *Rb/*’Rb = 0.12. The natu- 
rally occurring *Rb/*’Rb ratio is 2.5933. We dissolve 1 g of rock and add to the solution 1 g 
of spike containing 3 ngof *’Rb per cubic centimeter. After thoroughly mixing the solution 
containing the dissolved rock and the spike solution, measurement ofa fraction of the mix- 
ture yields a ratio of *°Rb/*’Rb = 1.5. The Rb content of the rock can be calculated. We sim- 
plyapply the formula: 


il; 
87Rbrock = 87 RDspike Fi a = 1.266, 


1.5 — 2.59 
or 
8 Rbk = 1.266 x ® Rope = 1.266 % 3-10? g = 3.798 «10° g. 


As we took a sample of 1g of rock, Cg7,, = 3.798 ng g-! = 3.798 ppb. Therefore 
Cetiots1 = Cap, (1 + 2.5933) = 13.42 ppb. 

This method can be used for all chemical elements with several stable isotopes for which 
spikes havebeen prepared that are artificially enrichedin one or moreisotopesand for elements 
with a single isotope, provided it is acceptable to use a radioactive isotope (and so potentially 
dangerous for whoever conducts the experiment) asa spike. The method has three advantages. 

First, after mixing with the spike, chemical separation methodsneed notbe entirely quanti- 
tative. (The yields of the various chemical operations during analysis do not count.) Isotope 
ratios alone matter, as well as any contamination, which distorts the measurement, ofcourse. 

Then, as the mass spectrometer makes very sensitive and very precise measurements of 
isotope ratios, isotopic dilution may be used to measure the amounts of trace elements, 
even the tiniest traces, with great precision. 

Isotope dilution was invented for the needs of laboratory analysis but may be extended to 
natural processes. As shall be seen, variable isotope ratios occur in nature. Mixes of them 
can be used to calculate proportions by mass of the geochemical elements involved just by 
simple measurements of isotope ratios. 

As can be seen, isotope dilution is an essential method in isotope geochemistry. But just 
how preciseisit? This exercise will allow us to specify the error (uncertainty) in isotope dilu- 
tion measurement. 


Exercise 


The isotope ratios of the spike, sample, and mixture are denoted Ry, Rc, and Ry, respectively. 
We wish to find out the quantity X of the reference isotope G in the sample. To do this, 
quantity Y of spike has been mixed and the isotope ratios (G/G) = R of the spike, sample, and 
mix have been measured. What is the uncertainty of the measurement? 


Answer 
Let us begin with the formula 


Rr —Rm 


X=, 
Ru — Rs 
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which may be written RwX — RX = RrY— RY or Ru (X+ Y) = RrY+ RcX, or alternatively 


Y x 


Rie LR 
pa ee envoy, 





We posit 7%; = Wand Y=1—W. Let us calculate the logarithmic derivative and switch to A 
(finite difference): 


AX AY | A(Rt—Rm) , A(Rm — Rs) 
XY * (Rr—Rm) — (Rm —Rs) | 





We can transform (Rr — Rm) and (Rm — Rs) as a function of (R; — Rs), from which: 








AX AY 2ARm e 1 }-"%. 2ARm 


1 
Xe YRS wii-w Y nts lw 


Neglecting the uncertainty on R; and R., which are assumed to be fully known, uncertainty is 
minimum when: 


e R;—Rs is maximum. A spike must therefore be prepared whose composition is as remote as 
possible from the sample composition. 


e 1/[w(1 —w)] is maximum for given values of Ry and Re, that is, when W=0.5, in other words 
when the samples and spike are in equal proportions. 


By way of illustration, let us plot the curve of relative error AX/X as a function of W. It is 
assumed that ARw/(Rt — Rm) = 10-4 and AY/Y = 10%. 
The curve is shown in Figure 1.4. 


Conversely, the formulae for isotope dilution show how contamination of a sample by 
reagents used in preparatory chemistry modifies the isotope composition of a sample to be 
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Figure 1.4 Relative error due to isotope dilution. Relative error is plotted as a function of the ratio W, 
which is the proportion of the isotope from the sample in the sample-spike mixture. The greatest 
precision is achieved with comparable amounts of spike and sample, but with a relatively large 
tolerance for this condition. 
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measured. To evaluate thisuncertainty (error) (or better stillto makeit negligible), isotope dilu- 
tion is used to gauge the quantity of the element to be measured that has been introduced acci- 
dentally during preparation. To do this, a blank measurement is made with no sample. The 
blank is the quantity of contamination from the preparatory chemistry. A good blank has a 
negligible influence on measurement. See Problem 3 at the end of the chapter for more on this. 


1.4 Radioactivity 


Radioactivity was discovered and studied by Henri Becquerel and then Pierre and Marie 
Curie from 1896 to 1902. In 1902 Pierre Curie (1902a) and independently Ernest 
Rutherford and Frederick Soddy (1902a, b, c) proposed an extremely simple mathematical 
formalization for it. 


1.4.1 Basic principles 


Radioactivity is the phenomenon by which certain nuclei transform (transmute) sponta- 
neously into other nuclei and in so doing give off particles or radiation to satisfy the 
laws of conservation of energy and mass described by Albert Einstein. The 
Curie—Rutherford—Soddy (CRS) law says that the number of nuclei that disintegrate per 
unit time is a constant fraction of the number of nuclei present, regardless of the tempera- 
ture, pressure, chemical form, or other conditions of the environment. Itis written: 


dN 
a —AN 
where N is the number of nuclei and / is a proportionality constant called the decay con- 
stant. It is the probability that any given nucleus will disintegrate in the interval of time dr. It 
isexpressed inyr_' (reciprocal of time). 

The expression A Nis called the activity and is the number ofdisintegrations per unit time. 
Activity is measured in curies (1 Ci= 3.7 - 10'° disintegrations per second, which is the 
activity of lg of 7*°Ra). Avalue of 1 Ciis avery high level of activity, which is why the milli- 
curie or microcurie are more generally used. The international unit is now the becquerel, 
corresponding to | disintegration per second. | Ci = 37 gigabecquerels. 

This law is quite strange a priori because it seems to indicate that the nuclei “communi- 
cate” with each other to draw by lots those to be “sacrificed” at each instant at anunchanging 
rate. And yet it has been shown to be valid for nuclei with very short (a few thousandths ofa 
second) or very long (several billion years, or more than 10”° s) lifespans. It holds whatever 
the conditions of the medium. Whether the radioactive isotope is in a liquid, solid, or gas 
medium, whether heated or cooled, at high pressure or in a vacuum, the law of decay 
remains unchanged. Fora given radioactive nucleus, A remains the same over the course of 
time. Integrating the Curie—Rutherford—Soddy law gives: 


N=Ne“ 


where Nis the number of radioactive nuclei now remaining, No the initial number of radio- 
active atoms, and f the interval of time measuring the length of the experiment. Thus the 
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Figure 1.5 Curves of the radioactive decay of radium established by Pierre and Marie Curie. The activity 
curve is shown with normal coordinates (a) and semi-logarithmic coordinates (b). Both plots show the 
half-life, that is, the time taken for half of the atoms to disintegrate, and the mean life, that is, the 
reciprocal of 7. 


number ofradioactive atoms remainingisa function of just the initial number of radioactive 
atoms and oftime. 

Each radioactive isotope is characterized by its decay constant 4. We also speak of the 
mean life 7 = 1/1. The equation is then written: 


N= Noe. 


Radioactivity is therefore a stopwatch, a natural clock, which, likean hourglass, measures 
the passage of time unperturbed. The phenomenon can be displayed graphically in two 
forms. 

Onan (JN, f) graph, the negative exponential decreases becoming tangential to the x-axis 
at infinity (Figure 1.5a).Onasemi-log (In N, t) graph, asIn N = No—At, the curve describing 
decay isa straight line ofslope —A (Figure 1.5b). 

To characterize the speed withwhich the“nuclearhourglass”empties in aless abstract way 
than by the decay constant /, the half-life (7) (also written 71) of a radioactive element is 
defined by the time it takes for half the radioactive isotope to disintegrate. From the funda- 
mental equation ofradioactivity we have: In (No/N) = 1n2 = AT, from which: 





T, = In2/2 = 0.693 7, 
2 


where 71is the half-life, 2 the radioactive constant, and 7 the mean life. 

The half-life (like the mean life) is expressed in units of time, in thousands, millions, or bil- 
lions ofyears.’ It can be used to evaluate, in a simple way, the speed at which any radioactive 
isotope decays. Reviewing these half-lives, it is observed that while some are very brief, a 
millionth of a second (or even less), others are measured in thousands and in billions of 
years. This is the case of *°U or ®’Rb and other isotopes we shall be using. This observation 
immediately prompted Pierre Curie in 1902 and independently Ernest Rutherford and 
Frank Soddy to think that geological time could be measured using radioactivity. This was 


° Care is required because tables may give either the half-life or the mean life. 
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probably the most important discovery in geology since Hutton in 1798 had laid down its 
foundations from field observations. 


Exercise 


Given that the decay constant of ®’Rb is 2=1.42 - 10-** yr * and that there are 10 ppm of Rb 
in a rock, how much Rb was there 2 billion years ago? 


Answer 
We have seen that Rb is composed of two isotopes of masses 85 and 87 in the ratio 
®5Rb/®’Rb = 2.5933. The atomic mass of Rb is therefore: 


85 x 2.5933+87x1 








=IO5t 5565 
3.5933 
In 10 ppm, that is, 10 - ii(@)-© by mass, there is sip =0.116-10-° mole of Rb. There 
is therefore les = 0.032 282-10-© mole of 87Rb and 
9.116 x10 2.5933 — 0.083 717 - 10° atom g* of ® Rb. 


N=Noe “‘, therefore with 7=1.42- 10 ** yr * and t=2- 10° yr, e “‘=0.97199. 

Therefore, 2 billion years ago there was 0.032 282 / 0.971 99 = 0.033 2122 - 10 © mole of ®’Rb. 

The isotopic composition of ®’Rb was 85/87 = 2.5206, or a variation of 2.8% relative to the 
current value in isotopic ratio, which is not negligible. 


Exercise 


The **C method is undoubtedly the most famous method of radioactive dating. Let us look at 
a few of its features that will be useful later. It is a radioactive isotope whose half-life is 5730 
years. For a system where, at time t=0, there are 10 **g of “*C, how much “C is left after 
2000 years? After 1 million years? What are the corresponding activity rates? 


Answer 

We use the fundamental formula for radioactivity N= No e “* Let us first, then, calculate 
No and 2. The atomic mass of C is 14. In 10°**g of ™*C there are therefore 10°*7/ 
14=7.1- 10 *? atoms per gram (moles) of “*C. From the equation 2T=In 2 we can calculate 
De = PE) 2 WO yr 

By applying the fundamental formula, we can write: 

N=7.1-10 *? exp(—1.283 - 10* x 2000) = 5.492 - 10 +? moles. 

After 2000 years there will be 5.492 - 10 *? moles of **C and so 7.688 - 10 *”g of “C. 

After 10° years there will remain 1.271 - 10 © moles of **C and so 1.7827 - 10 ©’ g, which 
is next to nothing. 

In fact there will be no atoms left because 1271-10 moles ~ 2 . 10-4 atoms! 

The number of disintegrations per unit time dN/dt is equal to AN. 

The number of atoms is calculated by multiplying the number of moles by Avogadro’s number 
6.023 - 107°. This gives, for 2000 years, 5.4921 - 10 *? x 6.023 - 107? x 1.283- 10 *=4.24- 10” 
disintegrations per year. If 1 year~3-10’ s, that corresponds to 1.4 disintegrations per 
second (dps), which is measurable. 


'© This value is not quite exact (see Chapter 4) but was the one used when the method was first introduced. 
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For 10° years, 1.27.10 °° x 6.023 - 107* x 1.283-10 *=9.7-10 *° disintegrations per 
year. This figure shows one would have to wait for an unimaginable length of time to observe 
a single disintegration! (10*8 years for a possible disintegration, which is absurd.) 

This calculation shows that the geochronometer has its limits in practice! Even if the **C 
content was initially 1 g (which is a substantial amount) no decay could possibly have been 
detected after 10° years! 

This means that if radioactivity is to be used for dating purposes, the half-life of the chosen 
form of radioactivity must be appropriate for the time to be measured. 


Exercise 


We wish to measure the age of the Earth with ““C, the mean life of which is 5700 years. Can it 
be done? Why? 


Answer 
No. The surviving quantity of **C would be too small. Calculate that quantity. 


1.4.2 Types of radioactivity 


Four types of radioactivity are known. Their laws of decay all obey the 
Curie—Rutherford—Soddy formula. 


Beta-minus radioactivity 

The nucleus emits an electron spontaneously. As Enrico Fermi suggested in 1934, the neu- 
tron disintegrates spontaneously into a proton and an electron. To satisfy the law of conser- 
vation of energy and mass, it is assumed that the nucleus emits an antineutrino along with 
the electron. The decay equation is written: 


n-p+f/ +D 
neutron — proton + electron + antineutrino 


To offset the (+ ) charge created in the nucleus, the atom captures an electron and so“moves 
forwards” in the periodic table: 


ZA > 7 {Be +0. 


In the (Z, N) diagram, the transformation corresponds to a diagonal shift up and to the left. 
For example, °’R b decays into *’Sr by this mechanism (see Figure 1.6). 
We write, then: 


"Rb Sr++ Oo +0. 


This long-lived radioactivity is very important in geochemistry. Its decay constant is 4 
= 142-107" yr7! Itshalf-life is 7; = 49 - 10” years. 
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Figure 1.6 The various types of radioactivity in the neutron—proton diagram. Notice that all forms of 
disintegration shift the decay products towards the valley of stability. Radioactivity seems to restore the 
nuclear equilibrium of nuclides lying outside the valley of stability and so in disequilibrium. 


Beta-plus radioactivity and electron capture 

The nucleus emits a positron (anti-electron) at the same time as a neutrino. A proton 
disintegrates into a neutron. A similar but different process is electron capture by a 
proton. 


pte —n+v 


proton + electron — neutron + neutrino 


The atom emits a peripheral electron to ensure the nuclide remains neutral. 


JA, 4B+e"+y 8° radioactivity 
or 
Ate >,4Bt+v electron capture. 


This is represented in the (7, N) diagram by a diagonal shift down and to the right. 
Notice that neither of these forms of radioactivity involves a change in mass number. It 
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is said to be isobaric radioactivity. For example, potassium-40 (*°K) decays into argon- 
40 (7° An): 


MOTE a: e—- 40 Aaa V. 


This is a very important form of radioactivity for geologists and geochemists. Its radio- 
active constant is 1*°, =0.581 -10~'° yr! and its half-life T: 1=119- 10!° years.'' We shall 
be looking at it again. 


Alpha radioactivity 

The radioactive nucleus expels a helium nucleus 4He (in the form of He* ions) and heat is 
given off. The radiogenic isotope does not have the same mass as the parent nucleus. By con- 
servation of mass and charge, the decay equation can be written: 


4A — 4-48 +4 He. 


Inthe (N, Z) diagram, the path is the diagonal ofslope1 shifting down to the left. Forexam- 
ple, samarium-147 ('4’Sm) decays into neodymium-143 ('47Nd) by the decay scheme: 


47Sm — 3Nd + tHe 


with J = 6.54 - 107" yr~!and T; = 1.059 - 10''years. 
This form of decay has played an important historical role in the development of isotope 
geology and we shall be using iton many occasions. 


Spontaneous fission 
Fission is a chain reaction caused by neutrons when they have sufficient energy. The 
elementary reaction splits a uranium nucleus into two unequal parts — for example a 
krypton nucleus and a xenon nucleus, a bromine nucleus and an iodine nucleus — and 
many neutrons. These neutrons in turn strike other uranium atoms and cause new fission 
reactions, and neutron reactions on the nuclei formed by fission. This is “statistical break- 
up” of uranium atoms into two parts of unequal masses. The nucleus that splits does not 
always produce the same nuclei but a whole series of pairs. Figure 1.7 shows the abundance 
of the various isotopes produced by spontaneous fission of 7*°U. 

Notice thatthe last two types of radioactivity (aand fission) break up the nucleus. Theyare 
called partition radioactivity. Remember that spontaneous fission too obeys the mathemati- 
cal (CRS) law of radioactivity. 








The Oklo natural reactor 


The isotope 7?°U undergoes spontaneous fission while 7?°U is subject to fission induced by the 
impact of neutrons. Both these forms of fission occur naturally. 


" This is for disintegration of “°K into “Ar. “°K also disintegrates giving “°Ca, as shall be seen later. 
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Figure 1.7 Spontaneous fission: (a) chain reactions multiply the number of neutrons as the reaction 
unfolds; (b) the curve of the distribution of fission products as a function of their mass number. 


Spontaneous fission of 7?8U has an extremely low decay constant = 8.62 - 10°77 yr“?. 
Induced fission of 7?°U is a reaction produced in the laboratory or in nuclear reactors by 
bombarding uranium with neutrons. 

In 1973, a natural nuclear reactor some 2 billion years old was discovered in the Oklo 
uranium mine in Gabon. This uranium deposit worked like an atomic pile, that is, with 
induced fission of 7°U. Apart from a negative anomaly in the abundance of *7°U, the 
whole series of fission-induced products corresponding to this isotope was detected. This 
fission of 73°U, which was believed to be confined to laboratories or industrial nuclear 
reactors, therefore occurred naturally, probably triggered by a disintegration of 7°°U, 
which was much more abundant at the time. Nature had discovered nuclear chain 
reactions and atomic piles some 2 billion years before we did! Oklo is a unique example 
to date. 











Exercise 


Given that the 7°U/?°U ratio nowadays is 137.8, what was the activity level of 7?°U per gram 
of ore 2 billion years ago for a uranium ore that today contains 30% uranium? 
The decay constants are 433 =0.155125-10 ° yr *and 435 = 0.9885 -10 ° yr *. 


Answer 
The activity of ?°U was 1247 disintegrations per second per gram (dsg). Today the activity of 
(iis 172 dse. 
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What types of radioactivity are involved in the following very important reactions in cosmo- 
chronology and geochronology: **°Sm — *47Nd, °?Mn — °*°Cr, 72°Th — ??6Ra? 


Answer 
See Chapter 2, Section 2.4.3. 


1.4.3 Radioactivity and heat 


Each form of radioactive decay is associated with the emission of particles or 7 electromag- 
netic radiation. Interaction of this radiation with the material surrounding the radioactive 
isotope creates heat, as Pierre Curie and Albert Laborde realized in 1903, just 7 years after 
Becquerel’s discovery. This heat is exploited in nuclear reactors to generate electricity. 
Inside the Earth, the radioactivity of ?°K, 7°8U, 7°U, and?*"Th is one of the main sources of 
internal energy, giving rise to plate tectonics and volcanism and to the heat flow measured 
atthe surface. In the early stages of the Earth’s history, this radioactive heat was greater than 
today because the radioactive elements 40K 738Uy 235 and?’Thwere more abundant.” 


A LITTLE HISTORY 





The age of the Earth 


In the mid nineteenth century, when Joseph Fourier had just developed the theory of heat 
propagation, the great British physicist William Thomson (Lord Kelvin)*? had been studying how 
the Earth cooled from measures of heat flow from its interior. He had come to the conclusion 
that the Earth, which was assumed to have been hot when it first formed, could not be more 
than 40-100 million years old. That seemed intuitively too short to many geologists, particularly 
to Charles Lyell, one of the founders of geology, and also to an obscure naturalist by the name of 
Charles Darwin. Lyell had argued for the existence of an unknown heat source inside the Earth, 
which Kelvin, of course, dismissed as unscientific reasoning! It was more than 50 years before 
Pierre Curie and Laborde in 1903 measured the heat given off by the recently discovered 
radioactivity and Rutherford could redo Kelvin’s calculations and prove Lyell right by confirming 
his intuition. See Chapter 5 for more historical information on the age of the Earth. 


Exercise 


Heat emissions in calories per gram and per second of some isotopes are:* 














238) 235\)) 40K 232TH 





Dewi No) © 1.36-10°” 6.68-10 ° 6.44.10 ° 


' At the time there were other radioactive elements such as 7°AI which have now disappeared but whose 
effects compounded those listed. 

'. See Burchfield (1975) for an account of Kelvin’s work on the age of the Earth. 

'4 These values include heat given off by all isotopes of radioactive chains associated with 238Ey 235), and 
?2Th (see Chapter 2). 
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Calculate how much heat is given off by 1g of peridotite of the mantle and 1g of 
granite given that “°K =1.16 - 10 * Kiotai; 7° U/?*°U = 137.8; Th/U = 4 for both materials; and 
that the mantle contains 21 ppb U and 260 ppm K and that the granite contains 1.2 ppm U and 
129107 - Kk 


Answer 
Calculation of heat given off by 1g of natural uranium: 


0.992 79 x 2.24-10-* + 0.007 20 x 1.36-107’ = 2.32-10°* cal g* s+. 
Calculation of the heat given off by 1g of potassium: 

BEB IO? 4b 1G > 1" = 7/7 10" ell ge Ss. 

Calculation for the mantle: 


(2.32 x 107% x 21 x 10°?) (6.44 x 10° x 84 x 107”) 








uranium thorium 
TTS 36 NO? 36 DO 3< GO" 
pI SoEEE * 10") _ (48.7 +54 +20) 10-27 


= 0.1227) -0-™ call GS. 


To convert this result into SI units, 1 calorie = 4.18 joules and 1 watt = 1 joule per second. 
Therefore 1g of peridotite of the mantle gives off 0.512-10°** W s*. Calculation for 
granite: 


[2.32-10°® x 12-10 °]+[6.44-10°° x 48-10 °°] 
AU Tabe WO se Ge Noy] = LTS 0 MO)” SL Shoe) 0 IO)" 4 OG} » YO 
= 6.79-107-“ cal g-4s7?. 


1g of granite gives off 28.38 - 10° ** W. 
It can be seen that today the two big contributors are **°U and 7*’Th; *°K contributes less and 
?35U) is non-existent. The granite produces 55 times more heat than the mantle peridotite. 


Exercise 


The decay constants of 738U, 72°U, 7??Th, and *°K are 43,=0.155125-10° yr+, 435 
= 0.98485 -10-? yr~*, 732 = 0.049 47-10? yr *, and x =0.5543 - 10° yr *, respectively. 
Calculate heat production 4 billion years ago for the peridotite of the mantle and the granite 
of the continental crust. 


Answer 

Total heat production H can be written: 

H = 0.9927 x CY x P23g exp(0.155 125 T) 

+ 0.00720 x Ci x Po35 exp(0.98485 T) 
+3" x P32 exp(0.049 47 T) 
+1.16-107* C& x Pxao(0.5543 T). 
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Figure 1.8 Heat production by various forms of radioactivity in the Earth versus geological age. 


With T=4 - 10° years, the result for the mantle is: 8.68 - 10-7°+ 10.56 - 10 7° + 6.59 - 10 7° + 
IEA 10M = AAD) « DO el SO aL TO We 

For granite of the continental crust: 4.96 - 10° ** + 6.03 - 10° **+ 3.76- 10 *+8.537-10 “= 
23.28-10°“*calg-*s*0r97.3:10 “Wg 's 7. 

Notice that, at the present time, radioactive heat is supplied above all by the disintegration 
of 78U and toa lesser extent *°K and 2*?Th. Four billion years ago heat was supplied mainly by 
4°K and *?°U (Figure 1.8). It will be observed, above all, that 4 billion years ago the mantle 
produced 3.5 times as much heat as it does today. So it may be thought that the Earth was 3.5 
times more “active” than today. 


Problems 


1 


Which molecules of simple hydrocarbons may interfere after ionization with the masses of 
oxygen *°0, *”0, and 80 when measured with a mass spectrometer? How can we make sure 
they are absent? 


The lithium content of a rock is to be measured. A sample of 0.1 g of rock is collected. It is 
dissolved and 2 cm? of lithium spike added with a lithium concentration of 5 - 10? moles per 
liter and whose isotope composition is °Li/”Li= 100. The isotope composition of the mixture is 
measured as °Li/’Li = 10. 

Given that the isotopic composition of natural lithium is °Li/”Li= 0.081, what is the total 
lithium content of the rock? 


A sample contains 1 1g of strontium. What must be the maximum acceptable chemical blank, 
that is, the quantity with which the sample is accidentally contaminated, if precision of 
measurement with the mass spectrometer of ®’Sr/®°Sr ~0.7030 bears on + 0.0001? 

The ®7Sr/®°Sr ratio of the blank is 0.7090. What must the blank be if precision is 10 times 
better? 


We are to construct a mass spectrometer for separating *’Rb from ®’Sr. What should its 
radius be? 
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5 Suppose that 1 mg of purified uranium has been isolated. It contains two (main) isotopes 778U 
and 77°U in the current proportions of 7?8U/?3°U = 137.8. What was the total activity of this 
milligram of uranium 4.5 billion years ago and what is its activity today if 7233 = 
0.155125 -10-° yr * and 435= 0.9875 -10° ? yr +? 


6 The Urey ratio is the ratio of heat from radioactivity to total heat which includes heat from the 
accretion of the Earth and the formation of its core. The average heat flow measured at the 
Earth’s surface is 4.2 - 107? W, which is 42 terawatts. 

(i) In a first hypothesis the mantle composition is assumed to be uniform, with: 


U= 21 ppb (Th/U) mass = 4 and K= 210 ppm. 


Calculate the Urey ratio today. 

(ii) In a second hypothesis, it is assumed that the entire mantle is similar to the upper mantle. 
The upper mantle has a uranium content of 5 ppb, and the Th/U ratio is 2. Calculate the 
Urey ratio. 


|CHAPTER TWO. TWO 


The principles of radioactive dating 


It can never be repeated enough that radioactive dating was the greatest revolution in the 
geological sciences. Geology is an historical science which cannot readily be practised 
without a precise way ofmeasuring time. Itis safe to say thatno modern discovery in geology 
could have been made without radioactive dating: reversals of the magnetic field, plate tec- 
tonics, the puzzle of the extinction of the dinosaurs, lunar exploration, the evolution of life, 
human ancestry, not to mention the age of the Earth or of the Universe! 

The ages involved in the earth sciences are very varied. They are measured in years (yr), 
thousands ofyears (ka), millions ofyears (Ma), and billions ofyears (Ga). Geological clocks 
must therefore be varied too, with mean lives ranging from ayear toa billion years. 


2.1 Dating by parent isotopes 


Imagine we have a radioactive isotope R and Np is the number of atoms of this isotope. 
Suppose that geological circumstances (crystallization ofa rock or mineral, say) enclose an 
initial quantity of R, i.e., the number ofatoms of R at time zero, written Nj, (0), ina“box.” If 
the box has remained closed from when it first formed until today, the number ofatoms of R 
remaining is Np(t) = Nk(0)e~“, where ¢is the time elapsed since the box was closed. If we 
know the quantity NR (0) and the decay constant 7, by measuring Np(t) we can calculate 
the age tat which the boxclosed by using the radioactivity formula“upside down”: 


iGo) 





Methods where the initial quantities of radioactive isotopes are well enough known are 
above all those where the radioactive isotope is produced by irradiation by cosmic rays. 
This is the case of carbon-14 (4) and beryllium-10 ('°Be). 


Exercise 


The half-life of **C is 5730 years. The ““C content of the atmosphere is 13.2 disintegrations per 
minute and per gram (dpm g *) of carbon (initial activity Ap). We wish to date an Egyptian 
artefact dating from approximately 2000 BC. What is the approximate activity (A) of this 
artefact? If our method can measure 1 dpm, what mass of the (probably precious) sample will 
have to be destroyed? 
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Answer 
If the half-life T= 5730 years, the decay constant is 2 = In2/T = 1.209- 10 * yr *. 2000 BC 
corresponds to a time 4000 years before the present, therefore since Aj) = 13.2 dpmg * and 
A=Ag ec, A—rdpmiee. 

Making the measurement means using at least 1/7 g, or 142 mg of the sample. 

As seen in the examples, the abundance of a radioactive isotope is estimated relative to a 
reference. For “*C we use total carbon. The dating formula is therefore: 


1 tae = 


i C/0), 





where (*“C) and (C) represent the concentrations of **C and total carbon, respectively. 
In other cases, a neighboring stable isotope that is not subject to radioactive decay is taken 
as the reference. So for 74C, we use stable 27°C and we write: 


t= diol See 
A NC4G/ OC): 


This formulation has the advantage of bringing out isotopic ratios, that is, the ratios mea- 
sured directly by mass spectrometry. 


2.2 Dating by parent—daughter isotopes 


2.2.1 Principle and general equations 


The difficulty with dating by the parent isotopeis of course knowing Np (0), thatis, knowing 
exactly how many radioactive atoms were trapped in the box atthe beginning. This difficulty 
is overcome by involving the stable daughter isotope produced by the disintegration noted 
(D) (the asterisk being a reminder of the radioactive origin of the isotope R*). The parent— 
daughter relation is written: 


(R)" > (D) 
4 ; 


From the Curie— Rutherford—Soddy law, we can write: 


dNp(t) 
dt 





= -7 Ni(s) 


dNp(t) dN (2) 
dt dt 





=A NR(t). 


Integrating the first equation yields the decay law, Ng(t) = NR(0) e~. The second is 
therefore written: 


dNp(t) 


=A NR (0)e™* 
dt R(O)e ’ 
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which integrates to: 
Np(t) = —Ne (Oe +. C. 


The integration constant C is determined by writing in t=0, Np =Np(0), hence: 
C = Np(0) + NR(0). This gives: 
Np(t) = Np(0) + NR(0)(1 — e™). 


But this expression leaves the troublesome unknown NpR(0). This is advantageously 
replaced by: 


Nx (0) = Np(t) e*. 
This gives: 
Np(d) = Np(0) + Np ()(e* — 1). 


If the box remains closed for both the radioactive isotope and the radiogenic isotope, by 
measuring the present values Np(@) and NR), we can calculate t, provided we know Np(0). 
This can be plotted as (Vp@),, 2). The slope of the curve at each point equals: 


dNp(t) —- dN (2) 
dt dt 








=AN+(1) = ANE (je. 


It therefore equals ANp(f), at A times the parent isotope content. As this content decays con- 
stantly, the slope of the tangent does likewise, and the curve is concave downwards.To calcu- 
latean age, we write the dating equation: 


pela) 





The values of Np@ and Nj, (t) can be measured, but fcan only be calculated if Np(0) can be 
estimated or ignored and, of course, if we know the decay constant 4. Figure 2.1 illustrates 
all these points. 


EXAM PE ccc 


Rubidium-—strontium dating 


Let us take rubidium-strontium dating by way of an example. As seen, ®’Rb decays to 
®7Sr with a decay constant 4=1.42-10~** yr"*. The parent—daughter dating equation is 
written: 

1 [87Sr(t) — ®7Sr(0) 


te "| eRe) 





where ®’Sr(0) is the quantity of ®’Sr present at time t= 0, and ®’Rb(t) and ®’Sr(t) the quantities 
of ®’Rb and ®’Sr present at time t. (The term quantity must be understood here as the number 
of atoms or atom—grams.) Notice that time can be reversed and the present time considered 
as the starting point, which is more practical. The initial time is then in the past, age (t) such 
that T=t. 
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Figure 2.1 Left: the decrease in the radioactive isotope and the increase in the radiogenic isotope. Right: 
the increase in the radiogenic/radioactive isotope ratio. 

N*g number of atoms of the radioactive isotope (R) 

Np number of atoms of the radiogenic isotope (D) 

Ne(0) number of atoms of R at time t=0 

Np(0) number of atoms of D at time t=0 

2 ‘radioactive decay constant 


The equation is then written: 


ee a ae 0d 
T=q'"l— seb) 4)? 





where °7Sr(p) and ®’Rb(p) relate to the present-day values (p = present), and ®’Sr(7) relates to 
the initial values at time (7). When dealing with minerals that are very rich in Rb such as 
biotite and muscovite, the initial °’Sr is negligible relative to the °’Sr produced by decay of 
®7Rb. For such systems, which are said to be radiogenically rich (or just rich for short), the 
dating formula is written: 


4 87Sr(p) 


This formula can be extended to rich systems in general: 


T= oh + i}. 





2 LNe(p) 


As seen, if 2 is known, the age can be calculated directly from measurements of the present- 
day abundances of Np(p) and Ne(p). The only assumption made, but which is crucial, is 
that the box to be dated, that is, the mineral or rock, has remained closed ever since the 
time it formed and that closure was short compared with the age to be measured. This 
is indeed the case when a mineral crystallizes or a magma solidifies as with volcanic or 
plutonic rock. 
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Remark 

Where is very small relative to the age, the exponential can be approximated by e’~ 1+ 2 This 
is the case for the constant / of rubidium (4=1.42 -10~** yr~*) and for many others. The dating 
formula is then: 


ee men 


~ 2 [87Rb(p) 

Suppose we have a specimen of biotite from Quérigut granite (Pyrenees Orientales, France) 
whose age is to be determined from ®’Rb — ®’Sr decay. We measure the total content of 
Rb=500 ppm and of Sr=0.6 ppm. Knowing that Rb is composed of ®’Rb and ®Rb in the 


proportions ®°Rb/®’Rb = 2.5, that the Sr is “pure” radiogenic ®’Sr, and that the decay constant 
is 4=1.42 -10°** yr *, calculate the age of the biotite in Quérigut granite. 


Answer 
The Rb content is written Rbyo¢41 = °° Rb + ®”Rb = (2.5 + 1) ®’Rb, therefore: 


87Rb = 


RD total 
——— ® 142.8 ppm. 
a5 PP 


The ®’Sr content is 0.6 ppm. (There is no need to come back to atom-grams since ®’Rb and ®’Sr 
have virtually the same atomic mass.) We can therefore write directly: 





al 0.6 
Te = 298 - 10° yr = 298 million years. 
ACY n AOE \\ ala) §33 


If we had not adopted the linear approximation, we would have obtained: 





iL 0.6 F 
ie In + 1) © 297.36 -10° yr. 
AZ) » i- 142.8 


As can be seen, the linear approximation is valid for the ®°’Rb/®’Sr system when the age is not 
too great. 


2.2.2 Special case of multiple decay 


Let us consider the case of the long-period *°K radioactive isotope which decays in two dif- 
ferent ways, either by electron capture giving *°Ar or by 3” decay giving *°Ca, each with its 
own decay constant /,.and 4g-, respectively: 


e-cap 


i 40 ar 


40K 


rt Ca 


r= 
What is the dating formula? Letus get back to basics: 
d/dt[Nx(t)] = —Ge + Aa) Nk (t) 
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where Nx is thenumber of *°K nuclides and N,, the number of *°Ar nuclides. 
d/dt[Nar(t)] = AeNK (Oe Me™", 


Integrating using the usual notation with *°K and *°A rp gives: 





i ; 
40 _ 40 40 e (Ac+tAg)t 
Ar(t) =A K(t ( a 1) 
H(t) = Ar + KN (¢ 


with A, = 0.581 -107'°yr~!and Ag = 4.962 - 107! yr". 
yee eee ios! od a ae 


The initial *°Ar is usually negligible. We are therefore generally dealing with rich systems 
but not with very young systems where what is known as excess argon raises difficulties for 
accurate age calculations. 


Exercise 


We analyze 1 of biotite extracted from Quérigut granite by the *°K—*°Ar method. The biotite 
contains 4% K and *°K =1.16 - 10 * of K¢otal- 

The quantity of argon measured at standard temperature and pressure is 4.598 - 10 °cm 
of *°Ar. What is the radiometric age of this biotite? 


5 


Answer 
The dating formula to calculate the age is written: 


1 SING dss dl 
T=- Fe fesse ai 
he + Ap 40K de 
We must therefore calculate the *°Ar/*°K ratio in atoms. 


As there are 22 400 cm? in a mole at standard temperature and pressure, the value of *°Ar 
in number of moles is: 





4.598-10°° 
ey 05S) Oma moleston mate 
22 400 


The value of *°K is: 


0.04 x 1.16-10-+ 
40 





=1.16-10~7 moles of *°K. 


Therefore: 





Og (Ge Ome 


rs n x 0.1048 ) + 1} = 280 million years. 
0.5543 IL ANG) o Al” 


Comparing this with the result obtained previously using the ®’Rb—®’Sr method, we find 
about the same age but slightly younger. 


There is another branched decay used in geology, that of '**La which decays into **Ba 
and '*8Ce (Nakai eral., 1986). 


El Dating by parent—daughter isotopes 





e cap 
38Ba Cape = 444° 10-1 yr! 


13814 


\ + 138¢@ 4, = 2.29- 10-12 yr 
- 


There is also a case where even more intense multiple decay occurs, in the spontaneous 
fission of 7*°U, which yields a whole series of isotopes. Luckily, fission decay is negligible 
compared with a decay. In the dating equation we can consider the constant /,, alone as the 
decay constant, but allowance must be made, of course, for the fission products. For exam- 
ple, for °°Xe we write the dating equation: 


136 
XE radio _ y Mission ( 


Agt 
38 a 1) 





where Yis the yield of *°Xe produced during fission ~0.0673, with Afssion = 8.47 «107 yr“! 
and A, = 1.55 -107@yr71. 

We saw when looking at dating by parent isotopes that it was convenient to express the dat- 
ing equation by introducing isotope ratios rather than moles of radioactive and radiogenic 
isotopes. This is called normalization. Thus for *’Rb—*’Sr we usea stable strontium isotope, 
8°Sr. The dating equation is then written: 


8767 8767 
nS! (1) — SE (0 
rat] (EOE) 1 





87Rb 
86Sr 








This is the form in which dating equations will be expressed from now on. A system will be 
richwhen: 


876r 8767 
gr 0) “seg, (4: 


2.2.3. Main geochronometers based on simple 
parent—daughter ratios 


e Rubidium—Strontium *’Rb 3 *’Sr; 2 = 1.42 - 107" yr~'. The normalization isotope is 
8°Sr. Developed in its modern form byAldrich et al. (1953). 

e Potassium—Argon “°K —*°Ar, with the constants already given. The reference isotope is 
3©Ar, Developed inits modern form byAldrich and Nier (1948a). 

e Rhenium—Osmium '*’Re 6 '*’Os with 1 =1.5 -10~'' yr~!. The reference isotope is 
'86Qs and more recently '*8Os. Developed by Luck, Birck, and Allégre in 1980 after a 
first attempt by Hirt eta/. in 1963. 


These are the three simple clocks that are commonly found as rich systems in nature. We 
shall see that other forms of decay can be used but under more difficult circumstances. 


e Samarium—Neodymium “’Sm a '“*Nd; 1 = 6.54 - 107’ yr~!. Normalization by '“4Nd. 
Developed by Lugmair and Marti in 1977 after an attempt by Notsu eta/. in 1973. 
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e Lutetium—Hafnium '°Lu 3~'°Hf; 4=2-107" yr“! Normalization with '’Hf. 
Developed by Patchett and Tatsumoto (1980a, 198 0b). 


These methods are supplemented by others related to radioactive chains which are to be 
examined next, by the extinct radioactive methods covered in Section 2.4, and by the 
induced radioactive methods examined in Chapter 4. 


2.3 Radioactive chains 


2.3.1 Principle and general equations 


When **8U,?°U, and?’Th decay, they give rise to three other radioactive isotopes which, in 
turn, decay into new radioactive elements, and so on. The process stops when the last iso- 
topes produced are the three lead isotopes 7°°Pb, 7°’Pb, and 7°8Pb, which are stable. It was 
radioactive chains which allowed both Pierre and Marie Curie and Rutherford and 
Soddy to discover the mechanisms of radioactivity. A radioactive chain can be represented 
by writing: 


ay > (2)" ~ (3): > (4)* ia (n) stable. 





Decay involves wand radioactivity. Alpha radioactivity gives offhelium nuclei. Their path, 
in the (Z, NV) plot, brings the end product into the valley of stability. 

Figure 2.2 shows the precise structure of the three chains. Mathematically, as studied by 
Bateman (1910), radioactive chains can be described by the Curie—Rutherford—Soddy 
laws written one after the other: 

















an = —A\Ni (2) an a 
one = A, N\(t) _ A2N2(t) 
~~ = A2N2(t) — A3N3(t) E ene 


where N; is the number of nuclides of elements i and N,, the number of nuclides of the final 
stable isotope. Successive integration of these equations presents no real difficulty and is 
even a good revision exercise for integrating first-order differential equations with constant 
coefficients. Let us leave that for now and concentrate on a few simple and important limit- 
ing cases. 


2.3.2 Secular equilibrium: uranium—lead methods 


We suppose that, in view of the length of geological time, the radioactive chain reaches a 
stationary state where the content ofall the intermediate radioactive isotopes remains con- 
stant (this is known as secular equilibrium): 


dN. dN3  _ dNn a _ 


dt dt dt a 
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Figure 2.2 Radioactive chains represented on the proton—neutron graph. Each slot contains the symbol 
of the isotope and its period T:. Identify the various types of radioactivity of the three chains for yourself. 


In this case, we therefore have: 











AM A2N2 A3N3 eas An-1Nn-1; 
therefore: 
dN, 
n = y : 
di im 


Itis asifthere was just a single direct decay reaction (1) > (7). 

Considering the fact that in the course of geological time natural radioactive chains 
rapidly reach equilibrium, the initial products give the end products directly. Dating equa- 
tions can then be written: 


206Ph = 2381 J (es! _ 1) he 06Phy 
207 Ph = 35 (e4s! _ 1) 4. 01D, 
208Ph = 232Th (e”2! _ 1) 4 8 Pig 


where constants Ag, As, and 4, are those of °8U, 7°U, and?’Th. 
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238 Ph ggg = Ag = 1.551 25-107! yr! 
351y _, 7Ph —aggs = As = 9.8485 107! yr! 
Th = Pb gag = Ap = 4.9475 - 107" yr! 


This comes down to direct parent—daughter dating. Warning! Linear approximation can- 
not be used with these chronometers. To be convinced of this, let us compare the values of 
(e“ — 1) with (Ad) for time intervals of 1 and 2 billion years for 2351J and 7°U, 

Let us consider the quantity {[(e”’ — 1) — Ad]/[e“” — 1] x 100, which is the relative error 
that can be expressed as a percentage. 

With **U, for | billion the error is 41.2% and for 2 billion 68.2%! With ***U, for 1 billion 
the error is 7.5% and for 2 billion 14.7%. These are highly non-linear systems, then, as can 
beseen from the shape of the typical curves in Figure 2.3. 


2.3.3 The special case of lead—lead methods 


We have seen that on the geological timescale radioactive chains attain equilibrium and it 
can be considered that 7*°U decays directly to 7°°Pb, 7*°U to 7°’Pb, and 7’Th to 7°Pb. 
For uranium-rich minerals like zircon, uraninite, or even monazite, the initial amount of 
lead can be considered negligible. Assuming the system has remained closed, we can 
write: 


206 ph = 238] (e4s! _ 1) 
207Ph _ 35 J(e! _ 1). 


Taking the ratio, remembering that nowadays’ the ratio **8U/?*U = 1378, we get: 

Ph 1 ys =] 

206Ph «137.8 (= = *) 

It can be seen that the *°’Pb/7°°Pb isotope ratio of lead alone gives a direct measurement 


of time. This function is implicit and calculating it requires prior numerical values 
(Table 2.1). 


Exercise 


The 7°°Pb/?°’Pb ratio of a uranium ore deposit is found to be 13.50. What is the age of the ore 
supposing it has remained closed since it crystallized and that common lead can be ignored? 





Answer 

We shall invert the ratio so Table 2.1 can be used. 7°’Pb/7°°Pb = 0.074. The table shows that 
the ratio measured lies between 1 and 1.2 - 10° years. The result can be improved either by 
refining the table by calculating the ratio [e*** — 1/e’** — 1]in the interval 1 and 1.2, or by 


' The two uranium isotopes decay each at their own rate from the time that they are first formed. Their 
ratio is constant as there is no isotopic fractionation between them. However, this ratio has varied over 
geological time. 
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Figure 2.3 Non-linear decay of *?°U and 2*°U and their end products 7°’Pb and 7°°Pb. (a) The radioactive 
constants of these reactions are very different. The curve on the right shows the change in radiogenic 
ratio 2°’Pb*/?°°Pb* versus time. (b) Comparison in the same figure of the principal radioactive clocks 
used in geology, emphasizing the behavior of U-Pb systems compared to others. 


using a linear approximation between 1 and 1.2 - 10° years. The value °’Pb/?°°Pb for 1.2 
billion is 0.080 12 and for 1 billion is 0.0725. The variation is therefore: 


0.080 12 — 0.0725 


a i =5 ers 
00 3.8-10 °per million years. 





The difference is between 0.0740 and 0.0725, that is, 1.5 - 10? million years. 
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Table 2.1 Numerical values of the radiogenic 7°’Pb/?°°Pb isotope ratio 








F hit at 207Pb 
es a te 4 (sre) radiogenic 
0 0.0000 0.0000 
0.2 0.0315 0.2177 0.05012 
0.4 0.0640 0.4828 0.05471 
0.6 0.0975 0.8056 0.05992 
0.8 0.1321 1.1987 0.06581 
1.0 0.1678 1.6774 0.07250 
1.2 0.2046 2.2603 0.08012 
14 0.2426 2.9701 0.08879 
1.6 0.2817 3.8344 0.09872 
1.8 0.3221 4.8869 0.11000 
2.0 0.3638 6.1685 0.12298 
22 0.4067 7.1292 0.13783 
2.4 0.4511 9.6296 0.15482 
2.6 0.4968 11.9437 0.17436 
2.8 0.5440 14.7617 0.19680 
3.0 0.5926 18.1931 0.22266 
3.2 0.6428 22.3716 0.25241 
3.4 0.6946 274597 0.28672 
3.6 0.7480 33.6556 0.32634 
3.8 0.8030 41.2004 0.37212 
4.0 0.8599 50.3878 0.42498 
4.2 0.9185 61.5752 0.48623 
4.4 0.9789 75.1984 0.55714 
46 1.0413 91.7873 0.63930 





The approximate age is therefore 1040 Ma. Direct calculation from the 7°” Pb/?°°Pb ratio for 
1040 Ma gives 0.073 98. The age is therefore 1042 Ma, but such precision is illusory because 
error is far greater (see Chapter 5) than the precision displayed. 


2.3.4 The helium method 


Natural chains feature many instances of « decay, that is, expulsion of *He nuclei. Thus 
38) decay ultimately produces eight *He, **°U decay produces seven *He, and 7’Th decay 
produces six *He.We can therefore write: 


d*He 
dt 





= BAg°U + TAs? U + 612” Th. 
Remark 
This equation underlies the first helium dating method thought up by Rutherford (1906). 


Integrating the equation, assuming “He(0) = 0, gives: 


4He _ 8 38 U (es! _ 1) ae 7735U (es! _ 1) 4+ 6° Th(e”2! _ 1). 
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By admitting linear approximations, which is valid only for durations that are not excessive, 
e”’ — 1 = At and observing that 7*U/7"°U = 1/1378 and that?’ Th/77°U ~ 4 we obtain: 


7 
4HIe — [87s + 737g t6 x4x do] Tt. 


BynotingA = [8Ag + 74483 + 2422] = 14.889 - 10-!° yr-!, we obtain 


lf "He 
Tate ey) 


This formula is valid for young ages. 


Exercise 


Take 1kg of rock containing 2 ppm of uranium. How many cubic centimeters of *He will it 
have produced in 1 billion years? 


Answer 


At 2 ppm 1kg of rock represents 107g x 2. 10° ©°=2-10-° g of uranium, and 2-10 -*g of 
=) 


uranium corresponds to 
238 


= 8.4- 107° moles. Using the approximate formula: 





4He = AtU = 14.89-10°1° x 10°? x 8.4-10°° 


4He = 125-10-’moles. 


If 1 mole of *He corresponds to 22.4 liters at standard temperature and pressure, the amount 
of *He produced in 1 billion years is 0.28 cm?. 


A PITT EE HISTORY 


The beginnings of radioactive dating 

Rutherford performed the first radioactive age determination in 1906. He calculated the 
amount of helium produced by uranium and radium per year and per gram of uranium and 
found 5.2 - 10° cm? yr * g * of uranium. 

Ramsay and Soddy had measured the helium content (long confused with nitrogen 
because it is inert like the noble gases) in a uranium ore known as fergusonite. The 
fergusonite contained 7% uranium and 1.81. cm? of helium per gram. Rutherford calculated 
an age of 500 million years. The following year he found uranium ores more than 1 billion 
years old! At that time Lord Kelvin was claiming the Earth was less than 100 million years old! 
(See previous chapter.) 











2.3.5 The fission track method 


Fission reactions emit heavy atoms. The atoms ejected by fission create flaws in crystals. 
Such defects — knownas tracks — canbeshownup on mineral surfaces through acid etching 
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Figure 2.4 Creation of fission tracks in an insulating material. 


which preferentially attacks damaged areas, those where atoms have been displaced (Price 
and Walker, 1962) (Figure 2.4). 
The number offission tracks is written: 


F, _ Aeission 


7 2381 J (4a! _ 1) 


Afission =7- to! vr h/2 = 99. io*° yr. 


In practice, a thin section is cut and the number of surface tracks (and not in a volume) is 
measured. The visible proportion p,is calculated: 


0. = gee 2381 (eM! _ 1) 
where gis a geometric factor for switching from a surface to avolume. 

To measure 7*°U, we take advantage of knowledge that 7*°U/?*°U = 1378 and measure 
1 by causing induced fission (by placing the ore under study in a reactor), which pro- 
duces tracks that are revealed and counted. We then have the number of tracks before (/,) 
and after (;) irradiation. The geometric factor disappears: 


Ps _ fission 137.8 
Pi Ao OF 


Wecalibratethe flux dof neutrons inducing”*°U fission and the effective cross-sectionT’.” 
By using a standard sample whose uranium content is known and which is irradiated at the 
same time as the study sample and by counting the fission tracks produced, we can then 
calculate. 


(e*’ — 1). 





? The effective cross-section is the probability of a reaction occurring, that is, here, the probability of 
producing a fission with a given flux of neutrons. The characteristics of this will be seen in Chapter 4. 
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2.3.6 Isolation of a part of the chain and dating young 
geological periods 


The various radioactive isotopes of the radioactive chain belong to different chemical ele- 
ments so that, under certain geological conditions, one or two isotopes inthe chain fraction- 
ate chemically and become isolated, thereby breaking the secular equilibrium. Once 
isolated they create a new partial chain in turn. Two straightforward specific cases are of 
practical importance. 


The radioactive isotope becomes isolated on its own 

First, when a radioactive isotope in the chain (but with a long enough period) becomes iso- 
lated on its own, it gives rise to a partial chain, but being isolated from the parent it decays 
according to thelaw: 


Ni(t) = Ni(0)e"“" 


where N,(0) is the number of nuclides of the intermediate element at time t = 0. Ifthis num- 
ber can be estimated, the decay scheme can be used as a chronometer. This is equivalent, 
then, to dating by the parent isotope. 


EXAMPLE 


The ionium method and the rate of sedimentation 


Thorium is virtually insoluble in sea water. Thus 7?°Th (still known as ionium from the 
terminology of the pioneers of radioactivity), a decay product of 7°*U with lh = 75ka, 
precipitates on the sea floor, is incorporated in the sediment and so gradually buried. There, 
now isolated, it decays. 

At any depth x of sediment from the surface (Figure 2.5) we can write: 





230TH (x) = 230TH(Q)e@ “2308 


where 7?°Th(0) is the surface content which is assumed constant over time. If the sedimenta- 
tion rate is constant, time can be replaced by the ratio t = x/V, where V, is the sedimentation 
rate and x the length (depth): 


23°Th(x) = 73°Th(0) exp([x/Vs]A) 


or in logarithms: 


xX 





In(??°Th(x)) = In (22°Th(0)) — —2. 


s 
The slope of the curve (In 230TH, x) gives a direct measure of sedimentation rate and the 
ordinate at the origin gives ??°Th(0). (Note its order of magnitude of a millimeter per 
thousand years.) 
This method only works, of course, if it is assumed that ?30TH(0), that is the thorium content 
at the sediment surface, is constant and if the sediment has not been disturbed by chemical, 
physical, or biological phenomena. 
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Figure 2.5 Decreasing **°Th content in a core from the sea floor and determination of the 
sedimentation rate. The, is the excess thorium compared with the equilibrium value counted in 
disintegrations per minute per gram (dpm g °). 


Exercise 


The lead isotope 7*°Pb (as a member of the radioactive chain) is radioactive with a decay 
constant /=3.11-10 7 yr *. This natural radioactive lead is incorporated into ice deposited 
in Greenland by forming successive layers of ice which can be studied like sedimentary strata. 
The activity of **°Pb is measured at four levels in disintegrations per hour per kilogram of ice 


(dph kg’ *). Table 2.2 shows the results. 
Calculate the sedimentation rate of the ice. Assuming a constant rate and a compaction 
factor of 5, how thick will the glacier be in 5000 years? Calculate the 7*°Pb content of fresh ice. 


Answer 
The dating equation is written noting activity by square brackets: 


[7*°Pb] = ie Pb] et. 


If the rate of deposition is Vand height h, we have t= h/V. 
The equation becomes: 


[7*°Pb] = [7*°Pb] exp(Ah/V) 


or 


InPb] = In[*°Pb] ~~. 





If the **°Pb content has remained constant over time, the data points must be aligned in a (In 
[activity, h]) plot. The slope is therefore —A/V. The data points are plotted on the graph and 


the slope determined. This gives V=45cm yr *. 
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Table 2.2 Activity of *2°Pb with depth 





Depth 





Om 1m+20cm 1.50m+40cm 2.50m+ 50cm 














dphkg! 75 3245 2445 10+3 














In 5000 years’ time, allowing for compaction, there will be 5000 x 45/5 = 450m of ice. 
The *7°Pb content is calculated: surface activity is 75 dph kg * ice. 


2210 x Noio = 75 dph kg * 
hence 


75 75 
~ 3.1110- (8760) 2 a eset G es 21.4-107atoms of?!°Pb nuclides 
TS Se : 5 


per kilogram of ice, 





N10 


8760 being the number of hours in a year. As a mass that gives: 


21.4-107 x 210 


rer 14 . 
5003 102 7.5:10~" kg of ice, 





where Avogadro’s number is in the denominator and the previous atomic mass of 7*°Pb in the 
numerator. 

The *?°Pb content is 7.5 - 10-7”, which is very little! This shows the incredible sensitivity of 
radioactive methods because 7*°Pb in Greenland’s glaciers really can be measured and used 
for estimating the rate of sedimentation of ice. 


The parent isotope is isolated and engenders its daughters 

Thisis what happens withuranium; for example, when certain solid phases like calcium car- 
bonate are precipitated uranium is entrained with calcium and then isolated. For the first 
radioactive product ofany notable half-life, we then have: 


Ax~3No_-3(t) = 2,U(t) ie — e 42-31) 


where N>_3 is the number of nuclides in the third intermediate product in the chain. Why? 
Because the chain includes very short-lived radioactive products such as thorium-234 
?*Th) or protactinium-234 (***Pa) which reach equilibrium very quickly. Thus, 7**U 
decays to 7*4Th, an element whose lifespan is 24 days, then 7*4Pa, whose lifespan is 1.18 
minutes: it can be considered, then, that 7*°U directly gives 7*4U whose half-life is 2.48 - 10° 
years for all types ofusual samples (corals, speleothems, travertines, etc.). 

Such a method is applied, for example, to secondary mineralizations of uranium. The 
soluble uranium migrates and is deposited further away, leaving the insoluble thorium 
whereitis. Itthen “resumes” its decay giving *°°Thand we can write: 


Asay Th —. Ag3978U (07! ne eae 


Therefore the age of migration canbe determined by measuring**°Th and***U. 
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Exercise 


Uranium-238 (?38U) decays to 734U which is itself radioactive with /= 2.794 -10~° yr-?. 

Sea water is not in secular equilibrium relative to uranium isotopes as **“U weathers better 
than 7?8U from rocks of the continental crust and is enriched in the rivers flowing into the 
ocean. In activity, noted in square brackets [ ], [??*U/?3®U],..water = 1-15. When limestone 
forms from sea water, it is isotopically balanced with the sea water and so takes the value 1.15. 
A fossil mollusk has been found in a Quaternary beach formation and its activity ratio measured 
as [734U/238U] = 1.05. Work out the dating equation. What is the age of the mollusk? 





Answer 
The dating equation is: 


234 234 
7 = | ent (1 e 72st) 
238U 238U a 


because A234 > A238 and A233 t > O if t> 10¢ years. 
This gives: 
1, ( Ft). 


n 
4 \ [aul - 








_— and T= 393 000 years. 


2.3.7 General equation and equilibration time 


We shall do an exercise to help understand equilibration time and by the same token give the 
theoretical answer to the previous exercise. 


Exercise 


Establish the general equation for evolution of an isotope in a radioactive chain and where the 
parent has a longer half-life and the daughter a markedly shorter half-life. We shall take the 
example of 734U — ??°Th decay to get our ideas straight. 


Answer 
This is a review exercise for mathematics on integrating a linear differential equation with 
constant coefficients: 





d234u : 
a = Tee 238 _ Hee 2341) 

d?°Th 

ale = Agaa 7™4U — zag TH 


with 78U being considered constant. 
Integrating the two previous equations in succession for the example in question gives: 


234 AVY yy amv 238 eyed! 
Agag 774U = Azzq ?*4Upe 24° + Aaa 77U(1 — e 2") 


heen 230TH = pone ceri wemacn a Deva eal U) (Cea = er er), 


These two equations can be written with the activity notation in square brackets: ,N=[N], 
which simplifies notation and means the 4 constants can be dispensed with. This gives: 
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ey = [24Up] eat a eeu (1 - ew taut) 
230 _ [230 Pssat 234 alent — aatbenti 
[ee oly eartingle + [?**u] (e e i 


This is the general equation for equilibration of a radioactive chain used for chronological 
purposes. 

From there, without resorting to long and tedions numerical simulation, let us try to answer 
the question: at what speed does a greatly disturbed radioactive chain return to secular 
equilibrium? Let us consider the preceding equation with 734 < 430. The equation becomes: 


Az30 77°Th = Azao Thoe~ 72° + Azza ea UG) _ ex), 
For the chain to achieve equilibrium, it is necessary and sufficient that: 
A230 ZT ~ A234 ZR |I) 


For this e~’2t must be virtually zero. So t must be less than to 6-10 periods of ?°°Th. The 
chains therefore achieve equilibrium after more than six half-lives of the daughter product 
(with the smaller radioactive decay constant). 

lf 234U/?38U isotope fractionation occurs, which is the case in surface processes, it is 
which is the “limiting factor” for the 7?°U chain. The time required is therefore 1.5 million 
years. 

If there is no 724U/?38U isotope fractionation, the limiting factor is 77°Th and the equilibra- 
tion time is 450 000 years. 

For the 7?°U chain the limiting factor is ??*Pa and therefore a time of 194 000 years. Both 
chains of the two uraniums are equilibrated at about the same time in this case. 
The isotopes of radioactive series used as geochronometers are those with decay constants of 
more than one year. 


234, 
U 


Uranium-238 chain 


341), half-life 248 ka, is used in sedimentary or alteration processes because 7*4U/?*8U 
varies during alteration. The radioactive recoil of 7**U extracts this uranium from its 
crystallographic site and so itis easily altered. 

3°Th, half-life 75 ka. This element, named ionium, is certainly the most widely used for 
surface and volcanic processes. 

Ra, half-life 1.622 ka. It is used like °°Th but for shorter-lived surface or volcanic 
processes. 

710Db, half-life 22 years. Used for studying glaciers, oceans or volcanics involving very 
young phenomena. 


Uranium-235 series 


*31pa, half-life 32.48 ka. This is the sister of 7*°Th but slightly more difficult to master 
analytically. 

277 Ac, half-life 22 years. This element is not much used as yet because of difficulties in 
making precise analyses. 
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Thorium-232 chain 


e ~*Ra, half-life 6.7 years. This iscomplementary to*”°Ra to constrain the timescale of Ra 
fractionation. 
e ~*Th, half-life 1.9 years. Avery good complement for "Ra and **°Th. 


These elements can be measured by alpha and gamma radioactive spectroscopy or by mass 
spectrometry. The second technique is far more precise but less sensitive than counting. In 
practice, 7°4U, *°°Th, 7?°Ra, and 7*'Pa are measured by mass spectrometry and the others 
by counting. Pb-210 canbe measured by mass spectrometry but this entails great difficulties 
and requires special precautions. Fora general reviewsee Ivanovich (1982). 


A LITTLE HISTORY 


The polemic that followed the discovery of radioactivity 


Henri Becquerel discovered radioactivity almost by chance in 1898 while studying rays 
from phosphorescent uranium salts excited by sunlight and trying to understand the 
nature of x-rays discovered by ROntgen. But one day, although there was no sunlight, a 
sample from the Joachimsthal mine in Bohemia spontaneously emitted radiation which 
blackened a photographic plate, indicating as yet unknown properties of matter (see Barbo, 
2003). 

Some years later, when measuring the effect of these radioactive substances on an 
electrometer (the particles ionized the air of the electrometer which then discharged) 
Pierre and Marie Curie proposed calling the phenomenon radioactivity (activity created by 
radiation). For them, it was the property certain substances, including uranium, had of 
spontaneously emitting radiation. 

They immediately came in for harsh criticism from British scientists relying on a crucial 
observation: when the activity of 1g of purified uranium was measured with an electro- 
meter, the activity was less than that of 1g of uranium contained in, say, 100 g of uranium 
ore. In other words 1 g of uranium “diluted” in 100 g of inert rock was more “active” than 1g 
of pure uranium. 

How could concentrated uranium be less active than diluted uranium? It smacked of 
magic. It was Marie Curie who came up with the hypothesis of intermediate radioactive 
products to explain this paradox. The discovery of radium must be set in this polemical 
context, thus taking on its full significance. It was the second intermediate radioactive 
product to be found after polonium. 

The New Zealander Ernest Rutherford brought grist to the Curies’ mill and within a few 
years the mechanisms of successive “cascade” decay was understood. Radioactive chains had 
been discovered. 





Shedding light on a paradox 


Nowadays the paradox of diluted uranium being more active than pure uranium can be fully 
explained. Suppose a radioactive chain is in equilibrium, say the 7?°U chain: 








AN A2N2 A3N3 ears AnNn 


noting Ni, No, ..., N, the numbers of nuclides in the various isotopes of the chain. Thus in 
secular equilibrium there is 14 times the 2,N, activity of 7?°U in the chain. (The input from 
the 7?°U chain must be added to this although its contribution is small.) 
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This is what happens ina rock several hundred million years old in which the chain has had 
time to attain secular equilibrium. 

Now, in purified uranium, the activity is merely 2,N,. 

So, if the “activity” of 1 g of uranium is measured, it will be 14 times less than the activity 
of 100 g of 1% uranium ore. Indeed, the ore would be slightly more active because there must 
also be at least 0.5 g of thorium whose chain also produces 11 times more activity than pure 
thorium. However, as the thorium constant is 3.5 times less, the outcome would be an 
increase in the uranium activity of about 1.5 times. 

In all, the rock is about 15.5 times more active than purified uranium. This is the paradox 
behind the polemic! 








2.4 Dating by extinct radioactivity 


2.4.1 The historical discovery 


Chemical elements — thatis, the nucleithat make up most oftheir mass — have been manufac- 
tured in stars ever since the Universe came into being. This is nucleosynthesis. Of the nuclei 
formed, some are stable and others radioactive. Among the radioactive nuclei some have very 
short half-lives: they decay quickly giving rise to their stable daughter isotopes. All of this goes 
on everywhere in interstellar space and is what provides the ordinary matter of the Universe. 
These isotopes are incorporated into interstellar matter as gases or dust (see Chapter 4). 

But suppose that nucleosynthesis of heavy elements (explosion ofa supernova) occurred 
in the vicinity of the place where the Solar System formed giving rise to certain short-lived 
radioactive isotopes. Suppose too that the solid bodies of the Solar System form while these 
radioactive isotopes are not yet extinct. These“ young” radioactive isotopes will be incorpo- 
rated with the other interstellar material in these solid bodies (planets or meteorites) and 
there they will decay and give rise to daughter isotopes. The solid objects having received 
such inputs will therefore have abnormal isotope abundances for the isotopes produced by 
decay of the radioactive isotope. Detecting such anomalies is therefore the first step in show- 
ing the existence of extinct radioactivity. 

In 1960 John Reynolds at Berkeley discovered a large excess of the isotope 129 in the iso- 
topic composition of xenon in the Richardton (H4) meteorite (see Reynolds, 1960) 
(Figure 2.6). Now, thisis not any oldisotope but the decay product ofiodine-129 (radioactive 
iodine we know how to make in nuclear reactors) whose half-life is 17 million years and 
which, if it formed before the birth of the Solar System, has disappeared today. And indeed 
naturally occurring iodine has onlya single isotope, '7’I. 

To prove that the excess '?°Xe did come from the |”°I, Peter Jeffrey and John Reynolds 
came up with a most ingenious experiment combining neutron activation analysis, mass 
spectrometry, and stepwise outgassing by temperature increments. They irradiated a sam- 
ple ofthe Richardton meteorite using a flux ofneutrons. The '”’I was transformed by nuclear 
reaction (n, 4) into radioactive !°I which transformed by 3° decay into '**Xe. This reaction 
is written 


1274 (ny) 18] FP, 18x. 
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Figure 2.6 Mass spectrum of xenon in the Richardton meteorite as measured by Reynolds. The bars 
indicate the height of ordinary, say atmospheric, xenon. 


They then heated the irradiated sample progressively, after placing itin the vacuum and puri- 
fication line of a mass spectrometer. They analyzed the isotope composition of the xenon 
extracted at each temperature increment and observed that the excess "”Xe was extracted 
at the same temperatureas halfofthe **Xe, whereas “ordinary” xenon was extracted ata dif- 
ferent temperature. Jeffrey and Reynolds (1961) concluded that '”Xeis situated at the same 
(crystallographic) site as natural iodine and therefore is indeed the daughter of 7°1. 

This extraordinary discovery has two important consequences. First, it shows that, 
before the Solar System formed (at a time in the past 5—10 times the half-life of ”°I, that is, 
85-170 million years), there was a synthesis of heavy chemical elements. In addition, this 
radioactive decay provided an exceptional and unexpected dating tool for studying the per- 
iod when meteorites (and also, as we shall see, the Earth) were formed (see Figure 2.7). We 
shall concentrate on this aspect now. 


2.4.2 lodine—xenon dating 


Let!”°I*(0) be the numberof nuclides formed by nucleosynthesis at timet = 0, defined as the 
end of the nucleosynthetic process. The radioactive iodine decays by the law: 


ess = rij, 


Suppose now that, at time 7, some of theiodineis incorporated ina meteorite (A) andattime 
t>some other iodine in a meteorite (B).We can write: 


TH) = Ka 129T*(Q)e 4" 
Tea) = Kp 129T* (Q)e42, 
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Figure 2.7 Evolution of 77° in the Solar System and its trapping in planetary bodies; AT is the time 
between the end of nucleosynthesis and the accretion of planetary objects. 


Here Ka and Kgare the factors of incor poration of iodine between the interstellar cloud and 
meteorites A and B, which is the ratio between iodine concentration in the interstellar 
cloud and in the meteorite. For two meteorites of different chemical compositions, K and 
Kgare different. In each meteorite, the !”’I decays completely into radiogenic '”’Xe, '?°Xe* 
(with an asterisk): 


9X4 — 2974 (14) 9K et — 297, (p), 


Howcan this be used for dating as we donot know the values of Ka, Kp, and I(0)? 

Iodine has a stable isotope '”’I (the only one for that matter). We divide the express- 
ions describing '?°I decay by '”’I. We can assume that the incorporation of iodine by the 
meteorites obeys chemical laws, and so the same rules apply for the 129 isotope as for the 
127 isotope. This means the K values are the same for both isotopes. The K coefficients can 
therefore be removed from the equations describing the evolution of the isotopic ratios. This 
gives: 


1297 1297 = 
> )] = [ao] 
1297 1297 Jy, 
Lag (a) — + ()]e 


There remains one unknown in these equations, namely the ratio!”?I* /!°71(0), in other 
words the (!7°I/!?’1) isotope ratio atthe end of nucleosynthesis. Itisa reasonable assumption 
that it was identical throughout the Solar System (and so for all meteorites). We can then 
find the ratio between the two isotope ratios ofour two meteorites: 
129]* 
say (| 
127] n 


+ 
mac) 
127] : 





= eflfa-h) 
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By measuring the (eal / P71(1)) ratios in both meteorites, we can in principle calculate the 
time interval between the formation of the two meteorites (t. — t,). This method therefore 
provides absolute-—relative dating! 

The problem comes down to measuring the ('7°I*/!’1) isotope ratio at the time the 
meteorite formed. Total '?°Xe is the sum of initial '?°Xe + 17°I*(@). Today '°1*@ = '?°Xe*, 
since *°T has decayed entirely. Therefore: 


129% __ 129 129 
Xe =~" Xetotal — ~ XEinitial- 
The interesting ratiois: 


1297 (t 129 @* 129¥ @* Xtotal 4 = 
(j= = ‘ => e 
127] 127] Xetotal 





Trotal 


with 4 = !?°T/!771(0) at the end of nucleosynthesis. 

The problem comes down to measuring the fraction of radiogenic ’Xe* in total xenon, 
and then measuring the chemical (Xe/T) ratio, since the iodine is all '?’I. 

We can calculate the age to the nearest coefficient and therefore, by taking the ratio 
between the values for the two meteorites, determine the relative age of the two meteorites. 
The beauty of this method lies in its capacity to measure very brief intervals of time between 
the formation of planetary objects billions ofyears ago. 


Exercise 


The 7?°1/7771 isotope composition measured on the Karoonda and Saint-Séverin meteorites is 
ese Omeran closer el Ome respectively. Given that the half-life of iodine is 17 Ma, what is the 
age difference between the two meteorites? 


Answer 
If Tz =17Ma 


In2 
A= 75 = 4-10" Vie 


The dating formula is applied: 


(=) A 
ees Oe: ae 
ey. soso 


127] 





hence At =} In(1.3/0.8) = 12.1 million years. This age is actually the maximum interval 
measured. 


Exercise 


Given that the half-life of +291 is 17 Ma, what is the shortest interval of time that can be 
estimated, given the uncertainty in measuring the *7?Xe*/*?’I ratio is 2%? 


Answer 
Suppose we always take the same reference, say, Karoonda. There will no longer be any error 
relative to Karoonda but everything will be expressed in terms of this reference. Let us take 


53 | Dating by extinct radioactivity 





the previous measurement and look at the limits of uncertainty. The value 0.8 has two limits, 
at 0.816 and 0.784. Let us calculate the age At. We obtain 11.64 and 12.64, or 1 million years. 
The age of Saint-Séverin (relative to Karoonda) is written 12.1 + 0.5 Ma. 


2.4.3 Discoveries of other forms of extinct radioactivity 


Since then many forms of extinct radioactivity have been discovered, which we shall use as 
required. Each discovery has required the identification by experiment of parent—daughter 
relations in meteorites. We review them with a few briefcomments. 


Iodine—Xenon’?’|—”’Xe, 7 = 25 Ma, discovered by Reynolds (1960). 

Plutonium—Xenon ~**Pu—Xeggsion, T = 84 Ma. This radioactivity, discovered by Kuroda 

(1960), produces fission tracks and the fission isotopes of xenon '*'Xe, Xe, '**Xe, and 

'36Xe. It is an important supplement to the iodine—xenon method and was discovered 

very shortly after it. 

e Samarium—Neodymium “°Sm—'**Nd, 7 = 146 Ma. This form of radioactivity, discov- 
ered at San Diego by Lugmair etal. (1975), is interesting because it is has a long half-life 
and allows us to connect long-duration phenomena that occurred around the time of 4.5 
billion years ago. 

e Aluminum—Magnesium *°Al—*?Mg, 7T=1Ma. This form of radioactivity was first 
detected in certain minerals from very ancient meteorites by the team of Gerald 
Wasserburg at the California Institute of Technology (Caltech) (Lee et al., 1977). It was 
of historical importance but it is probably more important still that aluminum is a deci- 
sive constituent of meteorites (2—-3%). It is probable that 61 was instrumental in the 
very early thermal history ofplanetesimals and its influence should be added to the calcu- 
lations already done on this topic in Chapter I. 

e Palladium—Silver '°’Pd—'’’Ag, r= 9.4 Ma. This form of radioactivity was detected in 
iron meteorites by the Caltech team (Kelly and Wasserburg, 1978). It has shown how 
old these meteorites are. This means that metallic iron differentiation is a very ancient 
phenomenon in the processes of formation of the Solar System. 

e Manganese—Chromium 3Min—3Cr, r = 5.3 Ma. This form of radioactivity, discovered 
in Paris by Birck and Allégre in 1985, is interesting because the manganese and chro- 
mium fractionate because of their different volatilities. 

e Iron—Nickel ©°Fe—Ni, 7 = 2.1 Ma. This form of radioactivity has been found in just a 
few basaltic meteorites by Shukolyukov and Lugmair (1993) at San Diego. Itis important 
because iron is avery abundant element. 

e Calcium—Potassium “*'Ca—*'K, 7=0.143 Ma. This form of extinct radioactivity is 
important because ofits short half-life. It was discovered by Srinivasan eral. (1994). 

e Hafnium—Tungsten 18247 f_182W > = 13 Ma. This form of extinct radioactivity, discov- 

ered by Harper and Jacobsen (1994) at Harvard and then by Lee and Halliday (1995) at 

the University of Michigan, is very important because Hf and W fractionate during 
metal -silicate separation, allowing this separation to be dated, including in planets (dif- 
ferentiation of the core).We shall use this scheme later on. 

Niobium—Zirconium *’Nb—”Zr, 7 = 36 Ma. This newcomer to the “club” of forms of 

extinctradioactivity, discovered in Zurich by Schonbachler eta/. (2002), isyetto be exploited. 
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Figure 2.8 Improvement in determination of decay constants over time: the example of **’Sm. 


e Chlorine—Sulfur *°C1-98% *°Ar / 2% *°S, 7 = 0.43 Ma was discovered recently by a 
Chinese team, Lin etal. (2005). Noanomaly on *°Ar was found, only on *°S. 

e Beryllium—Boron '°Be—'°B, T = 15 Ma was discovered by McKeegan, Chaussidon, 
and Robert (2000). 

e Lead-Thallium 7°Pb—*°TI], T= 15.1 Ma was recently discovered by Neilsen, 
Rehkamper, and Halliday (2006). 


Others have not been confirmed and are not listed here. 


2.5 Determining geologically useful radioactive 
decay constants 


Asjust seen, what allows us to calculate age and is the very essence of the radioactive clock is 
the radioactive constant J, namely the probability that a nucleus will decay. How can this be 
determined? This is difficult a priori, given that the constants are generally very small 
because activity is low (see Figure 2.8). To simplify there are three methods more or less 
derived from the dating method: 


(1) direct measurement of radioactivity by ANactivity: ifwe know N, we can deduce /; 

(2) measurement of accumulation of the daughter isotope (both these series of measure- 
ments are done inthe laboratory); 

(3) geological “comparison” ofages obtained by various methods. 


We shall examine these three techniques in the case of °’Rb. 


2.5.1 Measurement of activity 


We start with the fundamental equation describing decay 
_ — ARb, 


thatis, thenumber of Zparticles emitted by unit time is equal to 4 ®’Rb. 

Let us take 1kg of *’Rb, which corresponds to 103/87 x 6.023 - 107°g (6.23 - 107? is 
Avogadro’s number), or 6.92 - 1074 atoms of ®’Rb. If 4 = 1.42 -107'' yr~!, the number of 
GB particles emitted in 1 year is 6.92-10°4x141-10~', or 9.8264-10" particles. 
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Remembering that 1 year ~ 3 - 10’ seconds, that corresponds to 3.275 - 10° disintegrations 
per second, whichis a measurable value: even 10 gof pure rubidium will suffice. 

The difficulty lies in measuring 3° particles. Some of these particles are absorbed by the 
rubidium deposit itself. It is fundamental then to make layers of rubidium of variable thick- 
nesses and to correct whatis knownas auto-absorption. These are tricky methods to master. 


2.5.2 The radiogenic isotope produced 


For °’Rb we try to measure the ®’Sr accumulated. Take | kg of pure *’Rb. How much *’Sr 
does it produce inl year? 


87Sr= 10°gx 1.42- 1071! =1.42- 10-8g, 


thatis 14.2 ng. As strange as it may seem, such a quantity can easily be measured with a mass 
spectrometer by isotope dilution. 

Naturally, in practice we try touse both methods and to compare the results. The question 
is, ofcourse, how do we obtain 1 kgof pure oralmost pure *’Rb? Isotope separation is expen- 
sive so we try rather to use natural rubidium, in which there is onlya fraction of 87Rb.The dif- 
ficulty is that there must be very little °’Sr in the rubidium being measured. The rubidium 
must therefore be very carefully purified by chemical methods, which is difficult for sucha 
large amount ofrubidium.The measurement uncertainty stems from this. 


2.5.3. The method of geological comparison 


If we know the age of certain rocks from methods with decay constants that are easier to 
determine (such as uranium) we can then calculate the constant Ap, by measuring the 
87§r/®R bratios on aseries of rocks or minerals whose (U/Pb) age is known. 

This method too is difficult to implement as we must be sure that the various systems have 
remained closed, as we shall see in the next chapter. Even so, the method is essential for 
ensuring the geological reliability of the different methods. To avoid geological difficulties, 
much use is made of cross-calibrations with meteorites and moon rocks. Why so? Because 
meteorites are rocks dating from the origin of the Solar System (and therefore old) and have 
not been subjected to major “disruptive” events. We proceed by trial and error combining 
the different approaches. An international commission makes regular reviews and updates 
the constants as need be. 

Let us give three important geological comparisons that use the constants given in the 
table. 


Moon rocks 
We choose Rock 10072, which has comein for particularly close scrutiny. Asthe U/Pbratioislow 
this dating method is not good butitis a good way of comparing R b—Sr, K—Ar, and Sm—Nd. 





Dating method 





Rock 10072 K-Ar Rb-Sr Sm—Nd 





Time (Ga) 3.52+0.4 3.57+0.05 3.57+0.03 
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Eucrites (basaltic achondrites) 

These are basalt meteorites, in other words ancient extraterrestrial lava flows. Dating by 
U-Pb is extremely precise because the U/Pb ratios are high. As said, the uranium decay 
constants are the references. However, Rb-Sr is not very precise as Rb/Sr ratios are really 
low. (We are anticipating a little on the next chapter.) The K—Ar, Lu—Hf, and Sm—Nd dat- 
ingsare also relatively precise. 





Dating method 





Eucrite U-Pb Rb-Sr K-—Ar Sm—Nd Lu—Hf 
meteorites 




















Time (Ga) 4.55+0.05 4.50+0.14 4.50+0.1 4.53+0.04 4.5740.19 





Ordinary chondrites 

These are the most common meteorites characterized by the presence of chondrules. 
Comparison of Pb— Pb and Rb-Sr datings is very precise. Similarly, K- Arand Re—Os are 
in suitable agreement. 











Dating method 
Ordinary chondrites U-Pb Rb-Sr K-Ar Re—Os 
Time (Ga) 4.55+0.05 4.55+0.08 4.52+0.05 4.54+0.02 

















Table 2.3 Comparison of methods for determining radioactive decay constants 








Isotope Laboratory counting Accumulation Geological comparison 
238[) 2351) 22Th —- Thisisthe reference Notused This is the reference for 
andradioactive methodandis (relatively) other methods 
chains precise 
S7Rb Difficult because ofauto- Difficult to show up Comparison between 
absorptionof@ raysby because oftraces of initial methods andin 
the powder being 87Sr, which is hard to particular between 
counted remove meteorites is essential 
'87Re Impossible: insufficient Thisisthebestmethod; |Comparisonwith other 
Genergy (high auto- wemeasureaccumulated methods and particularly 
absorption) 1870s meteorites remains 
essential 
ss Be Poor determination Difficult becauseofthe | Comparisonsbetween 
importance ofinitialHf methodsareuseful 
476m Poor determination Difficult because of Comparisons between 
initial Nd, whichishard methodsareuseful 
to remove 
aK. Very precise counting Should be possible ina Comparison is difficult 
well-sealed flask because *°Ar diffuses 


readily 





El Problems 


2.5.4 Conclusions 


Laboratory determination ofuranium and thorium constants by counting is the most pre- 
cise method. These decay constants are then taken as references forother measurements. 

Table 2.3 shows the pros and cons of the different techniques for determining decay con- 
stants for the different chronometers. 


Problems 


1 Given that the potassium content of the silicate Earth is 250 ppm,* how much “Ar is created in 
4.5 - 10° years? “°K =1.16 - 10°* Ktotar- 
Given that *°Ar cannot escape from the Earth and the quantity of *°Ar in the atmosphere 
is 66-1078 g, what conclusion do you draw? 


2 Suppose a series of zircons gives the results in the table below. Calculate the 7°°Pb/?**U, 
707Pb/?3°U, *°7Pb/7°’Pb, and 7°*Pb/?**Th ages. Which ages appear most reliable to you? If we 
know that the samples must be of the same geological age, which age would you recommend? 





U(ppm) Th(ppm)  Radiogenic Pb (ppm) 7°°Pb/?°*Pb = 7°’Pb/?°*Pb_— ?°8Pb/?4Pb 





415 86.4 30.5 1138 84.34 116.2 
419 84.0 30.4 1984 130.7 162.5 
482 85.0 32.6 2292 147.5 174.1 
507 81.8 34.0 3301 206.0 229.4 





3 The K-Ar ages of two volcanic rocks from the island of Santa Maria in the Azores are measured 
as below. 








Rock mass (g) K,0% Radiogenic *°Ar (10° ** moles g*) 
1.81 1.83 13.90 
0.64 0.92 5.60 





Calculate their ages. Given that the error is + 5%, what can you say about these two rocks? 


4 To apply the *?°Th—77°U method to carbonate rocks formed in the ocean, allowance must be 
made for the fact that (*7*U/*?8U), = 1.15 in activity and that 7*°Th derives entirely from 7**U 
decay. 

(i) Draw up the complete 73*U/??8U dating equation. 
(ii) Draw up the 7°°Th, 774U, 778U dating equation assuming that (7?°Th)) = 0. 


5 The isotopes”**Pa and 7*°Th are both insoluble and isolated while uranium isotopes remain in 
solution. 
(i) Draw up the dating equation based on the *?*Pa/??°Th ratio. 
(ii) What is the time-span over which it can be applied? 


> Previously we used 210 ppm. Readers should be aware of variations in values used by different authors in 
such determinations. 


CHAPTER THREE 


Radiometric dating methods 


We have so far examined the principles of radioactive dating with simple assumptions, 
namely that the initial amount of daughter isotope is negligible and that the system (mineral 
or rock) whose age is to be determined has remained closed since it first formed, that is, it has 
neither lost nor gained parent or daughter isotopes in the course of its geological past. These 
two conditions do not usually pertain in nature. Sohowcan these difficulties be overcome? 


3.1 General questions 


3.1.1 Rich systems, poor systems 


The dating equation showed that a distinction has to be made between systems with negligi- 
ble initial radiogenic isotope and systems with abundant initial radiogenic isotope. In the 
firstinstance, that ofa rich system (understood as radiogenically rich), an age can be calcu- 
latedin theory from direct measurement ofthe parent and daughter isotopes. In the second 
instance, that ofa poor system, some method must be found for estimating the initial abun- 
dance ofthe radiogenic isotope. 

For a system to be considered rich, the radioactive isotope must be abundant compared 
with the radiogenic element. The chemical composition of the system under study must be 
such that the ratio of the radioactive isotope to the stable reference isotope’ is very high. The 
time for which it has been decaying must be long enough for radioactive disintegration to 
have produced enough of the radiogenicisotope. 


Exercise 


The [®’Rb/*°Sr] ratio in a biotite is 3000. Can a 300-million-year-old biotite be considered a 
rich system? 


Answer 
The [2’Sr/*°Sr] radiogenic ratio is written [°’Sr/*°Sr] ~ [®’Rb/*°Sr] At. Calculation with T= 3 
- 10° years and A=1.42 - 10° ** yr * gives: 


[Sie Srl Se10) 1.42106 3090 — 126, 


' The reference isotope is an isotope close to the radiogenic isotope of the same chemical element which is 
stable and is not itself a product of radioactivity. 
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The initial [°’Sr/®°Sr] ratios of common strontium vary from about 0.720 to 0.705. These 
variations are negligible compared with 12.6. The biotite is indeed therefore a rich system. 


In practice, the initial daughter isotope ratio is not completely ignored when calcu- 
lating the age of rich systems but this so-called normal ratio is estimated from meas- 
urements of various minerals and a conventional value is taken to make the correction. 
A catalog of rich systems for each radioactive clock has been drawn up by the system- 
atic study of the commonest rocks and minerals. In each case, allowance must be made for 
the age of the system, which is an essential feature, of course. This catalog is relatively limited. 

For the *’Rb—*’Sr method, it comprises above all micas like biotite K(Mg, 
Fe)3A1Si130;9(OH)> and muscovite K A1,Si30;9(OH)> as well as some quite old potassium 
feldspars (K AISi3Ox). 

For U-Th—Pbmethods there are uranium ores proper, and then uranium-rich minerals. 
The commonest is zircon (ZrSiO4) but there are also sphene (CaTiSiO;) and apatite 
Cas(PO4)3(OH). 

For *°K—*°Ar and U—*He methods, all systems may be considered rich since rocks 
usually have negligible initial argon or helium contents (except the very young ones). 

For the '8’Re—'®°Os method, the current rich mineral is molybdenite (MoS;), but also 
basaltic or granitic rocks (where ['*’Re/'*°Os] ratios are frequently 500-20 000) as well as 
minerals of these rocks suchas olivine or the pyroxenes. 

Rich systems are very rare for the other chronometers such as '4’Sm—'**Nd or 
67 y—"°Hf because geochemical systems do not clearly separate samarium from neo- 
dymium or lutetium from hafnium. 


3.1.2 Closed system, open system 


The fundamental assumption in radioactive dating is that the box (the rock or mineral) has 
remained closed, that is, it has neither lost nor gained parent or daughter nuclides through 
exchange with its environmentsince it first closed. 

Now, while this assumption is accepted for parent elements nestled in suitable crystallo- 
graphic sites (Rb in place of K, Uin place of Zr, etc, itis less obvious for daughter elements. 
The daughter isotopes produced by radioactivity are intruders in the crystallographic lat- 
tice. They have been introduced “artificially” by radioactive transmutation. Why should 
they stay there? This is particularly true of rich systems, since these radiogenic isotopes are 
very abundant. They have been produced in a mineral which is “unfamiliar” to them, and 
willtherefore tend to escape from it. 








The use of biotite in radiometric dating 

Biotite is a black mica containing potassium (K) in its structural formula. Rubidium, which is 
an alkali similar to potassium, can enter its structure and remain there. Potassium forms a 
K* ion and rubidium a Rb* ion. However, when it decays, ®’Rb yields ®’Sr. 


60 | Radiometric dating methods 





Strontium is an alkaline earth element similar to calcium. In ionic form it is bivalent with 
formula Sr?*. It is not structurally stable in biotite and so tends to escape by diffusion 
whenever it can. The biotite system therefore has little chance of remaining closed for the 
8’Rb—*’Sr pair, above all if, in the course of its history, it has been subjected to meta- 
morphic heating or weathering, which provide conditions amenable to the diffusion of ®’Sr 
from biotite. 











The question of whether a system is open or closed has been asked since the earliest 
work in geochronology. Before trying to answer it, let us see what the effects are of 
any leakage from the system. Let us take the example of rich systems, where the equa- 
tion is of the form: 


Continuous loss Continuous loss 
of parent of parent 
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Time —» Time —» 


Figure 3.1 Opening of a radiometric dating system: Ris the radiogenic/radioactive parent ratio; Ry is the 
measured ratio. The top two figures show continuous, constant losses over time. The bottom two figures 
show a sudden episodic loss followed by a long period in a closed system. Ty = real time, Tapp. = apparent 
time. Where Tz > Tapp. the system becomes younger and there is a loss of the radiogenic daughter isotope 
(left-hand diagram). Where Tp < Tapp. the system becomes older and there is a preferential loss of the 
radioactive parent isotope. Where both are lost, the outcome depends on the relative values of the losses. 
If they are equal, the system is equivalent to a closed system. If more daughter isotope than parent 
isotope is lost, the left-hand diagram is relevant, and vice versa. 
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where vis an increasing function of time, Ip and Ip the daughter and parent isotopes, and R 
the parent—daughter ratio. Ifa little ofthe daughter isotope is lost, the age calculated will be 
false because “too young.” This is by far the commonest case. Ifa little of the parent isotope 
is lost, the age calculated will be false because “too old.”A gain in Ip or Ip would, of course, 
have the opposite effect (Figure 3.1). 


3.1.3. Continuous or episodic losses 


The question of the closed character of the boxes arises with two very different geological 
scenarios. 

In the first scenario, the system continuously loses (or more rarely gains) radiogenic iso- 
topes over the course of geological time. This process has been evoked for argon, helium, 
and the other rare gases, which are not chemically bonded within minerals and so tend to 
escape constantly by diffusion. It may also be true of isotopes of soluble elements exposed to 
chemical alteration at the Earth’s surface (K, Rb, Sr, U, Pb). 

Thealternative scenario involves sudden events that punctuate geological time: tectono- 
metamorphic crises, igneous intrusions, volcanic eruptions, folding, etc. Over a short per- 
iod (compared with the duration of geological time) the system loses or gains the isotopes in 
question. 

There may also be a combination of both circumstances, when the history of a rock is 
divided into two episodes: one, say, at low temperature when the system is closed and the 
other at high temperature where continuous loss occurs between moments of “crisis.” 
Naturally, the more complex the scenario the more difficult it is to decipher and above all 
the more difficult it is to come up with a single interpretation. 


Exercise 


Suppose we have the rich ®’Rb-®’Sr system of muscovite (white mica). The simplified 
dating equation is [°’Sr*/®’Rb] = At. 


(1) Suppose that recent heating has caused the mineral to lose 30% of its ®Sr*. 
If the mineral is really 1 billion years old, what will be its apparent age determined by 
measuring ®’Sr* and ®’Rb today? 

(2) Suppose the muscovite has been weathered by water which has leached 10% of 
the Sr and 50% of the Rb (the Rb was more soluble than the Sr). What will its apparent 
age be? 


Answer 
(1) The simplified expression can be written: 


t apparent = BS Trea 
e7STclosed 





treal 
giving 
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Therefore, tapparent = 700 million years. 


(2) 


t apparent ae 87 Srapparent : PARDelosed a8 0.9 a 
87SIclosed 0.5 
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The apparent age will be 1.8 billion years. 


3.1.4 Concordant and discordant ages 


With this concern, how can we be sure that a geological age is reliable? The method 
unanimously employed for testing whether a result is reliable is the age concordance 
and discordance method. Suppose that, with the methods just described, that is, those 
applicable to rich systems, we wish to test whether a geological age determination is 
reliable. 

Suppose we measure the ages of potassium feldspar, muscovite, and biotite minerals of 
the same granitic rock by the *’Rb—*’Sr method. We can hope they will be identical and 
yield an age for when the granite crystallized. 

Ifthe ages are concordant, that is, ifthey are close to each other, we accept there is a good 
chance the common age is geologically significant. This is because we admit that a disrup- 
tive event will have different effects on different clocks because of their chemical differences. 
There will then remain the matter of relating this age to a specific geological event (magma- 
tism, metamorphism, sedimentation, etc.). Suppose that, for the Quérigut granite already 
discussed, the *’Rb—*’Sr method were to yield ages of 296 million years for potassium feld- 
spar, 295 million years for muscovite, and 293 million years for biotite. These ages can be 
considered concordant around 296 million years. Given the geological setting (ages of the 
terrain they cut across and of the overlying terrains) it is reasonable to accept that this is the 
age ofemplacement (intrusion) of the granite. Suppose, though, that for a rock of the same 
granite sampled close to a fault we find ages of 110 million, 90 million, and 50 million years 
for the same three minerals. We would conclude that the system had been disrupted by some 
secondary phenomenon, probably related to the formation of the fault, and so that proper 
age determination is not possible. There are two stages in the reasoning, then. In the first, 
concordance supports the idea that the age is geologically significant. In the second, the 
geological context allows the age to be identified, that is, to be attributed to some specific 
geological phenomenon. 

If the ages are discordant, then we accept that the basic assumptions of the model 
have been breached and that the ages so determined are not geologically meaningful. From 
now on, therefore, we shall speak of apparent age for a crude date measurement and shall 
reserve the term “age” for geologically significant dates. 


Remark 

Apparent age is an isotope ratio converted into time units. Validating it as a geological age is a 
complex process. The apparent age is chemical and isotopic. It is of temporal and geological 
significance only if certain conditions are met. 
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Figure 3.2 Graph of apparent *°K—*°Ar ages. Dispersion is quite wide because ages range from 30 to 
80 Ma. The most probable age is indicated by the arrow, since the most likely process is that the system 
lost argon over the course of time. 


Suppose we measure the *°K —*°Arage ofa series of presumed cogenetic basalts (here is 
an essential word! — cogenetic means derived from the same genetic phenomenon). We 
draw the graph (Figure 3.2) and the mean indicates an age of 60 million years. The “chemi- 
cal” statistical test is correct and indicates an age of 60 + 5 million years. Have we met the 
concordance criteria? The answer is no. 

First, the histogram is asymmetrical and is not a normal distribution. The point is 
that *°Ar is a gas produced by the decay of “°K and tends to escape from minerals. 
This loss is a statistical process and makes ages younger. In the case in question, an 
age of 65 million years is more likely to be the real age than the mean age is, which 
reflects rather the statistic of argon losses. But this is only a hypothesis as we have no 
means of calculating the age for certain. The concordance criterion must be based on 
various sets of measurements: 


e Several different sorts of boxes and a single chronometer. 

e Several chronometers and asingle type of box (Rb—Srand K —Aron biotite). 

e Several chronometers on several boxes (Rb-Sr and K—Aron biotite and muscovite). In 
such cases the boxes have to be closed at the same time during the same geological phe- 
nomenon. Such boxes are said tobe cogenetic. 


Cases of perfect concordance are rare with rich systems. The question is how can we go 
beyond this disillusion. 
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3.2 Rich systems and solutions to the problem 
of the open system 


3.2.1 The semi-quantitative systematic comparative approach 


The basic idea is simple enough. Fora given problem in a given geological case, we measure 
apparent ages by various methods applied to various minerals. We compare the apparent 
ages and try to establish a systematics. For example, we observe that amphibole generally 
has a greater apparent age than biotite when measured by the K—Ar method. We deduce 
that amphibole conserves its argon better than biotite does. Similarly, we observe that the 
apparent Rb-Sr age of biotite is generally greater than its apparent K—Ar age. We deduce 
that biotite retains the radiogenic *’Sr* better thanit does the *°Ar. In this specific instance, 
these purely comparative studies were first based on field studies that we looked to multiply. 
Laboratory studies of diffusion were required to supplement this approach. 


Laboratory study of diffusion and extrapolation 
Diffusion isthe process wherebya chemical species propagates in arandomwalk, just like heat, 
say, can propagate. Mathematically it obeys Fourier’s law, written here fora single dimension: 


OC &C 
O° Oe 


where Cisconcentration, fis time, x is distance, and D the coefficient of diffusion. This law is 
also expressed bya simpler-looking formula: 


OC 
o--0(5,) 


where (0C/0Ox) is the concentration gradient and Q the flux of matter which diffuses. The 
diffusion coefficient D is expressed in cm? s~! or in m* s~' (be careful as other units are 
sometimes found inthe literature). 

The analytical solutions of this equation are known for simple geometrical cases: plates, 
spheres, half-planes, etc. Nowadays computers can provide numerical solutions to all pro- 
blems, or almost all. It is therefore easy to calculate the evolution ofa radioactive system in 
a box of given shape and size by superimposing diffusion on radioactive decay. Figure 3.3 
shows the results of such calculations fora K—Ar system supposed to evolve from a sphere 
in which either argon or potassium can diffuse. 

Solutions to the diffusion equations are generally expressed by the approximation 
x & /Dtwherex is distance, ttime, and D the diffusion coefficient. The relevant parameter 
for diffusion is (D/a), where a is the radius of the sphere. The diffusion coefficient D obeys 
Arrhenius’equation: 


—E 
D = Doexp (=) 


where7Tis temperature (in degrees Kelvin), F activation energy, and R the ideal gas constant. 
Dois aconstant dependent on the nature of the mineral but is independent of temperature. 
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Figure 3.3 Calculation of the diffusion of *°Ar and *°K over geological time out of a spherical mineral 


and its effect on the chronometric curve. The figures are relative to the parameter D/a” expressedins *. 


In addition, as might be expected, mineral size is essential: the larger it is the better the 
retention of argon. This is just what is found when we study, say, the K—Ar age versus 
mineral size (Wasserburg and Hayden, 1955). 


Remark 

To determine diffusion coefficients in the laboratory we take a mineral whose shape and 
dimensions have been “measured” under the microscope and we measure the amount of 
isotopes escaping from it by heating the mineral progressively at different controlled tempera- 
tures. By plotting log Din these results versus (1/7), we can calculate the activation energy and 
estimate Dp from the formula D = Dg exp(—E/RT) or log D = log Do(—E/RT) (Figure 3.4). 


To conduct such laboratory experiments it is essential to take natural samples containing 
“intrusive” radiogenic isotopes, and thus quite old samples, which have not been exposed to 
secondary phenomena (metamorphism, erosion, etc.). (These are rare and precious sam- 
ples.) Howcan the results be applied? A first exercise will help us with this. 


Exercise 


What is the diffusion coefficient of *°Ar in biotite at 50°C and at 1000 °C if we know that 
the activation energy is E=21kcal per mole and that at 600 °C D/a*=2-10 *° per second 
(dividing by a” removes the dimension in cm)? 


Answer 

Temperatures are converted into Kelvin, giving 323 K and 1273 K. For the temperatures 
considered, E/R =~ 10* since R= 1.98 cal mol * K *. By using Arrhenius’ equation this gives 
Dso5/ Ge— e300 mlsmandiD\s+4/ Op Wael Ome sme 
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Table 3.1 Closure temperatures 



































Closure Grain dimension 
Mineral temperature(°C) (10~ °m) Reference 
Hornblende 685 + 53 210-840 Bergerand York (1981) 
Biotite 373 + 21 500-1410 Bergerand York (1981) 
K-feldspar 230+ 18 125-840 Bergerand York (1981) 
Plagioclase 176 + 54 125-210 Bergerand York (1981) 
Microcline (pure 132+ 13 125-250 Harrison and McDougall (1982) 
K-feldspar) 
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Figure 3.4 Variation of the diffusion coefficient with temperature. Two sanidines (volcanic potassium 
feldspar) from two different rocks yield very different results. One is very close to the coefficient 
measured on a microcline crystal (granitic potassium feldspar) while the other is very different. This 
shows that diffusion coefficients depend largely on mineral history and that it is difficult therefore to 
use these experiments to make precise geological age determinations. 


Clearly, then, the diffusion coefficient is extremely sensitive to temperature. Many 
rocks and minerals that are to be dated by Rb-Sr or K—Ar methods of rich systems (bio- 
tites, muscovites, potassium feldspars) crystallize at high temperatures, be they magmatic 
rocks or metamorphicrocks. Emplacementis generally followed by cooling. This prompted 
theidea ofdefining atemperature at which the system begins to retain the radiogenicisotope 
for each mineral. As the activation energies of the various minerals are different, these 
closure temperatures are different (Table 3.1). Slight differences in apparent age are used to 
define cooling curves for the rock and therefore for the massif or even for the region to 
which the minerals belong (Figure 3.5). 
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Figure 3.5 Cooling curve of an orogenic segment of Grenville Province, Canada, based on K—Ar apparent 
ages and on the retentivity of the different minerals. After Berger and York (1981). 


Remark 

The cases most studied by these methods are of thermal variations during orogeny (mountain 
building) where estimations are made of how the crustal block cooled as it rose to the surface; 
at what speed and over what temperature range, etc. 


The study of contact metamorphism 

The decisive step in this type of semi-quantitative approach was the study by Stanley 
Hart (1964) (Figure 3.6), then a student at the Massachusetts Institute of Technology, 
confirmed by Gil Hanson and Paul Gast (1967), then at the University of Minnesota, 
who studied the ages obtained by the different methods for an instance of contact 
metamorphism. 

Contact metamorphism occurs when granite is intruded into a geological series. 
Physically, such metamorphism corresponds to sudden heating by a body of defined geo- 
metry. The thermal evolution of such a problem can be readily processed mathematically. 
The isotherms and their variations over time are easily obtained. Hart chose to study the 
result of a Tertiary intrusion some 60 Ma old (Eldora) in the Precambrian terrain of 
Colorado. There is a big age difference between the intrusion and the surrounding rock. 
He studied the variation in Rb-Sr, K—Ar, and U—Pb ages on different rich minerals of 
the Precambrian formation with distance from the point of contact. The “apparent” age 
of all the minerals varied with distance from the contact, which was what he expected. At 
the contact point, it is the same as the age of the intrusion and then it progressively con- 
verges towards the age of the surrounding rock at a great distance from the contact. What 
is interesting is that at any given distance from the contact, the order of apparent ages 
determined by the various methods on the various minerals obeys a coherent logical 
schema. 

The reliability of “rich”chronometers has been estimated on the basis of such a sequence 
and a few laboratory experiences. They are ranked here in decreasing order of reliability of 
the ages obtained. 
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Figure 3.6 Contact metamorphism of the Eldora stock, Colorado, studied by Stanley Hart. This figure is 
famous. Top: the geological section. The scale of distances in (a) and (b) is logarithmic. (a) The thermal 
profile, that is, the maximum temperatures reached at each point versus distance. Curves A and C are 
from two values of thermal diffusivity. (b) Apparent ages versus distance. 


206 Ph —97 Ph zircon >7°Pb—*8 U zircon >*°Ar—*° K amphibole>®’Rb— 
87Sr muscovite > *’Rb—*’ Sr biotite >“°Ar—* K biotite>*Ar—” K feldspar 


Although there are many exceptions to this ranking, it allows a series of apparent ages to be 
gauged rapidly. Thus when, say, °°’Pb—*°°Pb on zircon gives the same age as *°Ar—*°K on 
biotite there is a good chance the age is correct. When the difference between the *°Ar—*°K 
on amphibole and *’Rb—*’Sr on muscovite ages is slight, we consider we are close to the 
true age, etc. While this empirical approach is useful, it does not, alas, provide a 
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thoroughgoing solution to the issue of reliability. In particular, how can an agebe calculated 
when the hypotheses ofthe simple model are not satisfied? 


Exercise 


Analysis of a granite yields: U-Pb on zircon, 520 Ma; K—Ar on amphibole, 480 Ma; K—Ar on 
biotite, 400 Ma; Rb-Sr on biotite, 460 Ma; Rb-Sr on muscovite, 470 Ma. What seems the 
likely age of intrusion of this granite to you? How reliable is the result? 


Answer 

The true age is probably around 550-540 Ma. The reason being that some disruptive 
phenomenon has affected the region as there is clearly a discordance in ages. The most 
robust of the chronometers is U-Pb on zircons, but it is not perfect and this apparent age 
may be made a little older. But this reasoning is very rough and ready as can be seen! 


3.2.2 The concordia method 


This method has been devised for calculating a system’s true age even though the system is 
an open one. This is done by exploiting pairings of chemical behavior which may be found 
with various radiochronometers. 


Uranium-—lead systems 

Uranium-—lead systems using 7°U — ?°°Pb and 7*°U — 7°’Pb decay have an interesting 
feature: both parents and both daughters are of the same chemical nature but have very 
different decay constants. This pairing is exploited for determining geological ages even 
when the system is an open one. 

Let us consider a uranium-rich material. It may be zircon (ZrSiO4), acommon mineral 
in granite rocks, sphene, uraninite, or apatite, minerals containing little “common” lead 
(detected by measuring the non-radiogenic isotope *°*Pb). The initial lead can therefore be 
neglected in chronometric equations (rich systems) and we write : 


206 prt 
_ = (ec —1) 


207 pp 
~~ =(e™ — 1). 


Two ages can therefore be calculated by measuring the 7°°Pb, 7°’ Pb, *8U, and7*°U contents 
of minerals. Ifeverything complied with the assumptions (closed system, rich system, etc.) 
these two ages should be identical, that is, concordant. The common age would therefore 
indicate the time the zircon or apatite crystallized in the granite magma. This is sometimes 
the case, but generally ages are found to be different and so discordant. To bring out these 
age discrepancies we considera plot: 


207Pbh 206Ph 
«= fc]: ’= [asc 





2351J 238 
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We plot the curve of the parametric equation: 
y= (e™™— 1); x= (ec — 1). 


This curve, which can be graduated for time, is known as the concordia curve. It is the geo- 
metric locus of concordant ages. Any concordant age lies on the curve and any discordant 
age lies off the curve. 

The South African Louis Ahrens noticed in 1955 that when the 7°°Pb*/738U and 
207Pb* /?*°U ratios (as before * indicates the isotopes are radiogenic) measured on suites of 
cogenetic minerals are plotted, they tend to be aligned. These alignments cut the concordia 
curve at two points, corresponding to two ages (fg and f;). In 1956 George Wetherill of the 
Carnegie Institution in Washington showed that the two “ages” obtained by Ahrens’ con- 
structions could be interpreted as the age ofuranium ore crystallization and the age ofa dis- 
ruption that affected the minerals and caused uranium and lead exchanges with the 
environment. Hereisa simplified demonstration of Wetherill’s model. 

The uranium decays in a closed system from the time at which the mineral is crystallized 
at time? = 0 until time f,. 


UQ= Ue, 


Suppose that at ¢; some of the uranium was lost. Let us term the lost proportion a. There 
remains (1—a). Attimet, + Az, the uranium becomes: 


U(t; + Ad) = (1 — a)Upe™*". 
This uranium decays ina closed system until time ¢ when the analysis is conducted: 


U(t) = U(t+ Ate 4-4) = (1—a)Up ent g-A(t-4) 


Uj==a)Uce. 
Let us see what becomes of the corresponding lead isotope. From fp to ¢; the mineral system 


is closed. We have Pb(t,) as (t;) = Up(1 — e~*""), as we assume there is no initial lead. At 
time ft, the system loses a proportion (3) of lead so at ¢, + Ad) the lead is therefore: 


*Pb(t, — At) = (1 — B)Up(1 — e*"). 

Between ¢,and f, lead is produced by decay ofthe uranium remaining at that time. 
*Pb(t) = Pb(t) + At) + U(t + Ad) 1 - etn) 

Replacing by their values Pb¢, +At) and U¢, +At) gives: 

*Pb(#) = (1 — B)Up[1 —e-*"] + (1 — a) Up e-*" [ - ame 


We replace Uy by U() toreturn to the traditional expression: 
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We have to change variables because we have decided to take the present time as the origin. 
In the new notation (in capitals), T = t, 7, = t — t. This gives: 


Up = 





*Pb_f[1—8lpur war, 17) 
r JE ef] + [eM — 1), 


But for the decay constant the expressions are identical for both *°°Pb—**8U and 
207Ph_*5U pairs, because the two lead isotopes and the two uranium isotopes must react 
chemically in an identical manner to the “crisis” which affected the systems at T;.We write: 


206Ph 207 Ph 
[su] =" [as] =" 





238U 235 





l-a 


n= (; — *) [e**? eT] + [e*™ — 1] 





n= (Boren etenen 


l-—a 
We can eliminate [(1 — 3)/(1 — a)| between the two equations, so giving: 


r| _ [ee7 _ 1] esl _— esl 
aera | 





e4sT — esti 


For fixed Tand 7;, this expression takes the form: 
r) — Yo 
ry — Xo 


= constant. 


This is the equation ofa straight line in an (1), 2) plot. When 3 = a = 0, that is, when the sys- 
tem has remained closed, r; = (e**7—1)andry = (e*7 — 1).Theupper intercept with 
the concordia therefore corresponds to T, which is the initial age of the mineral population. 
When (G=1, that is, when the minerals have lost all their lead at 1, 
ry = (e*7 — 1) and rz = (e4" — 1). 

The lower intercept with the concordia corresponds to 7}.When ( and a are between 0 
and 1, the data points are on the straight line joining the two points of the concordia Tand 
T;.When more lead than uranium is lost the points are between Tand 7;.When more ura- 
nium than lead is lost the points are “above” Tand therefore above the concordia (see 
Figure 3.7). 

We can then address the inverse problem and say that when the data points obtained ona 
series ofuranium-rich cogenetic minerals are aligned in the 7°°Pb/7*8U, 7°’ Pb/?*°U) plot, 
the intersections of the straight line they define with the concordia curve determine the 
initial age of the family of minerals and the age ofthe disruption experienced. We give a sim- 
ple historical example, that of the Morton gneiss of Minnesota. The U-Pb measurements 
being made on zircons, we obtain the age of the perturbation (Figure 3.8). 
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Figure 3.7 Theoretical diagrams of concordia construction for 7?8U—*°°Pb and 7?°U-?°’Pb systems. (a) 
The episodic loss model (Wetherill’s model) at 7, for zircons of age To; (b) the constant loss model 
(Tilton’s model) by diffusion for the same zircons of age To. The parametric curves are plotted on each 
diagram. The ratios are given in number of atoms. 
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Figure 3.8 Concordia plots. (a) The Morton gneiss of Minnesota; (b) different continental zircons of 
common age 2.7 Ga. These plots can be interpreted as constant losses although they have different 


geological histories. 
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Wetherill ’s model has been used abundantly. Generally it is borne out but it has often 
been observed that the lower intercept is difficult to interpret in geological terms because 
the age determined corresponds to neither a known tectonic nor a metamorphic episode. 
Thus, taking zircons of several continents of the same age of 2.7 Ga, and plotting the 
U-Pb results on the concordia diagram, they seem to define the same lower intercept, 
while the geological histories of the various parts of the continents and in particular the 
tectono-metamorphic episodes later than 2.7 Ga are very different. To account for this, in 
the 1960s George Tilton, at the Carnegie Institution, developed another model (Tilton, 
1960). He assumed a continuous loss of lead throughout the rock’s history. In such a case, 
the first part of the curve of evolution in the concordia diagram is a straight line starting 
from the initial age. It then curves towards the origin. From this model, the lower intercept 
is geologically meaningless and depends solely on the initial age. This can be demonstrated 
mathematically by using kinetic equations. If we consider a continuous lead loss, the equa- 
tions are written: 


dr 


dU 
aU — ju 


{ dPb" — 7U —G Pb 
where G is a coefficient of lead loss which is assumed constant to simplify matters (we 
assume thereis no uranium loss). Therefore: 


qb 


U 
2 UH i 
ef + (A—G) 





Pb* 
cr 


By positing Pb*/U = rand by integrating rg and rs, we obtain: 





28 A 
—_ 8 f a(4s—G)t _ ) 8 ( (aoc — 1) 
: ree =| og ' 


Numerically, it can be seen that in an (rg, rs) plot supposing G is identical for both 
lead isotopes, the curve is a straight line in its first part and only curves towards the ori- 
gin. It therefore has no significant lower intercept. Only the initial age is significant. If 
a straight line is drawn through the data points, the upper intersection with the concor- 
dia indeed gives the initial age but the lower intersection with the concordia is 
meaningless. 

Allégre, Albaréde, Griinenfelder, and K6ppel (1974) showed that we could switch from 
one model to the other. If several tectono-metamorphic crises are superimposed, they may 
also generate a discordia whose lower intersection with the concordia is meaningless. This 
is the case of old inherited zircons in the Alps. Acomplex polymetamorphic history gener- 
ates regularities similar toa continuous loss. 

As seen, interpreting the lower intercept is neither straightforward nor unequivocal! 
Each case must be carefully examined, that is, one must have sound geological knowledge 
of the region before reaching any conclusion. However, the upper intercept, when well 
defined mathematically (spaced data points), seems more robust. 
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Of course, an “apparent age” can be determined for each discordant mineral by the 
?07Pb/7°°Pb method alone. These apparent 7°’P/7°°P ages vary from the age of the lower 
intersection to the initial age. We therefore have a whole series ofapparent ages.” 

And yet the chronometric equation is misleading a priori since if we consider only the 
207Pph—*°°Ph dating equation and suppose that lead is lost without isotopic fractionation, it 
is easy to believe the system has remained closed for lead! This is what was thought some 
50 years ago when some workers asserted that since the same granite had *°’Pb/7°°Pb ages 
ranging from say 200 million to | billion years, that was evidence it had formed by diffusion 
in solid state over hundreds of millions of years! In fact, the dating equation contains a hid- 
den variable — uranium! The true equation of the 7°’Pb/*°°Pb ratio, in the case of a episodic 
loss, is written: 





l= As As = 
om [GSE eye 


*ePh. 137.8 (2 


(ee oe ae ae ee 





l-a 


This equation shows that the ratio depends on the coefficients ofloss 3 and a (unless 7; = 0, 
that is, ifthe loss is at the present day). This also illustrates that apparent and true ages must 
not be mixed without care! Of course, it is tempting to measure the 7°’Pb/7°°Pb ratio alone 
because it requiresjust an isotope measurement of lead without measuring the lead andura- 
nium content, but, as has been seen, its interpretation is ambiguous. It must therefore be 
used by taking certain precautions and by being familiar with the limits. 


Exercise 


We assume a continuous loss with G = 2Ag. Calculate the apparent 7°°Pb/??*U, 7°’ Pb/??°U, 
and 7°7Pb/?°°Pb* ages for a zircon whose initial age is 2.7 Ga. 


Answer 
206 Dh /238U = 1.8 Ga, 7°”Pb/7?°U = 2.18 Ga, and 7°’Pb/7°°Pb* = 2.480 Ga. 


Generalizing the concordia method 
Allégre (1964) and Allégre and Michard (1964) extended this approach to other pairs of 
chronometers (Figure 3.9). 


e Uranium/lead—thorium/lead. This was a natural extension. The big difference was that 
the Th/U ratio is variable and so the “magical” conditions of the U—Pb system do not 
hold. The discordia straight line cuts the concordia at the upper intercept only. There is 
no lower intercept as the discordia is actually a curve (Steiger and Wasserburg, 1966; 
Allegre, 1967) (Figure 3.9). 

e Rubidium/strontium-—potassium /argon. Here again the discordiacuts the concordiaat 
one point only. This generalization has confirmed the coherence of the two systems and 
their behavior when disrupted (Allegre and Michard, 1964). 


? Apparent ages are measured by the slope of the straight line joining the origin and the experimental point 
on the (rs, rg) plots. 
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Figure 3.9 Generalization of the concordia method. (a) U-Th—Pb concordia; (b) Concordia applied to 
methods of radioactive disequilibrium; (c) concordia applied to K—-Ar, Rb-Sr methods. After Allégre 


(1967), Allégre (1964), and Allégre and Michard (1964). 


e Uranium—*"°Th, U—**'Pa. This approach has been used for dating secondary mineral- 
izations of uranium. It was then extended recently to other examples of dating corals. 
These are mentioned here but notelaborated on (Allegre, 1964). 


Such generalization of the concordia method is above all of fundamental methodological 
interest. It shows that the behavior of the various radiogenic isotopes, although original, 
is not “autonomous” and that there is redundancy which explains the regularities 
observed and allows simple mathematical modeling. 


3.2.3. Stepwise thermal extraction 


The idea behind this approach is to suppose that, when disruptive phenomena occur, radio- 
genic isotopes migrate by diffusion towards the mineral boundaries or to cracks and that 
there are “cores” which have resisted and which can be considered to be closed boxes. We go 
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Figure 3.10 The *°Ar—*°Ar method. Each small rectangle represents horizontally the size of a mineral 
(the center has coordinate zero and the edges +d, —d). The ordinates show the “°K and *°Ar contents. 
Top: evolution over time in a closed system. Notice that *°K decreases and *°Ar increases. When the 
experiment is conducted we find a simple clear plateau indicating the age. Bottom: the evolution of an 
open system. We suppose a thermal event occurred at 7;, thermal diffusion occurred, and argon escaped 
from the rims, hence the bell-shaped distribution. Then the system remained closed and “°K decayed 
producing *°Ar. When the argon is extracted stepwise, it can be seen that a certain temperature is 
required to reach the plateau because the edges are degassed first. The bottom plot is analogous except 
we have supposed a mineral with a complex structure with several domains separated by cracks, faults, 
or grain joints. The first part of the extraction has a complex appearance. 


and get the “information” by causing artificial diffusion. Two chronometers have been the 
subject of such an approach: that of the K—Ar method on various minerals or rocks and 
that ofthe U—Pb method on zircon. 


The*’Ar—*°Armethod 

This method first came to light at Berkeley in the laboratory of John Reynolds (Merrihue 
and Turner, 1966) but was above all the product of work by Grenville Turner (1968) at 
Sheffreld University in England. Here is what it involves. First the sample under test is irra- 
diated by a stream of neutrons. A nuclear reaction transforms the *°K into *’Ar. This is a 
neutron—proton (n, p) reaction. Once this operation has been accomplished, the test sam- 
ple is heated by temperature stages and the *°Ar/*°Ar ratio measured at each step 
(Figure 3.10). 

Naturally, at the same time as the sample, we irradiate a control sample containing a 
known quantity of K whose *’Arcontentis to be analyzed. The *°Ar/*?Ar ratiois equivalent 
to an *°Ar/*°K ratio and so the dating formula can be applied to it. We therefore obtain a 
range of (apparent) ages depending on the outgassing temperature. 
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Figure 3.11 Examples of 7°Ar—*°Ar age spectra for three minerals from a rock aged 1000 Ma, showing 
sensitivity to the different minerals (from Berger and York, 1981). 


The idea underpinning the method is that, since 49 Ar diffuses readily, it has departed 
from the most vulnerable crystallographic sites over the course of geological time but has 
remained in the more resistant sites (Figure 3.11). By stepwise heating, we drive out succes- 
sively the fractions of argon located in increasingly retentive sites, finally getting it from 
“closed” sites. This method became particularly successful with lunar exploration. At the 
time, the ages reported by Turner concurred so well with those obtained by the Rb-Sr 
method that the model was “established” in spectacular fashion. Subsequently it was 
refined. First it was recalled that the various minerals did not close at the same temperature, 
which is unsurprising. Instead of looking for just the “true” age, attempts were made to take 
advantage of the differences observed to determine the conditions under which the rock 
had cooled by using the concept of closure age already mentioned. Later still, a laser was 
used to degas specific sites ofthe various minerals and in stages. 

An analogous method was proposed for U—Xe dating but it is still little used for the time 
being (Figure 3.12), which is probably a shame. It may be resurrected. It involves irradiating 
thesampleand producing various xenon isotopes by fission of °° U. Asthexenon-induced fis- 
sion spectrum is different from the spontaneous fission spectrum of 7**U, we can measure the 
'86Xe produced by natural fission and the uranium in the mineral. Then the age is calculated 
(Shukolyukov et al., 1974; Teitoma et al., 1975). 


Direct 7°°Pb—*°’ Pb analysis 

This technique is even more audacious although it stems from the same principle as the pre- 
vious one. It involves depositing the mineral under analysis by the Pb—Pb method (zircon) 
directly on the TIMS mass spectrometer filament. It is heated in stages and the Pb diffuses 
from the zircon and ionizes and the 7°’Pb/*°°Pb ratio given off is measured (Figure 3.13). 
This method, devised by Koztolanyi at Nancy in France in 1965, was neglected for 20 years 
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Figure 3.12 Example of a spectrum of the *7*Xe—*°Xe method imitated from 7°Ar—*°Ar for a Rapakivi 
granite from Finland. After Shukolyukov et al. (1994). 
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Figure 3.13 The 7°’Pb—-*°°Pb spectrum obtained by thermo-ionization of lead. This spectrum is 
obtained by progressively heating the filament after having deposited zircon on it. The example 
shown is of detrital zircon from Australia, among the oldest recorded (Kober, 1986). 


before being taken up by Kober in 1986! It yields interesting and sometimes impressive 
results, even ifall criteria of concordance or discordance are lost, preventing any reliability 
check as the concordia diagram cannotbeused. 


3.3 Poor systems and the radiometric isotopic 
correlation diagram 
With poor systems, the main problem is not just the question of openness but also that of the 


initial presence, when the system closes, of a certain amount of radiogenic isotope. How 
can this be evaluated? 
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3.3.1 The ®’Rb—*’Sr system 


This method was proposed, after an initial attempt by Australians William Compston and 
Peter Jeffrey (1959), then at the University of Western Australia, by Louis Nicolaysen 
(1961) of South Africa’s Witwatersrand University for the °’Rb—*’Sr system, but it is more 
general and applies to all parent—daughter systems. 

Letus turn back to the fundamental °’Rb—*’Sr decay equation ina closed system: 


Sr(7) = *Sr(0) +  Rb(z)(e" = 1). 


Let us divide member by member by °°Sr, which is one of the stable Sr isotopes and whose 
abundanceis not dependent on radioactivity and is therefore constant over time. The equa- 
tion becomes: 


87 87 87 
()=()(Beon 

Sry, SeStl@. St. 
The mathematical operation of ®’Sr normalization by *°Sr is not just a simple algebraic 
manipulation. It brings out the strontium isotope ratios in the equation. This is the magni- 
tude measured by the mass spectrometer. Now, we have seen that isotope ratios obey precise 
laws, particularly those of isotope exchange. 

Letus now considera series of cogenetic boxes (assumed to be in thermodynamic equili- 
brium). Asa result of isotopic equilibration, they have the same initial (8’Sr/*°Sr), isotope 
ratio and the same age. In an [8’Sr/*°Sr, ®’Rb/*°Sr] plot they are aligned ona straight line 
ofslope (e“—1) and ofordinate at the origin of (8’Sr/**Sr) ,. This straightlineis anisochron, 
which is the locus of boxes of the same age (Figure 3.14). If we wish to break down the way 
the system evolves over time, we can say that at time tf = 0, the points representing all the 
boxes lie on a horizontal line, each box being characterized by its own *’Rb/*°Sr ratio but 
with the same strontium isotope ratios. Then each box evolves along a diagonal of slope —1 
with +d*’Sr/d¢t = —d®’Rb/dt. The straight line rotates around the fixed point 
(°’Sr/*°Sr) ,. Its slope is constantly (e* = 1). 





Remark 

The inverse problem is interesting, of course. Let us take the example of a series of minerals (or 
total rocks) which are assumed to be cogenetic (minerals from the same rock, or rock from the 
same massif). The °’Sr/2°Sr and ®’Rb/®°Sr isotope ratios of each of them are measured. If the 
representative points lie in a straight line, the slope of the straight line is equal to (e**— 1) and 
the age of the system of boxes can be calculated. 


Exercise 


Annie Michard measured the Mont-Louis, granite, Milhas, and Quérigut in the Pyrénées 
Orientales (France) (Table 3.2). Draw the isochron graph and calculate the age of the series 
of granite rocks of the Quérigut and the initial ratio (Michard and Allégre, 1979). 
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Figure 3.14 Principle of the ®’Rb—®’Sr isochron method. At time t=O the points have the same 
strontium isotope ratio and different ®’Rb/®’Sr ratios. They therefore all lie on a horizontal line 
corresponding to (°’Sr/*°Sr)(o). After time T, the points are aligned on a straight line of slope 
(e*t— 1) At. In practice, in real graphs, the straight lines of evolution do not have a slope of —1 
because the ®’Rb/*°Sr ratio varies little and the ®’Sr/*°Sr ratio varies greatly, given the chosen scales. 
The evolution vectors are very steep. 


We calculate the *’Rb/*°Sr ratios. The experimental points are plotted on the 
(875r/®6Sr, ®7Rb/®°Sr) graphs not shown here. The straight line through the points “yields” 
an age of T=271410 Ma, with an (87Sr/®8Sr);,_.., ratio = 0.710 + 0.005. 








This method, often called theisochron method, is one ofthe pillars ofradiochronology. It 
both dispenses with the assumption (accepted for rich systems) that the *’Sr(0) is negligible 
or constant and so allows poor systems to be used and tests the closed system hypothesis 
by alignment or non-alignment of the measurements made on the different boxes. If Rb 
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Table 3.2 Mont-Louis, Milhas, and Quérigut granites 





[°’Sr/*°Sr] Rb(ppm) Sr (ppm) 





Mont-Louis sample numbers: 


4Bl 0.721 157 181 
4B2 0.719 146 200 
Milhas sample numbers: 

V90 0.723 150 146 
V92 0.717 164 302 
Queérigut sample numbers: 

A 0.714 105 241 
B 0.719 189 214 
Cc 0.723 161 135 
A4 0.720 160 153 
xX 0.7205 155 170 
Ql 0.742 202 88 
Q2 0.743 257 90 
Q3 0.746 245 74 
Apl 0.780 192 32 
Ap2 0.875 257 18 





and Sr have migrated differentially, then the representative points of the various boxes will 
not remain aligned. In the favorable case, this method can be used to measure an age (f) and 
to determine the initial ®’Sr/®°Sr ratio, which we will see later to be important. Measuring 
an age therefore involves measuring the Sr isotopic ratio, measuring Rb and Sr concentra- 
tions for each box and this is for a series of cogenetic boxes. 


3.3.2 Two-stage models 


Imagine we have a series of cogenetic boxes evolving in a closed system. All the systems 
are therefore aligned on an isochronous straight line. Suppose that at t, a sudden event 
occurs which re-homogenizes the boxes isotopically. This event may be metamorphism, for 
example. The sub-systems will exchange their atoms and become isotopically homoge- 
neous. The representative points of the boxes then lie on a horizontal line whose ordinate at 
the originis written (*7Sr/*°Sr),,_, with m, 1, signifying the mean value at 4. Then the boxes 
evolve radiogenically until the preselit time in a closed system. The alignment observed 
between the points representing the boxes has a slope of (e fe 1) and an ordinate at the ori- 
ginof (*’Sr/*°Sr) 

Let us explain our model a little to make it realistic. We consider the cogenetic boxes 
are both whole rocks and minerals. Metamorphism occurs at time ¢, which re-homo- 
genizes the minerals isotopically around the value of the whole rock, but it is not 
intense enough to re-homogenize the whole rocks at the scale of the entire massif 
(Figure 3.15). 
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Figure 3.15 Isotopic re-homogenization of minerals at time 7. Top: the re-homogenization event. 
Bottom: the evolution of the system after 7,. WR, whole rock. After Lanphere et al. (1964). 
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Figure 3.16 Example of two types of isochron. (a) The whole-rock isochron indicates the initial age, that 
of the minerals dates the age of the disruptive event; (b) classic example of Baltimore gneiss with the 
whole-rock isochron and the mineral isochrons. WR, whole rock; B, biotite; KF, potassium feldspar; P, 


phosphate. After Wetherill et a/. (1968). 


The (/St/ 86Sr, */Rb/ 86Sr) graph shows two types of straight line: the straight line 
for whole rock of slope (e““”—1) and the straight lines of the minerals of slope (e“'—1). 
This method is illustrated with the historical example of the Baltimore gneiss of the 
United States (Figure 3.16.b) studied by the group at the Carnegie Institution of Washington. 
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3.3.3. Extension of the isochron graph to other radiochronometers 


The method initially developed for *’Rb—*’Sr was extended to other chronometers with 
specific features for each, particularly different sensitivities to disruptive phenomena. 
Without this isochron method, the “’Sm—'47Nd and °Lu—!°Hf methods would not have 
come to light, as they have no rich systems. 


The case of '*’7Sm—"*4Nd 
This method was introduced by Notsu et al. (1973) and developed by Lugmair and Marti 
(1977). The basic dating equation is written: 


Nd Nd 476m i. =i 
144NId ~ (wang), a (aa) Aia7t Aja7 = 6.54- 107 ““yr. 





The stable reference isotope is “Nd. This method has the advantage of being applicable 
to ultrabasic and basic rocks, which cannot be readily dated by *’Rb—*’Sr, and to granites 
(Figure 3.17). With regard to minerals, garnet and pyroxene are useful since geochemical 
fractionation between Sm and Nd, although slight, is relatively constant across the petrolo- 
gicalspectrum. 


Exercise 


Calculate the initial **7Nd/*4Nd ratio of a rock of which we know the age (2 Ga), the 
present-day **?Nd/*4Nd ratio (0.512 556) and whose neodymium and samarium contents 
are 36 and 10.4 ppm respectively. What do you think the error is if samarium and neody- 
mium are measured to the nearest 3%, the isotope ratio to 1.10 ° and age to + 10%? 





Answer 
143Nid/14Nd=0.51031 Absolute error =+0.000 35. 
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Figure 3.17 Example of a *4”Sm—*“?Nd isochron on rocks of the Lewisian Complex of Scotland. After 
Hamilton et al. (1979). 
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Figure 3.18 The lutetium—hafnium isochron of the Amitsoq gneiss. After Blichert-Toft et al. (1999). 


The case of '’°Lu—"”°Hf 
Inthis case we take the '’Hfisotopeas the stable reference. 


76H F 76 Hf 1767 y ‘i “4 
7H (aa) +(ma) At A176 = 1.94- 10 yr 
This method, introduced by John Patchett and Mitsunobu Tatsumoto (1980) working at 


the U.S. Geological Survey in Denver was long neglected because of analytical difficulties 
in measuring hafnium. Ithas been increasingly used with the advent of ICPMS (Figure 3.18). 


Exercise 


The question of metamorphism related to the subduction of the Himalayas is an important 
one for geologists. One way of determining this age is to use eclogite (that is, basalt 
metamorphosed at high pressure) whose mineral composition is sodium pyroxene termed 
omphacite and pyrope garnets. 

The occurrence of garnet and pyroxene makes lutetium—hafnium dating easier. Table 3.3 
gives the results obtained on eclogite rock from Ladakh. Calculate the age of metamorph- 
ism (formation of eclogite) (De Sigoyer et a/., 2000). 





Answer 
55 Ma. 


The case of '*’Re—"*’Os 
This method was introduced by Hirt et a/. (1963) and developed by Luck et al. (1980). The 
reference isotope being '*°Os and more recently '°Os, we canwrite: 


187 187 B7QR 
Os ( =) + ( “| Ayg7t Aig7 = 1.62- 10- ye". 
0 





Os | 1860s 186Os 


This method is potentially important but, although meaningful on meteorites (Luck etal., 
1980), itis difficult to apply because the system does notseem to remain closed, particularly 
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Table 3.3 Dating of eclogite rock from Ladakh 





Lu(ppm) Hf (ppm) Lu/Hf Mone HE 














Whole rock 0.3630 3.5991 0.1009 0.282996 + 0.014310 
Garnet 0.7324 3.0907 0.2370 0.283012 + 0.033630 
Pyroxene 0.0302 3.0727 0.0098 0.28977 + 0.001400 


Source: After de Sigoyer etal. (2000). 
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Figure 3.19 The rhenium—osmium isochron of the Deccan Traps. After Allégre et al. (1999). 


for molybdenite, although containing a large amount of Re, nor for basalt, with a very 
high Re/Os ratio. Even so the present author obtained isochrons including one for Deccan 
basalt (Figure 3.19). 


The case of uranium—thorium-—lead 
Taking ”"*Pbas the reference isotope, the dating equations are written: 


6p /2Pb : 2381 (ex! 1 
24pH \204PH) | \24Pb 

207Ph 207Pb 2351J 4 
204PpH (spp) — (saps) (e ol) 


208ppH 2088p 22Th\ 
204ppH | 204ppH Py 204PpH (e*/—1). 
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Figure 3.20 Isochrons of lead—uranium minerals of the Essonville granite. After Tilton et a/. (1958). 


These methods have undoubtedly been insufficiently used (Figure 3.20) although they 
are very powerful as they have an internal concordance criterion (chemically identical 
parent and daughter isotopes) guaranteeing their reliability. They should combine the 
advantages of the isochron and concordia methods. Unfortunately this is not yet the 
case. 


Exercise 


Given that the 778U/?™Pb ratio of granite varies from 2 to 30 and that the Th/U ratios vary 
from 1 to 10, calculate the deviation in the 7°°Pb/7™Pb, 7°’Pb/7™Pb, and 7°8Pb/7°“Pb ratios 
for granites of 1, 2, and 3 Ga. 

In calculating the 7°°Pb/?°*Pb, 7°’Pb/?°*Pb, and 7°°Pb/?°*Pb ratios of the granite, it is 
assumed that this granite derives from evolution of a reservoir with ratios 7?°U/*°*Pb = 7 
and Th/U=4, having evolved for 4.5 Ga. The initial ratios of these reservoirs are 
206 Db /?°4 Pb = 9.30, 7°’Pb/?* Pb = 10.29, and 7°°Pb/?*Pb = 29.47. 


Answer 
A(?°oPb/7*Pb) = 15.534-29.998, A(?°’Pb/?°Pb) =14.44-16.18, and A(?°Pb/?°*Pb) = 
35.14-79.69. 


3.3.4 The lead—lead method 


We have come across the 7°°Pb/7°’Pb method when the two isotopes were of purely radio- 
genic origin. Minerals or rocks generally contain some initial lead. The specific feature of 
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the two U—Pb systems can be exploited provided correction is made for the initial lead. 
Combining the first two equations of the previous paragraphs gives: 


206 Pb 206 Pb 
(sips), _ 

















204pH—-\204PhH nas (e*-1) — 26pp* 
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206Pb’ and°’Pb’ being the radiogenic fractions of 7°°Pb and 7°’ Pb. 

Ina (?7°6Pb/?Pb, 7°’Pb/*™Pb) plot, ifa suite of cogenetic boxes becomes isotopically 
homogenized, the representative points will cluster in a point, instead of a straight line in 
the simple parent—daughter case (Figure 3.21). The radioactive system will evolve 
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Figure 3.21 Plot of 2°’Pb—*™Pb and 7°°Pb-*™Pb isotope evolution for a complex geological history. 
(a) The system is assumed to have re-homogenized at 7, as a result of a secondary event; (b) the 
evolution of three rocks (WR, WR2, and WR3) whose minerals re-homogenized at t,. 
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Figure 3.22 Mineral isochron (Pb—Pb) of the Essonville granite. Data after Tilton et al. (1958). 


subsequently with different trajectories depending on the 7*°U/?°*Pb ratios. But if the 
system remains closed, the cogenetic boxes will remain on a straight line (Figure 3.22). The 
initial age fo of the system can be determined by measuring the slope of whole rocks and ¢ 
canbe determined by measuring the isochron of the minerals. As this method involves mea- 
suring lead isotope compositions only, with no need to measure U and Pb concentrations, 
itis far easier to implement experimentally. Itis very widely employed. 


Exercise 


The Pb isotope composition and U and Pb contents of the Muntshe Tundra massif in 
Russia’s Kola Peninsula have been determined (Manhés et al., 1980) (Table 3.4). 
Determine the Pb—Pb age. What can you say of the U-Pb or Th—Pb ages? 


Answer 
The Pb-Pb isotope age is 2.13 + 0.25 Ga. No age can be determined from the U-Pb isotope 
plot. The Th—-Pb isotope plot indicates an age of 2.09 + 0.28 Ga. 








Table 3.4 Lead isotope composition and uranium, thorium, and lead contents of the 
Muntshe Tundra massif 





Sample 7°°Pb/?Pb 7°7Pb/?4Pb 2°Pp/?4Pb Pb(ppm) U(ppm) Th(ppm) 7”’Th/?°4Pb 





1B 14.70 14.88 35.07 3.63 0.0391 0.375 6.04 
2B 14.83 14.91 35.18 8.93 0.0318 0.928 6.11 
3B 14.72 14.89 39.15 0.97 0.0038 0.1194 72 
4B 15.38 14.98 35.72 1.40 0.0413 0.299 12.2 
5B 15.84 15.03 36.29 1.02 0.0625 0.287 16.85 
6B 15.12 14.95 35.55 9.85 = 1.55 9.45 





Source: After Manhés etal. (1980). 
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Figure 3.23 Principle of the (7?°Th—***Th, *?8U—?*?Th) dating method. The sub-systems are isotopically 
homogeneous in thorium at time T= 0. They lie on a horizontal line representing isotopic equilibrium. 
The system has evolved by isotopic decay of *78U and 2°°Th. It evolves along an isochronous straight line 
whose slope gives the age. After about 10 periods the system is once more in radioactive equilibrium 
defined by the equiline. The initial isotopic ratio is given by the intersection with the equiline since this 
point is fixed because it is in equilibrium. After Allegre and Condomines (1976). 


3.3.5 The **°Th—*?8U method and disequilibria of radioactive 
chains 


These are methods related to radioactive chains for periods younger than 300 000 years. 
Radioactive equilibrium is assumed to have been destroyed as a result of some geological 
phenomenon or other (volcanism, formation ofa shell in the ocean, erosion). As seen in the 
previous chapter, the system then tends to return to equilibrium. Let us deal with the case of 
?3°Th. The general equation is written: 


Ao39 7TH = dg39 Thy ew“ + Ag 8U (1-e7”"). 


Noticing that 7*’Th has a very long period which may be considered constant relative to 
30TH (Allégre, 1968), we can write: 





230 230 238 
Ao Th =: Ao Th ett Ae. U (1-e~**"’). 
An ?2Th \Ap 22Th/ Ay ?2Th 


Ona (49° Th/A3? Th, A3°U/23°Th) plot that is in activity [2°Th/??Th, 38U/?Th], 
the cogenetic boxes lie at time zero (time when the radioactive equilibrium is destroyed) on 
a horizontal line and then evolve along a straight line whose slope is (1—e~“"’). 

This straight line cuts the first bisector, which is the locus of points in secular equilibrium 
(equiline); the point of intersection (equipoint) is a fixed point around which the isochron 
pivots. It corresponds to the original [7°°Th/7’Th]p value. This method is used successfully 
for young volcanic rocks (Figures 3.23 and 3.24). 
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Table 3.5 Concentrations and isotope ratios measured on andesite rock of the Irazu volcano, Costa Rica 

















Activity Activity 
Sample CA 12 U(ppm) Th(ppm) Th/U ?8U/?Th) (°°Th/?” Th) 
Whole rock 5.83 16.4 2.80 1.07 113 +0.02 
Magnetite 0.45 134 2.98 1.01 1.08 +0.04 
Plagioclase 0.30 0.73 2.43 1.22 1.16 +0.05 
Hypersthene 0.53 1.43 2.70 1.12 114+ 0.04 
Glass 715 19.4 71 Lu 1.15 +0.03 
Apatite 14.0 53.6 3,83 0.78 0.98 + 0.04 





Source: After Allégre and Condomines (1976). 
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Figure 3.24 Isochron of minerals on a volcanic rock from lIrazu, Costa Rica. After Allégre and 
Condomines (1976). 


Exercise 


Table 3.5 gives the concentrations and isotope ratios measured on an andesite rock of the 
Irazu volcano, Costa Rica (Allegre and Condomines, 1976). Calculate the age of the lava. 
What was its initial 7?°Th/??*Th isotope ratio? 


Answer 
Age: 68 000 years; initial ratio in activity: 1.17. 


The same method may be used for other isotopes of radioactive chains. Unfortunately 
26Ra has no stable isotope and barium is used for normalization. Similarly, **'Pa has no 
stable isotope, and niobium is used as the norm. These slight difficulties explain why the 
?30Th 738U method is the most widely used. 


3.3.6 Extinct radioactivities 


These are radioactive elements that were present when the Solar System first formed and 
which have become extinct since. We shall speak of their origin in the next chapter (see also 
Wasserburg, 1985). 
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The case of 7°Al—-*°Mg 

The aluminum isotope *°A1 is radioactive. It decays to 7°Mg with a half-life of 0.72 million 
years. Imagine that 7°A lis incorporated in a meteorite at time ¢. From what we have already 
said ofextinct radioactivity, by noting the initial magnesium *°Mg(i) and 7°A incorporated 
at time t?°Al'(r), we can write: 


Mg = 6M (i) a 6 Al*(t). 
Ifthe stable and non-radiogenic isotopes’ Al and **Mgare introduced as references: 


°>Meg Mg ; 26 A] 27 A] 
aMig (=m) (i) aT Ay |!) 4Me" 





Ina (*°Mg/**Mg, ?’Al/**Mg) plot, the slope of the isochron straightline gives (7°AI"/?7Al) 
Now, we know that: 


26 A] _ 26 A] ape 
27 AI : ~ \27Aq = , 


t = 0 being the end of the nucleosynthetic process that engendered 7°AI. 
Ifwe have two meteorites (1) and (II) we can therefore write: 


26 A] 
(a), 

26 A] 
(ral) 


Therefore, as in the case of iodine—xenon (see below), we can date the difference in age of 
formation of two meteorites (see Figure 3.25). 
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Figure 3.25 Plot of the ?°Mg—**Mg, 7°Al-**Mg isochron obtained for the Allende meteorite. After 
Wasserburg (1985). 
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The case of '7°I-'”°Xe 

As said, this technique was pioneered by Reynolds (1960). As shown in Section 2.4.2, ?°Xe 
today is the sum of ('7?Xe)g plus '””Xe produced by the complete decay of '7°J. If we chose 
to refer to anon-radiogenic xenon isotope °°Xe, introducing the stable iodine isotope '*7I, 
we can write: 


129¥6 129V6 1297 129¥6 1297 1277 
(2) _- (2) ~ CB ),-D 
As stated above, to measure '”’I, we resort to the neutron activation method of analysis hit 
upon by Jeffrey and Reynolds consisting in transforming ”’Tinto '7*Xe. 











127] — fIB ye 


where k is a proportionality factor relative to the activation analysis. This finally yields the 
dating equation: 


129¥6 129X6 1297 128¥6 
In practice, the meteorite is irradiated and then degassed in stages (in a combination 
between the *’Ar—*°Ar andisochron methods). Theisotope composition of Xeis measured 
at each step and a plot made of ’Xe/'°Xeasa function of 7*Xe/°Xe. 

The slope of the straight line is equal to ('”°I/!*’1) at the time the meteorite formed. The 
ordinate to the origin is equal to ('*?Xe/"°Xe)o at the time the meteorite formed 
(Figure 3.26). 

By taking a given meteorite as a reference (the Bjiirbole meteorite) the various 
“ages” of different meteorites can be calculated step by step. This was done by the team 
at Berkeley under the supervision of John Reynolds (Hohenberg et al., 1967) 
(Figure 3.26). 

The isochron plot therefore works in the same way as for the other pairs. Injust the same 
way, similar plots can be constructed: 





33Cy 55Mn 182 18077 
ace ace Law ray et 


for other extinct radioactivities: >Mn—~Cr, '**Hf—!*?W. ete. 


Exercise 


Table 3.6 gives the *®*Hf—***W experimental results for three meteorites. Plot the iso- 
chrons. What are the relative ages of the three meteorites given that the reference for the 
formation of the Solar System is *®?Hf/7®°Hf = 2.5 - 10-4? 


Answer 
The relative ages in respect of the initial reference are 5 Ma, 3 Ma, and 3 Ma. Estimate the 
errors for yourself. 
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Table 3.6 Studies of three meteorites 





Hf(ppb) W(ppb) (8°H£/'8*W) atomic '8?w/!84w 





























Forest Vale 

M-L 3.61 647 0.00658 0.864716 + 16 

M-B-L 14.8 758 0.023 0 0.864690 + 50 
M-B-2 63.0 642 0.1157 0.864737 + 17 

M-R 204 588 0.4087 0.864800 + 33 
WR 172 178 1.14 0.864945 + 43 
NM 176 114 1.82 0.865049 + 29 
Sainte-Marguerite 

M-L 156 761 0.241 0.864751 + 24 

M-B* 9.81 754 0.015 4 0.864700 + 41 
M-R 716 1523 0.0601 0.864778 + 28 
WR 141 166 1.01 0.864888 + 31 
Richardton 

M-B-1* 56.2 460 0.144 0.864681 +44 
M-B-2 53.2 582 0.108 0.864680 + 31 
NM 87.1 41.2 2.49 0.865110 + 43 








Source: After Lee and Halliday (2000). 
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Figure 3.26 Dating by (I-Xe) on the Shallowater meteorite. (a) Isochron representation; (b) step 
degassing. After Hohenberg et al. (1998). 
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3.3.7 Conditions of use of the isochron diagram 


The essential criterion for using the isotopic correlation diagram and the isochron con- 
struction is that the experimental points should be aligned. Otherwise one ofthe conditions 
forapplying the modelis nolonger met and nostraight line canbe plotted to make an age cal- 
culation. When the data points form a cloud, this criterion is easy enough to apply. But in 
practice, where each point is affected by experimental error, the alignment is imperfect and 
itis no simple matter to decide whether or not there is a straight line. We shall come back to 
this issue when discussing uncertainties. 

When dealing with minerals, whether in rocks or in meteorites, there is a phenomenon 
one must be wary of and which is related to isotopic exchange. Rich minerals (typically bio- 
tite and muscovite for *’Rb/*®’Sr and zircon or apatite for U—Pb systems) tend to lose their 
radiogenic isotopes as those isotopes have been introduced “indirectly” through 
radioactivity. 

But where do these radiogenic isotopes go when they migrate? 

The places where they might be accommodated are the usual crystallographic sites of 
their chemical element, that is, generally in “poor minerals” (apatite and sphene for 
8’Rb/*/Sr and feldspar for U—Pb). Thus *’Sr will migrate from biotite to apatite (and even 
more easily as often apatite is included in biotite). Similarly *°°Pb will migrate from zircon 
to feldspar (and again there are often zircon inclusions in feldspar). 

In the isochron diagram, the data point of the recipient mineral will move vertically 
sometimes greatly and so move off the isochron, and sometimes little and so will tend to be 
indistinct. 

Caution is required, then, with these “poor,” purely radiogenic minerals close to the 
y-axis. One might think they could be used to determine the initial isotopic ratio (*’Sr/*°Sr 
or 7°°Pb/?*Pb) accurately, as often they are more radiogenic than it is! This is the way the 
donor-acceptor pair works. Failure to allow for it has led to errors, particularly when dat- 
ing meteorites. 


3.4 Mixing and alternative interpretations 


3.4.1 Mixing 


Using the two methods just exposed (concordia and isochron) it is possible to determine 
the age of the formation of a cogenetic rocky system and also to obtain some infor- 
mation about its complex geological history. These are valuable methods therefore for any- 
one wanting to study the geological history ofcontinents, an often complex history made of 
superpositions of geological events. But the interpretations we have developed are not 
unique! 

When we obtaina straight line in the [*’Sr/*°Sr, °’Rb/*°Sr] plot, we may consider it not 
as an isochron but as a straight line of mixing (Allegre and Dars, 1966) (Figure 3.27). The 
sameis true of the [?°°Pb* /?8U, 7°’Pb/?35U] concordia diagram. 

Let there be two reservoirs, | and 2, with distinct °’Sr/*°Sr and ®’Rb/*°Sr ratios. The mix 
of the two reservoirs is written: 
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Figure 3.27 Mixing straight lines. (a) The mixing line in the (°’Sr/*°Sr, ®°’Rb/*°Sr) plot. It represents the 
straight line homogenized by the mixture in variable proportions between reservoir 1 and reservoir 2. 
(b) A mixing straight line in the concordia diagram between two populations of zircon of ages T; and 7. 





Sr 86g 87Sr 86g 
("5") sr), + °7S8r), Sr a r+ 3G, , £) 
BOSr mixture 7 (86Sr),+ (8Sr), 7 (Sr) + (Sr) 5 , 


Bynotingx = (®Sr) ,/[(®Sr), + (8°Sr),Jand R = *’Sr/*°Sr, we obtain: 
Rmixture = Rix + Ro(1 — x). 

Ifa same mixing equation is written with the “chemical” ratior = *’Rb/*°Sr, we get: 
Ymixture = 1X + Fo(1 — x). 


We can eliminate x between the two preceding equations, hence: 





Roixture = Ro = R — Ro 

lmixture — 12 Fy PQ : 
In an (R, r) plot this is the equation ofa straight line through the coordinates (Rj, r;) and (Ro, 
rz) and whose slope, equal to (R; — R2)/(r; — rz), is unrelated a priori to Ar. Note that these 
are the same equations as for isotope dilution. 


Exercise 


Calculate the apparent age of an alignment ona (®’Rb/®°Sr, ®7Sr/®®Sr) plot which actually 
results from mixing of a limestone component for which ®’Rb/*°Sr=0.001 and 
8751/8°Sr = 0.708 and a schist component for which ®’Rb/*°Sr = 1 and ®’Sr/®°Sr = 0.720. 


Answer 
857 Ma. 
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Figure 3.28 The Sidobre granite. The age of emplacement is 300 Ma. The apparent age due to mixing is 
400 Ma (from Allégre and Dars, 1966). 


EXAMPLE 


The Sidobre granite 


The Sidobre granite of the Montagne Noire in the south of the Massif Central (France) near 
Castres is intruded in schists transformed by contact into hornfels (Figure 3.28). It contains 
schist enclaves but also “basic” enclaves. This granite is composed of two imbricated facies: 
one is light (and richer in SiOz) and the other dark. The latter has a high “basic” enclave 
content. 

Analyses of the light facies, dark facies of a “basic” enclave, and hornfels define a straight 
line whose slope corresponds to 400 Ma. The analysis of biotites gives about 300 Ma. 

A subsequent analysis of whole rock from the same massif gives 285 Ma. 

The interpretation is that the straight line at 400 Ma is a straight line of mixing between the 
enclosing rock and the basic magma which penetrated and cannibalized the enclosing rock. 

There are more complex cases where the mixture occurs among several components. In 
principle they do not give a single straight line but in some circumstances they may mimic a 
pseudo-straight line. 














Exercise 


(1) At time t=1Ga, an ultra-basic magma mixes with the enclosing granite. The 
ultrabasic magma has isotopic ratios **’Sm/***Nd = 0.35 and *43Nd/**4Nd=0.511 25. 


El Mixing and alternative interpretations 





Ratios for the surrounding granite are **’Sm/**4*Nd = 0.1 and *47Nd/*“4Nd = 0.510 358, 
respectively. 

Calculate the equation of the straight line of mixing. 

(2) Radioactive decay has occurred and today we analyze the rocks produced by the mixing. 
What apparent age we will obtain? What is the initial ***Nd/*“4Nd ratio? Is it the same as 
that of the mix? 


Answer 

(1) Apparent age: 1558 Ma. 

(2) Initial ratio: 44Nd/*4Nd = 0.5100. This is the same as the ratio of the mixture as its Sm/ 
Nd ratio is zero and so it cannot evolve over time. 


Mixtures are extremely common in geological phenomena: when a magmatic rock is 
emplaced, it digests the surrounding rock.When a sediment forms it is always a mixture of 
various detrital components and some chemical component, etc. 

When mixing is followed by isotopic re-homogenization it does not affect the age calcu- 
lation but may sometimes be detected by examining the initial isotope ratio. The mixture is 
troublesome when not followed by homogenization, either at low temperature or because 
the system cools very quickly (these are the sort of cases we have referred to). 


3.4.2 The (1/C) test 


Letus return to the mixing equation: 
Ru = Rix+ Ro ( _ x), 


Rm, Rj, and R2 being the isotopic ratios of the mixture and ofthe two components: 


m, Ci 





m Cu 


where is the mass ofcomponent1 whose concentration is C), mis the mass of the mixture, 
and Cy the concentration of the mixture. Letus posit: 


m Ci 


Batra eB. 


m Cy 


Ifwe examine the concentration ofthe mixture, we have: 








Cm — C2 
Cu =C C2(1 = B. 
M = C; 8+ C,(1 — 8) or CG B 
Ry becomes: 
C: Ci Ru — Ro Ci 
Ruy = R} B=—4+ Ro 1 = : 
M Bat of BE) ot RoR Bay 


We can eliminate 3 from both equations. This simplifies to: 
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Figure 3.29 Carbonatites of Uganda. After Lancelot and Allégre (1974). 


1 
Ry = A| — B. 
M (<)+ 


TheplotofRm = f(1/Cm)isastraightline. 


EXAMPLE 


Carbonatites of East Africa 
Aseries of carbonatites (lava composed of CaCOs3) from East Africa has been analyzed for its 
Pb isotope composition (Lancelot and Allegre, 1974) (Figure 3.29). They define a straight 
line in the (2°7Pb/2Pb , ?°°Pb/2°4Pb) plot corresponding to an apparent age of 1300 Ma. 
In fact, the true age is very recent! 

The (7°6Pb/2°*Pb, 1/Pb) plot shows it is in fact a mixture of two components. In this 
case, the isotopic composition of one component can be determined 7°°Pb/7°*Pb = 20.8. 














For the (7°°Pb/?*8U, 2°7Pb/?°U) concordia diagram, the problem of the mixture is also 
a fundamental issue. The mathematical demonstration is identical to the foregoing. Here 
again, it can be easily understood that a population of zircons is a mixture between two 
populations ofdifferent ages. The difference here is that the information given by the concor- 
dia construction is chronologically correct. It defines the age of two populations. 

Anexampleis the analysis of U—Pbzircon ofgneiss from the Alps by Marc Griinenfelder 
of the Eidgenédssische Technische Hochschule of Zurich and colleagues (K6ppel and 
Griinenfelder, 1971). The paragneiss was found to have a very wide spread of age distribu- 
tions suchas that shown, whereas the orthogneiss yielded very different and tightly clustered 
distributions (Figure 3.30). 

How can these two types of distribution be accounted for? The Zurich team gave a simple 
explanation. The orthogneisses have ages of crystallization of granite of 450 Ma and were 
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Figure 3.30 Zircon measured in the Alps. The paragneiss results from a mixture of zircon 
1590-1840 Ma old and of 380-Ma-old zircon. After Koppel and Griinnenfelder (1971). 


gneissified during the Alpine orogeny between 100 and 300 Ma. The ages are somewhat 
younger but relatively close. The paragneiss contains very old zircon (whose exact geologi- 
cal origin is unknown) inherited from ancient rocks whose debris is found in sediments 
formed 450 Maago.The paragneiss discordia is thereforea mixing straight line of inherited 
zircon and zircon formed 450 Ma ago, or possibly of zircon which seeded from pieces of 
inherited zircon around which they grew. 

As can be seen, sound geological knowledge is called for when interpreting 
measurements. 


3.5 Towards the geochronology of the future: 
in situ analysis 


Over the last 15 years or so, new spot geochronology measuring methods have been devel- 
oped. Instead of mechanically separating minerals, grinding them, and dissolving them in 
acids to extract the elements for analysis, the mineral matter is pulverized in one spot 
and then analyzed without any preparatory chemistry. Various techniques are available. 
We shall review them succinctly, describing those that are already operational, those under 
development, and those that are still only at the idea stage. 


3.5.1 The ion probe 


This is a method already mentioned in Chapter | invented by the two French physicists 
Castaing and Slodzian (1962) at the University of Orsay, consisting of bombarding the 
rock sample with a beam of oxygen or cesium ions. The mineral material is thus pulverized 
and ionized to form an ionized plasma. This plasma, made up of ions of different natures 
and species, is analyzed using a mass spectrometer, that is, the ions are accelerated and 
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Figure 3.31 An ionic probe and mass spectra. Top: diagram of an ionic probe. Bottom: mass spectra 
obtained at resolutions of 1000 and then 3200. The solution to the problem of isobaric interference can 
be seen. Plate 3 (top) also shows an ion probe. 


then sorted by mass witha magnetic analyzer and finally collected by one ofvarious models 
of collector (Figure 3.31). 
Drawbacks with this technique are that: 


e theenergies of theions emitted are variable and therefore the eV term of the fundamental 
equation of the mass spectrometer (see Chapter 1) is notconstant; 

e® numerous ions are ionized including complex ions formed by ionized molecular 
assemblages; 

e ofcourse, as there has been no chemical separation, there are isobaric interferences such 
as between *’Rband ®’Sr, to cite just one example. 


In practice the problem has been solved with large appliances (large radii of curvature, 
large magnets) for U-Pb methods on zircon. Ancient zircon grains have been analyzed in 
this way, some allegedly 4.24.3 Ga old! Credit for this goes to Bill Compston at the 
Australian National University at Canberra who developed this method and to his team 
who exploited it (Compston etal., 1984). 
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It has been shown generally that zircons are assemblages with complex geological 
histories, each crystal having an ancient core and younger growth zones, something 
like a restored cathedral where the apse is ancient and the transepts “modern.” This 
method opens up extraordinary perspectives. First, it is fast and many zircons can be 
analyzed inashorttime. Next, it allows the mineral to be dissected isotopically, allowing us to 
go beyond the standard questions of whether the system is open or closed, whether itis mixed 
or not. Another spectacular result has been obtained in dating meteorites by the 7°Al-*°Mg 
method on meteorites (Zinner, 1996). Ithas been possible to show the existence of several gen- 
erations of fusion within a single meteorite in an interval of time of less than 1 million years, 
illustrating the complex early history of the Solar System. 

Generalization of this method is an open question today but it has a bright future. 


3.5.2 Laser ionization 


Instead of a beam of ions, the surface of the rock or mineral is bombarded bya laser beam. 
This beam pulverizes and ionizes the elements and the isotopes extracted. They are then 
analyzed with a mass spectrometer. This technique is used for the *?Ar—*°Ar method 
(York et al., 1981). A zone in the mineral is chosen and then progressively heated and the 
*°Ar—*Ar ratios are recorded stepwise. The core of the minerals and their rims can thus be 
analyzed with a degassing spectrum in each case. This is an extraordinary method for deci- 
phering the thermal history ofa region and for determining true ages. The technique is now 
extended to other elements by coupling laser extraction and ICPMS ionization (high- 
temperature plasma). In the current state of knowledge this method is under development, 
but U—Pbanalysis on zircon is already operational. 

And the future? It undoubtedly lies in selective ionization using the multifrequency 
laser for selectively ionizing *’Sr and not ®’Rb and vice versa; this will replace chemistry. 
This method is already used at the University of Manchester by Grenville Turner and his 
team for analyzing xenon isotopes. I shall say no more as it is difficult to foretell the 
future and science is forging ahead! But the discussions about open or closed, mixed or 
not will be asked in a very different context tomorrow! It is important that the theoretical 
models — probably statistical models (as they allow many measurements to be made) — should 
keep pace with analytical advances! This is not the case today as the current trend is for 
too-careless workers to believe that the accumulation of enormous amounts of often impre- 
cise data by automatic machines can replace geochemical thinking and quantitative modeling! 


Problems 


1 Let us consider the *°K—*°Ar system in a biotite which formed 1 Ga ago. Over the last 1 Ga the 
biotite has been buried at depth in the Earth’s crust where it constantly lost argon by the law: 
d*°Ar i 
dt. = —G Ar, 
where G=0.11-10 °. Then faulting brings the material to the surface. During friction 


related to tectonism, the biotite loses 75% of its Ar. Supposing there was no initial *°Ar, 
calculate the apparent age of the biotite. 
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2 Argon losses during a sudden event can be written: 
d*°Ar 
dt 


where K=aT+b, T being the temperature. What is the law for the loss of Ar with 
temperature? 


= —K*°Ar, 


3 Canada’s Abitibi Belt contains associations of basic and ultrabasic lavas known as komatiites. 
The lead isotope composition of these rocks has been measured in three locations. The results 
are shown in Table 3.7. 


(i) Calculate the ages. 
(ii) The sulfides have been measured (Table 3.8). What do you conclude? 


Table 3.7 Lead isotope composition in komatiites of Canada 








206Dp /2°4Db 207Db /2°4Pbh 208 Db /2°4Pb Pb (ppm) 
Pyke Hill 
MT1 30.716+22 17.778 £17 47.285+ 63 0.02 
MT2a 16.584+11 15.059+15 35.6514 46 0.08 
MT2 b 15.953415 14.972 +417 35.4554+51 
MT3 a 16.128 +10 14.981+15 35.595+45 0.11 
MT3 b 15.894+12 14.951+16 34.400 + 47 0.13 
MT3 c 16.050+17 14.970+15 35.5414 48 
MT4a 15.613 +11 14.897 +17 34.9334+52 0.14 
MT4 b 16.474+10 15.044+14 35.690+45 
Fred’s Flow 
Fl 18.466 +16 15.452+18 37.939+58 
F2 18.083 +13 15.388415 37.679+52 0.36 
F3a 16.184+11 15.074+415 35.945+ 49 0.35 
F3 b 15.842+11 14.999+14 35.587+45 0.45 
F5 21.001+ 14 15.943 +16 41.5544+55 0.15 
Foa 24.928 + 24 16.568 +20 42.688 +65 
F6 b 23.845+16 16.406 +16 42.7414 54 0.17 
Fé c 27.141 + 31 16.928 + 23 44.556+ 72 
Theo’s Flow 
T2a 19.479+12 15.722+15 38.816+ 49 0.69 
T2b 23.605+15 16.277 +15 41.840 + 53 
T3a 17.567412 15.273 415 36.978 +47 A Be 8 
T3b 20.152+16 15.794+16 39.319+52 
T6a 17.378411 15.343415 37.105+47 0.41 
T6b 17.540+12 15.288 +16 36.9714 52 














Source: Brévart et al. (1986). 


Table 3.8 Lead isotope composition of sulfides (chalcopyrite) 





206 Db /2°4Pbh 207Db /2°4Pb 208Db /2°4Pbh Pb (ppm) 





F5a 13.352 14.461 33.153 
F5 b 13.268 14.444 3.082 





EtEY Problems 


4 Here Table 3.9 shows the results of an analysis of two rocks (garnet pyroxenite) from the Beni- 
Bossera massif of Morocco. 


(i) Plot the isochrons. 
(ii) Calculate the Lu-Hf and Sm—Nd ages. 
(iii) What do you conclude? 


Table 3.9 Analysis of garnet pyroxenite from Morocco 





Samples — Lu* Hf 


M 214 
M 214 


M 214 
M 101 
M 101 
M 101 


(ppm) (ppm) 


rt 0469 1.69 

gt 0.974 0.604 

cpx 0.0631 2.42 
0.498 1.04 
1.61 0.268 
0.0947 0.875 


176) 77H 176/177 HF 


0.0393 
0.2289 


0.0037 
0.0681 
0.8492 
0.0154 


0.283 19+4 
0.283 257411 
0.513 023 +157 
0.283 124+ 10 
0.283 12+10 
0.283 505+ 14 
0.283 107 + 13 











(ppm) 


2.58 
2.22 


3.05 
1.25 
0.34 
0.62 


Nd 
(ppm) 


5.73 
1.42 


8.29 
3.05 
0.12 
1.02 


475m /"4Nd 43Nd/“4Nd 


0.2722 
0.9458 


0.2221 
0.2467 
LAST 
0.3686 


0.513 043+ 14 


0.513 051+ 10 
0.513 029+9 

0.513 255+ 37 
0.513 044+ 12 











Source: Blichert-Toft et al. (1999). 


5 Table 3.10 gives the results of U-Th analyses on zircon in apparent ages. 


(i) Construct the (7?8U—7°°Pb, 27°U-*°’Pb) and (72°U—7°’Pb, 232Th—7°8Pb) concordia. 
(ii) Calculate the ages of these three populations of zircon. 


Table 3.10 Apparent ages of zircon by U-Th analysis 





Apparent ages 





Locality 206Dp /238y 207Db/235U 208 Db /2?2Th 
Little Belt Mountains (Montana) 560 830 320 
910 1210 700 
810 1130 950 
1140 1400 1080 
1290 1540 1550 
1860 1890 1790 
830 1190 1260 
1170 1670 1500 
1570 1980 1790 
Finland 2520 2660 2750 
1890 2270 1790 
1820 2240 1815 
1820 1870 1960 
1610 1720 1860 
Maryland 497 511 486 
357 370 308 
404 422 350 
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6 If one of the criteria for identifying a mixture is the (R, 1/C) plot, can it be generalized to three 
dimensions? 
Supposing a straight line observed in the (°’Sr/®°Sr, °’Rb/®°Sr) isotope plot is a straight line 
of mixing, and so satisfies the relation (275r/*°sr, 1/C), what is the geometrical locus of the 
data points in a three-dimensional (°’Sr/*°Sr, 1/C, ®’Rb/*°Sr) plot? Demonstrate this by 
algebra or geometry. 


CHAPTER FOLK 


Cosmogenic isotopes 


Nuclear reactions occur in nature. As well as the reactions which take place in the stars and 
supernovae and which manufacture all of the chemical elements, fluxes of charged particles 
of cosmic or solar origin also produce nuclear reactions on rocks, both meteoritic and ter- 
restrial. These reactions generate radioactive or stable isotopes which can be used for geo- 
logical or cosmological dating. Before examining the main types, let us recall some of the 
basic principles of nuclear reactions. 


4.1 Nuclear reactions 


4.1.1 General principles 


Flows of particles, whether they occur naturally or are artificial, interact with matter. 
Depending on their energy levels, they may cause ionization by stripping electrons from 
atoms, create crystal defects by displacing atoms, or trigger nuclear reactions if they have 
enough energy. Here we shall concentrate on this final case. Nuclear reactions lead to one 
nucleus being transformed into another. They are noted using a formal system similar to 
that used for chemical reactions. Herearea fewexamples: 


23Na + 4n = ttNa + Y 
UN +n C+ !p 
BC+ Ip N+ 


where n stands for aneutron, p fora proton, and y for gamma radiation. 

The first of these equations means that a neutron acts on a 7*Na nuclide to give **Na 
by emitting a gamma ray. The others are interpreted by following the same notations. 
In fact, they are symbolized in a compact form where we write in succession: 


e the initial nucleus (called the target because, in experiments, it is a nucleus submitted to 
particle flux, which is similar to bombarding a target); 

e theinitial particle (here aneutron or proton); 

e theparticle emitted (here a gamma ray, aneutron, a proton, ora neutrino); 

e thenucleus produced. 
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Thus the reactions above are written: 


23Na (n, y) -4NIa 
4 (n, p) 4G 
2C (p,7) °N. 


All of the reactions obey laws of conservation similar to the laws of conservation of 
chemical equations except as concerns mass and energy. In any nuclear reaction there is 
conservation of: 


e mass—energy, and in this domain there is an equivalence between the transformation of 
mass and energy in accordance with Einstein’s equation AE = Amc”; 

e thenumber of nucleons (protons and neutrons); 

e theelectrical charge; 

e nuclear spin. 


Remark 
It is the conservation of the number of nucleons that balances nuclear reactions. 


Take the reaction: 
169 + 8O — Si + 4a4 9.6 MeV 


(1 MeV = 10° electronvolts. The electron volt (eV) is the energy of an electron when sub- 
mitted to a potential difference of 1 V: 1eV = 1.602 - 10 '° joules.) Conservation of protons 
and neutrons means the number of protons and neutrons canbe balanced: 8 + 8 — 14+ 2 


and 16+ 16 — 28+ 4. 


Exercise 


What type of nuclear reaction (write the complete reaction and its abridged form) allows us to 
move from *C to *°O, given that the particle emitted is a gamma ray; from *°O to *°Ne, where 
a gamma ray is also emitted; from *°C to ““N, where once again a gamma ray is emitted? 


Answer 
See the end of the chapter. 


4.1.2 Effective cross-sectional area 


The kinetics ofa nuclear reaction 

How many new nuclei are produced from old nuclei? Suppose we have a layer of material 
witha surface area of | unit and thickness dx. Suppose the material contains target atoms 
per unit volume. The number of target atoms is n dx. Suppose also that for the process in 
question, each nucleus has a probability of interaction noted I’, termed the effective cross- 
sectional area (Figure 4.1). 
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Figure 4.1 Effective cross-sectional area. 


If N; isthe number of incident particles crossing a unit of surface area per unit time (flux), 
Nis the number of new nuclei produced, then the number of “actual” interactions during 
the time interval dtis written: 


dN, =Indx- Nidt = —d Ny 


or 


dN> 


i Fae dx M, 


where JN is the flux of incident particles which is often written Nj = <N,> V;(E), in which 
<N > is the mean number of incident particles per unit area and V;(E) is the speed of the 
particles. 

Theunit ofeffective cross-sectional area is the barn (1 barn = 10 7m? = 100squarefemt- 
ometers). It is as though the target nuclei had an area multiplication factor (which explains 
its unit) relative to nuclear reactions.! 


Exercise 


A flux of 107? cm * s * of slow neutrons bombards 77Na to give *“Na. The effective cross- 
sectional area of this reaction is 0.53 - 10 ** cm? per atom. How many atoms of (radioactive) 
4Nla are produced per gram of sodium? 


Answer 
For one atom of *?Na, the production of **Na is 0.53 - 10 *4 x 1077 = 0.53 - 10 7? atoms per 
second per atom of *?Na. 

1 gram corresponds to 6.023 - 1073/23 atoms, therefore 1.387 - 10°° atoms of 7*Na are 
produced per second per gram of sodium. 


| The idea of the effective cross-section dates from Rutherford’s scattering experiments on calculating the 
size of the nucleus. He accepted that there was a halo around each nucleus. If the incident particle struck 
the target in this halo then an interaction occurred. The halo had width 4 and so the interaction surface 
area was 1b”. 
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Energy dependence of the effective cross-sectional area 
The cross-sectional area I is specific to each nuclear reaction. The cases of charged 
particles, protons or a particles must be clearly distinguished from the case of neutrons. 

When a proton penetrates matter, it interacts with electrons by electrostatic attraction. In 
a number of cases it captures an electron and changes into a hydrogen atom. In other 
instances, it strikes a target nucleus. Then, to interact with the nucleus it must overcome the 
electrostatic repulsion (because the two nuclei are positively charged). It must therefore 
have enough energy to cross the potential barrier either directly or by the tunnel effect. 
Then and only then does a nuclear reaction occur. An analogous phenomenon occurs with 
a particles, which either change into neutral helium nuclei or produce nuclear reactions. 

When a neutron penetrates matter, no electromagnetic interaction occurs. It penetrates 
untilit strikes a nucleus. There, either it is deflected or it causes anuclear reaction. 

Nuclear interactions depend on the energy of the incident particles. The effective 
cross-sectional area therefore depends also on the energy, and the quantitative relations 
above must be developed for each type of reaction, and for each energy domain, after 
which, to obtain a final result, the sum (integral) is calculated. More specifically, the energy 
dependence of incident particles comprises two terms. The first is a mean trend: with pro- 
tons, the probability ofa reaction increases with energy above acertain level; with neutrons, 
this probability varies with E“, that is, the energy with an exponent >1. The second com- 
prises specificresonances for certain energies, corresponding to frequencies ofstable vibra- 
tions of nuclei, which favor the reaction for those energies. 

Naturally all nuclear reactions are associated with subsequent readjustments in energy 
and therefore with the emission ofvarying numbers of gamma rays. 


4.1.3 Classification of nuclear reactions 


Nucleon absorption 

Nucleon absorption corresponds to a (p, 7) or (n, ¥) reaction. The nucleus absorbs an 
incident particle, vibrates, and, to return to equilibrium, emits gamma radiation. If the 
incident particle is a proton, the nucleus formed is chemically different. If itis a neutron, the 
nucleus formed is a new isotope of the same element. We have already come across such 
reactions, for example when studying the iodine—xenon method: 


1277 (p, y) 128y 6, 
Another exampleis: 


3Na (n,)74Na. 


Proton—neutron or neutron—proton exchange 
The target nucleus absorbs a proton (or neutron) and gives out a neutron (or proton). In 
either case there is achange of chemical element during the reaction, forexample: 


Ag (np) Cl, “N(n,p) “Cand “Ti (p,n) “v. 


(Write out the corresponding reactions in full as an exercise.) 


Ete Nuclear reactions 


Reactions involving a particles 

These are either (n, a) or (p, a) reactions or alternatively (a, n) or (a, p) reactions. Let us cite, 
for instance, the reactions that occur in rocks when the a particles emitted by radioactive 
chains produce isotopes of, say, neon: '7O (a, n) 7°Ne, '8O (a, n) 7'Ne, *4Mg (n, a) 7'Ne, and 
>°M g(n, a)??Ne.We will be using these reactions later on. 


Spallation reactions 

Spallation reactions are much more violent and the target nucleus is broken up producing a 
much lighter nucleus anda suite of particles. For example, the irradiation of iron by protons 
ofcosmic rays is written: 


Fe + Ht > °C] + 3H 4+ 24He + 7He + 7H*t + 4 neutrons. 


Itcan beseen that this reaction produces a daughter nucleus and numerous neutrons, which 
in turn may produce other spallation reactions. 


Fission reactions 

We have already spoken ofspontaneous fission. Fission reactions occur also under the influ- 
ence of neutrons and produce in turn a greater number of neutrons, giving rise to a chain 
reaction (see Chapter 2, Section 2.3). The most common example is, of course, that of man- 
made nuclear reactors. But as described in Chapter 1, the isotopic compositions of most of 
the elements found in the Oklo uranium mine near Franceville in Gabon were so strange 
that it was concluded there was a natural nuclear reactor there 2 billion years ago. 

The result of induced fission is a distribution curve of the elements similar to that for 
spontaneous fission but slightly offset with two symmetrical peaks of statistical abundance 
(see Chapter 1). Such nuclear reactions give rise to stable or radioactive isotopes depending 
on whether or not they move the nucleus produced away from the valley of stability. 


4.1.4 Absorption of particles by matter in the case 
of nuclear reactions 


Itis very important to know how easily each type of particle penetrates the different natural 
targets. These targets may be rocks (meteorites), gases (atmosphere), or, more rarely, fluids. 
Letus try to calculate the variation in the number of incident particles Nj with the thickness 
of the target. We begin with the equation: 

dN, 


(N ; is the integrated flux during the time of irradiation.) This integrates immediately to: 
N= No exp(—nTx). 


The number of surviving particles N decreases exponentially with distance. This decrease 
depends, of course, on the type of particle, the target, the effective cross-sectional areas, and 
the energy spectrum of the incident particles. But the exponential law is very general for all 
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types of particle. Notice that x and also n, the number of target atoms per unit volume, are 
both involved in the exponential. Such behavior is therefore quantitatively very different 
inagas and inasolid. In solids, the flux of incident particles falls off very quickly by inter- 
action with matter, as there is a large number of target particles per unit volume. In gases 
absorption is weaker. 


Exercise 


Given that, in a rock, the secondary thermal neutrons are produced from primary protons, 
establish the law giving the number of neutrons depending on thickness. Assume the number 
of protons decreases in line with Po e *. 


Answer 
If Nis the integrated flux of neutrons, 


dN = (production) — (destruction) 


dN 
—=¢P—AN 
dx % 


but the number of protons Pis: P=Py)e ™. 


A and k=n1 are the effective cross-sectional area for neutrons and for protons, respec- 
tively. Integrating gives: 


= oPo ie 


‘ A-—k 


gy 





= 


The curves representing the flux of protons and neutrons versus x are shown qualitatively in 
Figure 4.2. 






Neutrons 


i Protons 


Depth 





Number of particles per cm2 


Figure 4.2 Variations in the number of protons and neutrons with depth in a rock exposed to proton 
radiation. 


4.1.5 Galactic cosmic radiation 


The Universe is traversed bya flow of charged particles reflecting its approximate chemical 
composition largely dominated by ionized hydrogen, that is, by protons. This particle flux 
traverses the Universe at kinetic energies of the order of 1 billion electron volts (GeV). This 
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is knownas galactic cosmic radiation. It is thought that these ions are emitted by exploding 
supernovae accelerated by their shock waves and by other complex phenomena of magnetic 
pulsation in ionized environments occurring in the magnetic fields ofstars. 

These charged particles interact with matter whether in gaseous state as in the atmo- 
sphere or in solid state as in meteorites or terrestrial rocks. In general, proton interaction 
leads above all to the production of secondary neutrons and to successive nuclear reac- 
tions as in the atmosphere (Figure 4.3). High-energy, secondary neutrons produce 
other neutrons ina chain whose energy decreases until it is“thermal.”” Thermal neutrons 
are very efficient at causing nuclear reactions. In the atmosphere, for example, this occurs 
by the reaction '‘N (n, p) “C*, giving rise to '4C. When thermal neutrons react 
with rock, they produce spallation reactions giving rise either to stable isotopes or to 
radioactive isotopes. It is from such nuclear reactions that we calculate what are called 
exposure ages. 


neutrons 
(or protons) 


O N, O, or Ar nucleus 


s7Ar3°Ar OC) . 14C nai 


rare Gy "Co gas 
, gases a 


atorpno 


mixing mixing dust partielé 


v v Yv 


trappedin photosynthesis fall to 
rain or snow of green surface 
plants y 
local 
mixing 


Figure 4.3 The destiny of radioactive nuclei produced by nuclear reactions in the atmosphere under the 
influence of cosmic rays. Gases like argon remain in the atmosphere, some like *4C oxidize, while others 
like *°Be are adsorbed onto solid particles and fall to the ground with them. 


? Thermal neutrons are neutrons which, after colliding and interacting with matter, have energy levels of 
kT, where k is Boltzmann’s constant and 7 temperature (kT ~ 0.025 eV). In this energy spectrum they 
have maximum probability of creating nuclear reactions. 
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All of these phenomena were brought to light and investigated little by little in particular 
through the pioneering work of Devendra Lal of the Physical Research Laboratory of 
Ahmedabad and the University of California at San Diego (see Lal [1988] and Lal and 
Peters [1967] forareview). 

Each of the other three sections of this chapter deals witha type of nuclear reaction. Thefirst 
concentrates on '“C and concerns the radionuclides produced in the atmosphere and their 
use in geochronology. The second deals with exposure ages first in meteorites and then in ter- 
restrial rocks. The third section gives an overview of stellar processes of nucleosynthesis. 


4.2 Carbon-14 dating 


Ofall the radiometric methods, thisis undoubtedly the most famous, the one thatis familiar 
to the general public and the one that people (mistakenly) think of when speaking of the age 
ofthe Earth orofrocks. This method was developed by Willard Libby (1946) who eventually 
received the Nobel Prize for chemistry for his work. 


4.2.1 The principle of **C dating 


Carbon-14 is produced in the atmosphere by cosmic rays whose protons engender second- 
ary neutrons. These neutrons react with '*N: 


M4N(n, p) lM4o* 


In this reaction, '*N is the target nucleus, n (neutron) is the projectile, and p (proton) is the 
particle ejected; '4C* is the radioactive isotope produced which disintegrates by 3” radioac- 
tivity to give '*N. As soon as it has formed, the '*C combines with oxygen to give CO. If we 
note N('4C) the number of 'C atoms at the time of measurement ¢ and [N('4C)]p the initial 
number ofcarbon atoms, then we may write: 


N(4C) = [NM] 


Libby showed that the proportion of “C in the atmosphere was roughly constant over time. 
What accounts for this constancy? Letus write out the balance for '4C production: 


4 [N(4C)] = F-AN(4C). 


i T 


production destruction by radioactivity 


Ifastationary state is attained: 


d F 
a [N('*C)] = 0 from which N('4C) = (7). 
where F is the product of the flux ¢ of neutrons by the number N('4*N) of atoms of 4N 
by the effective cross-section. 

The flux ¢ varies with latitude because cosmic rays, which are composed of protons, andso 
are positively charged, are deflected by the Earth’s magnetic field. The poles receive much 
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Figure 4.4 Number of neutrons with altitude and latitude. Geomagnetic latitude is given by the 
parameter L. Altitude varies with pressure, which is measured in millibars here. The value of L 
increases as we move from the equator to the poles. 


more radiation than the equator. The flux also varies with altitude, because the Earth’s 
atmosphere “absorbs” and transforms the incident flux (Figure 4.4). 

For our purposes, the main phenomenon is that the primary protons produce secondary 
neutrons, which produce others in a snowball effect. It is these neutrons that produce the 
4C. As said, as soon as it has been produced, the 'C reacts with oxygen (or ozone) to give 
COs, and this CO, mixes with the remainder of the atmosphere. 

Since the atmosphereitself is well mixed ina few weeks, the '*Cishomogenized all around 
the planet on the timescale of interest to us. It can be taken, then, that the mean amount of 
4C produced inthe atmosphere is a valid, uniform benchmark. 

Libby and his co-workers (Libby etal., 1949) determined the quantity of *C produced in 
the steady state. They expressed it as the number of disintegrations per minute (dpm) per 
gram ofcarbon: 


AN(MC) OF 


= 13.5. 
Nearbon Nearbon 





They also determined the decay constant of *C as 4 = 1.209 - 10~* yr“! (the half-life is 
therefore 5730 years).° 


3 These values have been amended slightly today. 
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Exercise 


What is the **C/*7C isotopic composition of atmospheric carbon, given that the isotopic 
composition of stable carbon is defined by *7C/**C=0.011224 or the reciprocal 
7G) C= 89109, or -C=98i\89%and —-C=11,11%? 





Answer 
The atomic mass of carbon is 12.011. One gram of carbon therefore represents 1/12.011 x 
6.023 13 - 1077 = 5.014 - 10”” atoms, including 5 - 10°” x 0.9889 = 4.95 - 107” atoms of *7C. The 
basic relation of radioactivity is AN=13.5 dpm (where N is the number of **C atoms). 

In one year there are 5.26 - 10° minutes, therefore there are 13.5 x 5.26 - 10° =71.48 - 10° 
disintegrations per year. Since A=1.209-10* yr *, we have 5.88-10*° atoms of "C. 
Therefore: 


= 5.8810") atoms = C 


= 1.1849-107? ~1.18-107. 
22C =4.96-1022 atoms 12C 





This ratio is tiny and cannot be measured by a conventional mass spectrometer, because the 
*C peak is too high compared with the “C peak. This is why it was long preferable to measure 
™C with a Geiger counter. 


When carbon is incorporated in a living organism (plant or animal), its isotopic composi- 
tion (and so its activity) is equal to that of the atmosphere and is determined by phenomena 
such as photosynthesis or respiration. As soon as the organism dies, such exchanges cease 
and radioactive decay is the only source of variation in the '*C content. The time of death of 
an organism (or more precisely the time at which it stopped exchanging CO with the atmo- 
sphere) can therefore be dated by the formula: 


(4C/C) = 13.5e"" 


1 
Fa 








13:5 
(‘*C/C) , 


measured 


Exercise 


Let us take one of the examples that helped to make ““C dating so popular: Egyptology (see 
Figure 4.5). A sample was taken from a wooden beam in the tomb of the vizier Hemaka at 
Saqqara. He was an official of the First Dynasty of Egyptian pharaohs. After measuring the “*C 
content of the wood, Libby announced it was 4880 years old. (Archeologists reported that the 
royal seal-bearer had lived between 3200 and 2700 BC.) How did Libby manage this feat? 


Answer 


Al (C/O eae here 
| HCO... | 
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Figure 4.5 Calibration of the reliability of **C dating on historical data in Egyptology. 


The intricate measurement of the *C/C ratio Libby made on the wooden artefact yielded 6.68 
dpm g *. Applying the age measurement formula then gave t= 4880 years.* 


This method was highly successful and brought about a revolution in archeology. By the 
same principle, apapyrus, bones, and burntor petrified trees were dated, thereby providing 
an archeological chronometer that was unknown until then. This method has the drawback 
of destroying the object that is to be dated, which means a careful choice must be made. This 
is why recent advances in '*C analysis made with accelerator mass spectrometers, which 
require only one-hundredth of the amount of material, are so important and have made the 
method even more incisive. 


4.2.2 Measuring ““C 


Measuring “C isa difficult business, as we have just seen. A series of simple calculations will 
provide insight into this difficulty, which has already been illustrated in an earlier exercise. 
One gram of “young” carbon gives off 13.5 dpm, or | disintegration every 4.5 seconds. If we 
have just 10 mg of carbon, we will have one disintegration every 7.4 minutes, which is not 
much given a laboratory radioactive environment and also given that cosmic rays emit 
radiation in the same order of magnitude. 


* In fact, Libby found a constant = 1.244 - 10-* yr~' and therefore t= 5568 years, which corresponds to 
7.35 dpm g '. Oddly enough, 'C specialists still use Libby’s constants and then make a correction. For 
didactic reasons we shall not follow this practice. 
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Figure 4.6 Libby’s anti-coincidence counting. Geiger counters whose gas contains the ““C to be 
measured are surrounded by a series of layers of shielding as protection from cosmic rays (only old 
lead is used so that the uranium chains are dead and there is no decay from them). When the small 
counters record a disintegration, it is due to cosmic radiation and so is subtracted from the value 
recorded by the central counter. 


But suppose we have a sample some 55 000 years old. It now emits just 1.7- 10-7 dpm, or 1 
disintegration per hour (on average, of course, since radioactivity is a statistical law). Now, 
over the course of the hour, other particles have been emitted in the vicinity of the gram of 
carbon for many reasons: the various materials surrounding the counter (brick, cement, 
etc.) probably contain uranium impurities of the order of 1 ppb (and therefore also their 
derived daughters: calculate them!), and the sky showers particle flows on the Earth from 
the cosmos or the Sun, etc. How can we eliminate these disturbances and make a reliable 
measurement? 


The counting method 
Libby’s answer was to build a Geiger counter whose internal gas itself contained '4C chan- 
gedinto CO; (Figure 4.6). 

With the main counter surrounded by an array of secondary Geiger counters, any exter- 
nal radiation could be subtracted because it first passed through the outer counters (the 
anti-coincidence method). Lastly, it was all buried and surrounded by “old” lead shielding 
to prevent interference radiation. How much background noise did the counters measure? 
Without shielding 1500 disintegrations per hour were detected, with shielding the figure 
was just 400, and with the anti-coincidence counters it was just 8! It was therefore virtually 
impossible to measure an artefact 55 000 years old since it gave off just one disintegration 
per hour! Measurement was intricate and necessarily lasted foralong time. 


The accelerator mass spectrometry method (AMS) 

Since the late 1980s mass spectrometry has been adapted for '4C by using small particle 
accelerators with energies of more than 1 MeV (see K ieser etal., 1986); this is the accelerator 
mass spectrometry (AMS) method. The high energy imparted to the ions purifies the 
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Figure 4.7 Accelerator mass spectrometer. This device is much larger and more complex than an 
ordinary mass spectrometer as it operates at much higher ion acceleration energies, but the principle 
is unchanged. The ions are extracted on the left by being bombarded with a beam of cesium ions and 
are then deflected first by an electrostatic field E1 and then by a magnetic field M1. In the center of the 
figure, a microchannel injects gas which collides with the beams and destroys any molecules (this is 
known as “stripping”). The purified ions are then deflected by two electromagnets M2 and M3 and 
collected by a detector similar to an ionization chamber used in particle physics. 


organic beam of any molecules and other impurities by passing them either through 
thin sheets of gold or through gas streams. The carbon ions pass through these while 
any molecules are“deactivated”and stopped. Inthis way the method’s speed ofanalysis, sen- 
sitivity, and precision have been increased compared with counting. A measurement that 
once took more than a week can now be made in an hour. But above all, the method requires 
samples of one-tenth of the size and achieves levels of precision 100 times greater (see 
Figure 4.7). 


Exercise 


If the maximum that can be measured by AMS for the **C/*7C ratio in 1 mg of carbon is 1.2 - 
10°*’, what is the maximum age that can be measured with **C? 


Answer 
10 000 years. 


Exercise 


If the limit of detection by counting methods is 10 disintegrations per hour, what quantity of 
carbon is required to measure the same age? 


Answer 
2.213 kg! 
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4.2.3 Conditions for performing ““C dating 


Applying the formula '*C = '*C(0) e~*“" to find an age entails meeting a number of 
extremely stringent conditions. 

The system must have remained closed since the time that is to be dated. This means if we 
wish to date a parchment, it must have neither gained nor lost any 4C since the time the 
lamb or sheep whose hidewas used to make the parchment died. Weneed toknow “C(0) pre- 
cisely, that is the initial 'C content, that is the proportion of '*C/C inthe animal at the time 
of its death. There must remain enough “C for it to be measurable. 

Lastly, and this is not the least of the problems, the event whose age 1s to be determined 
must be defined. 

Canwebe certain about all four conditions in practice? 


The closed system 
The greatest danger from an open system is contamination of the sample, whether natural or 
artificial. Take the case of'a tree trunk we wish to date. Ifthe trunk has been lying in humus for 
some time it will be impregnated, contaminated, by the carbon in the humus. Now, this car- 
bonis“older” than the carbon of the tree that has just died and so distorts the measurement. 
Letus take the example ofa tree trunk whose specific activity, that is, the '“C radioactivity 
per gram of carbon, is r;. It lies for some time in humus whose radioactivity, in '“C per gram 
ofcarbon, is r.Whatis the level ofradioactivity of the mixture supposing that 10% of the car- 
bon comes from the humus? 


l4c 4c 
rp = | — r= | — 
C ee ° C humus 


a ae +" Chomus _ (S) Cire (E) Chumus 
Ctree =F Chumus C tree Ctree =r Chumus Cc 


McC 4c 
‘total = | —— 4 = 1—w). 
— ( C yi ( Cc Droat up 


The value of w = Cpree/Ctotai Varies between 0 and 1. (This is the same mixing formula as in 
the section on isotopic dilution.) 

Assuming that ('4C/O)tree = 12.5 dpm g™! and that ("4C/C)numus=4 dpm g |, then 
reotal = 12.5 x 0.9+4 x 0.1=11.65dpmg |, w=0.9. 

This corresponds to an error of 7% by default. The age measured is older than the real 
age. Conversely, ifwe suppose the tree trunk found in the sediment had been in soil which was 
still involved in atmospheric exchanges, then the contamination, that is, the mixture between 
'4C in the dead tree and the ground would continually make the wood “younger.” 





total = 
humus tree =F Chumus 


Determining the initial *C content 

Libby had assumed thatthe value of 13.5dpmg™ 'ofcarbon was the current value and validas 
the initial value throughout time. However, several complications have arisen since then. 
Not all plants absorb carbon isotopes in an identical manner. If PCC n= ro, the 
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Figure 4.8 Carbon isotope fractionation relative to the atmosphere depending on the nature of the 
substrate. 


value absorbed by living organisms is eee: C)organism = R ro, where R is a partition coeffi- 
cient. This coefficient has been determined and to check it we measure the °C/'?C ratio of 
the object to be dated (Figure 4.8) (this is more fully explained in Chapter 7). 

Ontheleftis the 6'°C scale, such that: 


(°5) ange” (8) 
ZC | ZG 
_ Cc sample C? standard 


(Ge 


- 10°. 
ze) standard 


s-C 





The standard is a carbonate. In practice, this fractionation is converted into an age differ- 
enceby takinga reference standard. 

Weassume that fractionation is directly proportional tothe differencein mass. Therefore, 
if R3/2 is the partition coefficient between some plant and the atmosphere, for the °C/'7C 
ratio defined by: 


(m8) 
oe 
Cc plant 
(r=) 
ae 
c atmosphere 


the partition coefficient for the (4C/!"C) ratio 


Tz 
Cc plant 
14 


ae. 


= R372 


= Ryo 


o) 





atmosphere 


is such that Rar =2< R3/>. 

Itis possible, then, to correct for natural fractionation of 4Cand express this correction 
inage, whichis done on the right of Figure 4.8. 

It was realized that the *C content of the atmosphere had varied over the course of time. 
This effect was shown by measuring the '4C of tree rings. Tree rings are evidence of annual 
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Figure 4.9 Changes in excess *4C injected into the atmosphere by U.S. atom-bomb testing in the 
Pacific. Each symbol corresponds to a latitude. The various, ever weaker, injection dates can be seen: 
1963, 1964, 1965, 1966. It took several decades to return to equilibrium. After Libby (1970). 


growth, with each ring representing one year. By counting the rings, we can work back 
through time, year by year. This is known as dendrochronology. It was noticed that the ages 
of rings measured by *C and the ages obtained by counting the same rings failed to match. 

Systematic investigation has shown that multiple phenomena are involved in this. The 
burning of coal and oil, that is, materials whose 4C is “dead,” has diluted the “natural” *C 
content of the atmosphere. The present-day content is too low compared with what it would 
be without this effect. Likewise, for recent periods, nuclear testing by explosions in the 
atmosphere has injected a large quantity of '*C, which has largely disrupted the natural 
cycle (Figure 4.9) and, ofcourse, increased the '*C content of the atmosphere. 

The flux of cosmic particles and therefore the production of '4C varies over the course of 
time. This is related to solar activity, to fluctuations in the Earth’s magnetic field, etc. We 
therefore need a calibration curve describing variation of the 'C/C ratio over time. At first 
sight, this looks something like a chicken-and-egg situation because we wish to determine 
an age from the '4C/C measurement but at the same time we wish to calculate the '*C/C 
ratio by using age measurement. The curve of '*C/C variation in the atmosphere was con- 
structed by dating samples using a different method. For recent periods, tree rings were 
used as the benchmark, and for earlier periods dates were ascertained by radioactive dise- 
quilibrium methods. 

To calibrate the 4C/C ratio, we first seek to calculate Cc C)initial = CC! C)easured e 
where f¢ is the independently determined age. In this way a correction can be applied to the 
age measured by the conventional method (Figure 4.10). It is then possible to draw a curve 
connecting *C dates to historical calendar ages. To do this, 1950 was taken as the reference 
date for '4C. Suppose we calculate a '4C date of 3000 years before 1950 (if we made the mea- 
surement inthe year 2000 we would remove 50 years!).To obtain the BC date, we must there- 
fore subtract 1950: 3000-1950 = 1050 BC (Figure 4.11). 
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Figure 4.10 Calibration curves for *“C. (a) For the older period, we use methods based on radioactive 
disequilibrium as did Edouard Bard (Bard et al., 1990); (b) for the recent period we can use tree rings 
(Stuiver, 1965). 
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Figure 4.11 Correspondence between calendar ages and ““C ages. The ““C age is the time between the 
death of the organism and 1950. The calendar date begins at the birth of Jesus Christ. To this difference, 
we must add the fluctuations caused by calibrations because of historical variations of (**C/C)initial- 


Exercise 


We use the curve of ““C/C variation with time (Figure 4.11). Suppose we find an age of 200 
years for a piece of fabric using the standard ““C formula. What date does this correspond to? 


Answer 

As can be seen, this “age” corresponds to two possible dates: 1630 or 1800. How can we 
decide between the two? The answer is obtained by using other independent information 
such as the nature of the fabric. This illustrates the limits of precision of *4C. 
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Synthetic formula for age calculation 

When making calculations, we can convert everything to the addition of magnitudes which 
themselves have age dimensions. When applying the uncorrected conventional formula we 
obtain: 


1 Ag 
tapparent = qin A. 
m 


where A, is the initial conventional activity and A , is the activity as measured. The true age 
must be written: 


—_ 1, (Aozreat P24 
tirue 7 In A 
m 


where Ao, ea is the real, initial activity of the atmosphere and P>,4is the isotope fractionation 
factor.We can also introduce in the parenthesis the reference value A, for the initial activity. 
Dividing the top and bottom gives: 


1 AO real Ag 
tirue = ~ |1 ——. -P. . 
true F | of A. Am ns) 


Taking advantage of the additive property oflogarithms, we have: 


_ 1 Ag 1 1 Ao real 
ttrue = zin( =) + 5 In( Poa) + sin A. i: 


From which, by transforming everything into time units: 











tirue = tapparent + Affractionation + Atatmospheric correction 


where: 





Aftractionation = sln( P24) and Atatmospheric correction — zin( “2e2) , 
Cc 
witha little extra calculation trick because (Ao,real / Ac) can be evaluated asa function oftime 
only. 
We therefore calculate t) = tapparent + Atfractionations then we can use ft; to calculate 
Atatmospheric correction USing the fluctuation curves of Figure 4.11, and we then obtain firue. 


Exercise 


We measure the activity of a camel bone found in the tomb of the vizier Hemaka as 6.68 dpm g *. 
What is the real date of the vizier’s death? (Use the existing calculations and graphs.) 


Answer 
In an exercise in Section 4.2.1 we dated the death of vizier Hemaka (4880 years ago) using an 
ordinary wooden beam. 


t, = t apparent ar At fractionation 
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Using Figure 4.8 and the previous result, we get t; = 4800 + 100 = 4980 years, or 3030 BC. 
By using the graph in Figure 4.10, we find for a date of 3000 BC a correction of —250 years: 


treal = 4980 — 250 = 4730 years. 


4.2.4 Other forms of cosmogenic radioactivity 


Carbon-14 is far more important than any other spallation product created in the atmo- 
sphere by interaction of cosmic rays, but some others exist as well. These can be divided 
into three groups (see Figure 4.3): 


e The rare gases, which are free gases. These are incorporated into solid material by 
trapping part of the atmosphere. These are *’Ar (7/2 = 269 years) and ®'Kr (Ty. =2.1 - 
10° years); 

e Gaseous products, which, similarly to 4C are incorporated into reactive atmospheric 
molecules. Forexample 3H (tritium; 7) /2 = 12.43 years) or ee (71/2 = 3.08 - 10° years); 

e Products which are not gaseous but adhere immediately after their formation to dust par- 
ticles and follow the history of the dust rather than the gaseous atmosphere. Examples 
are!°Be (712 = 1.51 - 10° years) or °Al (71/2 = 7.16 - 10° years). 


Beryllium-10 

Beryllium-10 ('°Be) is produced by spallation ofnitrogen and oxygen inthe atmosphere. As 
soon as it forms, it is adsorbed onto particles in the atmosphere and incorporated in rain. 
Accordingly, it is more or less well mixed. Its lifetime in the atmosphere is short and as its 
production varies with latitude (as with '4O), its distribution may be extremely heteroge- 
neous and even erratic (Figure 4.12). 

A further complication arises because °Be, common beryllium (which has just this one 
isotope), has a completely different geochemical history to "Be. It is incorporated in rocks 
and soin dust derived from erosion and scattered by the wind. The ’Be/*Beratiois therefore 
just as erratic as the absolute '’Be content. We cannot use Be like “C, assuminga uniform 
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Figure 4.12 Variations in the flux of *°Be with latitude display substantial dispersion. 
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value for the entire Earth at any given time. One method is to assume that, at a given place, 
fluctuations in the '°Be/*Be ratio are low and at any rate much lower than those arising 
from the radioactive decay of “Be. Itis then possible to use '°Be as achronometer. 


Exercise 


We wish to measure the rate of accretion of manganese nodules found in the ocean. How can 
we set about this, knowing that the variation in the 10Be/?Be ratio with depth is 
10Be/?Be = (1°Be/*Be), e 7? 
Answer 
____X (thickness) 
a (accretion rate)’ 
from which: 


10Be 10Be 
(see) = (see), 
Switching to logarithms gives: 
re =°Be\ fe 10Be Ax 
°Be Beal @- 
The logarithm of the ratio *°Be/*Be plotted as a function of thickness is a straight line of slope 
(1/a), which gives the rate of accretion, a. 





ale 





O’Nions et al. (1998) measured the '°Be/*Be ratios in manganese crusts of the North 
Atlantic. Figure 4.13 shows the results they obtained. This method yielded an accretion rate 
of 2.37 +0.15mm Ma |. 








a=2.37+0.15mm/Ma" 
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Figure 4.13 Variation in the *°Be/®Be ratios in a manganese concretion from the Atlantic Ocean. 
Magnitude a indicates the rate of accretion of the nodule. After O’Nions et al. (1998). 
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Figure 4.14 The behavior of “*C in the ocean. The ocean is divided into two reservoirs: the upper layer, 
which is well mixed, and the deep ocean. Ris the 4C/C ratio. B, flow of solid carbonate particles; W, wi, 
descending and ascending flows of water. 


4.2.5 Dating oceanic cycles with *C 


This is a rather unusual method of dating, but one that is very important in oceanography. 
The residence time 7 of a chemical element in a reservoir is the average time the element 
spends in the reservoir (Figure 4.14) (see further discussion in Chapter 4). If Wis the flux 
and Vthe reservoir volume, we posit that 7 =(V/ W). 

Broecker and colleagues at the Lamont Observatory of Columbia University at 
NewYork came up with the idea of using C to determine the residence time of water in the 
deep ocean (Broecker et al., 1960; Broecker and Li, 1970). The ocean is divided into two 
layers: a surface layer that is well mixed by currents and which is constantly exchanging its 
CO, (and soits 4C) with theatmosphere, and a deep layer which exchanges water and matter 
with the surface layer. Let B denote the flow of solid carbonate particles (moles yr~') falling 
from the surface and dissolving in the deep ocean; Wand Ware the flows of descending 
and ascending water which summarize the exchange between the upper layer and the 
deep ocean (m? yr~'): W= W’; C, and Cy are the concentrations of carbon dissolved in 
the surface and deep layers (moles m~3); R is the '4C/C ratio standardized relative to 
the atmosphere, R, and Rg being the ratios for the surface water and deep water. The total 
carbon conservation equation is written: 


(WC, + B) = WC4. 
The equation for “Cis: 
(WC, + B)R; = WCaRa + VaCg Rad. 


The residence time in the deep water is: 





_VaCa_ Va 


1d WC, W’ 
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which, given the foregoing equations, is written: 


_ (RB _,)\! 
Ta = Ra x 


Now, A = 1.209 -10-*yr~ |, therefore rg = 1550 years. 


4.3 Exposure ages 


4.3.1 Meteorites 


Meteorites are fragments of planetary bodies resulting from collisions and whose primary 
age is close to that of the Solar System (4.55 Ga, as an indication). They are pieces of rock 
“floating” in interplanetary space. Most come from the asteroid belt, between Mars and 
Jupiter, which is formed of rock debris, pieces ofwhich may measureakilometeror so across 
(Ceres). Some were ripped from Mars or the Moon. These rocks drift loose in space and are 
continually subjected to cosmic radiation whose average energy is | GeV. Just as happens in 
the atmosphere, when cosmic“primary” protons penetrate these rocks they give rise to sec- 
ondary neutrons, which produce most of the nuclear reactions.° These particles produce 
nuclear reactions at depths ranging from a few tens of centimeters up to a meter at most. 
Thesurface layers ofrocks exposed to cosmic rays are therefore the site ofnuclear reactions, 
usually spallation reactions. They give rise to isotopes of lower mass than the target, which 
are known as cosmogenic isotopes (see Paneth et al., 1952; Honda and Arnold, 1964). The 
nuclei engendered by such reactions include radioactive and stable isotopes. Both types are 
very numerous. 


Stable isotopes 
The number of cosmogenic stable isotopes NV, produced per unit time is written: 


dN, (1) 
di 





= ols Neos; 


where ¢is the particle flux, I’, is the effective cross-section of the reaction, that is, the prob- 
ability of a nuclear reaction occurring, and N,_,, the number of target atoms producing the 
stable daughter isotope, s, by nuclear reaction. If the flux is constant in terms of intensity 
and spectral energy, then: 


N,(t) = O05 Nos t. 
The number of daughter isotopes is directly proportional to the irradiation time. 


Itseems straightforward enough to calculate the age of irradiation, provided weknow @T,, 
and N,_,;. Itis comparatively easy to measure the parameter N._,,: itis the concentration of 


> As explained, protons carry a positive charge and do not penetrate readily into matter because they are 
repelled electronically. Neutrons carry no charge and so penetrate much more readily. 
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the target product which, by nuclear reaction, yields the cosmogenic isotope. Sometimes it is 
single. This is so in iron meteorites composed of a metallic alloy of iron and nickel. 
Sometimes there are more than one, as in ordinary meteorites where krypton isotopes are 
produced by spallation on rubidium, strontium, yttrium, and zirconium. 

The primary flux ofcosmicrays ¢is composed of protons (and some He’ ions) (and ofall the 
isotopes in the Universe in the ionized state butin very small abundances). Ithas both intensity 
(number of particles per unit of surface area and per unit time) and an energy spectrum, 
because in fact there are Nj, No, . . .. N3 particles, corresponding to energy levels 1, 2,...,”. As 
said, this primary flux of protons produces barely anything other than reactions at the meteo- 
rite’s surface, since as soon as it penetrates bya few centimeters it generates a secondary flux of 
neutrons, which penetrate more deeply. These neutrons also have an energy spectrum which 
changes as they penetrate, diminishing, of course. The flux and energy spectrum of cosmic 
radiation may vary with time (we know neither how, nor the magnitude of such fluctuations). 
What we measure is the result of flux aggregated over several million or even billion years. 

A further, although generally minor, complication is that in addition to cosmic 
radiation there is also a flux of particles from the Sun. Generally, this flux is weak and 
of low energy, but from time to time it may become intense and of high energy. These 
bursts in flux are known as solar flares. They too may engender spallation reactions. 

The effective cross-sections for production of new isotopes by nuclear reactions are also 
dependent on energy and therefore on penetration inside the meteorite. Figure 4.15 shows 
the production of various isotopes versus depth. 

As, in addition, some isotopes result from spallation on several target nuclei whose effects 
are cumulative, we can imagine the sheer complexity ofthe phenomenon ifwe wish to deter- 
mine all the contributions. That would involve estimating a mean flux and its energy spec- 
trum and localizing the sample to be measured inside the meteorite. For these reasons, a 
simpler way of making the calculation has been sought. 
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Figure 4.15 Production of °Cl, °°Ni, and ©°Co by (n, 7) reactions in a supposedly spherical chondritic 
meteorite. Distance is measured from the meteorite’s surface towards its center. Cl=100 ppm, 
Ni= 1.34%, Co= 700 ppm. Tr ?°Cl=45 barns, I’ °®Ni=4.4 barns, P °°Co = 37 barns. Initial flux Sp =0.5 
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Radioactive isotopes 
In this case, the equation in the preceding subsection must be supplemented by the decay 
term /, N,, where N, is the number ofradioactive atoms: 


dN, 
= TD, Noor — Ar Ny. 
dt 6 





Let us posit ¢ I’. N._.,= T. It is considered to be constant to simplify things, or else it is 
assumed we know its mean value. The equation becomes: 


dN, 
dt 





= T-A,N;. 


Integrating gives: 


T—Ce%*" 
N, = —————-. 
r a 
where Cis the integration constant. Ifatt = 0, N, =0, C = T: From this: 


ie eo QD; Noor a 
Nema (he i acy cra (1-e“"). 


Now suppose we have two isotopes, one stable and one radioactive, produced by spallation 
under similar conditions ofenergy and flux.We can establish the ratio: 





N;(t) _ Ts Neos ( t ) 
NG). TN Lee" 


Ifwe wait long enough for production and destruction of the radioactive product to achieve 
asteady state, thene **— 0.This gives: 


Ns(t) _T's Neos ; 
Ni) Tene 








Notice that we have eliminated the flux factor. If, in addition, the two isotopes are products 
ofthe same element, then No.s/Ncesr = | andthe equation becomes: 


N,(t) _ Ts 
N(t) Ty 





thy, 


hence: 


INTs 

"ANTS. 
In this way, we determine the time elapsed since the meteorite was subjected to cosmic 
radiation without knowing anything more about the cosmic radiation but having just the 


ratio of the effective cross-sections. The exposure age is the time since the meteorite was bro- 
ken into pieces, leading to its exposure to cosmic rays (Figure 4.16). 
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Figure 4.16 Pairwise chronometry (stable isotope, radioactive isotope) for cosmogenic isotopes. (a) The 
general theoretical case; (b) the example of *°Ar/?°Ar, which is used extensively in glaciology (see 
Oeschger, 1982). 


One of the conditions for successfully applying this method is that the isotopes used 
should have effective cross-sections that are sensitive to the same ranges of energy and flux 
to justify the simplification of mathematically eliminating flux. Accordingly, we are inter- 
ested in isotopes either of the same element or of adjacent elements in the periodic table. 
The pairs most used are *He—He*, “Ne—""Na*, Ar" Art, Kr Kr*, and "K-""K* 
(* indicates that the isotope is radioactive). 

The only point that remains undetermined if we are to be able to calculate the age 
is the ratio of effective cross-sections and their level of constancy depending on 
particle flux and energy. The determination of effective cross-sections has, of course, 
benefited from the extraordinary research activity in nuclear energy and we have a 
good catalog of effective cross-sections from which it has been possible to derive precise laws. 


Exercise 


The ®*Kr—**Kr method is used to calculate exposure ages (Marti, 1982). The decay constant of 
82Kr is A= 0.32 - 10° yr *. What is the minimum age we can calculate using the steady state 
formula? 


Answer 
For this, e *‘ must be negligible compared with 1. If we accept that e~ 
0.01, then t=1.4 million years. 


4t must be less than 


Exercise 


Can we not use this method for ages of less than 1.4 Ma? 


Answer 
The evolution equation is 


N, _TsNe (1—e-7 
Ne STING 





FED) Cosmogenic isotopes 





We need to just calculate the curve (1 — e **)/t and use the value of the ratio N,/N.. We 
know that Nc_., is identical to Nc_., for krypton. Calculate the curve for the **Kr/**kr ratio, 
given that T/T, + 1.6612. 


Exercise 


The ®?Kr—-®**Kr method can be used for calculating exposure ages in stony meteorites by the 
formula: 


T= 111 (a) 

AT e3 \®Kr cosmogenic 
where 1/A = 0.307 Ma. To be rid of any complications and given that many Kr isotopes are 
produced by spallation, the ratio of effective cross-sections is calculated from the formula: 


Tgi _ OO OG Ce 
T33 2 83Kr 83 Kr)” 





Calculate the exposure age of the Juvinas meteorite if the isotopic measurement of Kr in it 
is by convention: 











84K 78Kr 80K 81Ky 82K, 83K, 86K 
1 0.157 0.460 0.0166 0.767 0.968 0.182 
Answer 


T=10.7-10° years. 


Exercise 


We use the **K—*°K method to date iron meteorites (Voshage and Hintenberger, 1960). The 
only target is therefore iron and we take it that A49= 0.5543 - 10 ° yr *. As the effective cross- 
sections are [49=9.4 millibarns and [4;=14.7 millibarns, what is the cosmogenic isotopic 
composition of **K/*°K for two meteorites whose exposure ages are 100 Ma and 1Ga? 


Answer 
For 100) Mai (*-K/"K)coamogenie= 1.60; for 1 Gai(*-K/™"K)-oemoganie = 2.028: 


What are the main conclusions to be drawn from these measurements of exposure ages? 

Exposureages are generally much younger than the ages of meteorite formation (or meta- 
morphism). They range from a few million years to a fewhundred millionyears. (Ages of for- 
mation are closer to 4.5 billion years, as we have seen.) This shows that for most of their 
lifetime meteorites are inside their parent body, where they are shielded from cosmic rays, 
and that the fracturing of meteorites has occurred relatively late (but long before they fall to 
Earth!). 
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Figure 4.17 Exposure ages of various types of meteorites. 


The distribution of meteorite exposure ages seems to display peaks at 5.7 and 20 million 
years for ordinarystony meteorites and at 700 million years for iron meteorites (Figure 4.17). 

The differences in exposure ages for iron and chondritic meteorites is problematic. Why 
should iron meteorites have so much older exposure ages? It was first thought that they 
came from a different part of the Solar System. It is now thought that the exposure ages of 
iron meteorites are older because iron withstands impacts better than the silicate assem- 
blages that make up chondritic meteorites, which have been subjected to impacts resulting 
in more recent fragmentation. In any event, the results show that meteorites have long life- 
times in interplanetary space. 


4.3.2 Terrestrial rocks 


The principle for terrestrial rocks (see review by Oeschger, 1982) is the same as for meteor- 
ites. Galactic cosmic radiation causes nuclear reactions in rocks. The nuclei produced can 
be measured, andifweknow the flux we can calculate the duration of irradiation. The differ- 
ence with meteorites is that the intensity of cosmic radiation at the Earth’s surface is far 
lower because it has been attenuated by the absorption of protons and neutrons in the atmo- 
sphere. It was not until measurement sensitivity had been improved that these methods 
could be applied to terrestrial rocks. A second difficulty is that until now methods using 
isotope ratios employed for meteorites, such as “°K /*'K and **Kr/*'Kr, have not been 
applicable for terrestrial rocks. For the first method, no equivalent has been found for iron 
meteorites, which do not contain large quantities of initial K, which dilutes the effects 
produced by irradiation. For the second method, sensitivity is still insufficient, but that 
may change. Unlike the case of meteorites, where the particle flux ¢ is eliminated, here it 
must be calibrated carefully. Now, the flux diminishes, ofcourse, as it penetrates into a rock. 
Hence there is a further difficulty, which has been solved empirically, that of calibrating the 
flux ¢, or calibrating absorption. 
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Exploitable chronometers 

In practice, we use the four radioactive isotopes 4C* l0Re* 2°41 and *°Cland the two rare 
gases *He and 7'Ne, which are stable isotopes. For radioactive elements, we use the formula 
established for meteorite exposure ages: 


= Me (l1-e“**). 


Buthere, equilibrium is not achieved. By noting7 the production rate 6T' N._,,, we obtain: 


_ +44, _ ,-At 
N>>U e ‘ 


For example, for beryllium, 


Be = a (1 —e“*'), 
ABe 
The difficulty lies in determining the flux and assuming it to be constant over time and then 
estimating the abundance of target nuclei. 
For *He and 7!Ne, exposure ages are also calculated by the method described for stable 
isotopes in meteorites. This gives: 


Ns = OT Neos t. 


The production rateis written as P = éT Ne_.s. The gases *He and 7'Ne accumulate linearly 
with time, therefore *He = Pror7'Ne = Pt. Heretooweneed toknow the flux (and toassume 
that itis constant) and the absorption laws. 

For the target, *He production does not depend much on its composition whereas *'Ne is 
produced by spallation of Mg and depends greatly on the chemical composition of the tar- 
get. To make it uniform, olivine, whose Mg content is more or less constant, is separated 
and measurements are made on this mineral. 


Calibration of production rates, erosion rates, etc. 
The particle flux varies with both altitude and latitude,° as we said when discussing '4C. 
The flux has therefore to be calibrated in each place where the measurement is made. 
There are two ways to do this. First, general laws have been established giving the value of 
flux by altitude and latitude. To get some idea of this, let us say that at an altitude of 
5000 m, the flux is 20 times greater than at sea level. At the poles, at a constant altitude, it 
is 60 times greater than at the equator. This 1s why flux is calibrated locally, where possible, 
by measuring !°Be, 7°A1, *He, or 7'Ne contents on samples whose age has been determined 
by other methods. 

Let us look at two important examples that will help in understanding the thinking 
behind the method but which will show its “fruitful complications” and so suggest its future 
developments. 


© The first measurements were made in the Antarctic where the flux is greatest and, in addition, the erosion 
rate is low. 
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Table 4.1 Usable cosmogenic nuclides 











Production rate 
(atoms/yr) Sea 
Measurement level 
Isotope Half-life(yr) method Difficulties latitude >55°N Time-span 
He Stable Massspectrometer Diffuses easily 160 (olivine) lka—3Ma 
Be 1.5 -10° AMS Atmospheric 6 (quartz) 3ka—8 Ma 
contamination 
a0 Ail 7.16 - 10° AMS Atmospheric 37 (quartz) 5ka—2Ma 
contamination 
36C] ~—- 3.08 - 10° AMS Atmospheric 8 (basalt) 5ka—1Ma 
contamination 
7INe Stable Massspectrometer Commonneon 45 (olivine) 7ka—10Ma 
MG 5730 years AMS Contamination 20 (basalt) lka—40ka 
Ca 103 - 10° AMS Very difficult to ~300ka 
measure 





Erosion rate measurements 

Our job is to measure the exposure age of a basalt flow from the Piton de la Fournaise 
volcano on the island of Réunion (Staudacher and Allégre, 1993). This lava flow is at an 
altitude of 2300 m and there is no indication that its altitude has varied over the course 
of time. 

We decide to use the cosmogenic age method based on *He applied to olivine. We 
therefore separate the olivine from a rock sampled from the surface and measure the 
He content of the sample. To obtain the 3He of cosmogenic origin, we must, of course, 
correct for *He of internal origin. To do this, we measure the *He/*He ratio of internal 
origin on olivine sampled at a great distance from the surface. We can calculate the 
cosmogenic He content by measuring the C He/*He) total ratio and the total concentra- 
tion in *He. 


Exercise 


Given (?He)tota (7He/*He)internal and (7He/*He):ota, establish the formula for calculating 
cosmogenic *He. 





Answer 
(aie E(ue 
3 a8 He} total \"H®/ internal 
( He) -osmo= ( He) total (iH) ocuag| 
4He/ internal 


When all the calculations have been made, wefind 1.3 - 10” '*cm? g”' at standard tempera- 
ture and pressure of *He of cosmogenic origin. The production rate Po of *He in the olivine 
has been calculated for thelatitude and altitude of the sample as 2.2 -10~-"’ cm? g~'per year 
at standard temperature and pressure. 
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Itis easy then to calculate the exposure age: 
Tcosmo = *He/Py = 59090 years. 


In addition, the “geological” age of the basalt flow has been calculated by the K—Ar 
method as 65 200 + 2000 years. The surface rock has been irradiated for 65 200 years and 
yet its exposure age is just 6000 years at the youngest. Howcome? 

After examining the various sources of error, we accept that the age difference is due 
to erosion. The rock sampled at the surface today was in fact located at depth for much of 
its history. Itonlycameto the surface through ablation of the material above it, byerosion. 

Now, we know that the particle flux decreases exponentially with the thickness of rock it 
has penetrated.We need, then, tomodel the phenomenon. 

We can write the rate of production of *He in the form: 


P= Po exo) 


where X(t) is the thickness counting from the surface and Lis the attenuation factor ofradia- 
tion with depth. 
To simplify matters, we can assume that the rate oferosion is constant.We can write: 





X=Xj- Et 


where €is the erosion rate and Xo the initial depth ofthe sample. 
We can therefore write: 
d(*He) —(Xp- €1] 
dt L j 





= Poexp 


We integrate this equation between 0 and ¢ and then replace XQ by its value Xp) = X¥ + €t 
(remembering that X is counted downwards). This gives: 


Pol —X —eét 
3He = - exo(*) [1 exp( ZL iF 


Then X is the current depth coordinate. 

Our objective is to determine the erosion rate, €. 

We know t (65 200 years) and Py (2.2 - 107’ cm? g-'yr~' at standard temperature and 
pressure), butthere are still two unknowns: € and L. 

To measure L, we borea small core and so take samples at various depths. We isolate the 
olivine and measure the cosmogenic *He on each sample of it. We can now draw the plot: 


In| PH) osm} = SX): 





Ifour assumptions about the flux and erosion rate are valid, the relation is a straight line of 
the form: 
—X 


In[ (3He) .o5mo | EL 


where A isaconstant.The slope is -1/ZL). 
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Exercise 


A core was taken from the lava of the island of Réunion discussed before. Olivine was 
extracted at each level and the #He content measured. After correcting for He of internal 
origin, the following results were found as a function of depth X (Table 4.2). 


Table 4.2 Relation of *He content to depth in olivine 
from lava on Réunion 








X(gcem'’) 3He (107° cm? om) 
10.45 13 
37.86 9.12 

131.95 6.9 

217.42 3.58 

318.41 1.74 





Calculate the attenuation factor L. 

Notice that depth X in this table is expressed in grams per square centimeter, which is an 
unusual unit of length! The reason for this is that attenuation is, of course, dependent on the 
quantity of matter penetrated and so depends on the density of that matter (attenuation per 
unit length penetrated is not the same in rock, soil, or a layer of atmosphere). If attenuation 
were expressed per mil length, we would have to multiply it by density, and so the effective 
value would be: 


length (cm) mass (g) 
volume (cm?) 





which is equivalent to mass per square centimeter. Naturally enough, L too will be expressed 


ingcm 7”. 


Answer 
After calculating In(?He) as a function of X (do it) we find for the slope: 


L= i165 @ aim? +E 5. 


How can we now calculate the erosion rate €? 
Let us go back to the expression as a function of X but now start from where X = 0, that is, at 
the present-day surface. The expression becomes: 


aps ue F exp(= = *)). 
€ L 


We can develop the exponential in series limiting ourselves to the first three terms. 
Remembering that 3He = Teosmo — Po, We can finally write: 


+0): (2=} 


If we note the relative difference between the geological age and cosmogenic age as AT7/T: 


NIP fll 
e=25- (7). 
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In the present case we find € =4.7g cm 7 yr *. 


If we accept a density of 2 g cm’ * because the lava sampled is “bubbly” and contains many 
cavities, then € = 2.1 jum yr *=2.1 mm per 1000 yr. 


Exercise 


Cosmogenic 7*Ne contents were measured on the same samples of olivine from the island 
of Réunion (Table 4.3). Given that the production rate of **Ne is 6.28 - 10 *® cm ? g * at 
the latitude and altitude in question, calculate the attenuation factor L and the erosion rate €. 

How do you account for the result for L compared with that found for *He? Which seems to 
you to be the more accurate rate of erosion, that determined with 3He or that with 2*Ne? To 


what do you attribute the difference? 


Table 4.3 Relation of **Ne content to depth in olivine 
from lava on Réunion 











X(gcm~2) 7INe(10- cm~3g~') 
10.45 3.29 
37.86 72 
131.95 1.59 
217.42 0.96 
318.41 OS2 
Answer 
L =160 gem. 


It is identical to that for 7He because the particle flux at the origin of *He and **Ne is the 
same for both. The cosmogenic age of the surface sample is Teosmo = 52 388 years. 


€= 9.6g cm “yr * = 4.8 mm per 1000yr. 


The **Ne age is greater than the *He age probably because helium diffuses more readily 
than neon and the sample has probably lost a lot of helium. This invites caution when 


interpreting helium ages (Figure 4.18). 








In(2*Ne,, 3He;) 
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Figure 4.18 Attenuation curves for the creation of *He and 7*Ne in rocks of Réunion given by way of 
example. 
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Measuring therate of uplift 
As said, the particle flux at 500 meters altitude is 20 times higher than the flux at sea level. 
Suppose, then, we have a lava that has flowed at sea level. Subsequently the terrain it overlies 
has been lifted to an altitude of 500m. 

Ofcourse, the lava would be irradiated much more over the course of uplift. This type of 
modelcan be calculated in the same way as before: 


d?He X(t) 
ae exo( 1) 


where X() is the altitude for which zerois taken at 100 mand Lis the attenuation factor inthe 
atmosphere. Ifwe call the rate ofuplift U, we get: 


U=2 Teosmo — t L 
t - 


Ascan be seen, Tosmo = the age ofexposure and is greater than the“geological” age. 
Naturally, erosion has not been allowed for in this example. If we add the erosion rate, we 
will need other constraints and other chronometers to solve the problem because we will 
then have two unknowns, € and U. 
Here, we are at the frontier of current research. 








Interest and limits of these methods 
The methods are of interest fora number of reasons: 


@ erosion ratescan be determined (provided they are nottoo high because sensitivity is lost, 
ofcourse); 

e wecan date the time a surface comes to be exposed to the air, for example a fault plane or 
the wall ofa collapsed caldera; 

e the rate ofuplift ofmountains canbe measured. 


There are many limitations, the main one for terrestrial rocks being that flux is 
weak (except at high altitudes near the poles). Very sensitive methods are therefore 
required. 

Ofcourse, the “boxes” must have remained closed as for dating with natural radioactivity. 
For reliable results, measurements must be made by various methods such as “Ne or '°Be 
or by combinations of methods (*°AI/'°Be) as proposed by Lal (Lal et al., 1958; Lal and 
Peters, 1967). The various methods are dependent on the chemical composition of rocks or 
minerals, first because the target must not contain too many non-cosmogenic natural iso- 
topes, and second because reaction yields depend on the chemical composition of the 
target. 

The production of *INe, for instance, can be written: 


21 __Lf 1 Mg +0.36Al+ 0.19 Si 
ONO) cosmo = c{ +0.04Ca + 0.01 (Fe + Ni) 


inwhich Cis aconstant. 


FED Cosmogenic isotopes 





Lastly, of course, the fluxes must be calibrated in terms of altitude, latitude, and their 
variations over time and averaged out (see the review by Lal, 1988). 


4.4 Cosmic irradiation: from nucleosynthesis to stellar 
and galactic radiation 


We speak of cosmogenicisotopes as something special. But, in fact, all the isotopes in nat- 
ure are cosmogenic. They were born of nuclear reactions in the cosmos by what is called 
nucleosynthesis. We have mentioned this phenomenon several times. It answers the ques- 
tion of the alchemists of old: how were the chemical elements created? For our purposes, 
we need to complete this question: how were the various isotopes formed and in what 
proportions? In the manufacture of an atom, what is important, as we have said, is 
the nucleus, because it is in the nucleus that all the mass is concentrated, the electrons 
being captured subsequently to populate the surrounding orbitals. Here, then, is a first 
part of the answer: the chemical elements are the outcome of nuclear reactions. Nuclear 
reactions produce both isotopes and chemical elements. Such reactions are not merely 
the invention of nuclear physicists, they occur naturally throughout the Universe, where 
the same causes produce the same effects, governed by the laws of nuclear reactions. 
Upon examination, the table of chronometers based on cosmogenic isotopes looks very 
similar to the table of extinct radioactivity. Why should the two converge like this? To 
answer this, we need to broaden our field of view and raise the more general issue of 
nucleosynthesis. 

Nucleosynthesis and the theory explaining it are the foundation of modern astro- 
physics. It is also the starting point of what is called chemistry of the cosmos or cosmo- 
chemistry. This is hardly the place to develop this theory in full as it would take us to 
the heart of astronomy and very far from our present subject matter. None the less, it is 
worth expounding briefly a few important concepts,’ particularly as astronomy and the 
earth sciences have moved closer on these topics over the last 20 years (reread Chapter | 
on this). 

The chemical elements were made in the stars by nuclear reactions. The levels of 
energy involved (MeV or GeV) are so great that only the stars can be the sites of such 
synthesis on so great a scale. These are the only environments in the Universe where 
the “ambient energies” are intense enough and extensive enough for nuclear reactions to 
be generated creating new chemical species in such large masses. The alchemists of old 
were out by a factor of a million. They wanted to transform matter with burning coals, 
that is, with energies of the order of the electronvolt (eV) whereas it takes energies of the 
order of MeV at least to change nuclei and so atoms. With their athanors® they could 


7 It is worth reading the few well-documented, introductory books on this, particularly D. D. Clayton 
(1983), Principles of Stellar Evolution and Nucleosynthesis, Chicago University Press or C. Cowley 
(1995), Introduction to Cosmochemistry, Cambridge University Press. 

8 Athanors are receptacles used by alchemists to do their experiments. 
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alter the atoms’ outer electron shells, whereas making an atom involves altering the 
nucleus. 

The idea that the nucleosynthesis of chemical elements occurred mainly in stars, first 
hit upon by Atkinson and Houtermans (1929) and then by Gamow (1946), was confirmed 
only in 1952 by the astronomer Merrill, who observed the presence of technetium-98 
around a star. Now, all the isotopes of this element are radioactive, with a period of less 
than 1 million years. Ifthis element is found near an isolated star in the Universe, it must 
have been created recently by the star otherwise it would be “dead,” destroyed by radioac- 
tive decay. 

The theory of nucleosynthesis was developed synthetically in 1957 in a pioneering paper 
known as B2FH by Margaret Burbidge, Jeff Burbidge, Willy Fowler, and Fred Hoyle 
(Burbidge eral., 1957).’ The major stages are as follows. It all begins with the proton, that is, 
the hydrogen atom, synthesized at the time of the Big Bang. After that, it all happens by 
nuclear reactions in the stars, but not just any stars. Let us look at the successive stages in 
nuclear terms. 


4.4.1 The transition from the proton to helium 


This is no straightforward transition. It first involves the intermediate products D 
and *He. The entire process is written as a series of nuclear reactions in an 
avalanche: 


+H —7D+ Bt+y 
°D+'H-*He+7 


3He + *He > *He +2'H 


where vis aneutrino and 7 is gamma radiation. 
These nuclear reactions occur in ordinary stars like the Sun. It is the most widespread 
activity in stars. Itrequires temperatures of several million degrees.” 


4.4.2 The synthesis of a elements 


Helium-4 (a radiation) is an exceptionally stable building block in nuclear terms 
(two protons and two neutrons). The nuclear reactions involving this nucleus are 
written: 


4He + *He > *Be*. 


° Al Cameron of Harvard developed a similar theory at the same time but failed to publish any summary 
in a major scientific journal but just gave conferences and lectures on the subject. 

'© Tt is these reactions we cannot manage to “calm” to produce ‘“‘domestic” energy, we can only produce 
them artificially in hydrogen bombs. 
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Beryllium-8* is an unstable isotope which reacts quickly to give, in its turn, '*C by the 
equation: 


8Be* + *He = PC. 
Therefore, all told: 
3*He= 4C. 


This is what is called helium fusion, that is, the formation of '?C. This type of nuclear reac- 
tion continues. We have: 


"C4 4He "044 
OQ + 4He > 7°Ne + 7 


?0Ne + ‘He > *4Mg + 4. 


Alongside the addition of successive “blocks” of “He, fusion of carbon and oxygen nuclei 
occurs, these nuclei themselves being formed by the addition of three and four *He: 


PCE CS Massy 
oe Os OE cal) 


Ro is 78 ae 20Ne +4 4He 





Poy SC Mesa 


"c+"C—"0+24He 
or 


lO 4 16O_, Say 

9 + 6O— P+ p(‘H) 
lo +o "S49 

169 +4 lO _, 8Si + “He 


169 ae 160 = 4M g as 2*He. 


Triggering these nuclear reactions requires considerable energies to overcome the natural 
repulsion between positively charged nuclei. The first stages begin at 100 million degrees 
and end in stages at close tol billion degrees. 
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4.4.3 The iron peak 


This phase of fusion (addition) of ever-heavier nuclei has its limits because with successive 
synthesis we arrive at minimum energy per nucleon. And the element corresponding to 
this minimum is iron. In other words, when there is fusion of nuclei whose mass is greater 
than that ofiron, the resulting nuclei are less stable than the initial ones. This stability of iron 
underlies a statistical process of nuclear reactions. Fusion reactions occur in an anarchic 
fashion and are offset by destruction reactions, which may even go as far as releasing *He 
nuclei. We are dealing here with temperatures of 6 billion degrees. But all of these reactions 
have a natural limit: we cannot “exceed” the atomic number of nuclei close to iron, nickel, 
and cobalt, which are very stable too in nuclear terms. Accordingly, such nuclei accumulate 
and are very abundant. Hence we get what is known as the iron peak, corresponding to an 
exceptional abundance of iron and of the elements on either side of it (Figure 4.19). But how 
can we go “further” and make elements with atomic numbers greater than that of iron, hea- 
vier than iron? Howcan we cross this seemingly impassable stability barrier and make very 
heavy elements? After all, these elements do occur, be they strontium, rubidium, neody- 
mium, or uranium. This is possible through the relationship of neutron addition. 


44.4 Neutron addition 


Neutrons are electrically neutral particles. They react in nuclear terms by adding 
to the nucleus without doing too much “damage.” On the (Z, N) plot the addition of neutrons 
creates a new isotope with more neutrons and shifts the nucleus towards the right of the plot. 
When neutron addition accumulates, ever-heavier isotopes of the element are created. On 
the (Z, N) plot, the new nuclei move horizontally ever further to the right. There comes a 
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Figure 4.19 The curve of binding energies of nuclei by nucleon (B/A) versus mass number (A). 
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point, then, when the new nucleus lies outside the valley of nuclear stability. It is therefore 
unstable. To return to the valley of stability it disintegrates by G~ radioactivity. The neutron 
changes intoa proton. By the same token, Z increases. A new chemical element has therefore 
been made. New isotopes and new chemical elements can be made by neutron addition. This 
is a general outline. In actual fact, the neutron addition process has two variants depending 
on the relative number of neutrons and the equilibrium established between the addition of 
neutrons and radioactivity. 

Ifthe neutron flux is weak, the radioactivity of isotopes to the right of the valley ofstability 
is a barrier. Such isotopes disintegrate as soon as they form and we zigzag across the (Z, N) 
plot (Figure 4.20). 

If the neutron flux is very high, radioactivity has no time to disintegrate fully the radioac- 
tive nuclei which are “loaded” with extra neutrons and in turn give rise to other radioactive 
isotopes which move further to the right of the (Z, NV) plot (Figure 4.21). Of course, decay 
also occurs and a flux of new nuclei is formed, with larger Z numbers. New chemical ele- 
ments have been synthesized. 

The two figures (Figures 4.20 and 4.21) clearly show the two processes which are termed 
s-process (slow) and r-process (rapid), respectively. 

A few simple rules can be laid down to check whether an isotope of a heavy element 
has been synthesized by an s-process or an r-process or by both. A stable isotope to the 
right of a radioactive isotope (short period) cannot have been formed by an s-process 
since the radioactive isotope is a barrier to any further horizontal rightwards shift. 
Ifitoccursin nature, then it must have been formed by an r-process. However, any adjacent 
stable isotope may be the outcome of an s-process. Conversely, any stable isotope 
located on the same negative diagonal as an isotope ofanother element of lower mass can- 
not have been created by an r-process as it is “shielded,” protected by the other isotope 
(Figure 4.21). 

Avery simple and convenient equation which the s-process obeys is: 


Na-1__ OA 








Na Oa-1 


where N is the abundance, o the effective cross-section of neutron absorption, and A and 
A-—laretwo isotopes with decreasing mass numbers. 

The abundance ratios of the two isotopes are in inverse proportion to their effective cross- 
sections of neutron absorption. Letus show this simply. The kinetic equation of production 
of isotope A is written: 
aa) = (04-1 Na-1 — 74 Na) 

t 
where ¢, is the neutron flux, Na_;and Na are the numbers of atoms of atomic numbers A 
and A-1,ando,_,and oc, are the effective cross-sections. 

This is a classic destruction— production equation like the one written for '*C. If equili- 
brium is attained: 


d(Na) 
dt 





= 0. 
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Figure 4.20 The s-process on the proton—neutron plot. Top: theoretical pathway of neutron reactions. 
In blue, the first radioactive isotope. There is a change of elements up to the left by 7 decay. Bottom: 
example of s-process pathways on the proton—neutron plot allowing the creation of elements heavier 
than iron. After Broecker (1986). 


Therefore: 

oa-1 Na-1 = 0A Na. 

Ourassertion has been demonstrated. 
Nowconsider the transition by 3” decay: 

d(2N*) 


a pNoa-1 SNe 
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Figure 4.21 The r-process on the proton—neutron plot. The neutron flux is intense enough for 


considerable horizontal shift to the right before radioactivity becomes a barrier. But, of course, all 
radioactivity plays a part before the barrier effect kicks in. After Broecker (1986). 
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Production of the barrier radioactive isotope is noted with an asterisk (*), and 11s the decay 
constant. 


d(z9N) oa é 

=e ee — by OA zy iN". 

If equilibrium occurs, the radioactive term between the two equations is eliminated, 
giving: 


A-1 A 
OA-] ZN= ON zi N. 


This is the same relation as before. 

The abundance of isotopes of type s (i.e., formed by the s-process) heavy elements is 
therefore determined by the effective cross-sections of absorption of neutrons. These 
cross-sections can be measured in the laboratory (they are required for constructing atomic 
reactors). 


Exercise 


Strontium has three isotopes, of masses 88, 87, and 86. Their effective cross-sections of 
neutron absorption are 4.8, 60, and 48 millibarns, respectively. The “primitive” isotope ratios 
of strontium are: 2°Sr/*°Sr = 8.3754, °’Sr/*°Sr = 0.698, and ®8Sr/®’Sr = 11.99. 

Can strontium isotopes be synthesized by the s-process? 


Answer 
Let us first apply the rule Ny/N2 = 72/04. We find the ratios *°Sr/*°Sr = 10, ®’Sr/*°Sr = 0.8, and 
8861/85 = 12.5. 

Let us compare this with observations. In view of the uncertainties on effective cross- 
sections, the agreement is quite good. This is odd because ®°Sr derives from both the s- and 
the r-processes, which proves that the r-process is not important here. 


Exercise 


Table 4.4 gives the abundance N, the effective cross-section 7, and the product No for 
samarium isotopes. 


Table 4.4 Data for samarium isotopes 








Samarium isotope Na% Class“ o-(millibarn) No 

144 2.87 p ae S35) 342 

147 14.94 rs I 7B) ae 12 17600 + 2900 
148 11.24 S 258 +48 2930+ 540 
149 13.85 rs NG22E 279 22500 + 4000 
150 7.36 s 370 + 72 DO E535 
i52) 26.90 rorrs 411+71 11100 + 1900 








154 22.84 r 325 + 61 7430 + 1400 


* For details of the p-process, see next subsection. 


Calculate the proportion of the r-process involved in the formation of 147 and 149 isotopes. 
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Answer 
If we take the 148 isotope, which is a pure s-process isotope, the (s) isotopes give a aN value = 
2930. 

We can therefore write: 








17 600 — 2930 
percentage (r) of 147 ( 17600 ) x 100 = 83.35% 
22 500 — 2930 
t f 149 = 100 = 86.97%. 
percentage (r) o ( EGO ) x % 


4.4.5 The p-process 


Some isotopes are depleted in neutrons (and so have “surplus” protons). In the chart of the 
nuclides they lie to the left of the valley of stability, off the s-process pathway, and shielded 
from the r-process. They include for example 8467 °?Mo, ?*Xe, and 44S. They are called 
p-process nuclides (or p-isotopes) and are said to be formed by the p-process. The produc- 
tion process is fairly obscure but we do know that the abundance of p-isotopes plotted 
against (Z) forms a curve which roughly follows that of the s- and r-isotopes except that the 
abundance levels are much lower. To get some idea, the abundance ratios for silicon are: 
s-process = I, r-process = 0.5, and p-process = 0.02. 

Itcan be inferred, then, that the p-process is secondary and tracks the s- and r-processes, 
thus supplementing them. Nowadays it is thought that the p-process is mainly caused by 
(7, 7) reactions in supernovae. 


44.6 The light elements lithium, beryllium, and boron 


When the abundance of chemical elements is plotted against their atomic number 
(Figure 4.22), it can be seen that three light elements, lithium, beryllium, and boron, are 
underabundant compared with their atomic numbers. The He burning nucleosynthetic 
process seems to have leapfrogged them, with three *He nuclei eventually combining to 
give '*C. And yet these elements do exist! How did they come tobe? 

Their formation is attributed to two causes: 


e the Big Bang forlithium in part; 
e spallation reactions in interstellar space caused by galactic cosmic radiation and acting 
on interstellar material. 


This explains the abundance curve of the chemical elements and isotopes (Figure 4.22). 
But what structures produce these reactions? We now need to speak about the stars. 


44.7 The stellar adventure: the life and death of stars 


Letusnowlook at what nucleosynthesis is as the astrophysicist sees it. 
The Universe is populated by stars clustered into galaxies. These stars are of different 
sizes and brightnesses but they are all gigantic nuclear reactors. Nuclear reactions take place 
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Figure 4.22 Abundance charts of elements in the cosmos. The scale is logarithmic. Silicon (Si) is taken as 
the reference. After Broecker (1986). 


inside the stars which give offenergy. Electromagnetic radiation, and light radiation in parti- 
cular, is given off from the star’s surface. A balance is established between the two processes 
and it ishow long this balance is maintained that determines the star’s lifetime.When the equi- 
librium is disrupted, that is, when the fuel is exhausted, the star changes nature. 

The characteristic feature of nuclear reactions is that they need a certain amount of 
energy to “ignite.” Once triggered, most of them produce considerable quantities ofenergy 
intheir turn, because they convert matter into energy, in accordance with Einstein’s famous 
formula AE = Amc’. 

What is the source of energy triggering these nuclear reactions? Gravitational energy. A 
star is born when an interstellar cloud of gas and dust contract under the influence of gravity, 
that is the mutual attraction exerted by all components of matter. The contraction of the 
cloud generates energy by the impacts produced between “portions” of matter.When the tem- 
perature reaches about 10 million degrees, hydrogen fusion occurs and a star is born. This is 
what happened forour Sun some 4.57 Ga ago. The birth ofordinary stars is the most everyday, 
the most commonplace phenomenon in the Universe. Most stars are of this type. Like the 
Sun they can make only helium. The stars are classified by the Hertzsprung—Russell (H—R) 
diagram on which we plot brightness against color, that is, the star’s temperature 
(Figure 4.23).White is very hot and red is cooler. Most stars lie on the leading diagonal of the 
diagram, which is therefore called the main sequence. 
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Figure 4.23 Hertzsprung—Russell (H—R) diagram of stars. Note that the temperature scale on the x-axis 
increases from right to left. 


Remark 

The Sun was born from gravitational contraction of a cloud of gas and dust already containing all 
of the chemical elements we now find in the Solar System (in the planets and in the Sun itself). The 
origin of these elements therefore pre-dates that of the Sun itself. 


For stars with low masses (like that ofour Sun or lower), when the nuclear fuel is exhausted 
the star burns out, expands slightly and then contracts, it shrivels up to give birth to a tiny star 
known as awhite dwarf (bottom of Figure 4.23).Thisis what will become of the Sun in 5 Ga! 

For more massive “ordinary” stars, the stellar adventure will continue more gloriously. 
The core of the star, made of helium, will contract again and its temperature rise while at 
the same time the outer envelope of the star will expand (and so its temperature fall). In the 
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Figure 4.24 Stages in the evolution of a massive star. 


core, fusion reactions will be triggered producing considerable energy. Little bylittle the star 
will come to be made up ofa series of layers like an onion, with each layer corresponding to 
a temperature and therefore to a type of nuclear fusion reaction (Figure 4.24). These stars 
are already red giants (like Betelgeuse). Some have three or four layers, other six or seven. 

Atthe centerofthese red giantsreign temperatures of1 to 6 billion degrees, whilethe outer 
envelopes are at only 100 million degrees. Itis in these red giants, through the course of their 
evolution, that the heavy elements are manufactured and thatthe fusion reactions ofcarbon, 
oxygen, etc. occur and the statistical equilibrium of the iron peak is reached. 

Some of these giant stars will evolve further and reach an extremely rare stage where they 
explode ina fraction ofasecond.These are supernovae. In our galaxy thereis one supernova 
explosion per century. Such events generate the enormous neutron fluxes (themselves the 
outcome of nuclear reactions) required by the rprocess. The s-process seems to occur as 
red giants evolve towards the explosive zone, along what astronomers knowas the asympto- 
tic giant branch (AGBstar). 

The main lines of this theory of nucleosynthesis are well understood. It unites in 
a single coherent whole astronomic observations, the abundance of chemical elements and 
isotopes, and the parameters measured in nuclear physics in reactors or accelerators. 

For ourown purposes, in isotope geology, we can draw a few practical conclusions fromit. 
The Sun burns hydrogen only. The heavy elements in it therefore pre-date the Sun. They 
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were formed in red giants or ancient supernovae. This simple remark allows us to under- 
stand that the history of the Universe is a history of stellar cycles. Stars are born, synthesize 
elements, and die, and their material is scattered into interstellar space. There the various 
clouds mix and mingle the material synthesized previously. They wander around the cos- 
mos until the day new gravitational contraction occurs. This gives rise to a new star, which 
in turn makes matter and disperses it in the Universe and so on. One supernova per century 
is not a lot, but that still makes 10 thousand every million years, or 40 million since the 
Earth first formed (and in our galaxy alone). 

These pre-solar heavy elements were therefore made in red giants and supernovae dating 
from solar prehistory and then extensively mixed in interstellar space. 

For us earthlings, as parts of the Solar System, there are two major dates in this cosmic his- 
tory: the Big Bang and the formation of the Solar System. The Big Bang was the event with 
which our universe began. Astronomers now date it to 13 billion years ago. For them, it is the 
instant at which matter as we know it came into being in a phenomenal process of expansion 
and heating. In the course of this process hydrogen, helium, and a little lithium were formed. 
Then everything arranged itself into galaxies, stars, and planetary systems. It was in the 
course of this stellar history that all the other elements heavier than lithium were synthesized. 

The formation of the Solar System occurred 4.6—4.5 billion years ago. We shall go into this 
date more closely but at this point an order ofmagnitude 1s enough. The Solar System gathered 
up matter madein previous stellar processes including explosions ofsupernovae or red giants. 
All this matter was mixed and arranged itself into a central star with orbiting planetary 
bodies. But to account for the existence at the time the Solar System formed of what are now 
extinct forms of radioactivity we must accept that red giants and supernovae existed and 
exploded just before its formation and that they are the source of these forms of radioactivity. 

This scenario of late explosive nucleosynthesis (red giant and/or supernovae) to synthe- 
size heavy elements in the Solar System has recently been challenged (or supplemented) by 
asecond scenario, that of primitive irradiation. Inthis model itis accepted that as it formed 
the young Sun emitted extremely high-energy particles which in turn produced spallation 
reactions on the solar material and that these reactions in particular produced the extinct 
forms of radioactivity. This scenario is thought necessary to produce the !’Be discovered by 
ateam from Nancy (France) (McKeegan etal., 2000) and the *°Cl discovered more recently 
bya Chinese team (Lin etal., 2005). However, it does not seem to be able to make 3Min.The 
two processes probably occurred in succession, but in what proportions? This is a very hot 
subject at present. 

All these events have left traces in meteorites. These objects, which date from the time the 
Earth, planets, and Sun were formed, contain extraordinary information. Near their sur- 
faces are cosmogenic isotopes which inform us about cosmic radiation, but also about the 
time they have spent in the Universe as small pieces of rock. However, some of them contain 
grains of interstellar dust whose isotopic composition in certain elements informs us about 
the r- and s-processes of nucleosynthesis. These processes, as described, occurred well 
before the beginnings of our Solar System. This is true for most, save one category: extinct 
radioactivity, which we have already come across. Meteorites are an invaluable link between 
cosmic and terrestrial processes. For physics, there is a continuum between stellar nucleo- 
synthesis and nuclear reactions produced by particle fluxes from the Sun or from cosmic 
radiation. 


151 Problems 


This scenario is the one that has occurred tirelessly in the Universe over 10 or 14 billion 
years. But in the beginning, what was there? What matter? The beginning was the Big 
Bang, which synthesized the elementary particles, hydrogen, helium, and lithium and 
enacted an essential event... which lies outside the scope of this book, although it impreg- 
nates every partofit! 


Problems 


1 Carbon-14 is produced by nuclear reactions on ““N, but it also decays to **N. We propose to use 
this decay scheme for dating purposes as is done with ®’Rb-®’Sr or *°K—*°Ar, for example. 
We consider that to make a measurement, **N/7°N must differ from the normal value (= 276) 
by 1. 10~°. What should the C/N ratio be to apply this method to objects that are, say, 15 000 
years old? Do you think this would be feasible? 


2 The Holy Shroud of Turin long posed a problem for believers. Was it really the shroud in which 
Christ had been wrapped? It first appeared in 1350 and the monks asserted it was a genuine 
relic. It could not be dated by the traditional 4c method as there was not enough material, but 
with AMS it could be dated with just 150 mg of cloth. The **C age was between 600 and 800 
years old. Given the correspondence curve in Figure 4.25, what is the age of the Holy Shroud? 
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Figure 4.25 Correspondence curve of the radiocarbon age and calendar age of the Turin Shroud. 


3 We measure the isotopic composition of K in an iron meteorite having undergone cosmic 
irradiation for 500 Ma. The mass spectrum of K measured is a mixture between the cosmo- 
genic mass spectrum and the normal mass spectrum. Estimating that (*°K)normai is negligible, 
establish the equation for determining (**K/*°K) cosmogenic. (Suppose the normal K isotope 
ratios are known.) 


| 152 | Cosmogenic isotopes 





4 Chlorine-36 is created in the atmosphere by spallation reactions on *°Ar, and Ty;.=3 - 10° 
years. From the time of its creation, the chlorine is incorporated in water masses and in the 
hydrological cycle. The 36Cl/Cliotai ratio is 100 +20 - 10~° in rainwater at the Earth’s surface. 
We analyze the water sampled from a deep aquifer and find 5 - 10 *° for the *°CI/Clrotai ratio. 
How old is the groundwater? 


5 Here is a series of *°Be/?Be measurements on a manganese crust. 











Depth(mm) *°Be/?Be+2c 

Surface 3.94+0.32- 10? 
0-1.0 3.23+0.12- 10? 
1.5-2.0 2.19+0.25- 10° 
2.5-3.0 1.79+0.08 - 10° 
3.5-4.0 1.41+0.06 - 10° 
4.0-5.0 1.04+ 0.07 - 10° 
5.0-5.7 9.00+0.52-10 ° 
5.7-6.0 5.98+0.88-10° 
6.0—7.0 5.20+0.44-10° 
8.0-8.5 3.94+0.26-10° 
8.5-9.0 2.69+0.62-10? 
9.0-10.0 2.39+0.40 - 10-° 
10.7-11.7 1.85+0.44-10°° 





(i) What is the rate of accretion? 
(ii) What is the error? 


[CHAPTER FV aaa 


Uncertainties and results of 
radiometric dating 


5.1 Introduction 


The purpose of this chapter is to review radiometric dating methods as applied both to terres- 
trialandto cosmicproblems.We shall speak of the major results that now fix the chronological 
framework of the Earth’s history, not forgetting that what they mean is inseparable from how 
reliable they are. The central question we shall be dealing with in this chapter is: how reliable 
are the geological ages we determine? In other words, whatis the level ofuncertainty affecting 
an age determination?! What guarantee have we that this ageis geologically meaningful? 

Ascertaining theuncertainty A, whenwe obtain avalue7} allowing us towrite that the age 
is T+A, is a problem that breaks down into various sub-problems, some of which are 
uncommon even in books on uncertainty. Let us get our ideas straight with a simple 
example. 

Suppose we measurea series of rocks by the °’Rb—*’Sr method and the analytical results 
arejust about aligned on the (*’Sr/*°Sr, *’Rb/*°Sr) diagram. How can we measure the slope 
of the straight line isochron to calculate the age of the rocks? Any experimental physicist 
will tell you that you first need to know the uncertainty affecting each individual physical 
measurement: the strontium isotope ratios and the absolute values in °’Rb and ®°Sr. And 
then that you need to estimate the slope of the straight line by using the least-squares method 
where the “weight” of each data point is measured by its individual uncertainty. We then 
obtain an age and an uncertainty value reflecting the dispersion of data points relative to 
the straight line we calculated. This approach, which has been tried and tested by years of 
statistical practice, seems unassailable on the face of it. Andyet, as soon as itis put into prac- 
tice, it raises questions that are not to do with mathematical statistics but with what we 
might call geological understanding. 

The first question is: should we attribute the analytical uncertainty measured in the 
laboratory to all the data points? Despite the reassuring look of this question, which invites 
us to answer “yes,” we need to realize that such “automatic” attribution is not as safe as we 
might think. In fact, the rocks with the highest *’Rb/*°Sr values and therefore *’ Sr * values, 
are probably those that, in the course of geological history, have been the most likely to 





! To avoid any confusion with the word “error” used in ordinary language it is now recommended to use the 
term uncertainty in scientific work. The word error is used when we know the difference between the true 
value and the measured value; uncertainty is an estimate of this error. I shall try to abide by this logical rule, 
although it goes against decades of habit. Indeed, it has often been used in the first three chapters. 
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Figure 5.1 A series of Rb-Sr measurements plotted on the isochron diagram. After examining the 
dispersion of data points, there seem to be three options for obtaining the “best age.” (a) We can 
calculate the best straight-line fit using all of the data points to which analytical uncertainty has been 
attributed and obtain an age determination. The uncertainty of the pattern suggests that this age is 
very much influenced by samples 6 and 7. (b) We add a geological uncertainty to samples 6 and 7 
because they are the most radiogenic and so liable to have lost ®’Sr. We then calculate the best straight- 
line fit. (c) We eliminate samples 6 and 7 and use samples 1-5 alone to calculate the best straight-line fit. 


lose *’Sr* through exchanges with adjacent rocks. Logically, we should therefore attribute 
greater uncertainty to their ages than to those of other rocks and measure the deficit in geo- 
logical robustness. Moreover, such uncertainty would be asymmetrical because the loss of 
87Sr* leads to a reduction in the *’Sr/*°Sr ratio (Figure 5.1). Should we therefore increase 
the analytical uncertainty ofa geological uncertainty? 

Another question arises. Given that we are working with a natural system and that the 
conditions of the basic model (perfect initial isotopic homogenization, box closed since the 
origin) have probably not been stringently observed, the data points are distributed “statisti- 
cally” (thatis, more orless accurately) around the best straight-line fit. How much dispersion 
is acceptable for it to be considered that we are indeed working within the framework of a 
theoretical model and therefore that the age determination is legitimate? This is a difficult 
question and even more soif you think that, as we go back in time, the vagaries of disruptive 
geological phenomena become ever more probable and that the alignment must be less 
good for Precambrian rocks than for rocks of the Secondary era, say. Therefore geological 
tolerance for non-alignment must logically increase withage. Byhow much? To whatextent 
can we accept non-alignment, even for very old rocks? We must remember that, in addition 
to measurement uncertainty, analytical uncertainty too is a function ofage.Thereis, then, a 
series of prior questions to our central question: is age determination reliable? 

There is a second aspect to this issue of the reliability of measurements, that of the geo- 
logical significance of the age obtained. Imagine we have an age in thousands, millions, or 
billions of years, together with its uncertainty. What does the number obtained correspond 
to geologically? Let us return to our series of rocks whose ages have been determined by the 
8’Rb—*’Sr method. Is the *’Rb—*’Sr straight line a“mixing line”or an isochron? Chapter 3 
(Section 3.4) gave us a test for deciding between these two hypotheses. Suppose we think it 
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plausible we have an isochron. What does this mean? Our basic model is of a closed box in 
which we enclose radioactive and radiogenic isotopes at a well-defined “instant” To. But to 
what does this formal theoretical model correspond in the world of nature? Suppose that, 
to get our ideas straight, the series of rocks in question is a series of granite rocks from a sin- 
gle massif. Is the age obtained the age when the granite was emplaced as a magmaor theage 
of the metamorphic basement whose partial melting gave rise to the granite mass? 
Assuming it is the emplacement of the granite that is dated, what is the exact time of that 
emplacement? When the magma first intruded? When it crystallized? Or is it when hydro- 
thermal circulation occurred, which seems to end the emplacement of granite massifs as 
attested by quartz veins sometimes containing metallic minerals? Once again, this question 
is not unconnected to the age measured. And if we measure the minerals, have they not 
been subjected to some subsequent event? Did they all crystallize at the same instant? 

The duration of emplacement of granite being estimated at 1 Ma in all (perhaps 2 Ma), 
when we date a granite that is 2 billion years old this question is irrelevant as our power of 
resolution is insufficient to distinguish the various episodes in its emplacement. But when 
we date the granites of the island of Elba (Italy) as 7 or 8 Maold, the question becomes acru- 
cial one. We are left to “date” something without really knowing what it is we are dating! The 
age will be an “average age” of the emplacement of granite on the island of Elba, but we must 
not read more into it than that! That is, unless we have other independent information 
tohand. 

This is the sort of question we are going to try to answer while exploring the major results 
obtained by radiometric dating methods. Each will be placed in the context of how reliable 
it is. We shall see that the preceding chapters have given some pointers for some of the pro- 
blems. Forothers, we shall need to give substance to our intuitions and attempttorationalize 
them ... or qualify them. But the ultimate test of any age determination by radiometric 
methods is how coherentit is with what we already know. 

Thisknowledge forms the chronological setting within which the new determination is to 
be fitted. The overall framework is formed by the geological and cosmic timescale. 

The age of the Earth or of the Sun is a fixed point and our ultimate reference point in any 
“cosmic” chronology. At the same time, these general references are only known with a 
degree of uncertainty because of all the sources we have referred to and are going to study. 
There is, then, constant feedback between advances on uncertainties and the major results. 
The major results are to be looked on as numbers that are liable to vary somewhat or to see 
their underlying meaning change (we shall see this is the case for the age of the Earth). We 
shall see there is a broad range of uncertainty as regards the chronology of formation of the 
elements. Itisto emphasize the fundamental connection between the uncertainties inherent 
to the methods of radiochronology and its main findings that they have been brought 
together here ina single chapter. 


5.2 Some statistical reminders relative to the 
calculation of uncertainties 


When we make N measurements of x, they are represented in a (N, x) plot by grouping the 
values of x into classes. This is a histogram. When Nis large and the results are distributed 
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randomly, we consider that the best estimation of the true value sought is the mean of the 
measured values (noted x). 


N 


Xi 
ee ee ee 


N N 





To estimate the uncertainty associated with this, we consider the dispersion of the measure- 
ments obtained by calculating the deviations from the mean for each measurement and tak- 
ing their average. In practice, we calculate the sum of the squared deviations:* 


N 


Vy. = So _ x) 


i 
and we divide by thenumber of measurements N minus | to getthe mean variance:* 


1 — x) 


a Gay 


The standard deviation is the square root of the variance: 








The drawback ofusing o, is that it is expressed in units of x. Sowe cannot compare, say, the 
dispersion for the isotopic measurement of lead and that of strontium. To make such com- 
parisons we define the reduced dispersion o by dividing o,.by x: 
= Ox 
o=—. 

Xx 
This dispersion or reduced deviation is expressed as percent, per mil, etc. 

When uncertainty is considered to bea random fluctuation due to factors that are poorly 
determined but which affect each measurement and make it deviate around its true value, 
then results of theoretical statistics can be applied. It can be shown that if there were an infi- 
nite number of random measurements, the values measured would be distributed around a 
mean value in accordance withwhatis knownasthe Laplace—Gauss or normaldistribution 
(Figure 5.2). The curve ofthe normal distribution is written: 


a eee (CS) 
fia | 2 Ge 


where y is the measurement frequencyand isa function of the variablex. 





? We use the square so that positive and negative deviations are added and do not cancel out by 
subtraction. 

> Suppose we have just one measurement. If we divide by N, the uncertainty would be zero whereas if we 
divide by N — 1, that is by zero, it is indeterminate, which is indeed the case! 
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Figure 5.2 The normal curve. The probability of a measurement occurring, or its frequency, is plotted against 
the value of the measurement on a scale expressed in x—x (value corrected by the mean). The distance 
between the points of inflection is the dispersion o. Note the geometrical signification of 2c and 30. 


The curve y = f(x) has the famous bell shape. Itis symmetrical about x (mean). The stan- 
dard deviation o, is the distance between the point of inflection and the mean. The maxi- 
mum deviation is equal to about +30, or 99.7%. 


Remark 

The converse of this last observation is important: if a distribution is random and we know its 
maximum dispersion D, we can then estimate o,,= D/6. This dispersion is known as the maximum 
range. 


In practice, the distributions and parameters calculated are increasingly significant as we 
approach the theoretical distribution, that is, as the number of measurements N increases. 
Unfortunately, Nis not always high. 

When the shape of the histogram can be represented bya bell-shaped curve, we apply the 
results obtained for the ideal distribution with a very large N to such histograms 
(Figure 5.3). Let us say that in making this assimilation we are being optimistic about the 
uncertainty. In statistics it is shown that this uncertainty is estimated by multiplying the 
standard deviation of the histogram measured (c) by 1 / /N.The more measurements we 
make, the lower the risk of uncertainty, of course, but this decrease obeys the square-root 
law. Uncertainty on x, written A,, is therefore defined as: 


- (&) 


As, in the absence of other information, the standard deviation is the quadratic mean of 
deviations, the total uncertainty is therefore: 
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Figure 5.3 Histogram of 100 measurements of strontium concentration in a series of rocks from a 
single site. The histogram and the normal curve approximating it are shown. The mean is 20 ppm, the 
dispersion c=0.5 ppm. We can therefore write concentration C= 20 + 0.5 ppm. Relative uncertainty is 
written 0.5/20 = 2.5%. 





Naturally, relative uncertainty may also be defined here: 


= de 


x 
This uncertainty has no unit and is expressed as per cent, per mil, etc. This formula by which 
uncertainty varies as1/\/N is absolutely fundamental. It indicates that after estimating 
dispersion based on the histogram of experimental values, we estimate the reliability of this 
uncertainty by attributing to it a weight of 1/N. If we make 10, 100, 1000, and 10 000 
measurements, precision improves to 30%, 10%, 3%, and1%. 


Remark 

It can be shown in statistics that if, for a normal distribution, we consider an uncertainty +A,, we 
have a 63% chance of the real value lying within this interval. If we take + 2A,, that is a greater 
uncertainty, this probability reaches 95%. In the first case we speak of high-risk uncertainty, and in 
the second of low-risk uncertainty. 


In practice, then, we measure uncertainties to the nearest sigma or two sigmas, by the 
expressions: 


se ae or + 20x 
VN VN 


where Nis the number of measurements. 

A further procedure must be added to these: that of the elimination of aberrant values 
(outliers). Some values measured are completely out of line withthe histogram. These “aber- 
rant” values are thought to arise from some random accident during measurement (typi- 
cally a sudden fluctuation in electric current when making a measurement on the mass 
spectrometer, or the sampling of an apparently sound rock which proves to be weathered 
when analyzed more closely). The following criterion is used to eliminate these values: all 


| 159 | The calculation of uncertainties 


dl. 























tree > measured true x—- 
value values id | value 

N 
true y_¥s true x—- 
value value 


Figure 5.4 The difference between reproducibility and accuracy. (a) Good reproducibility but poor 
accuracy; (b) poor reproducibility and poor accuracy; (c) poor reproducibility but good accuracy; (d) 
good reproducibility and good accuracy. 


the values beyond +3c are eliminated, and then the entire calculation is repeated. The 
resulting uncertainty that has been “cleaned” of extreme outliers is denoted Ax* or Ax 
depending on whether it is an absolute or relative uncertainty. 

We now need to introduce a few useful distinctions (Figure 5.4). The accuracy ofa mea- 
surement is estimated from the deviation between the measured value and the true value 
sought. Precision or reproducibility is the dispersion ofa measurement repeated N times: 
itis this dispersion divided by the mean value. Reproducibility can be estimated from a his- 
togram of measurements. Accuracy can only be estimated if we have independent knowl- 
edge (or an estimate) of the true values. The power of resolution in geochronology is the 
smallest age difference we can measure with any guarantee of reliability. It is defined as the 
quantity significantly different from zero that can be estimated between two events: 
R=t, — tz.Toestimate R, weassume the deviation must be greater than the sum of the stan- 
dard deviations: R > o;, + Op. 


Exercise 


The 7°°Pb/?™Pb ratio of a rock is measured six times giving: 18.35, 18.38, 18.39, 18.32, 18.33, 
and 18.35. What value will we give for the isotopic composition of this rock? What is the 
precision achieved? Is it worth making another six measurements given that the reproduci- 
bility of each measurement is 3%o? 
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Answer 
Supposing the uncertainty values of each measurement are equal, we calculate: 


X = 18.353; 0 = 0.025; A, = 0;/V/N = 0.010; A = Ay /x =5.4-107*. 


We can therefore write xX = 18.353 + 0.010 with 63% confidence and x = 18.353 + 0.02 with 
95% confidence. 

If we were to make another six measurements, precision would move from 0.01 to 0.0077, 
which is a gain of 4 - 10 *. But the precision of a single measurement is 3 - 10 *, therefore it 
is not worthwhile (except in special cases). 


Remark 

It is worth pondering that the numerical calculation gives more figures after the decimal point for 
a much larger number of measurements (to be exact 7=0.02494). Now, we have written 
o =0.025 because the figures 94 are not significant. This approach is in line with the answer to 
the famous question: can we measure the length of a table to the nearest tenth of a millimeter 
using a measuring rod graduated in centimeters? Common sense is as good a guide to the answer 
as mathematics. 


Exercise 


Here are two histograms of measurements of °7Sr/*°Sr ratios for a single sample 
(Figure 5.5). The first consists of 20 measurements with a mean value of 0.709166, with 
ox = 2.31 - 10 °. The second consists of 400 measurements with a mean value of 0.709 184 
with o,=4.34 - 10°. 
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Figure 5.5 Histogram of °’Sr/®°Sr ratios measured on a single sample. (a) 20 measurements, (b) 400 
measurements. Notice that the classes become narrower as the number of measurements rises. 
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(1) What is the uncertainty affecting the measurement? 
(2) How many measurements need to be made to get a standard deviation of 1 ppm? 
(3) In this last case, do you think the uncertainty should be taken as + o,/V/N or + 20,//N? 


Answer 

(1) Intrinsic uncertainty is determined from the (In A, In /N) curve as 111 ppm. 

(2) It would take 10 000 measurements. 

(3) With +o,//N, the 400 ratio measurement lies outside the uncertainty limits on the 20 
measurement expression. However, with +20,/\/N it is within limits. The latter expres- 
sion is therefore required. 


Exercise 


Two ““C ages are measured: 3230 + 70 years and 3260 + 60 years. Are these ages significantly 
distinct? What is the power of resolution of **C for 3000 years? 


Answer 
The two ages are not significantly different as their standard deviations overlap. The power 
of resolution of **C for 3000 years is 2%, or 60 years, which is a somewhat optimistic 
estimate! 


5.2.1 Systematic uncertainties 


Random uncertainties are deviations of measured values from the true value caused by vag- 
aries obeying the laws of chance.“Chance is a word that hides our ignorance,”as the mathe- 
matician and great scholar of probability Emile Borel used to say. But some uncertainties 
are systematic, that is, theyaffect the outcome ofmeasurements by the same factor, although 
that factor is not necessarily a known one. These really are random “errors.” Here’s an 
example. 

As stated, radioactive constants are affected by measurement uncertainty and so are 
periodically “updated,” that is, improved. When we calculate an age with one of the dat- 
ing formulae we have developed, with the given value of a constant, we invariably intro- 
duce the same uncertainty (but the amplitude of the uncertainty is not always the 
same). Such uncertainty is not really troublesome when the same method is used sys- 
tematically. We then draw up a dating scale which can always be adjusted as required. 
But whenever we wish to use ages obtained by methods based on different decay rates 
and compare them, uncertainties about decay constants become very troublesome 
indeed. 

Another systematic uncertainty may arise from the system of physical measurements. As 
described, international standards are used for calibrating any systematic uncertainties 
there may be among laboratories. Avalue is set for these standards although one cannot be 
sure itis accurate. Here again, this approach, while necessary, is not fully satisfactory when- 
ever several methods are used. And what if some of the standards were wrong? After all, 
even the U.S. National Bureau of Standards, the final arbiter, makes “errors” too and gives 
itsresults with margins ofuncertainty! 
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5.2.2 Pseudo-random uncertainties 


In the problems we deal with, uncertainty is often a combination ofsystematic and random 
phenomena. When we spoke in Chapter 3 of the histogram of *°K—*°Ar ages, which is 
asymmetrical, we said it was better to take not the mean as the most likely age value but 
the mode (the value most frequently measured) as the asymmetry was probably caused by 
diffusion of the radiogenic isotope *°Ar, which tends to “lower” the age. Superimposed on 
a random distribution due, say, to measurement uncertainties, we have a systematic trend 
of argon diffusion. Even when a large number of measurements are made, pseudo-random 
distributions are generally asymmetrical relative to the normal distribution (Figure 5.6). 
Any of three types of parameter may represent the true value sought. 

The mean is defined as in the normal distribution by: 

Xi 
i N 
The mode is the value occurring most frequently in the distribution. It is, mathematically, 
the most likely value. The median is the value dividing the sample measured into two equal 
halves. Itis what we might call the halfway house. 


mode median 


Frequency 








x 


Figure 5.6 The difference between mode, median, and mean illustrated on an asymmetrical distribution. 


Exercise 


The U-He age of a series of magnetites is measured. Table 5.1a shows the distribution of 
apparent ages and Table 5.1b the distribution of uranium contents. 


(1) Draw the corresponding histograms. 
(2) Calculate the mean age and mean U content. Calculate the modes and medians. 
(3) What is your geological interpretation of these results? 


Answer 
Mean age = 26.3 Ma; median age = 27 Ma; modal age = 30 Ma. 
Mean U content ~ 25 ppb; median U content ~ 25 ppb; modal U content ~ 25 ppb. 
The most likely geological age is 30 Ma since the distribution of uranium is virtually normal, 
which is evidence that it has not been disrupted subsequently. The asymmetry seems to result 
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solely from the diffusion of helium (Figure 5.7), which tends to lower the ages. Here, then, the 
mode is the preferred value, although there is nothing to show that the maximum value of 
32 Ma is not closest to the truth. 


Table 5.1a Distribution of apparent ages 














T (Ma) 
32 30 28 26 24 22 20 18 
Number ofsamples 3 10 7 6 5 4 3 2 
Table 5.1b Distribution of uranium content 
U (ppb) 





42.5 37.5 32.5, 27.5 225 17.5 12.5 7.5 
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Figure 5.7 Histogram of age and uranium content measurements (see Tables 5.1a and 5.1b). 


There is nothing automatic, then, about the choice of parameter (mean, mode, or med- 
ian) that must be chosen to get closest to the truth. This must be decided in each individual 
case by a qualitative analysis (here geochemical or geological). This is a characteristic fea- 
ture of pseudo-statistics. Let us lay down a rule of procedure: we shall use the parameters 
employed instatistics but their meaning will be discussed in terms of geologyand in parti- 
cular therandom or non-random character of the phenomena considered. 

Uncertainty is often expressed by the variance V,, the standard deviation o,, and the 
uncertainty o,//N = Ax. But here too uncertainties may be asymmetrical, as 
mentioned in the introductory example. We might also write 300 Ma‘+°. That means the 
age lies between 315 and 295 Ma and depends on what ultimately causes the uncertainty. 
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5.2.3 Composite uncertainty 


We define the possible estimated deviation between the measured value and the true 
value by the absolute uncertainty Ax. This uncertainty is therefore expressed in the same 
units as x. We also define relative uncertainty Ax/x. This has no units and is expressed 
in per cent, per mil, etc. Both types of uncertainty are very important in radiometric 
dating. Absolute uncertainty determines what time interval we can measure, which is 
physically essential, of course, and is reflected in the expression of the power of resolu- 
tion. Relative uncertainty represents the measurement quality, which is a very useful 
pointer too. 

In what follows, we take the standard deviation of the measurement o as the estimate of 
uncertainty. 

When a process leading to a measurement consists in a series of operations, the calcula- 
tion of the final uncertainty involves some quite strict rules. 


Addition of operations 
Ifthe processis an addition of operations x = au + by whereaand bh maybe positive or nega- 
tive, then we add variances: 

V2 = ao? + Bo? + 2abo2 


u,v 


where V,, ,is the correlation between variances wu and y, that is, the covariance: 





(mi-—xX)Vi-V)_ 2 
Viry = » = Ony 
: N-1 “ 
If 5 is negative and a positive, the covariance is subtracted. But be careful, the covariance 
itselfmay be either positive or negative. The covariance can be written: 


2 
Tuy = Puy? Fu’ Fy 


and the linear correlative coefficent is: 


o 


u,v 





Puy = 


Oy* Oy 





The value of p,, ,lies between 0 and +1 (Figure 5.8). 
Ifx =u+v, wecanwrite: 





Ox= 2 +02 + 2p, Oy Oy. 


Notice that when covariance is high and is subtracted o,. maybe very low. This low variance 
is the result ofa compensation effect and is misleading. 

Thus, for example, when we wish to calculate the error on the radiogenic (7°’Pb/?°°Pb)* 
slope after making an isotopic measurement of lead, this error is very slight because of the 
close correlation between the errors on *°°Pb/?"*Pb and *°’Pb/?**Pb created by the high 
uncertainty on?*Pb. 
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Figure 5.8 Diagram showing how errors on u and vin a product u-v may be correlated and how the 
factor fy, varies (see text for definition of symbols). 


Multiplication or division operations 
Ifthe process involves multiplication or division operations: 


X=ada-u-y 
or similarly 
au 
x=—. 

v 


Once again variances are required, but this time they must be weighted: 


2 2 5 
Ve om o 201,» eae 7 

x= iB for multiplication 
x u v uv 





Me. 202 , Ad 
x= “ for division. 





x ue oy uy 


(To obtain this expression, just shift to logs and we come back to additions.) 


2 2 2 
Ox O71, 0; 20%,y 

== ox 5) + 7 => Ox, 
xX u Vv uy 








that is, reduced dispersion. In this case, covariance is added for multiplication and subtracted 
for division. In fact, this use of variance is essential when uncertainties are correlated. 
Ifthereisno correlation, we can deal directly with standard deviations, as with differential 
deviations (obeying the rules of differentiation). 
For addition 





x=auxtby 
wewrite: 


Oy = ao, + boy. 
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For multiplication 
xX=a-uy 


wewrite: 


Ox ~ Ou Oy» 

x vor 
Letus examinethescopeofapproximation onasimple example wherex = u + v.Ifo,,,= Oit 
can be seen that o,. corresponds to the length of the diagonal of the rectangle of dimensions 
o,and oy: 


Ox =4/02+0%. 


If we make the approximation: 0, *0,,+ 0, it holds good if o,, and o, are quite different. If 
they are of the same order of magnitude, we can make a maximum error of 2/2 = 1.4, 
which is not bad for an uncertainty given that we gain in ease of estimation compared with 
the calculation involving variance. 

Notice that both expressions consist in differentiating and then replacing the differences 
by finite increases which are taken to be equal to o. This practice is generalized when the 
uncertainty ofa value stems from a mathematical formula. 

We differentiate and then replace the differentials by the a values. 


Ifx=uy: 

Ox = o(u,v) = uoy + vo, QED. 
Likewiseifx =u”: 

o¢= |n|u"-' 04, 


and soon. 
This is the approachwe shall adopt in what follows, unless otherwise stated. Ifwehave sev- 
eral measurements in each case, then we must systematically replace oby A = a/V/N. 
Notice that to be able to add uncertainties when they are of differenttypes, they must all be 
expressed in the same units. A convenient way to do this in geochronology is to express 
them all as ages (as we have already done for '4C). This makes it easier to compare different 
geochronometers. 


5.3 Sources of uncertainty in radiometric dating 
Letus recall the stages we go through in determining a geological age: 


e wecollect the samples to be analyzed: rocks, minerals, wood, etc.; 

e weanalyze these samples inthe laboratory for their isotopic and chemical ratios; 
e weuse these measurements to calculate an age; 

e wesituate this age within a geological scenario which we construct. 


Each stage is affected by potential uncertainties (Figure 5.9). 
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Figure 5.9 Determining a geological age while allowing for uncertainties affecting each stage. 


5.3.1 Uncertainties introduced when collecting samples 


A question arises before taking samples. Should the sample be taken at random? Such 
an approach looks rigorous as it rules out any subjectivity. Unfortunately, if we set about 
this “blindly” we would “knowingly” introduce systematic uncertainties. For example, 
if we sample rocks from a massif of granite, a random sample may include weathered 
rocks, rocks in contact with neighboring ones of different origins and ages, and which are 
liable to be contaminated by such contact at tectonic faults, etc. In practice, we try to define 
a homogeneous and representative geological whole (various units of the granite massif) 
and then try to take a random sample of that. It is difficult to evaluate the uncertainty of 
a sample if only one sample is taken. If several are taken, the results must be treated as for 
an ordinary measurement, assuming arandom uncertainty of | /,\/Nwhere Nis the number 
of samples collected. Each investigator must think about this sampling question and 
solve it (not forgetting any hidden structures) by combining statistics and ... geological 
common sense! 


5.3.2 Physical uncertainties on an individual measurement 


Uncertainties on ages obtained from parent decay methods ('4C, ‘Be, etc.) 
We begin with the dating equation, noting uy = MOIC.. yor b= 0Be/°Be. [= Lge ™ from 
whicht = 1/AIn (j10/ 12). 

Following the rules given earlier, the uncertainties are written: 


At=A (;) In(qo/ 14) + ae 





AA 1 (Au “i 
At= -At+ + 
Ps A ( Kb Mo 





Ad Au Ano 
At= t 
(FZ) = Au 7 Ajo 
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AA hu 1 
At={|— Jt . A —, 
( A ) - (= - m) 7.0 


We suppose that AX and Apo are negligible. Thus: 


A 
Ate =e 
py Aew*# 


Exercise 


We wish to calculate the uncertainty associated with the determination of a ““C age. We 
accept that the uncertainty on the **C/C measurement is 2%. We ignore the uncertainty 
affecting the estimate of (**C/C)o (which is far from negligible in practice) and consider that 
the uncertainty on the radioactive constant is 1/1000. 

Calculate the absolute and relative uncertainties committed for ages of 500, 5000, 10 000, 
and 30 000 years. Plot the relative uncertainty curve against age. 











Answer 

We get: 
Age (yr) 500 5000 10 000 30 000 
At (yr) 176 302 554 6219 
At/t (%) 35 6 5.5 20 





The curve of (At/t) diverges towards the low and high values of t (Figure 5.10). 
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Figure 5.10 Relative uncertainty on a ““C age determination as a function of that age. Notice the scale is 
logarithmic. 


Overall estimation of uncertainty on long half-life parent— daughter methods 
The chronometric equation with the usual notational conventions is written in the linear 
approximation, with a being the radiogenic isotope ratio and ju the parent— daughter iso- 
tope ratio: 


a=ago+ Aut 
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from which 


gues a— ag 
=; ; . 


Theuncertainties are then written: 


At AA A(a—ao) Ap 
t A (a — ao) Lb 








but (@ — ao) = pAt, hence: 


pm Axa A 
t A pl At 





where Aais the uncertainty on the measurementof a, and Aj:that onthe measurementof pu. 
We note A*a = a — ay. Let us leave aside the uncertainty affecting the decay constant. For 
agiven radiometric dating method: 


At Aa Ap 
t Aut” 


We noticeimmediately thatuncertainty rises very quickly when At — 0. Therefore each chron- 
ometer based on the parent—daughter pair has a lower limit of application 7,yjn. In all of the 
long-period methods we have considered, ju never tends towards zero. So there is no upper 
limit. All ofthese chronometers can date events from T,,;, until the age of the Universe.* 

Measurement uncertainty is related to the measurement of a and pu, and again this was 
considered in Chapter |. There aretwo kinds ofmeasurement uncertainty: chemical uncer- 
tainties in the preparation stage because of possible contamination or poor practice in iso- 
topic dilution and physical uncertainties related to the precision of the mass spectrometer. 

In practice, to minimize the first ofthese, the reagents are purified so as to make contami- 
nation negligible. For the mass spectrometer, we increase the number of measurements to 
improve the statistics, as already described. 


Exercise 


Typically, precision on the measurement of the ®’Sr/*°Sr ratio is 10- * and does not vary much 
with the ratio, which is about 0.7. The uncertainty on the decay constant is 2 - 10°. Precision 
on measurement of the ®’Rb/*°Sr ratio is not as good because concentrations of elements 
must be measured by isotopic dilution (we shall estimate it at 3.5 - 10 *). By taking the 
example of granite where ®’Rb/®°Sr = 3.5, calculate At and At/t as a function of age. 





Answer 

At il Ome 

Ome £355 0 TO |) , 
t 3.5\1.4-10-11.¢ 


Figure 5.11 illustrates the variation of At/t and of At over time. 


* This remark applies neither to radioactive chains nor to extinct radioactivity, because in both these cases 
there is a Tinin and a Tax as in dating methods based on the parent isotope. 
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Figure 5.11 Variation of absolute and relative uncertainty on the ®’Rb-°’Sr age of a granite as a 
function of its age. For the granite ®’Rb/*°Sr = 3.5. Notice that the relative uncertainty declines with 
age. Notice too that the age scale is logarithmic. 


Exercise 


Lanthanum-138 decays by electron capture to 13®Ba and by ~ emission to **®Ce. The decay 
constants are Acap = 4.4 - 10° * yr * and Ag=2.255-10° yr +. (This is a similar situation to 
the branched decay of *°K into *°Ar and *°Ca.) 


(1) Establish the general chronometric equation and its linear approximation. 

(2) Lanthanum-138 represents 0.089% of normal lanthanum. Barium-138 makes up 88% of 
naturally occurring barium. The uncertainty on the measurement of the *?°Ba/*?”Ba ratio 
is +10 *fora ratio greater than 6.3997, which is the normal value. This value is the value 
of the initial ratio for all rocks and terrestrial minerals. 


What must the 77°La/*?”Ba and therefore the La/Ba ratio be for us to use this method to date 
rocks 2 - 10” years old (neglecting the uncertainty on 4) with an uncertainty of less than + 2%? 

(Notice that if we measure a ratio with a relative precision of +2- 10 *, the absolute 
precision on the ratio of 6.4 is about +1.3-10 ?.) 





Answer 
(a) 138 Ba a 138 Ba eo 138 La Acap (e420 +4a) 1) 
137Bq 137Bq Fy 137Bq Acap ae Ag 5 


The linear approximation of this formula is: 


138R, 138R5 138] 4 
B7pa 137Ra Aeapt. 
Ba Ba 137Baq 





(2) To solve the problem, *?*La/*?’Ba must be roughly equal to 3.6, that is the La/Ba ratio 
must be about 557. This is a substantial La/Ba ratio seldom found in nature.° Here are a 
few ratios for common rocks, to give us an idea: peridotite=0.1, granite=0.75, 
basalt = 0.5. This is why this method is little used in practice. 


> High ratios are found only in a few rather rare minerals such as allanite. This is the mineral used to 
determine this date. 
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5.3.3 Uncertainties on age calculations 


After the measurement phase we have either a single measurement or a series of measure- 
ments. Inthe first instance, we apply the dating formula which yields what we have calledan 
apparent age and we move on to the next stage which is the geological interpretation. If we 
have a series of measurements, which is usually the case nowadays with the faster methods 
ofanalysis available, any of several situations may arise. 


Case 1. The series of measurements relates to various chronometers on various coge- 
netic rich systems. This is the semi-quantitative problem we have already addressed. The 
age is limited at the lower bound by the age of the most retentive mineral, say, the 
06Pbh—7°’Pb age on zircon or hornblende if it is K—Ar alone. This situation is nowadays 
of historical and didactic interest only, since modern studies are made on a set of 
measurements. 

Case 2.We have many measurements made by one method on one type of mineral. This 
case is becoming ever more general with the development of in-situ methods ofanalysis: ser- 
ies of 7°°Pb—*°’Pb measurements on zircon using an ion probe, series of *?Ar—*°Ar or 
40K —49 Aron mica or basalt glass using laser extraction techniques. 

Case 3. A series of paired measurements may be used to define a straight-line isochron or 
adiscordia. 


In the latter two instances, which are now the most common, there is a twin problem 
to overcome. First, can a valid age be calculated from the values measured? In other 
words, do the conditions for applying the theoretical reference models prevail? Is the 
alignment acceptable? This is the issue of acceptability. After answering this first ques- 
tion, how do we calculate the most reliable age mathematically, and with what uncer- 
tainty? This is the age calculation proper. Obviously, the answer may involve both 
geological and experimental considerations. We have adopted the following rules. We 
shall introduce the geological criteria at the same time as the acceptability criterion, 
but not when calculating the age proper. This means we shall not attribute geological 
uncertainties to each sample measured because we have no rational means of fixing them 
quantitatively. 

We shall therefore calculate ages and their uncertainties from standard statistical meth- 
ods on measurements that are geologically accepted. We then have an age and an uncer- 
tainty. We shall then introduce geological uncertainties when making the geological 
interpretation. 

To return to the example given in the introduction, if we have a series of measurements 
plotted in the (*’Rb/*°Sr, *’Sr/*°Sr) diagram we shall introduce a geological appraisal to 
decide whether the alignment of experimental measurements is acceptable or not and 
whether some peculiar measurements must be eliminated (we shall see how to do this with 
an objective statistical criterion). Ifthe answer is positive, we shall calculate the age using a 
weighted least-squares method.° We then introduce geological uncertainties when inter- 
preting the geological age obtained (Figure 5.12). 


© Thus in the theoretical example in the introduction we use option (c) in Figure 5.1. 
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Figure 5.12 The points in the procedure at which geological knowledge is introduced. 
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Figure 5.13 A series of apparent 7°’Pb—*°°Pb ages determined on zircon using ion probe spot analysis. 
The proposed age is 560 + 20 Ma. 





Individual age statistics 

These individual apparent age statistics relate to measurements made on rich systems. The 
problem is analogous to that of physical measurements. For example, ifwe measure the appar- 
ent 7°’Pb—*°°Pb age on what we think is a cogenetic series of zircon samples, we construct 
the histogram of data. This distribution will be generally asymmetrical, with the asymmetry 
being established towards the younger ages because of the diffusion of the daughter isotope 
which tends to lower the age. From that point, we choose the modal value as the age and the 
standard deviation of the distribution as the uncertainty. By way of example, here is a 
207Ph-?°°Ph asymmetrical age distribution obtained by using an ion probe on zircon 
(Figure 5.13). But when we analyze detrital zircons in sedimentary rocks, not only grain by 
grain but even by several measurements on asingle grain, the histogram is extremely complex. 
Itcan only be interpreted after geological and quantitative statistical analyses. 


Uncertainties in measuring straight lines of isotope evolution 

Presence or absence of alignment 

We must also know how to estimate the uncertainty on a series of measurements that do 
or do not define an isochron or a straight line on the concordia diagram. This is what we 
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may call the alignment uncertainty, because for the method of the straight line of isotope 
evolution as for the concordia method, data points are rarely perfectly aligned and all 
the less so as the precision of the experimental method increases. What causes this non- 
alignment? A shortcoming in the initial natural isotopic homogenization, that is, at the 
time the rock crystallized? A slight opening of the system? The choice of samples? 
Admittedly, the mathematical uncertainty can be calculated with a least-squares pro- 
gram, which is ultimately what we do (because we know of no alternative), butis this a reli- 
able method? As long as we ignore what caused the uncertainty, its meaning remains 
ambiguous. 

The first estimate of the alignment or otherwise of data points must be made visually on 
the diagrams, making allowance, of course, for the experimental uncertainties attributed 
to each measurement. Next we turn to statistical methods as they allow the approach to be 
rationalized. 

All these words of warning are intended to emphasize the fact that there is no auto- 
matic process or mathematical formula to be blindly applied. Instead, each step 
requires all of the physical, chemical, and geological knowledge available in each 
instance. 


The correlation coefficient 

Let there be two variables (y, x) and a series of paired values (1, x1), (2, X2),---5 (Vins Xn); 
that is, for us, a couple of analyses of two isotopic or chemical ratios. We can calculate the 
mean for bothvariables: 


1 1< 
F= Hd _iand =) x. 
; i 


We can calculate the variances relative to the mean values ofx and y: 


1 a 1 “3 
Ve = 1 — 3)" and Vy = S101 - 9). 


The standard deviations, which are the square roots of the variances, are written 


= 


Doi- 9 g, —  /Li= 7 
¥ N : 


We have analogously defined what is termed covariance (already encountered): 





1 5 = 
Vay = Vox = 3 0 - (1 - B)- 


This covariance is zero ifthe values of y and x vary independently ofone another. Ifthe varia- 
tions are correlated, the magnitude will be either positive or negative dependingon thesign 
of the correlation. This covariance could reflect the value of the correlation. However, if 
it were left so, it would depend on the actual values of both x;and x and of y;and y. Forexam- 
ple, it would be different for a pair of variables measured in ppm and another measured 
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in percent where the correlation looked the same. To make the correlation measurement 
independent of the units chosen for measuring y and x, we define the correlation coeffi- 
cientr: 


pa i AX) Vy 
VX = PX = x)’ VV yVViex 


When x and yare uncorrelated, r = 0; when theyare fully correlated |r| = 1 (+1 fora positive 
correlation and —1 fora negative correlation). This was the parameter p,, , used previously 
in combining statistics. 


Exercise 


We have a series of ®’Rb—®°Sr analyses given in Table 5.2. These analyses are plotted on the 
diagram in Figure 5.14 as stars. (The white dots are for the next exercise.) 








Table 5.2 Series of ®’Rb/*°Sr analyses 





1 2 3 4 5 6 7 





8761 /8°Sr = y 0.800 0795 0790 0775 0770 0.735 0.720 
SRbO/*Sr=x 7 6 5 4 3 2 1 





Calculate the coefficient of correlation. 


Answer 
We posit °’Sr/*°Sr=y and ®’Rb/*°Sr= x. The mean values are calculated as: x = 4 and 
y = 0.76928. 








Sample 1 2 3 4 5 6 7 
bq = IS 3 2 al 0 =i =) 3 
y¥,-Y 0.0308 0.0258 0.0208 0.0058 0.0008 —0.0342 -—0.0492 


(xi—x)(y;-yY) 0.0924 0.0516 0.021 0.008 -0.0684 0.1476 0.3728 





Hence o,x= 2, oy= 0.0284, V,y= 0.0568, and r=0.9375. 

Now, as can be seen (Figure 5.14), the points are not perfectly aligned. If dealing with a 
very old age (>2.Ga) we would be tempted to accept this procedure for calculating ages. 
For younger ages, we must bear in mind that the result is affected by substantial 
uncertainty. 


Exercise 


We posit °’Sr/*°Sr = yand ®’Rb/*°Sr = x. Consider the table of measurements below (Table 5.3). 
Calculate the means, standard deviations, covariance, and coefficient of correlation (see 
Figure 5.14). 
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Table 5.3 Further measurements from ®’Rb/*°Sr analyses 





1 2 3 4 5 6 7 


71 6.53 6 Ree) 3 2.5 1 
0.785 0.775 0.746 0.735 0.720 





x : 
y 0.801 0.791 
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Figure 5.14 Analyses of ®’Rb—®°Sr plotted on the (°’Sr/®°Sr, ®°’Rb/*°Sr) diagram. 








Answer 
X = 4.5185, y = 0.7647. 
Sample dl 2 3 4 5 6 7 
xi — X 2.5815 2.015 14815 0.9815 -—1.518 —2.0185 —3.5185 
yi-y 0.0363 0.0263 0.0203 0.0103 -—0.0187 -—0.0297 —0.0447 
i 0.002839 0.05994 0.1572 


X)(yi — y) 0.0937 0.0529 0.02398 0.010 10 





Hence o,= 2.5158, oy= 0.028 633 6, V,y= 0.060 88, and r= 0.985. 


It can be seen that ris closer to 1 than in the previous exercise. This shows us also the 


sensitivity of the correlation coefficient to dispersion. 


Figure 5.15 shows some examples of positive correlations with their correlation coeffi- 


cients r. 
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Figure 5.15 Measurements that are more or less closely correlated with various values for the 
corresponding correlation coefficient. 


Remark 

In practice, when the coefficient of correlation is less than 0.90 we consider the data points are 
poorly aligned. We do not attempt to identify a straight line. We are outside the conditions accepted 
for the various models: no initial isotopic homogeneity, complex opening of the system, etc. If 
r> 0.90 we calculate the parameters of the straight line of best fit by the least-squares method. 


Inclusion of experimental uncertainties 
In these calculations we have ignored the individual experimental uncertainties. Implicitly 
we have considered they were all equal. In practice, when these uncertainties vary between 
measurements, we must weight them and make allowance for them. Let us take the mean 
value Xas an example. 

Instead ofsimply calculating the mean by x = )> x;/N, weweightit allowing for variance: 


>(%) 


Let us take a simple example. We have three very different measurements of uncertainty: 
340.1; 442, and 2.5+0.1. If we make the usual calculation, ¥ = 3.16. If we make the 
weighted calculation ¥p = 551/200.25 = 2.75. There is a 14% difference between the 
results. 

The variance of uncertainty (here it is a“true error”) committed is 7 = (> 0), or 
o=0.07 and X7 = 2.75 + 0.07. 

If all the uncertainties are identical, the variance is 02 = o7/N.WefindA = o;//N 
again. 


X, = 
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An analogous procedure of weighting by uncertainties is followed to calculate variance 
andcovariance: 





wid [4 — 9) wad (HH - 3) - 9) 
= ’ and Vy, = . . 
De roe 


L 


Vx 








2l- 


In each case, the means are calculated by the weighted method: 


= (4s) 


>(%) 


As can be seen, all of this gives expressions which area little heavy to manipulate but which 
areno trouble for computer programs! 


x= 


5.3.4 Calculating the equation of the straight line of correlation 


We shall set out the principle of the least-squares method in a simple case. Let us look 
for the equation of the straight line that statistically describes the cloud of points (x;, 7;). 
We accept without proving it (it seems acceptable intuitively) that the straight line will 
pass through the mean point of coordinates (x, y).We are therefore looking for an equa- 
tion of the type y =ax + b. The idea in the least-squares method is to look for the best 
(least bad) straight line passing through a cloud of points by using a precise criterion. 
The usual criterion is to minimize the distance between the points observed and the 
straight line we are looking for, which is done by minimizing the sum of the squares of 
the distance between the data points and their respective vertical projections. This is 
the simple case we shall work through mathematically to make the reasoning clear. If x 
and y are connected by a straight line, for the various values (xj, y1), (X2, V2), -- -(%~ Vw) 
we have yj = ax, +b, yx =ax2+b,...,yy=axy +b. But this is not quite right because 
the straight line does not pass exactly through each point. The square of the distances, 
then, is written: 


(v1 — b—ax,)* + (y2 — b — ax)? +--+ + (yy — b — axy)* = D?. 


We try to minimize the distances from our two unknown parameters a and b. We there- 
fore write: 0(D?)/0a=0 and 0(D*)/0b=0, which gives two equations with two 
unknowns: 





O(D") 
- = 2xi(y; — b — ax;) = 0 


2 
PO = -2(y- b - ax) = 0. 
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Itcanbeseen then thatthe problem is soluble: wehave to solvea system ofequations with two 
unknownsaand 6. The solution to this problem can be written very simply: 


wherer is the correlation coefficient. 
The equation of the best straight-line fit passes through xand jy: 


paper (x—%). 
o 


x 


Theuncertainty on the slope is written: 








{ fou! —r 
PS on VN 
Theuncertainty on the ordinate at the origin is: 
_ oxV1—Pr 
I} = x{p}, or {J} =— : 
{0} = fp}, oF {1} = 


Let us turn back toTable 5.2 and Figure 5.14.We have calculated the coefficient of regression 
r = 0.9375; it is legitimate, then, to try to calculate the equation of the best straight-line fit 
whose slope will give us the age, and whose intercept b will give us the initial isotope ratio. 
The calculation gives: 


oO 


a = r ~=0.01325 and b = 0.704 84. 
By eye, taking a little care, we read a = 0.0128 and b = 0.705, which is not so bad in the end! 
The uncertainties are: on the slope, 0.000 347 6, therefore p = 0.013 25 + 0.000 347 6, which 
corresponds in age tot = 939 + 24 Ma. 

The ordinate at the origin is J = + 0.001567. Hence 














(°’Sr/*°Sr), = 0.704 84 + 0.001 56. 


In practice, to be rigorous, we must take account of the experimental uncertainties on x 
and y, which are not necessarily related to the distance from the best straight-line fit. They 
measure the importance attributed to each point in calculating the least squares. The 
smaller the uncertainty, the more “important” the point is, of course. Introducing these 
uncertainties leads to complications inthe mathematics, especially where there are many 
data. 

All of this is done nowadays by computer programs associated with spreadsheets. But 
vigilance is called for since these least-squares programs available on various computers or 
in books are ofvery variable types and quality. Generally, they are programs that do not pro- 
vide for weighting by experimental uncertainties. Where experimental uncertainties are 
taken into account, they are usually uncertainties relative to a single axis because they often 
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Figure 5.16 The principle of least squares with experimental uncertainties. (a) We consider a cloud of 
data points on x and y. (b) We have calculated least squares relative to y, which comes down to 
accepting that uncertainty on x is negligible compared with that on y. (This is the program on good 
little pocket calculators, the mathematics of which we have set out.) (c) Here the least squares are 
calculated relative to x, the opposite case from that in (b): an enormous difference can be seen in the 
outcome of these two techniques. (d) By a more elaborate procedure, the least squares are calculated 
taking account of uncertainties on x and y and taking as the criterion the orthogonal projection whose 
length is minimized. (d’) Right: the true orthogonal projection; left: the representation is distorted to give 
a plot with the same look as those before and after. (e) The idea here is to take account of uncertainties 
on xand y by minimizing the areas of the projection triangles. (This is what we did with our simplified 
method of calculation.) Notice this method gives acceptable results. (f) We consider each point to be 
affected by uncertainties of variable amplitudes on x and y, which are correlated. So each point is 
surrounded by an ellipse of uncertainty. This is the most elaborate program and is the benchmark. Notice 
that if we average out the results of (b) and (c), we get values close to (f) p= 2.76 and y;= —10.18. 
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dominate the others. More often than not, such uncertainties are considered to be uniform 
for all data points. 

Programs that do take account of individual uncertainties on x and y are much rarer and 
must be searched out in program libraries. Lastly, there are some even more complete ones 
that take account not only of individual uncertainties but also of any correlations between 
uncertainties (covariance again!). 

To gain some idea of these different programs we have illustrated their outcomes for one 
example (Figure 5.16). 

Again, we must remain clear-sighted. We can only make rough estimates of geological 
uncertainty. It is not certain, then, that the “blind” least-squares method, which admits of 
randomuncertainties on measurements and which accordingly measures geological uncer- 
tainty implicitly by point dispersion, is totally reliable. However, for want ofanything better, 
we choose this method as a first approximation, while bearing its limits in mind. (Never be 
blinded by the mathematics used in the natural sciences!) As general references for this sec- 
tion, see Crumpler and Yeo (1940), York (1969), Wendt (1991), Bevington and Robinson 
(2003), and Ludwig (2003); see also the program package Ludwig (1999). 


5.4 Geological interpretations 


5.4.1 General remarks 


The principle consists in integrating the age (or ages) obtained into an overall geological 
scenario in which age becomes fully meaningful. This final step is not without its uncertain- 
ties (and risks!). 

This may bean uncertainty in identification, ifwe make an age correspond to the wrong 
phenomenon. Thus we may attribute an age to the emplacement ofa granite massif whereas 
the age is that of late or even subsequent isotopic re-equilibration or conversely the age of 
the parent rock remobilized in the materials to be dated, etc. 

It may be an uncertainty of indetermination. An age is determined which, on the face of 
it, does not correspond to any phenomenon known at the time. Thus, say, we find an age of 
420 Ma for a granite from southern France. Is it a mixed age between the age of Hercynian 
mountain-building 320 Ma ago and of the Pan-African orogeny 550 Ma ago? Or is it evi- 
dence of some previously unreported Caledonian event in the region and so a new discov- 
ery? In this event, the age determined itself poses a problem for geologists, who must 
identify the event by relative structural dating. 

Uncertainties, then, may well arise. Remember that an age is only the translation of an 
isotoperatio.Whenever weare faced with an interpretation thatis unclear, wehave to return 
to the isotopes, their history, to the basic model of the closed box, and so on. Of course, ages 
must be determined by using various methods to confirm the results. Here again, the com- 
mon expression for making comparisons between different methods is age, but whenever 
we wish to interpret a particular difference we must come back to the physical systems and 
to geochemical behavior. For example, argon diffuses more readily than neodymium, the 
Rb-Sr method is more sensitive to hydrothermal phenomena than the U—Pbsystem on zir- 
con, which in turn may be aged by adjunction of inherited whole or fragmented zircon, and 
so on.We shall examine a few cases to illustrate these points with examples. 
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5.4.2 Case studies 


The aim here is not to achieve systematic coverage but to give a few examples to illustrate a 
method, its difficulties, its limits, and its level of reliability. This approach will allow us to 
test the various methods of quantitative discussion of geochronology, to compare them, 
and to see how they can be integrated into the geological context. After noting how we shift 
from the qualitative use ofapparent ages to quantitative models (isochron, concordia, step- 
wise degassing), we have to measure how reliable each approach is. 


Contact metamorphism of the Eldora stock 

We have made a qualitative study of discordances in apparent ages from this example. It 
is interesting, then, to see what the result was of the various more elaborate methods in 
this geologically well-defined case. As these studies, conducted by Stanley Hart whena 
student at the Massachusetts Institute of Technology (see Hart etal., 1968), are rather old, 
we only have results for the U-Pb, Rb-Sr, and K—Ar systems (see Figure 5.17 and 
Chapter 3). 


The U—Pb system on zircon 

We obtain a discordia cutting the concordia at 1600 +50 Ma and 60 +5 Ma, giving 
apparently the ages of the Precambrian schist and the Eldora intrusion, respectively. 
The points on the discordia are placed regularly with distance from the contact. The 
most discordant ones are those closest to the contact. 





The ®’Rb—*’Sr system in isochron construction 

The measurements were made mainly on feldspars because they might provenot very signif- 
icant on the whole rock of the schists. They are aligned on an approximate straight line iso- 
chron corresponding to an age of 1400 + 100 Ma, except for the apatites and epidotes close 
to theintrusion (°’Sr acceptors). 


The (Rb-Sr, K—Ar) measurements on micas discussed with the generalized 

concordia diagram 

The discordia is a curve and not a straight line as in the U-Pb systems. We obtain the two 
intersections corresponding to the age of the intrusion of 60 Ma and the “schist age.” 
However, we cannotsay whether the latter is 1480 or 1600 Ma. Itis 14807'9}Ma. 


The *°Ar—*’ Ar measurements 

These were made later on hornblende, biotite, and feldspar (Berger, 1975). We can define 
plateaus giving increasing ages with distance from the contact. The hornblende and 
large biotite minerals give an age of 1450+20 Ma, that is, about the same as the 
87Rb—*’Srage. 

We can envisage theage of the schists as 1450 Maand the age measured by the U-Pb con- 
cordia of 1600 Ma corresponds to a few inherited pieces of detrital zircon. But what does 
the schist age mean? Is it the age of metamorphism or of earlier sedimentation? The 
°Ar—*°Ar ages on biotite and the (K—Ar, Rb-Sr) concordia age suggest the age of meta- 
morphism, because it was then that the minerals crystallized. The age of 1600 Ma is 
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Figure 5.17 Radiometric ages of the Eldora stock examined in Chapter 3 in terms of apparent ages. (a) 
The U-Pb system on zircon (Hart et al., 1968). (b) The two ®’Rb-®’Sr methods on biotite in the 
generalized Rb-Sr, K-Ar concordia. (c) The ®’Rb—®’Sr method on feldspar. (d) Stepwise *°Ar—*°Ar ages 
(after Berger, 1975). The numbers indicate distances from the granite intrusion (Chapter 3). 
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probably that of the earlier granites whose zircon was eroded and redeposited in the clays 
from which the schists were formed. But the questioning and the answers are themselves a 
measure of uncertainty ofthe result.What does the age of formation ofa schist mean? 


The very ancient rocks of Greenland 
The rocks of Greenland are the oldest in the world.’ They have been studied by various 


methods: U-Pb on zircon, 7°°Pb—*°’Pb on whole-rock isochrons, *°Rb—®’Sr, and 
'478m—'8Nd. Steve Moorbath of the University of Oxford was both the pioneer and the 
principal investigator (Moorbath and Taylor, 1981; Moorbath et a/., 1986). These studies, 
combined with precise mapping of the terrain, led to the identification of two separate geo- 
logical formations (Figure 5.18), the Amitsoq gneiss and the Isua Group (the mountain of 
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Figure 5.18 Results obtained by various methods for the Amitsoq and Isua gneisses. After Michard- 
Vitrac et al. (1977); Moorbath et al. (1997). 


” There are older minerals (zircon) but they are detrital and separated from their parent rock in which they 


crystallized. 
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Table 5.4 Results obtained by various methods for the Amitsoq gneiss and the Isua Group 









































Dating methods Amitsog gneiss (Ga) Isua Group (Ga) 
U-Pb concordia (zircon) 3.45 + 0.05 3.824 + 0.05 (conglomerate) 
3.77 £ 0.01 (massive rock) 
87R b—*’Sr (whole rock) 3.644 0.06 3.66 + 0.06 
'47§m—'8Nd(wholerock) 3.640 + 0.12 3.776 + 0.05 
207Pb Ph (whole rock) 3.56 £0.10 3.74+0.12 
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Figure 5.19 Histogram of 7°’Pb—*°°Pb ages obtained by ion microprobe methods on Amitsog zircon. 
After Nutman et al. (1996). 


references includes: Michard-Vitrac et al., 1977; Moorbath etal., 1986, 1997; Nutman etal., 
1996; Kamber and Moorbath, 1998). 

The first is dated 3.65 + 0.03 Ga and the second 3.74 and 3.82 Ga. These are the oldest 
groups of rock inthe world. As canbe seen by examining Table 5.4 and Figure 5.18, summar- 
izing the results obtained by the various methods, the two groups are quite distinct. 
However, small differences can be noticed in the absolute values obtained by the various 
methods and whose precise meaning is unclear. We have no explanations other than that 
the rocks were subjected to subsequent metamorphism and the chronological systems were 
probably disrupted somewhat. 

The Australian group from Canberra has used ion probe point analysis methods to 
measure zircon grain by grain and determine the U-Pb ages on the Amitsogq gneiss. A his- 
togram can be made (Figure 5.19). It shows the two peaks at 3.60 Ga and 3.80 Ga, providing 
we take the mode of the two asymmetrical distributions as the value. The two statistical ages 
seem to be in agreement with the ages measured by conventional methods. 

Letus discuss andinterpret these results. The distribution of the Amitsoqand Isua forma- 
tions is clear enough. The age of the Amitsoq gneiss is 3.64 + 0.05 Ga, with At/t = 1.3%. 
The Isua formation is a little older but not as well defined. The age of 3.66 Ga given by 
87R b—*°Sr on whole rocks from Isua must be considered to be re-homogenization at the 
time the Amitsoq gneiss formed. 

There seem to be rocks dating from 3.82 Ga, particularly in the form of conglomerates 
whose zircon “survived” the geological perturbations. 
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But we may surmise that the Isua surface formation is rather aged 3.77 + 0.08 Ga (At/ 
t = 2%). The age of 3.82 Gais the result of inherited processes. Along the same lines, we can 
infer that some old zircons have been incorporated into the Amitsoq formation, either 
through the erosion—sedimentation cycle or by processes of magmatic assimilation or 
metamorphism yielding the old values in the statistical distribution. As can be seen not 
everything is clear. But it did all happen nearly 4 billion years ago! 


Archean komatiites 

Komatiites are associations of basic and ultrabasic lavas found in Archean rocks alone (see, 
e.g., Hamilton etal., 1979; Zindler, 1982; Brévart etal., 1986; Dupré and Arndt, 1986). They are 
the only evidence of what the mantle was like at that time. These associations of rock have been 
dated mainly by Sm—Nd and Pb—Pb systems since the other geochronometers, particularly 
Rb-Sr, Ar—Ar, and U—Pb, are generally very disturbed systems. In addition, the U—Pb, con- 
cordia method is difficult to use as uranium-rich minerals are very rare in these rocks. The old- 
est well-identified komatiite belt is the Barberton Greenstone Belt in South Africa. It is dated 
3.4 + 0.12 Ga (almost as old as Amitsoq!). Several datings have been obtained on these rocks 
by various methods, all of them more orless concordant. Here are the results. 

The whole-rock isochron method gives: °’Rb—*’Sr = 3.35 + 0.2 Ga; ’Sm—'"Nd = 
3.54 + 0.07 Ga; *?Ar— Ar = 3.49 + 0.01 Ga; *°°Pb—*"’Pb = 3.46 + 0.07 Ga. This poses the 
question of the exact age ofemplacement of the komatiites. Is it 3.35 Ga or 3.53 Ga? There is 
a gap of some 200 Ma between the two dates, which is as long as the time separating us from 
the Jurassic. Given the data we currently have, we have no criterion for deciding one way or 
another, and so choose the value of 3.45 + 0.10 Ga as the most likely age. The resolution of 
such problems will answer the question of the duration of the emplacement episode of 
komatiites. 

An entirely different situation is found at Kambalda in Western Australia. Both the 
473m—'8Nd and 2°°Pb—*°’Pb methods give very handsome alignments on the isochron 
diagrams. Unfortunately, these alignments do notyield the same age. The *”Sm—'**Nd age 
is 3.26 Ga while the 7°°Pb—”°’Pb is 2.72 Ga. Both methods are reputed to be robust.Which 
should we choose when they fail to agree? 

Dupre and Arndt (1987), then working together at the Max-Planck Institute in Mainz, 
showed that the '*’Sm—'**Nd straight lines were in fact straight lines of mixing, as shown in 
the (Enq, 1/Nd) plot (Figure 5.20). The most likely age is therefore 2.72 Ga, which is consis- 
tent with the local geological context and datings of other associated terrains. Dupré and 
Arndt (1987) generalized the discussion ofcomparative Sm—Nd and Pb—Pbages on koma- 
tiites and madea systematic compilation (seeTable 5.5). 

Thereare three cases where the age is fixed to within + 20 Ma: Barbertonin South Africa, 
the Abitibi komatiite belt of Canada, and Zimbabwe. This assertion is based on the concor- 
dance of ages determined by both methods and on the geological context and dating of 
neighboring granitic rocks. Notice that At/t = 0.7%. 

Cape Smith isa special case because the “’Sm—"4*Nd and 7°’Pb—**Pb ages are not very dif- 
ferent and have overlapping margins ofuncertainty. For want ofany other information, we must 
put down an age of 1.73 + 0.1 Gawith At/t = 5%, which is not bad compared with the others. 

The case of West Pilbara in Australia is rather similar. The two *°’Pb—*°°Pb measure- 
ments seem weaker and incorrect because the geological context argues rather for an age of 
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Table 5.5 Comparative Sm—Nd and Pb—Pb ages on komatiites (these are solely ages for which 
alignments are statistically reliable) 















































'47Sm—'?Nd ages 206Pp-?°’Pb ages Most likely age 
West Pilbara ~ 3.5 Ga 3.560 Ga + 30 Ma ~ 3.15 Ga 3.5 Ga? 
Barberton ~ 3.5 Ga 3.540 Gat 30 Ma 3.460 Gat 70 Ma 3.45 Ga 
Abitibi Munroe 2.662 Ga + 120 Ma 2.724 Ga + 20 Ma 2.1 Ga 
Alexo (2.7 Ga) 2.750 Ga +90 Ma 2.690 Ga + 15 Ma 
Newton 2.826 Ga + 64 Ma 2.65 Ga+ 15 Ma 
Kambalda = 2.7 Ga 3.260 Ga + 40 Ma 2.720 Ga + 105 Ma 2.17 Ga 
3.230 Ga + 120 Ma 2.730 Ga + 30 Ma 
Zimbabwe ~& 2.7 Ga 2.640 Ga + 140 Ma 2.690 Gat 1Ma 2.17 Ga 
2.933 Ga + 147 Ma 
Cape Smith = 1.8 Ga 1.871 Ga + 100 Ma 1600 Ga + 150 Ma 1.73 Ga 
i) 
0 
| ! 
0.5 1 
1/Nd 


Figure 5.20 Diagram of (Ena, 1/Nd) plot on komatiites of Kambalda (Australia) showing a correlation in 
agreement with the idea that the rocks are a mixture. After Dupré and Arndt (1987). 


3.56 Ga. It is the context alone that allows any conclusion, but the 7””Pb—*°°Pb results indi- 
cate there was a secondary, disruptive phenomenon. 

As said, Kambalda is the opposite case. The geological context indicates that it is the 
207Ph—?°Pb system that yields the more reliable age. 

The results of these last two cases show that there is nothing automatic about the process 
and otherdatings probably need to be madeby a third method orconstrained by other geolo- 
gical data. 


The rhyolite of Long Valley, California 
Itis probably on this very amenable rock that the University of California—Los Angeles team 
around Mary Reid (Reid eta/., 1997) made thebest use of the various methods for determining 
the ages of geological units of very recent magmatic origin. The age of eruption and ofempla- 
cement are estimated, allowing for erosion, as 140 ka. The results obtained by the different 
methods are: 257ka (®*’Rb—*’Sr) and 200-235 ka (isochronous 7*°Th—**8U), and the 
3° Ar—*°Arages are much younger, ranging from 100 to 150 ka (Reid etal., 1997). 

The discordances here (several thousand years) are construed as not arising from subse- 
quent disruptive phenomena but rather from complex magmatic sequences (Figure 5.21). 
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Figure 5.21 Results obtained by various methods for the rhyolite of Long Valley, California. After Reid 
et al. (1997). 


The *’Rb—*’Sr age is thought to mark the intrusion of the magma beneath the volcano and 
the creation ofa magma chamber. The **°Th—***Uages supposedly date the crystallization 
of zircon in the same magma chamber. The *’Ar—*’Ar ages date the eruptions. This exam- 
ple raises not the question of uncertainty but of identification. What age is the radiometric 
phenomenon associated with? What exactly is it that we date? 

In the previous examples we barely posed the question just raised for Long Valley (except 
for the Eldora gneiss). For the komatiites the answer is clear enough: we want to date the 
magma intrusion. For Greenland, itis a little fuzzier. Is itthe emplacement ofgranite before 
metamorphism? Is itthe metamorphic episode? It is not absolutely clear. 

Here, with the Long Valley rhyolite, there is no getting round the question. The ages can 
only be interpreted in the context ofa geological scenario, a general model. At the same 
time, itcan be seen thatthe different chronometers arenotused for dating the same phenom- 
ena. The very idea of concordance of ages obtained by the various methods, so far consid- 
ered as the criterion of absolute reliability, must be refined. Perhaps the uncertainty that 
can be estimated by the various methods reflects merely a problem of identification. Let us 
try to extend this type of interpretation. 

Thus, when we observe that °’R b—*’Sr ages on whole rock measured in granite are gen- 
erally a little younger than the ages obtained on zircon by the concordia method, we ques- 
tion what this difference means. It may arise because zircon is the first mineral to 
crystallize whereas *’Rb—*’Sr is re-homogenized by the circulation of hydrothermal 
fluid which is driven off towards the end of granite crystallization and gives rise to the 
aplite and pegmatite seams. This is not the only interpretation. We might also consider 
that the zircon is aged because it has inherited older zircon. Ion microprobe examination 
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of zircon minerals has now provided an answer but before we were in a position of 
indeterminacy! 


Conclusions 

There are two conclusions to be drawn from these studies (which we could have multiplied 
indefinitely). First, it has been seen that the quantitative methods of interpreting isotope 
measurements actually gave very coherent ages (despite the slight uncertainties with decay 
constants). Second, we have just observed that better understanding of these measurements 
requires them to beincluded in geological schemas of interpretation. The geological inter- 
pretation benefits on the one hand from the results of radiometric dating but in exchange it 
alone can make the figures yielded by the various methods fully meaningful. 

Let us repeat, there is nothing automatic about interpreting radiometric ages. Age 
is meaningful only in a given geological context. In addition, in return, inclusion ina 
geological context enlightens the geochemical behavior of the various chronometers. 
Each radiochronometer may bear original information, but for it to be credible it must 
be matched against other sources of information. It must be consistent with the 
other things we know, with the usual behavior of the chronometer in question compared 
with other chronometers, and with the specific geological history under study. The 
scientific approach is more like detective work than the application of automatic 
programming. 


5.5 The geological timescale 


5.5.1 History 


The making of the geological timescale, which is the greatest revolution geology has seen, 
paradoxically has a long history. It took longer for it to become accepted than for its main 
lines to be established. As stated, the idea of using radioactive decay to measure geological 
ages seems to have occurred independently but at about the same time to Pierre Curie in 
France (see Barbo, 1999) and to Ernest Rutherford in Canada (see Eve, 1939) in the early 
twentieth century. 

It was Rutherford who first attempted to translate this insight into an actual measure- 
ment. He had just identified a particles as helium atoms. His colleague Ramsay had just 
shown how the proportions and abundances of the rare gases could be measured. 
Rutherford suggested to him measuring the amount of helium contained in a uranium ore. 
He didso. Rutherford foundan age ofmorethan1 billion years. This was in1906, aboutacen- 
tury ago. Rutherford’s discovery was a bombshell: geological terrains were more than 1 bil- 
lion years old! The second stage took place in 1907 at Yale University, where Rutherford 
went to deliver the prestigious Silliman Lecture. Now, at Yale there was a chemist named 
Boltwood, who was interested in chemical transformations related to radioactivity. He sus- 
pected that the end product of radioactive chains, which he was analyzing by chemical 
methods, was lead. Rutherford suggested he should test out his idea geologically by taking 
what geologists reported tobe young and olduranium ores and analyzing their lead content. 
The older ones should contain more lead than the younger ones. Boltwood (1907) made the 
corresponding series of measurements and confirmed there was a connection between 
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leadand uranium chains. Inturn, hethen decided to use the method to date the uranium ores 
by analyzing the uranium and lead content of each, and he calculated the ages by applying 
the exponential law for decay. These were purely chemical measurements, not isotope 
measurements. 

After Boltwood’s discovery, inspired by Rutherford, the chemical dating of lead was 
improved by the discovery that thorium too was the parent of a radioactive chain ending in 
lead. The dating formula was modified slightly to read: 





(PD) tota1 
(jy+-048 (hy 


Age = 
where (Pb), (U), and (Th) are the lead, uranium, and thorium contents in grams, 
respectively. 

However, the chemical U—Pb method soon ran into what seemed at the time an insolu- 
ble technical problem. Uranium ores could be dated, but what of ordinary rocks? 
Chemical methods of the day were not sensitive enough and could not be used to measure 
either uranium or lead contents in ordinary rocks. These contents are measured in parts 
per million and at the time such elements could be measured only if their abundances 
were of the order of 1%. 

Thatis why in 1908 R. J. Strutt, who later became the famous Lord Rayleigh, undertook 
to measure the age of ordinary rocks by using the helium method (Strutt, 1908). To do this, 
hemeasured the radiation produced by the rock, which gave him the instantaneous quantity 
of *He produced. He next measured the quantity of *He contained in the rock. It was then 
possible to make a simple age calculation. Although Strutt was aware from the outset that 
helium diffuses readily from minerals and rocks and so affects the age measured, the 
method developed quickly in various parts of the world: in Britain with Strutt himself, in 
the United States with Piggot, and in Germany with Paneth, who applied it to meteorites 
above all. In this race to develop a reliable geochronological method, one of Strutt’s stu- 
dents, the Scot Arthur Holmes, made a name for himself and was to play an essential part 
in geological age determinations for the next 40 years (see Holmes, 1946). He is one of the 
founders of isotope geology. 

Although geochronological methods based on lead and helium are subject to limitations 
and uncertainties, geologists embarked upon the adventure of constructing an absolute 
geological timescale to attribute durations to the geological eras and stages of the stratigra- 
phers. The first successfully to build a coherent whole was Barrell in 1917. As Holmes was to 
do later, Barrell used radioactive datings and stratigraphic and geological observations to 
correlate them. He judged some ages unrealistic, others acceptable, and by a series of 
approximations and trials and errors he came up with a genuine quantitative stratigraphic 
scale in millions ofyears. Table 5.6 shows the figures of his scale alongside the “modern” fig- 
ures. With hindsight, Barrell’s work was outstanding — and yet no one believed it! When I 
began studying geology in Paris in 1958-9 we were told there was an absolute stratigraphic 
scale but that it was highly approximate and largely wrong and so should not be learned. If 
truth will out, itsometimes takes quite a while to do so! 

This absolute scale, and even more so the reasoning that underpinned it, that is, the age 
attributions to geological phenomena in millions or billions of years, and the awareness of 


| 190 | Uncertainties and results of radiometric dating 





Table 5.6 The absolute scale of geological times in millions of years“ 








Barrell Holmes Holmes Lambert Modern 
(1917) (1947) (1960) (1971) ages 
Quaternary Pleistocene 1-15 1 1 4 
(Noozoic) 
Tertiary Pliocene 7-9 12-15 11 7 12 
(Cenozoic) Miocene 19-23 26-32 25 26 26 
Oligocene 35-39 37-47 40 38 37 
Paleocene 55-65 58-68 70 65 65 
Eocene 
Secondary Cretaceous 120-150 127-140 135 135 141 
(Mesozoic) Jurassic 155-195 152-167 180 200 195 
Triassic 190-240 182-196 225 240 235 
Primary Permian 215-280 203-220 270 280 280 
(Paleozoic) Carboniferous 300-370 255-275 350 370 345 
Devonian 350-420 313-318 400 415 395 
Silurian 390-460 350 440 445 435 
Ordovician 480-590 430 500 515 500 
Cambrian 550-700 510 600 590 570 





“ Single dates indicate the beginning of the period. 
Source: After Hallam (1983), in which the references cited may be found. 


the extraordinary geological myopia of classical geology based on stratigraphic stages, did 
notcome tobe truly accepted until the late 1960s. 

This scale must be subdivided into two separate periods because the conditions for age 
determination are not the same (see Plate 6). 


e The Precambrian period extends from the formation of the Earth to the appearance 
of the first “unquestioned” fossils 550 million years ago. This period began with the 
earliest rocks, the first terrestrial rocks of Greenland, which, as we have seen, are 
aged 3.82 Ga. 

e The “classical” period is that of traditional geology where fossil-based geology 
applies. Within this period a special place must be made for the interval ranging 
from 0 to 200 Ma during which we have samples of a real oceanic crust overlain by 
sediments that are well identified paleontologically thanks to microfossils. The under- 
taking was to match the terrains identified on a worldwide scale and to classify 
them, through their fossils, in time intervals measured in millions of years. The first 
job, then, was to put numbers on the stratigraphic scale developed by stratigraphic 
paleontology which divides the periods for which there is fossil evidence into eras 
and stages. This scale was then extended to very ancient ages, and after that, its reso- 
lution was improved for recent times. 


5.5.2 The absolute scale of fossiliferous (Phanerozoic) times 


The great difficulty in this undertaking is that the usual methods for dating long durations 
suchas “’Rb—""Sr, 72*U "pp, “’Sm— Ne, *’Re—" Os, or ®K—“Ar cannot readily be 
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used for dating sedimentary rocks. Now, the stratigraphic scale is defined by index sedi- 
mentary strata containing fossil associations chosen as the boundary beds. The reasons it 
is difficult to date sedimentarystrata are that either sedimentary rocks are made up of inher- 
ited material (sandstone and schists) of varied provenance and age and, in such cases, the 
criteria for initial isotopic homogeneity are not satisfied, or they are newly formed material 
(limestone), in which case the rock is sensitive to secondary phenomena (particularly 
water circulation) and are not closed systems. Despite painstaking studies, which have not 
been entirely unsuccessful (which are always cited, of course) no general method has 
emerged. 

The absolute chronology of sedimentary strata is generally established indirectly by dating 
igneous rocks whose geometric and chronological relations with the strata are known. 
Interstratified volcanism is a particularly favorable case, of course. Another case directly 
derived from the process of oceanic expansion is that of the ancient ocean ridges, that is, 
sea-floor spreading where a still-fresh layer of basalt (that can be radiometrically and magnet- 
ically dated) is overlain by a layer of limestone that is very rich in microfossils. Ocean drilling 
has allowed such dating (although the basalt must not be overly affected by hydrothermal 
circulation or by exchange with sea water at low temperature). The most commonly used 
method for dating basalt is the °°Ar—*°Ar method. But such dating is increasingly difficult as 
we go back in time because of weathering, since the older they are, the more the basalts have 
been altered by reaction with sea water, with which the sediment is impregnated. 

In addition, direct methods yield dates for a few reference strata only. Other results must 
be interpolated from them. The principle behind the method is simple enough. Suppose 
that in what is considered a continuous sedimentary series we know from one of the earlier 
methods the ages ¢, and ft. of two points in the series, separated by a thickness 
D(X) = X, — X>. As a first approximation, all of the strata in the interval may be dated by 
interpolation. 

Thesedimentation rate of the series is 


y= 2H) 
tf) — bho 


so the age f3 ofa point located at X3 is 


X,—X 
n=n-( -_ ). 


To apply the method, first the series must be continuous, in other words, there must be no 
sedimentary gap or hiatus, which stratigraphers are experienced at detecting. Next, sedi- 
mentation must be of the same type if we are to assume the sedimentation rate has remained 
constant. All of this is done by comparing, correlating, obtaining new dates, by modifying 
old data, or confirming other data, little by little and case by case. As can be seen, itis a long, 
hard slog and there is scope for constant improvement. It is understandable, then, that the 
age boundaries between stages or eras are affected by uncertainty which varies with the 
date of publication. 

The stratigraphic scale is shown in Plate 6. A few brief remarks are called for. The eras, 
which our forebears thought were about equal in length, are in fact highly unequal: 
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Figure 5.22 Relationship between duration and ages of geological eras. “Classical geologists” thought 
these durations were about equal. We are indeed dealing with a case of geological myopia. 


Paleozoic (Primary) 340 Ma, Mesozoic (Secondary) 145 Ma, Cenozoic (Tertiary) 65 Ma, 
and Quaternary 5 Ma. Ifwe plot the geological eras and the traditional subdivisions, it can 
beseen that the loss of information is about exponential with time (Figure 5.22). 


Remark 

With scientific advances, the names of the reference terrains do not change, but the ages of these 
terrains are constantly changing. Uncertainties on the limits are not symmetrical because geolo- 
gical constraints are not symmetrical either. 


The case of the Quaternary 
In recent periods, ranging from 1 to 5 Ma, which is the time in which humankind has 
appeared and developed, the situation is very different for two reasons. The first is that 
many dating methods can be applied directly to sediments. This is the case with “C, '°Be, 
and methods based on radioactive disequilibrium. Direct dating can therefore be prac- 
ticed. The second is that there are many indirect methods: fluctuations in '8O/!°O isotope 
ratios (to which we shall return in Chapter 8), fission tracks, paleomagnetism, micropa- 
leontology, etc. All of these methods can be used for intercalibration and refined 
interpolation. 

In short, we can now draw up avery precise chronological scale for the Quaternary but 
one that is based on climatic phenomena.We shall speak of this in Chapter 6. 


5.5.3 The Precambrian timescale 


The Cambrian is the age at which the first common fossil faunas appeared. The two types of 
characteristic fossils are trilobites and Archeocyatha. Its lower boundary is dated 
540140 Ma. 

As Precambrian terrains cannot be subdivided on the basis of fossils, we work the other 
way around: we set numerical limits and then map the corresponding terrains at defined 
time intervals. The essential boundary has been set at 2.5 Ga. It divides the period before, 
known as the Archean, and the period ranging from 2.6 Ga to 0.4Ga, known as the 
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Proterozoic because we suppose that it was during this period that life developed. The ques- 
tion, ofcourse, is how to determine the lower limit to this scale. 

We assume that the continental crust as it is today has not existed since the first age of 
the Earth but that it appeared after a time To or that it appeared at an early date but 
was destroyed by multiple phenomena (meteorite bombardment?) and subsisted from 
To only. This age To is therefore the upper limit of the Archean. Between the formation of 
the Earth and 7 we have defined a period for which there is little and often only “indirect” 
evidence (meaning there are no whole rocks) and that is known as the Hadean (see 
Chapter 7). 

But what is the value of To? How old are the oldest terrains, in the sense ofuninterrupted 
geological formations that can be mapped? The Isua and Amitsoq formations of 
Greenland already mentioned and dated 3.77 Ga and 3.65 Ga, respectively, are the oldest 
terrestrial rocks knownas yet. But sedimentary rocks in Australia have been found to con- 
tain zircon whose U—Pbages concord at 4.3 Ga (and a feweven at 4.37 Ga). These are indis- 
putably the oldest terrestrial minerals. But what is the meaning of that? Zircon is a typical 
mineral of granitic rocks, and so the remains seem to testify that there were pieces of conti- 
nent at that time. Were those continents preserved, buried somewhere, or were they 
destroyed by erosion, meteorite bombardment, and Hadean tectonism? This is a question 
geochronology raises. We therefore provisionally fix the Hadean—Archean boundary at 
3.8 Ga (see Plate 6 for the azoic (Precambrian) timescale). Here we have an uncertainty due 
to lack of information.We must therefore be prepared to change these figures as new discov- 
eries aremade. 


5.6 The age of the Earth 


The age of the Earth was touched upon in Chapter 2 and could in itself be the subject ofan 
entire book, such is its historical and philosophical significance. We shall give a brief sum- 
mary of it, emphasizing the approaches taken by those who attempted to answer the 
question. 


5.6.1 History 


The Bible indicates that the Earth is 4000 years old. Around 1650 Archbishop Ussher estab- 
lished by bibliographical studies that the Earth had been created on 26 October in the year 
4004 BC at 9.00 in the morning! 

By contrast with this, in the late seventeenth century, the founder of geology, Scotsman 
James Hutton, had dismissed the very idea of the Earth having an age we can estimate. The 
Earth had always been hereand was the seat ofthe same phenomena described by geological 
cycles and would be until the end of time. “No vestige of a beginning — no prospect of an 
end,”as he putit. 

Inthe mid nineteenth century, while classical geology was thriving, the British physicist 
William Thomson, later to become Lord Kelvin, began to criticize the idea of an eternal 
Earth and repetitive geology. His idea was simple. Geological processes consume energy, 
if only to make reliefs, power volcanoes, or generate earthquakes. Now, the energy the 
Earth contains is not inexhaustible. He identified the source of terrestrial energy as being 
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of thermal origin. The inside of the Earth is hot and the Earth is cooling because it loses 
heat from its surface by radiation. He thus came up with the figure of 100 Ma, confirmed 
in two ways. First, he had used the same theory to calculate an age for cooling of the Sun 
(this time by calculating the energy dissipated by radiation) of 100 Ma. Second, the 
Irishman Joly had also calculated the age of the ocean and found 100 Ma. The age of 
100 Mawas a must! 

However, geologists, and foremost among them Charles Lyell and Charles Darwin, 
rejected this age which they thought too young.® In 1910 Rutherford and then Boltwood 
determined the first radiometric ages exceeding 1 billion years. Pierre Curie and 
Laborde showed that radioactivity gave off heat, and so there was an energy source inside 
the Earth, which implied Lord Kelvin’s calculation was false. And yet it was only after the 
Second World War that Kelvin’s figure was seriously revised (see Burchfield, 1975; 
Dalrymple, 1991). 


EXAMPLE 


Kelvin’s problem 


Kelvin considered the cooling of the Earth, ignoring its roundness. He assumed the surface 
was plane and supposed it was maintained at constant temperature as it lost its heat by 
radiation into space. 

For a semi-infinite solid separated by a plane surface, Fourier’s theory states that if we take 
depth (z) with depth at the surface z=0 and assume the solid is at a temperature 7p at the 
initial time and we allow it to cool by conduction, the temperature T(z) is a function of To and 
of z/2(kt)/?, where tis time and kis thermal conductivity. The thermal gradient (or geothermal 
gradient as we say for the Earth) is written: 


= To a =7 
Zz (kt Pl ake) 


Near the surface z=0 and the exponential equals 1. The geothermal gradient Gis: 








G = To(nkt) ?/?. 


If we take To = 7000 °F, then G= 1/1480. With k= 0.0118 we get t= 0.93 Ma. 











EXAMPLE 


The age of the oceans 


The Irishman Joly (who was one of the first to use radioactivity in geology) decided to calculate 
the age of the ocean (but attributed to it the same age as the Earth). 

His reasoning ran like this: in the beginning the sea was fresh water. It became salty 
through the input of rivers and evaporation of water. So if we divide the mass of sodium in 
the ocean by the mass added annually by rivers, we will get the age of the ocean. To do this, 











® Kelvin changed his calculation somewhat and at different times his age for the Earth varied between 
25 Ma and 400 Ma, but that did not change the order of magnitude at stake! 
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he used the values of his day. That of sodium in rivers was 2-107 *moles kg * while the 
sodium content of sea water was 0.5 moles kg” *. And he asked: how long has it taken to make 
the sea salty? Given that the mass of the ocean is 1.5 - 107*g and the mass of inflow from 
rivers is 4 - 107° g, he found an age of 


0.50 mass of ocean 
x : — 
2-10-4 mass of rivers 





0.93 - 10’years.° 








5.6.2 The isotopic approach 


In1938 Alfred Nier, then doing postdoctoral work at Harvard University, measured the iso- 
topic composition of lead in galena (PbS) from various geological settings and to which var- 
ious “geological” ages had been attributed. Nier undertook to calculate the 7°’Pb—*°°Pb 
ages of the galena and found ages of 2.5 billion years. Now, at that time the astronomer 
Edwin Hubble, working at the California Institute of Technology, had used the gradual 
recession of galaxies to determine the age of the Universe and had come up with a figure of 
2 billion years! 

Rocks that were older than the Universe! Wasn’t that impossible? Three scientists set 
about using Nier’s results to recalculate the age of the Earth: Gerling (1942), Holmes 
(1946), and Houtermans (1946). Their common starting point was Nier’s isotope analyses 
on galena in 1938 at Harvard. Some of the samples were from geological formations of 
knownage. As galena does not contain uranium its isotopic composition is frozen from the 
time it becomes isolated. If we write the isotopic compositions a=7°°Pb/***Pb and 
B=?°7Pb/?*Pb and assume that the isotopic composition of the galena was “constituted” 
in aclosed system (mantle or crust) which has been isolated since the origins of the Earth, 
we can write: 








238U 3 F 
a=aot+ pp (e MD aig ayy 
235 
U ! ! 
B = Bo =P 204Ph ie a e ay 


where 79 is theage ofthe Earth, 7, the age of the galena, ag and (3 the initial isotopic compo- 
sitions of the Earth, and where A corresponds to **°U and 2’ to 7*°U. As we have already 
done, we can rewrite these equations as: 


ATe — eT 
a-a eto _e 

Y= 13738( |. 
B— Bo ie eth 
Unfortunately, to calculate the age of the Earth To in this equation, two unknowns are miss- 
ing, the initial isotopic compositions of terrestrial lead (ag and 3). 


Gerling, atthe Institute of Precambrian Geologyat Leningrad (now St. Petersburg), sim- 
plified the problem and adopted a new assumption (Gerling, 1942) (Figure 5.23). He chose 





° This age is now referred to as the residence time of sodium in the oceans. See Chapter 8. 
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Figure 5.23 Principle of Gerling’s method of calculating the age of the Earth. 


the galena from Ivigtut in Greenland from among those Nier had measured, whose isotopic 
ratios were the lowest, and assumed those ratios corresponded almost to ap and (Jo. To 
remove the complication of the geological age of the galena, he considered recent galena 
whose age he assumed to be 0. The equation became: 


cma n78(S4 - *) 
B _ Prag Gert = 


He thus found an age for the Earth of 3.1 Ga. 


Exercise 


We take two samples of galena of recent ages, one from Joplin (United States) and the other 
from Clausthal (Austria). 

For the first, 7°°Pb/?°*Pb=22.28 and 7°’Pb/?°4*Pbh=16.10. For the second, 
206 bb /?°*Pb — 18.46 and 7°’Pb/?™Pb = 15.6. (For the Ivigtut galena *°°Pb/?°*Pb = 14.54 and 
207Db/?>4Pb = 14.6.) 


(1) Determine the age of the Earth by Gerling’s method. 
(2) What would the ages be if we assumed ap =0 and (9 =0? 


Answer 
(1) Tioptin = 2.83 Ga and Tetausthal = 3-2 Ga. 
(2) Tigatn = 4.72 Ga and Teaucinat =o Ga. 


Holmes used a more sophisticated method (Figure 5.24) but still based on the same prin- 
ciple of a closed system for isotopic evolution as provided by the galena measured by 
Nier. We take two galena specimens of “known” ages T; and 7>. We have two equations. 
For galena |: 


a, — a9 1 eT — eT 
Bi — Bo 137.8 \e#T — eT 
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Figure 5.24 Measurements giving the age of galena by Holmes’s method. 
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Figure 5.25 Age statistics determined by Holmes with his two-by-two galena method. 





and for galena 2: 
az — Ao _ il eT — eh 
By — Bo 137.8 \e#T% — eM)’ 


and three unknown quantities a, Go, and To. 

Holmes (1946) then hit upon the idea ofa sort of statistical method and reasoned like this: 
suppose I give myself ages of the Earth Ty = 2 Ga, 3 Ga, and 4 Ga. If we replace Tg by these 
values in the equations, we can calculate the two unknowns ay and (39 on a case-by-case 
basis (Figure 5.25). So we can plot an (ao, To) diagram. This operation may be repeated with 
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Figure 5.26 The age of the Earth as determined by Clair Patterson, 1953-6. 


asecond pair of galena specimens, giving us asecond curve, witha third pair, and so on. We 
just have to take the mean of the intersections between the curves to get the real pair (a9, To) 
and To. Holmes came up with 3.4 Ga, an astonishing convergence with the date calculated 
by Gerling. Houtermans (1946) adopted much the same method, leading him to a result 
close to 3 Ga. 

In the 1950s, then, wehad an estimate for the age of the Earth ofabout 3.5 Ga. (Meanwhile 
astronomers had recalculated Hubble’s equation and found an age of 4 Ga for the Universe.) 

In 1950, advances in mass spectrometry meant the isotopic composition of lead of ordin- 
ary rocks could be measured although this elementis only found in traces. In his Ph.D. thesis 
at Chicago University, Clair Patterson (1953) first measured two meteorites, an iron 
meteorite (Canyon Diablo) and a basaltic meteorite (Nuevo Laredo) by the *°°Pb—*°’Pb 
method (Figure 5.26). By joining up the two points in the (7°°Pb/?°*Pb, 7°’Pb/?*Pb) dia- 
gram, he calculated an age of 4.55 Ga, which he claimed to be the age of planetary objects 
(Patterson, 1953, 1956). 

He then measured a present-day volcanic rock from Hawaii, which supposedly repre- 
sented what was assumed to be the homogeneous interior of the Earth, fine sediments from 
the Pacific, and a manganese nodule supposed to represent averages of rocks from the 
Earth’s surface. These three rocks lay roughly on the straight line at 4.55 Ga. He attributed 
to the Earth the same age as the meteorites and asserted this was the age at which the Solar 
System formed. This is the age which now features in all the textbooks. It also determines 
the initial values ag and /3o. 

These values have since been determined more precisely as 7°°Pb/ Pb )y = 9.307, 
(7°7Pb/*°*Pb)o = 10.294, and (7°8Pb/?*Pb)o = 29.476. 

Apart from the value of the age of the Earth and the benchmark it provides for the history 
of geological times, Patterson’s work has an important consequence. It can be used to “situ- 
ate” the isotopic compositions of galena measured in geological formations relative to the 
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Table 5.7 Samples of galena used by Nier in two-by-two determinations 





206 Pp /?4Ph 207Pb/7°4Pb Age (Ma) Number“ 





Casapalca (Peru) 18.83 15.6 25 1 
TIvigtut (Greenland) 14.54 14.70 600 19 
Yancey (North Carolina) 18.43 15.61 220 18 
Great Bear Lake (Canada) 15.93 15.30 1330 25 





“See Figure 5.24. 


initial reference point (ao, Jo) and by the same token to allowa series of calculations for the 
age of the Earth from eachsample ofgalena.We shall see what this work leads toin Chapter 6. 


Exercise 


Calculate the age of the Earth from Casapalca and Yancey galena samples given by Nier in 
Figure 5.24 and Table 5.7, assuming ao and {39 to be the values known today and assuming 
their age is about zero. 


Answer 
Tcasapalca = 4.39 Ga and Tyancey = 4.45 Ga. 


5.6.3 The modern approach 


A first, probably somewhat disarming, observation is that with modern analytical methods 
(see Allégre et al., 1995) we cannot repeat Patterson’s measurements and find the same 
result! The points that are supposed to represent the Earth do not lie on the straight line for 
meteorites but forma cloud. Moreover, the decay constants for uranium have been changed 
since, and so we would no longer find 4.55 Ga with modern values. And yet, Patterson’s 
result is about right (Tatsumoto ef a/., 1973)! Unfortunately for him, the very concept of 
the age ofthe Earth has changed and has become much less well defined than in his day. 

First, it has been realized that the Earth’s history has been very complicated and that the 
models of evolution of lead involving just a single episode ina closed system do not apply to 
any terrestrial reservoir. All of the systems — crust—mantle—ocean — are open systems that 
exchange material with each other: there is absolutely no ground for applying the closed- 
box model to reservoirs like the mantle or continental crust as Patterson did, even asa first 
approximation (as we shall seein Chapter 6). Then, with the advances in planetary explora- 
tion and planetological models, it was realized that the Earth had not been formed in an 
instant but by a slow process (named accretion) which probably lasted 100-150 Ma. We 
come back to the question we raised at the beginning of this chapter: for dating we need a 
box that closes at a definite given time. If we date the Earth by any particular method, what 
is the meaning of that age? Is it the time the coreformed, or the end of degassing of the atmo- 
sphere? Is it the age of the solid material that is its main component? 

Weshall return to this problem in Chapter 6. Letusbe contentto say that the Earth formed 
over a period of 100 to 120 Ma and that the process began 4.567 Ga ago! The concept of 
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Figure 5.27 Changes in the age attributed to the Earth as geological sciences have developed. 


dating can be applied in several ways. Either we date the beginning and end of accretion of 
the Earth, or we determine an “average age” of formation of the Earth with no precise mean- 
ing. We can see that analytical uncertainty is no longer an issue, but that it is “geological 
uncertainty” or even conceptual uncertainty that challenges the validity of the reference 
model outside of which any age is meaningless. This, then, is a good example of the different 
meanings we can attribute to uncertainty ofa geological age measurement! For fun, we can 
end by noticing that if we represent the age of the earth in semi-logarithmic coordinates 
against the date of research into the subject (Figure 5.27), we obtain a straight line: this is 
food for thought about the meaning of correlations with no theoretical support. (Perhaps a 
sociologist or a psychologist could draw conclusions from this?) 


5.7 The cosmic timescale 


One of the great success stories of radiometric dating is that it has been able to extend its 
investigative power beyond the terrestrial domain and fix chronological markers for cosmic 
evolution. 


5.7.1 Meteorite ages 


Meteorites are pieces of embryonic planets dating from early times, which were sent hur- 
tling off into space after collisions and spent millions of years in interplanetary space 
before falling to Earth. 

We have said that, as a first approximation, meteorites areas oldas the formation ofthe Solar 
System and the planets (around 4.55 Ga), but we havejust seen that this age is poorly defined. 

Modern U-Pb methods applied to uranium-rich phases developed in Paris by Gérard 
Manhés, Christa Gépel, and the present author have yielded meteorite ages with a preci- 
sion of about 300 000 years, while the age is close to 4.55 Ga, giving a relative uncertainty of 
3 -10°/4.5 - 10°(60 ppm), which corresponds toa precision of 60 years for a date of | million 
years! Using these U—Pb methods as our reference, we have been able to establish a precise 
chronology (Gépeletal., 1994) (Figure 5.28). 
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Figure 5.28 The chronological scale of meteorites after Gopel etal. (1994) and Allegre etal. (1995). CAls, 
calcium—aluminum inclusions. 


The results obtained with the other chronometersbased on ®’Rb—*’Sr, '4°Sm—'*3Nd, and 
'87Re—'8’Os long-period radioactivity are in general agreement with U—Pb ages but they 
are far less accurate. Results obtained using extinct radioactivity ('7°I—'?°Xe, 7°Al-7°Mg, 
1821 f_!82w >3Min—?Cr) allindicate ages close to those of the reference meteorite, confirm- 
ing the great age ofall these objects. However, whenever wetry touse the extraordinary tem- 
poral power of resolution of these extinct forms of radioactivity, their relative ages and ages 
relative to the U-Pb clock, substantial inconsistency is observed. The age difference 
between two objects (meteorites, minerals) is positive with U—Pb, negative with Mn—Cr 
and Al—Mg, and positive but different with I—Xe, or the contrary. Between two other 
objects, the differences obey some other rationale, and so on. This raises two questions. 
Where does this anarchy come from? What do the “apparent ages” obtained mean? 

Observation of meteorite structures and textures using the techniques of petrology has 
revealed that most meteorites are brecciated and impacted. Chondrites, which are the 
most “primitive” meteorites, are composed of spherical chondrules, evidence of transition 
through a molten state, surrounded by a matrix containing many low-temperature minerals. 
The overall impression is one of very complex relations among minerals. 

Dating using *°Ar—’Ar methods by Grenville Turner since 1968 has revealed highly 
complicated outgassing patterns and ages of generally less than 4.56 Ga. *’Rb—*’Sr ages 
obtained on the minerals also show the system did not remain closed.When alignments can 
be obtained from the isochron diagram they yield apparent ages of less than 4.56 Ga. 

All this evidence suggests that meteorites were subjected to many complex disruptive 
phenomena (metamorphism, impacts, reactions with fluids, etc.) during the evolution of 
the solar nebula. It was long thought that differentiated meteorites (basaltic or iron meteor- 
ites) had formed much later. In fact, the use of the '8"Hf—'**W method has shown that their 


| 202 | Uncertainties and results of radiometric dating 





differentiation, that is their fusion in small bodies, was also very old, dating from 3 to 4 mil- 
lion years after the Allende meteorite (Lee and Halliday, 2000). It must therefore be con- 
cluded that most of the ages obtained on meteorites are disrupted by secondary 
phenomena that occurred right at the beginning of the Solar System. 

Inthe current state ofknowledge, we can say that the oldest objects are the calcium- and alu- 
minum-rich, white inclusions in Allende. They are aged 4.567 + 0.0003 Ga (Allégre eg al., 
1995). Chondrites and differentiated iron meteorites formed in the 2 million years (probably 
for less) that followed. Basaltic achondrites formed in the first 4 (maybe first 2) million years. 
These objects were then subjected over 50 to 100 million years toimpacts, heating, and chemi- 
cal reactions with fluids. All these phenomena brought about chemical and mineralogical 
changes in these objects making the primitiveness of their dating extremely doubtful, not just 
in terms of the figures obtained but also in terms of what the date means. Here is an example 
ofuncertainty that is not analytical and is mathematically difficult to quantify. 


EXAMPLE 


Meteorites 


Meteorites are rocks that fall from the sky (see Wood, 1968; Wasson, 1984; Hutchinson, 
2004). Although they have been known since ancient times, their scientific value came to be 
understood less than a century ago. They are pieces of small planetary bodies gravitating for 
the most part in the asteroid belt between Mars and Jupiter. They are produced by impacts 
between these bodies and then move through interplanetary space before falling to Earth. 

During their travels, they are irradiated by galactic cosmic rays, as we have seen. This means 
they can be identified positively because they contain radioactive isotopes that are specific to 
such irradiation. They are of huge interest because the material dates from the time the Solar 
System and the planets formed. All meteorites are aged about 4.56 Ga. The chemical composi- 
tion of some of them, the carbonaceous chondrites, is similar to that of the solar photosphere. 

Meteorites are classified into two main categories: chondrites and differentiated meteorites 
(Table 5.8). 











Table 5.8 Summary classification of meteorites 





Chondrites 

They are formed by the 
agglomeration of small 
spheres of silicates (chon- 
drules) ina material com- 
posed ofsmall minerals 


Differentiated meteorites 


e Carbonaceous 


e Ordinary 


e Enstatite 


e Basaltic achondrites 
(eucrites) 

e Mesosiderite and pal- 
lasite (iron and rock) 

e Iron meteorites 


They contain no metal. Theirchemical 
composition is similar to that of the 
solar photosphere. 

These are the most numerous. They 
are formed from a mixture of metallic 
iron minerals and silicate minerals. 
Their composition is close to a mix- 
ture of peridotites and of metallic 
iron. 

All the iron is in the form of FeS or 
metallic Fe. 

These are basalts analogous to terres- 
trial basalts. 

Large pieces of metallic iron asso- 
ciated with pieces ofsilicates. 

Alloy of metallic iron and nickel. 





Ee The cosmic timescale 





The chondrites are the more common. They contain small spheres known as chondrules and 
their chemical composition is roughly similar to that of the whole Earth. They contain silicates 
but also scattered metallic iron minerals. The distribution of iron forms a subdivision into 
enstatite chondrites, ordinary chondrites, and carbonaceous chondrites. In enstatite chondrites 
(E) all of the iron is in the form of metal or iron sulfide FeS. In ordinary chondrites, the iron is 
divided between metal sulfide and silicates. Some have high (H) and others low (L) iron 
contents. Carbonaceous chondrites (C) have no metallic or sulfidic iron and all their iron is in 
the silicates and oxides. 

A further classification is superimposed on the mineralogical—-chemical one, based on the 
extent of metamorphism of the chondrites. Chondrites were subjected to reheating after the 
formation of the bodies from which they derived. This heating wrought more or less intense 
mineralogical changes in all of the chondrites, except for the carbonaceous ones, thus causing 
varying degrees of metamorphism. This metamorphism is rated on a scale from 1 to 6. So we 
speak of H(3), L(5), or E(3) chondrites, etc. 

Differentiated meteorites are the relicts of liquid—solid separation phenomena that 
occurred within small planetary bodies upon their formation. Some of them are basalts 
(eucrites), others are enormous blocks of metallic iron whose textures show they were 
initially molten (iron meteorites). Yet others are made up of an assemblage of massive 
metallic iron and of silicates such as olivine and pyroxene (pallasites and mesosiderites). 
These structures are indicative of the differentiation of the metal cores of the small 
protoplanets. 

As can be seen, the distribution of iron between metal and silicate is fundamental in 
meteorite classification. This must be related to the case of the Earth, where iron is mostly 
present in the core in metallic form and less present in the mantle where it is scattered among 
the silicates olivine and pyroxene. Most meteorites come from the asteroid belt between 
Mars and Jupiter, but some have quite different origins. They are pieces of planets broken off 
by impacts. Some are known to come from the Moon and it is thought others come from Mars 
(Figure 5.29). 
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Figure 5.29 History of a meteorite. 
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Meteorites can be studied by using radiochronometers with long half-lives, by cos- 
mogenic isotopes, and by extinct radioactivity. They are prize items for radiometric 
dating. 


5.7.2 The history of the Moon 


Moon rocks (see Taylor, 1982) brought back by the American Apollo and Soviet Luna mis- 
sions have also been dated by various geochronological methods. Here very briefly are the 
main findings. 

Thereis an ultrabasic lunar rock aged 4.50 Ga (the oldest evidence of the Moon) but that 
apart, the Moon is composed of two geological entities: 


(1) the highlands where the dominant rock is anorthosite (calcium plagioclase) with an age 
range of 4.3—4.0 Ga; 

(2) the maria, which are large depressions formed by gigantic impacts and are made up 
of basalts ranging in age from 3.7Ga (Sea of Fecundity) to 3.2Ga (Sea of 
Tranquillity).'° 


Since that date it seems there has been no internal geological activity on the Moon. The 
mostimportant information derived from these studies is probably that about the number 
of impact craters, which varies with time, decreasing markedly between 4.3 and 3.2 Ga. 
As these craters result from the impact of celestial “thunderbolts,” which after impact are 
captured and accreted by the Moon, itis inferred that the phenomenon oflunar accretion 
(and by extension accretion of the other planets) declined very rapidly in the early days of 
the Solar System (Figure 5.30). This provides an indirect indication about the process of 
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Figure 5.30 Density of impact craters on the Moon versus age as measured by the Apollo missions. The 
reference curve indicates what the density would be if the meteorite flux were constant. The half-lives 
measure the speed of decline of these meteorite straight lines. 


10 A lunar rock dated to 2.8 Ga was found in November 2004, but the context of its formation is not well 
understood. 
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Figure 5.31 Histograms of radiometric ages measured on three types of planetary object: Earth, Moon, 
and meteorites. This illustrates how the dating of rock can be used for comparative planetology. 


formation of the Earth by the successive, progressive build-up of ever larger planetary 
bodies. 

Toillustrate how the Moon is situated in the development of planetary objects, Figure 5.31 
shows the abundance of rocks with their ages in three different planetary environments. No 
long speeches are need to explain the value of comparative planetology for constructing a 
history of planetary formation. 


5.7.3 Pre-solar cosmochronology 


The chemical elements were synthesized in the stars (see Hohenberg, 1969; Wasserburg 
et al., 2006). This is the process of nucleosynthesis already discussed. The heaviest 
chemical elements form in massive stars only and in particular during spectacular 
explosions knownas supernovae. The idea arose of dating the time of formation ofthe che- 
mical elements by explosive nucleosynthesis. This dating system! is based on the abun- 
dance of heavy radioactive elements and even more so on the abundance ratio of two 
radioactive isotopes with different decay periods. Let us take the classic example of the 


'! Two important references are Hohenberg (1969) and Wasserburg et al. (2006). See also Clayton (1968). 
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isotopic ratio of 7*°U and 7*°U, both of which have long decay periods (one being much 
longer than the other, though). The history of these two isotopes can be broken down into 
two episodes: 


(1) the time between the Big Bang and the formation of the Solar System during which these 
isotopes were synthesized in supernova type stars; 

(2) the period since the formation of the Solar System during which these isotopes have 
been incorporated into rocky objects (meteorites or planets), after their nuclear synth- 
esis of stellar origin had ended, and they have then decayed over these 4.55 Gaby natural 
radioactivity. 


If we are to build a quantitative scenario of explosive nucleosynthesis, we must first go 
back 4.55 Ga, just before the Solar System formed, and calculate the 7*°U/7**U isotope 
ratio at that time. 


Exercise 


Given that the 7?°U/?°U ratio is now 1/137.8, calculate the ratio 4.55 - 10° years ago. 


Answer 
Uranium-255 decays by the law: 235U = (7?°U)4c5¢, € 75'. Uranium-238 decays by the law: 
228) U)eres en. Mhenefare: 


(=e 5) (=xu) eo Ast 
238 ~ \ 238 —Agt 
U present U 455Gae * 


with As = 0.98485 - 10° yr *and Ag =0.155 129 - 10° yr *. Therefore: (7?°U/??*U)4.55cGa= 0.31. 








This is what we shall have to reproduce in the chronological scenario of nucleosynthesis. 
We shall examine two extreme scenarios, which will serve as references and on that basis we 
shall discuss the construction ofa more plausible scenario. 


The different scenarios of uranium nucleosynthesis ~ 

In the sudden nucleosynthesis model, we assume that all the uranium in the Universe 
formed shortly after the Big Bang inavery short period of time whenaconsiderable number 
of supernovae existed, synthesizing the heavy chemical elements in their explosions. In this 
scenario, the remainder of cosmic time after the Big Bang witnessed only the decay ofuran- 
ium by radioactivity. We can write: 


235 TJ 235TJ\ e-AsAt 
(=x) pe = (=x) e—7eAt 
if a 
where Artis the time between the Big Bang and the formation of the Solar System. 


The question is, of course, how do we find the 351/738 ratio at the time of nucleosynth- 
esis, just after the supernova explosion? This production ratio is not well known. 








® From D.D. Clayton (1968). 
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a | Sudden nucleosynthesis of uranium |b | Continuous synthesis of uranium 








Ss 
N 
T 


> 
oo 
SQ 0.6F ‘ 
a B11, 
om cS 
‘0.5 < 
2 
2354 /238y ratio b1 
0.4 at 4.55 109 years a 
2 
| a 
------------------- 1.2 


0.3- 


0.2 




















NE 
w 


2 4 6 8 10 12 Age (Ga) 





Uranium 
production 
Uranium 
production 





@ @ ar 
@ @ 
Age To=age = 
ofthe oF fe, Tonga 
Earth Big Bang Earth Big Bang 


Figure 5.32 The two scenarios for uranium synthesis. (a) Total initial formation; (b) continuous uniform 
formation. R, ratio of 7?°U versus *7°U production in nucleosynthetic processes. 


Astrophysicists calculate it as R = 1.4.We shall take a figure between | and 2 for maximum 
uncertainty. 

Calculations give the age of the Big Bang as 6.5 Ga, with boundaries of 6 Ga and 7.2 Ga 
(Figure 5.32). Comparison with the age determined by astronomers studying the recession 
of the galaxies seems to indicate that this age is too young (astronomers date the Big Bang to 
10-15 Ga). 

In the continuous nucleosynthesis scenario, we assume that uranium formed through 
stellar history at uniform rates of production. This scenario corresponds to continuous and 
constant stellar activity with the frequency of supernovae always identical. The equations 
for evolution of the twouranium isotopes canbe written: 
dy d238y 


= _ 235 
di = Ap35 A5 U and di 








= Ag33 — Ag 78U. 


By accepting that there was no uranium at ¢ = 0, integrating the system gives: 


mea 6) — Aas Ag3g (1 — eat 
25 gag. Agss VI e a 





where 4535 and A»3g are the rates of production of 35U) and 7°8U. Here again the big 
unknown quantity is the production ratio R = A735 /A23g. We shall take it as varying from 1 
to 2 witha probable range of 1.4-1.8. 

Given that ?*°U/ ea OU) tees =0.31, we can plot the curve of the age against R 
(Figure 5.32b). The age of the beginning of this process is taken as the age of the Big Bang 
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and varies between 8 and 14 Ga. Notice that as 138/235 = 0.157, it would only need a pro- 
duction ratio Rof 1.96 for the age to be infinite. We would then have a uniform Universe of 
infinite age, which shows the extreme sensitivity of the entire scenario to the uranium pro- 
duction ratio. This is a fine example of the relative reliability ofradiochronometric methods. 
As with the age of the Earth, the age of the Universe is related to the definition ofa scenario 
(here a cosmic scenario). 


The contribution of extinct radioactivity 
Letus consider the case of 71. We know we canwrite: 


129 129 

“1 = ea | eo? 

127] se NDOT Jes : 
meteorites initial 


Ifweknow theisotopic ratio '”°I/'?’Iat the end of nucleosynthesis, we can calculate the time 
between nucleosynthesis and the formation of the meteorite. The various scenarios astro- 
physicists propose for nucleosynthesis indicate that CP Nee: 

As the ratios measured for meteorites are about 10 - 10 *, the age calculation AT = 1/2 
1n(10*) gives 210 Ma. So there was a nucleosynthetic event less than 230 Ma before the for- 
mation of the Solar System during which '”’I was born. But the discovery of other extinct 
forms of radioactivity such as *°A] and then “!Ca and *°Cl shows that nucleosynthetic events 
also occurred 5 Ma and I Ma before the formation of the Solar System for 7°AI and *!Ca, 
respectively.'* Thus all the evidence points to the occurrence of explosive nucleosynthetic 
events just before the Solar System formed. Somescientists claim these supernovae brought 
about the collapse of the proto-Sun’s nebula by the mechanical action of the shock waves. 
Nucleosynthesis, that is, the synthesis of the chemical elements, is therefore a process that 
took place throughout cosmic time andis probably still going on in the stars. 


Discussion and conclusions 

Itisimmediately obvious that any combination ofthe two scenarios, thatis, initial production 
followed by continuous production, will yield Big Bang ages of 6.5 to 14 Ga. Since astrophysi- 
cists think that there were supernova explosions well after the Big Bang and that extinct forms 
of radioactivity prove that they occurred also 4.5 Ga ago (or shortly before that), we must con- 
clude that the sudden synthesis model ofall uranium at the beginning of the Universe is unac- 
ceptable. On the other hand, all the astrophysical models seem to show that the Universe was 
amuch more active place shortly after the Big Bang than it 1s today. Itis therefore legitimate to 
give greater weight to the older epochs when it comes to nucleosynthesis (Figure 5.33). 

All of that suggests a mixed model involving initial synthesis and continuous formation. 
Ifwe consider that R = 1.5 is the most likely production ratio, the age of the beginning of the 
Universe canbe estimated at 10 + 2 Ga. 

Naturally, one might ask why we do not try to confirm this calculation with another 
chronometer. In fact, we have used *”Th and the 7” Th/?*°U ratio. This ratio is chemically 
fractionated and we do not really know its value in the cosmos. However, taking a ratio of 





3 We have taken the criterion of 6 half-lives for the element to still be “alive.” 
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Figure 5.33 Nucleosynthesis of elements forming the Solar System before 4.5Ga. Isotopes are 
synthesized (and destroyed) in stars. From 4.5Ga, stable isotopes maintain the same abundance 
ratios and radioactive isotopes decay. 


227 /?3U = (Th/ ag hee = 4, we can repeat the calculations for the same scenarios 
and we obtain comparable results. Same thing if we use '8’Re—'®’Os (Luck et al., 1980). 

By using the recession of the galaxies, astronomers date the Big Bang to 13-14 Ga. We can 
conclude that radiochronology “confirms” the age of the Big Bang as determined by astron- 
omers and the validity of the scenario of continuous nucleosynthetic activity in the 
Universe. Here we have an example of very large uncertainties because of the concepts 
employed and which far outweigh the analytical uncertainties. 


5.8 General remarks on geological and 
cosmic timescales 


5.8.1 Overall geological myopia 


As we have said, the deeper we go into the past, the more our absolute uncertainties 
increase. In recent times we can separate events 1000 years apart (and less) whereas this 
is impossible, of course, in the Precambrian. As spectroscopists would say, for recent per- 
iods we have high resolution and for earlier periods low resolution. Thus, we can make 
out clearly the alternating pattern of glacial and interglacial periods in the Quaternary. 
In the Secondary period we can no longer “see” these alternations clearly, and yet, if they 
are connected with Milankovitch cycles, as we shall see, they should also have occurred 
in the more remote past too. The closer we get to the present, the more clearly we can 
make out events separated by shorter time-spans. This is compounded by the fact that, 
in the course of their history, terrestrial rocks are subjected to the destructive events 
of erosion or metamorphism. The more time passes, the more destruction occurs and 
the fewer traces we find and the more the probability of sampling a rock of age f¢ 
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Figure 5.34 Resolving power of all dating methods versus age. 


diminishes with ¢. There is a dual effect: the further we go back into the past, the fewer 
rocks we have of any given age and the less certain their age is. This is the phenomenon of 
geological myopia. Statistically, the further back into the past we travel, the lower the 
power of resolution. This is an intrinsic difficulty of any historical science. And yet, 
where radiometric dating is concerned, there is an exception! 

The extinct forms ofradioactivity ?°I, *Hf, !°?Pd, '*°Sm, etc. canbeused to study the ear- 
liest times of the Earth’s history with extraordinary precision, as if the time the Sun and the 
planetary bodies formed were suddenly “lit up.” Resolution for these primordial times of 
the Earth’s history is almost as good as for the Quaternary. This quite incredible circum- 
stance arises because one or more supernova or AGB star explosions made radioactive iso- 
topes | or 2 million years before the first rocks of the Solar System formed. Thus the curve of 
the power of resolution against time is not monotonic, contrary to what might have been 
expected (Figure 5.34)! 


5.8.2 The use of radiochronometers 


Advances in analytical techniques mean that we now have an impressive array of potential 
radiochronometers at hand: there are currently more than 40 of them and more are being 
developed. Thus anyone wanting to use radiometric dating is confronted with a problem of 
choice: which chronometer should be used for dating a particular phenomenon at such and 
sucha period? 

Without any need for long calculations, we have understood that '*C can no more be used 
for determining the age of the Earth than *7Rb—*’Sr can be used for dating limestones of 
less than 1 Ma. But beyond these obvious examples lies the more general question of our 
power of observation of the past: which chronometers can be used, for which periods, and 
for which rocks? 


Domains for using geochronometers based on analytical criteria 

Ifthe time-span to be measured is far longer than the half-life ofthe radioactive isotope, then 
the radioactive product will have died prematurely and so indicate nothing more. If the 
time-span is very much shorter than the half-life, then the radioactivity will be insignificant 
and its result undetectable. We are thus brought back to the calculations of uncertainty 
already covered (see Plate 7). 
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Exercise 


Can we measure an age close to 2Ga for a rock with ®’Rb/*°Sr ratios whose maximum 
deviations from the origin are 10, 1, 0.1, 0.01? We accept that the precision of the measure- 
ment on the ®’Sr/®°Sr ratio is +10 * and on ®’Rb/*°Sr + 10-3. 





Answer 
We can determine an age in each of these cases. For j.=10, T=2+0.001Ga, for 4 =0.01, 
i — Pea 5iGae 


Exercise 


Why is the use of ““C limited with counting to 6 half-lives whereas with mass spectrometry it 
can reach 10 half-lives? 

Can we measure the same age with the 7**U-*78U method, given that we have a rock 
containing 10% uranium (uranium ore)? Why? 


Answer 
The answers are deliberately withheld here. Readers must find them for themselves to 
understand what comes next. 


For methods based on decay of the parent, the dating equation is written: 
[= py 7" 


where jis “C/C, '°Be/Be, etc. Analysis of uncertainty (Section 3.2.1) has shown that this 
method applies only if Tis neither too large nor too small. In practice, we consider 7 must 
comply with the double inequality: 


10 half-lives << T7< 107? half-lives. 


Ofcourse, the domain ofapplication ofa method is extended as improvements in analytical 
techniques are made, and progress is continuous with no prospect ofan end. 

Still, let us give an answer to the previous exercise. For modern equipment, C/C activity 
is 13.4 dpm g_' of carbon. Six half-lives represents 1 disintegration per hour, whereas the 
background noise is at least 5—10 disintegrations per hour. The uncertainty is intolerable. 
However, with the mass spectrometer we measure a ratio which at the present time is 107 e 
and is advancing to 10” '°, which is not easy but can be done, especially if we increase the 
amount of matter analyzed bya factor of 10 or 100! 

For long-period parent—daughter systems, with the usual conventions, the dating 
equation is written: 


a = ag + pe” — 1). 


There is no physical upper limit to the use of these methods. The lower limit of applicability 
arises because the quantity (a — ao) must be measurable and therefore depends on the preci- 
sion of the isotopic measurementofthe daughter product: 
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Figure 5.35 Domain of use of ®’Rb—*’Sr applied to whole rocks. The x-axis shows the minimum ages 
that can be measured. The y-axis shows the values of the chemical ratio Rb/Sr. The diagonals indicate 
three precisions on the measurement of the ®’Sr/*°Sr ratio: 10-7, 10° *, and 10°. 


pu (e“ — 1)>Aa. 


We know that, depending on the methods and techniques used, Aa may be 10° +, 107 *, or 
even of the order of 10° ° with a wealth of precautions. There is therefore a connection 
between j,and the minimum age 7); that can be measured: 


_ Aa 
Oe Veta 
This calculation has been done for the main long-period chronometers and in each 


case for the main rocks and most “useful” minerals. It is illustrated for °’7Rb—*’Sr in 
Figure 5.35. 


Exercise 


Calculate the range of use of *”°Lu—*’°Hf. What are the common minerals that give the best 
results? (Look for the necessary parameters in the scientific literature!) 


Answer 
Up to 1 or 2 Ma. Garnet is the most effective. 


In the case of methods related to radioactive chains, the calculation is a little more com- 
plex. Allowance must be made for both the radioactive parent and the radioactive daughter 
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Figure 5.36 Intervals for use of the various chronometers based on radioactive disequilibrium. 
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Figure 5.37 Variation of the slope of the 7?8U—**“Th isochron with age. (Notice the logarithm is to base 10.) 


and for the cause of disequilibrium (isolation ofthe parent or daughter).Without getting into 
the calculations, where the principle is identical to the previous ones, we can say that the 
ages determinable are such that: 5 half-lives > T > 10° * half-lives of the daughter isotope 


1x10® 1x107 
O O 


Ages (years) 


log t (yr) 


(Figure 5.36). 


Exercise 


We consider the isochron method applied to the 778U—?*°Th pair. Empirically, we calculate the 
value of the slope of the isochron against age and plot it (Figure 5.37). What do you conclude 


about its domain of use? 


Answer 


We obtain 5 -10?<T<5- 10°. 


0.06 half-lives < T<6 half-lives. 


We are within the orders of magnitude defined. 
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Geological modulation of the time domains for the use of radiochronometers 
The question here is how do the geological constraints alter the conclusion about the range 
of application of the various methods established based on analytical errors. As we have 
repeated incessantly, a radiochronometer is merely an isotope ratio expressed as anage by 
the formula reflecting radioactive decay. The concept of age in itself is “virtual” and a purely 
arithmetic one. We must therefore think about the physical system, its history, the chemical 
properties of the elements, and the initial conditions, and connect these considerations 
with geological history before we can attribute a significant age toa measurement (or a ser- 
ies ofmeasurements). 

Examination of the criteria to ensure the boxes remain closed has been one of the major 
concerns of geochronology. How can any “untimely” opening be detected? A form of sys- 
tematic approach has arisen empirically from these studies, although it cannot be said that 
we have any absolute criteria because geological situations are so varied and complex. As 
we have already said, the reasons systems open are straightforward enough: radiogenic iso- 
topes are intruder atoms in the crystalline structures where they are found and so tend to 
escape. Can this phenomenon be quantified generally? There is no mathematical method 
for estimating geological vagaries “for certain.” We can makea fewcalculations on diffusion 
to getour ideas straight and give us orders of magnitude, but little more than that. 

Letus take argon as an example. At ordinary temperatures, diffusion coefficients for*°Ar 
are of the orderof10~ 7°cm’s~ |. Ifwerecall the distance coveredisx ~ \Dt,then, in1bil- 
lion years x = (3 - 10’ x 10° x 10° 7°)!’ = 0.005 cm. Therefore, at ordinary temperatures, 
even the smallest minerals are closed systems. 

However, at 250 °C, which is a low-grade metamorphic situation, the diffusion coeffi- 
cient of argon is of the order of 107 2 com?s~ | This time, for 100 Ma, the distance covered is 
54cm, therefore all of the minerals are open. Now, such conditions (100 Ma at 250 °C) cor- 
respond, say, to a rock located at a depth of 10 km in the Earth’s crust. This may happen by 
chance to a granite either when caught up in tectonic folding or when covered by a thick 
layer of sediment during the formation of a sedimentary basin. But each region and each 
rock massifhas its own geological history. 

We have therefore given precedence to experience amassed through hundreds (or now 
perhaps thousands) of examples like those we have mentioned from which we have derived 
empirical rules, the variety of which does not lend itself to quantitative systematization. 
This was first done for isolated apparent ages, then for the more elaborate methods (concor- 
dia, isochrons, etc.). Hereare a few examples of these results. 

The most sensitive methods to diffusion phenomena are those using the rare gases 
4°K —*°Ar or U—He. The reason for this extreme susceptibility is simple. When a rare gas 
has left the crystallographic site where it was created and finds itselfon the rim of the crystal 
or in acrystal defect, as it is not electrically charged, it is gaseous and lighter than the sur- 
rounding rocks, it migrates upwards. This is why, save in exceptional circumstances (meteor- 
ites), *°K —*°Ar does not provide any reliable ages for rocks older than] Ga. The *’ Ar—*°Ar 
method is far more effective. 

For older ages, we adopt the opposite approach. Knowing the true age by other meth- 
ods (Rb-Sr, U-Pb, or Sm—Nad), we determine the apparent K—Ar age to estimate the 
more or less complex geological history of the rock. A K—Ar age close to the true age is 
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indicative of a quiet geological history. This is a valuable clue. If the K—Ar age is much 
lower than the “more robust” ages, the rock has been subjected to periods of heating. If 
the K—Ar age is older (which it seldom is), aqueous weathering has dissolved the 
potassium. 

A despairing case is '*’Re—'*’Os. In principle this method should be almost ideal for dat- 
ing granites and basalts ofall ages because the Re—Os ratios are very high (ratios of 1000 to 
5000 are commonplace). We could hope to pin ages down to a few thousand years. 
Unfortunately, whole rocks do not generally behave like closed systems and so dating by 
this methodis restricted and age determinations are difficult. 


Exercise 


We have measured the rhenium and osmium contents of olivine in oceanic basalt as 4112 pg 
g * and 3361pg g -, respectively. 

Supposing we know the initial ratio of the basalt *®’0s/1*°Os = 0.1265 and that the 
187Qs/788Qs ratio measured in the olivine is 0.1859, what is the age of the olivine? 

If we can measure the 1°’0s/180s ratio with a precision of 1% at these very low levels, 
what is the age of the olivine assuming it has remained in a closed system? 


Answer 
565 ka. 
12 300 ka. 


To summarize this research which is above all empirical, the geochronologist’s toolbox 
is shown in Plate 7. Beware, though, this isno automatic gearbox! 

Letus repeat once again, no one radiochronometer alone can resolve a problem and guar- 
antee a result. Geochronological redundancy, in other words the confirmation ofa result 
by various other methods, is an essential concept. Now there are very many chronometers 
that can be used, but each series of measurements is difficult, time-consuming, and expen- 
sive. So we cannot apply every chronometer to every problem.We must choose the most sui- 
table ones...anddoalittle thinking. 


5.9 Conclusion 


This chapter has allowed us to validate the various geochronometers through the analysis 
of uncertainties. Overall they are reliable and yield consistent results. However, we must 
never forget the concept of essential uncertainty which must always be taken into 
account. 

Each geochronological result is affected by uncertainty. If we do not know (estimate) 
this uncertainty, a result is scientifically meaningless. We have analyzed these uncertain- 
ties to show they are of different types: they may be due to sampling, laboratory measure- 
ments, adaptation of methods to the problem in question, or to the geological or cosmic 
scenario. 

In this context we must emphasize ad nauseam that age is simply an isotopic or chemical 
ratio that is converted into time by a mathematical formula. Such conversion is practical 
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because we can directly compare the various methods and, ofcourse, connect the methods 
with the geological history for which they are one of the reference markers. But as soonasa 
difficulty arises, we must come back to the isotopic ratios and the chemical properties of the 
elements. Itis geochemical history that controls the way the chronometers behave. 

This is the general context in which we have reviewed the main findings of geochronology 
which themselves are associated with uncertainty or even indetermination. 


Problems 


1 An expedition to Mars to bring back samples is under preparation and you are the Rb-Sr 
specialist for dating the rocks. Preliminary missions with soil analyses by in situtechniques and 
analogies with shergottite-type meteorites indicate that the rocks found will be basalts with 
average Rb/Sr ratios of 0.1 and 4, respectively, and average Sr contents of 300 ppm and 
30 ppm, respectively. 


(i) How much rock needs be collected to make analyses with a precision of 10° *? (We know 
we will need to have 100 ng of strontium and 50 ng of rubidium.) 
(ii) Given that the probable ages are between 2 Ga and 500 Ma, do you think the determi- 
nation will be reliable? What sort of isotope ratios do you expect? 
(iii) What will be the error you make on the age if it is 500 Ma? If it is 2 Ga? 
(iv) Only 1 kg of rock can be brought back. Would you prefer to have a single compact rock or 
five fragments of different rocks of 200 g each? Why? 


2 Here are the results obtained by the 7?8U—*?°Th method on a volcanic rock of Costa Rica. 











238[j_ 2307}, 230Tp_232Th 
Whole rock 1.41+0.05 1.21+0.04 
Magnetite 2.41 + 0.02 1.92 +0.12 
Plagioclase 1.37 + 0.03 1.18 + 0.07 
Augite 0.62 + 0.01 0.78 + 0.04 
Hypersthene 1.02 + 0.08 1.01+0.05 


After calculating the age of the rock, estimate the error on this age in various ways: graphical, 
least-squares method. Then state your estimate. 


3 Here are results for a granite of the Montagne Noire (France). 














875 ,—86s/ 87RpHh—86s¢ 
Whole rock 0.728 + 0.002 3.62 40.05 
Biotite 2.32 +0.01 408+4 
Muscovite 0.735 +0.002 8.07 +0.05 
Apatite 0.733 + 0.002 0.03 + 0.003 
Plagioclase 0.7127 + 0.001 1.44 + 0.02 





Can you estimate the age and the error you make on the age in this situation? 


4 (i) The measurement of ““C by accelerator mass spectrometry gives for modern (present-day) 
carbon the ratio **C/7*C =1.2 - 10° **. For a current of 2 - 10 © A of *°C obtained by 
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bombarding 1 mg of carbon with a stream of cesium ions, the flow of **C* ions is 15 

ions per second. 

(a) For the same intensity of current of **C, how many ™C ions are obtained per unit 
time for 1 mg of carbon aged 55 ka? 

(b) If the measurement lasts 20 minutes, what is the uncertainty on the age determina- 
tion? Compare it with the error on the measurement of the present-day *C/"°C ratio. 

(c) What is the minimum age we can hope to measure in the same conditions if we 
decide the difference to be measured with the present day must be at least five 
times greater than the uncertainty? 

(d) If we wanted to make the same measurement by counting (3 radioactivity and the 
maximum counting time for a sample was 8 days, how much carbon would need to 
be purified? 

(ii) We wish to use the **8U-**°Th method to test the ““C age of corals assumed to be about 
55 000 years old. To simplify, we ignore the 7**U/?*8U fractionation and assume that 
(??°Th) = 0. The dating equation is written: 


230Th 2384 nee 
232Th (se) om): 


Given that the uncertainty on the 7°°Th/??*Th ratio measurement is 1% and that the uncer- 
tainty on the 7**Th and *?U measurements is about 5%o, what is the uncertainty on the age? 
Is this a good method for checking the results obtained by *“C in this age range? 





5 We are confronted with the geological situation shown in the section in Figure 5.38. 
A geological formation of foliated and folded gneiss is cross-cut by a granodiorite which is 
itself foliated. 


87Rb-87Sr U-Pb 
(Whole rock) (Zircons) 


‘ we 














Figure 5.38 Geological formation of gneiss cross-cut by granodiorite. 


(i) We wish to measure the age of the gneiss and to do so we make a series of ®’Rb/*°Sr 
measurements on the whole-rock. The results are given in Table 5.9. The Sr concentrations 
of the various facies are very similar. Calculate the *’Rb/*’Sr age using a simple least- 
squares method (without experimental uncertainties). 

(ii) We determine the age of the granite by U-Pb methods applied to zircons from the granite. 
Table 5.10 shows the results. Calculate the U-Pb age again by the simple least-squares 
method and the concordia method. How would you interpret the result in geological 
terms? Can you give a brief geological history of the region? 
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Table 5.9 Samples from the gneiss in Figure 5.38 








Sample 8766/26Sr 87Rb/*6Sr 

J: 0.713 + 0.0005 0.1 + 0.0005 
2 0.718 + 0.0005 0.35+0.0005 
3 0.719 + 0.0005 0.45 + 0.0005 
4 0.722 + 0.0005 0.6 + 0.0005 
5 0.724 + 0.0005 0.8 + 0.0005 
6 0.723 + 0.0005 0.9+ 0.0005 











Table 5.10 Samples from the granite in Figure 5.38 








Sample pode Oa cate 207Db*/23°U 
A 0.3+0.01 5+0.3 
B 0.26+0.01 4+0.3 
C 0.24+0.01 3.5+0.3 
D 0.2+0.01 2.5+0.3 











6 A granite from south-eastern Canada is dated by various methods. The apparent age 





results are: 
Method U-Pb Rb-Sr Sm-Nd Rb-Sr on ?9Ar—*°Ar Rb-Sr — on 
concordia whole whole biotite muscovite 
rock rock 








Apparent 2.8401 2.7401 2.7401 1740.2 1+0.1 1.7+0.2 
age (Ga) 





Can you reconstruct the geological history of this granite and explain the ages measured? 


7 We can determine the Permian—Triassic boundary at a given location. A granite cross-cutting 
the Permian formation but with pebbles at the base of the Triassic is dated 243 +5 Ma. The 
Triassic is dated by two basalt flows located in a section 100 m above the Permian—Triassic 
boundary at 229 + 8 Ma and another 200 m above the Permian-Triassic boundary at 
215 + 3 Ma. What is the approximate age of the Permian—Triassic boundary? What is the 
error on the age determination at 218 + 3 Ma? 





8 You are asked to explore the possibility of using the U-He chronometer. 
(i) What time-span do you think best corresponds to the potential of the method? 
(ii) What types of rock or mineral do you think are interesting a priori? 


9 Half a century ago the question of the origin of granite was a subject of much debate. The 
American Bowen showed by laboratory experiment around 1930 that rock of granitic com- 
position could be made from basaltic magma (which we know is itself the product of partial 
melting of the mantle). Bowen and Winkler in Germany showed, again by experiment, that 
the melting of detrital sediments (shales and sandstones) to which sodium has been added 
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also gives rise to a granitic magma. Subsequently, other experiments showed that the partial 
melting of “wet” basalts produced granitic fluids. 

These experimental data were supplemented by field observations and then more recently 
by ®’Sr/#°Sr measurements supporting the idea that almost all continental granites result 
from the remelting of continental crust. The model of granites derived directly from the 
mantle was abandoned. Yet, in the middle of the mid-Atlantic ridge, in Iceland, the famous 
Hekla volcano has spewed out lava of granitic composition (rhyolites). The °’Sr/*°Sr ratios of 
about 0.7032 give no clear answer to their origin as they are similar to those of many basaltic 
lavas of Iceland. 

The Icelander Sigmarsson studied the (7?°Th/?**Th, 778U/??7Th) ratios of these rhyolites 
with the *?°Th—778U isochron diagram. The mantle beneath Iceland is in secular equilibrium, 
corresponding to 778U/?7Th ratios of 1.1 to 1.3 (in activity). The oldest basalt crust of Iceland 
has (active) 7*8U/?**Th ratios ranging from 0.9 to 1.1. It too is in secular equilibrium. The 
rhyolites have a 7?°Th/?**Th ratio of 0.95 and 7°8U/?**Th of about 0.8. What do you think is 
the origin of this rhyolite? 


Calculate the range of application of the 7**U—*°°Pb dating method for rocks and minerals 
with the chemical ratios shown in the table below, given that the isotopic measurement is 
affected by several relative uncertainties A, of 10°, 10 *, and 10°. 








Type of rockor Granite Basalt Ultramafic = Zircon Sphene 
mineral 
U/Pb 0.2 0.1 0.05 100-10 2 





Draw the graphs corresponding to Figure 5.35. Calculate for the Rb/Sr ratio, and for U-Pb 
applied to whole rocks and the main minerals that can be dated by this method. 


[CHAPTER 5 |X aaa 


Radiogenic isotope geochemistry 


Our main concern in the previous chapters has been to calculate geological (or cosmo- 
logical) ages and to clarify their geological meanings. In the next chapters we are going to 
address isotope geochemistry, which has a markedly different viewpoint although it is 
based on the same physical laws and on the same equations. We are going to look not at age 
but at the isotope ratios measured and the ways in which their natural variations may be 
interpreted. 

This chapter, then, focuses on isotope ratios whose variations arise mainly from radioac- 
tive decay. Chapter 7 will be about isotope variations caused by physical and chemical pro- 
cesses. Examination of the variations in isotopic ratios will lead us to develop a 
methodology in which these ratios areused as tracers for major geological and geodynamic 
phenomena. The purpose of these studies is therefore to determine the major structures 
and exchanges of matter occurring (or having occurred) among the major terrestrial reser- 
voirs (crust, mantle, core, and atmosphere). The notion of age will crop up again, but in a 
much more general context, although in complete continuity with the earlier chapters. 


6.1 Strontium isotope geochemistry 


6.1.1 Continents and oceans: granite and basalt 


The natural isotopic composition of strontium varies with *’Rb decay. Systematic collation 
of °’Sr/*°Sr isotope compositions of terrestrial basalt and granite (basalt being an isotopic 
“messenger” from the mantle while granite is a sample ofcontinental crust) reveals very dif- 
ferent distributions. Strontium isotope ratios for granites from the various continents are 
highly variable, ranging from 0.705 to 0.850 and more. Strontium isotope ratios for basalts 
are much more uniform. They range from 0.7020 to 0.7070 and for oceanic basalts from just 
0.7022 to 0.7045. 

Let us get these orders of magnitude clear. “Ordinary” analytical precision on the 
87Sr/8°Sr isotope ratio is at least 1.5 - 10-4 (relative) and therefore, on ratios close to 0.7, the 
uncertainty is better than 10+ (absolute). This means that 0.7022 can be distinguished from 
0.7021 for certain. For granite, variations range from 0.850 to 0.705, corresponding to 1500 
measurement units. For oceanic basalts, the range is 25 measurement units, or a dispersion 
ratio of 60 times less than for granites. 

This difference in the distributions of strontium isotope ratios between continents and 
mantle can be explained by the geological history of the two reservoirs from which granite 
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Plate 2. Modern mass spectrometers. In each case, the mechanical components are shown at the top and the ion 
beam pathways below. Top: TIMS (thermal-ionization mass spectrometry). At the source, a turret allows several 
samples to be tested in succession; at the collector, multicollection allows the various beams from different 
isotopes to be analyzed without scanning. Bottom: ICPMS (inductively coupled plasma mass spectrometry). In 
addition to the magnet, an electrostatic analysis sorts the ions by energy levels. The source is a plasma generator. 
Multicollection is used as in TIMS. 





Plate 3 Actual laboratory equipment. Top: A Cameca ion probe. Bottom: A clean room where samples 
are prepared. 
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Plate 5 Map of age provinces of continents. Top: world map. Bottom: more detailed map of North 
America. After Hofmann (personal communication, modified). 
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Plate 6 Geological timescales. Left: Precambrian times. Right: Phanerozoic times. 
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Plate 7 Ranges of the main geological clocks. Notice that the timescales are logarithmic. 
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and basalt arise. Granite is the essential constituent of continental crust. The continental 
crust is a permanent feature of the Earth’s surface and is very, very old, at least 4 Ga and 
possibly older. When granites are systematically dated on a continent and the datings 
mapped, geological age provinces are defined. The classical example is that of North 
America, as we have seen, and the same is true of other continents. There are granites 
aged 3.8Ga (Greenland), 2.7Ga (Canada, Scandinavia), and 2Ga (Ivory Coast, 
Sahara), but also granites aged 50 Ma (Himalayas) or even 5 Ma (Himalayas, Andes, 
Alps) (see Plate 5). 

As geological studies have shown, these provinces correspond to well-defined episodes in 
geological history during which orogeny, that is, mountain building, occurred. Rock was 
folded and metamorphosed and granite was formed by melting of the lower crust and was 
injected into the upper part of the crust during these orogenic episodes. In accordance with 
one of the basic principles of plate tectonics, these pieces of continent float on the surface of 
the mantle, they are broken up and drift about but are not swallowed up as such within the 
mantle by subduction. They therefore form a mosaic of blocks of different geological ages 
which have accumulated, broken up, and drifted together at the Earth’s surface throughout 
geological time. 

In the course of geological cycles, with the succession of erosion, sedimentation, meta- 
morphism, and folding and formation ofgranites, theisotopic geological clocks we have stu- 
died in the previous chapters are more or less reset and so date these episodes more or less 
accurately. But a great part of the ancient continental material is preserved and recycled, 
whether it is rejuvenated or not. 

Basalt is the primary constituent of oceanic crust. Unlike continental crust, oceanic 
crust is very young. Oceanic crust arises from the mid-ocean ridges, spreads, and then 
plunges at subduction zones to be recycled in the mantle. The oldest oceanic crust is 
200 Ma, the average age being 80 Ma. Bycontrast, the rocks of the present-day ocean ridges 
are virtually of zero age. Oceanic basalts are the product ofmantle-melting and as that melt- 
ing occurs at high temperatures isotopic equilibrium is achieved. This is why oceanic basalt 
reflects the isotopic compositions of the present-day mantle. Now, the mantle, being sub- 
jected to vigorous convective motion, is probably well mixed. It is only to be expected, then, 
that the isotopic compositions of such a medium should be far less heterogeneous than 
those of a medium that is segmented like a mosaic of old pieces of various ages, which is 
what the continental crust is (Figure 6.1). 

Let us now try to explain the difference in the strontium isotope structure of the conti- 
nents and of the oceanic basalts in more quantitative terms. By the same token, we shall 
bring together the reasoning already employed and which helped us in developing 
geochronology. 


6.1.2 Isotope evolution diagrams and multi-episode 
evolution models 


One simple way of representing changes in *’Sr/*°Sr ratios is to plot a diagram of *’Sr/*°Sr 
versus time. If we write as our reference the evolution ofan isotope ratio in a closed environ- 
ment, by using the linear approximation, we obtain an equation we have already come 
across: 
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Figure 6.1 Histogram of °’Sr/*°Sr ratios. Ratios are measured in the mid-ocean-ridge basalts (MORBs) 
and in the granulites of the lower continental crust and the granitoids of the upper continental crust. 
Notice the wide dispersion of values for granite compared with MORB values. 
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This is the equation ofa straight line in the ( 





87 r ; ; 87TRb 
gy ) diagram whose slope is (: and 
so is proportional to the Rb/Sr chemical ratio. The higher j1 = *’Rb/**Sr is, the faster the 
87Sr/®°Sr isotope ratio grows, and the steeper the slope of the straight line of evolution 
(Figure 6.2). 

Let us now consider a system comprising two episodes. We begin with a (°’Sr/*°Sr)o 
isotope ratio = ay. During the first episode from To to 7; (the ages are counted from the 
present day) the system has a ®’Rb/*°Sr ratio = jup. Then, at 7}, the chemical ratio changes 
because the initial system is separated into several sub-systems, A, B, and C, whose 
87Rb/*Sr ratios are noted La, (4p, and juc, respectively. The three sub-systems evolve as 
closed systems until the present day. The evolution equations foreach medium are written: 


Sub-system A= oa day = 0 + Ap0(To _ T\) + ApaTy = ar, + ApaTy 


Sub-system B = On int day = 0+ Ajwo(To — T1) + 4uBT) = a7, + Apply 


Sub-system C = Oe ent day = 0 + Ap9(To _ T)) + hucT, = ar, + AucT 


where a7, isthe common isotope ratioat a7, = ao + Auo( To — 71). 

Graphically, in the (a, 7) plane, these three equations are represented first by a single 
straight line joining the origin to the point of convergence (7}, a) and then by three straight 
lines which diverge in proportion to their different p values (Figure 6.2). 

Let us return now to the question of the difference in dispersion between granites and 
basalts, that is, between continental crust and mantle materials. 

The mantle has very low *’Rb/*°Sr ratios, ranging from 0.01 to 0.1. The evolution of its 
87Sr/®°Sr on the isotope evolution diagram is almost a horizontal line if we take dispersion 
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Figure 6.2. Diagrams of the evolution of isotope systems with time. Left: the °’Rb/*°Sr parent—daughter 
ratio versus time. Right: the °’Sr/®°Sr ratios for the same systems under the same conditions. Top: 
evolution of several closed systems where the ®’Rb/*°Sr ratios are constant. Bottom: a two-stage 
evolution. The first episode has a constant Rb/Sr ratio and evolves in a closed system. At T, a sudden 
chemical differentiation event occurs giving rise to two systems (A) and (B) with two different Rb/Sr 
ratios. Afterwards, the systems evolve separately as closed systems. Right: the chemical scenario as it 
translates on the isotope evolution diagram. 


measured on granite as our scale. The ratios representing the continental crust are much 
higher: they range from 0.3 to 5. Letus get the order of magnitude clear in our minds. 


Exercise 


Suppose that granites from the continental crust derive from the mantle, which has a (°”Sr/*°Sr) 
isotopic ratio wp = 0.701. Calculate the present-day °’Sr/*°Sr ratios of the granites assuming 
that their ages are 3, 2, and 1 Ga, respectively, with 87Rb/*Sr ratios of 1, 2, and 3, correspond- 
ing to the time when they became granites, therefore when they were extracted from the 
mantle. Plot the isotope evolution on an (a, T) diagram. 


Answer 
Here is the matrix of the results for the *’Sr/*°Sr ratios of these granites (Table 6.1). Assuming 


the mantle has a ®’Rb/*°Sr ratio of 0.01, the evolution of the granites is shown in the (a, 7) 
diagram in Figure 6.3. It shall be seen that the Rb/Sr ratios and age dispersions assumed in the 
model are enough to explain the wide dispersion of continental granites observed. 
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Table 6.1 Present-day (°’Sr/*°Sr) ratios 


























Age (Ga) 
m 3 2 1 
3 0.8288 0.7862 0.7436 
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Figure 6.3 Theoretical (°’Sr/*°Sr, 7) isotope evolution diagrams. 


EXAMPLE 


The history of the granites of western Greenland 

A real case is represented in the strontium isotopic evolution diagram (Figure 6.4), that of the 
granites of western Greenland studied by Steve Moorbath of the University of Oxford and his 
various co-workers. Notice that this real diagram (almost) matches the diagram for the 
theoretical model (see Moorbath and Taylor, 1981). 














Letus tiethis in with what welearned in Chapter 3 abouttheisochron diagram. In the the- 
oretical two-stage model of evolution with differentiation at 7), we represented the system 
inan(a,7) diagram. The equations for the three straight lines were: 


a* = ar, + Apa Ti 
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Figure 6.4 Isotope evolution diagrams for rocks of western Greenland. A, Amitsoq gneiss; B, Nuk gneiss; 
C, Ketelidian gneiss; D, Quorguq granites. After Moorbath and Taylor (1981). 




















Figure 6.5 Equivalent to the diagram at the bottom of Figure 6.2, but plotted differently. 


a® = ar, + App Ti 
af = ar, + Apc T\. 


In these equations the common isotope composition at time 7; is noted a7,. The three sys- 
tems could have been represented in an (a, /1) diagram (Figure 6.5). This is the isochron dia- 
gram, which is one of the foundations of geochronology. Why use (a, j/) in geochronology 
and (qa, 7) in isotope geochemistry? The answer is important as it defines a method. 

In geochronology, what we measure directly are wand It is therefore normal to plot 
the two types of measurement that are to define a correlation diagram whose slope, that 
is, the age, we shall calculate. In isotope geochemistry, we determine ages Zand initial 
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ratios ao by isochron construction diagrams on the various sets of rock, of varied ages. 
Our data will therefore be ag and T: It is normal, once again, to plot the data for one against 
the other. The unknown (provided by the slope) is the *’Rb/*°Sr ratio, which is therefore a 
chemical parameter. 


6.1.3 Granites and granites 


Inthe theoretical model ofevolution of granites in the exercise, we assumed that the granites 
derived from differentiation of the mantle. Their initial isotope ratios were therefore those 
of the mantle. This idea of granite deriving from the mantle by chemical differentiation 
from basaltic magma was first proposed by Norman Bowen. In the 1920s and 1930s he con- 
ducted the first petrology experiments in the course of which he madea piece of granite arti- 
ficially by crystallizing a melt of basalt by stages (fractional crystallization) (Bowen, 1928). 

After the war, asecondidea arose. Having first been evoked by Bowen himselfit was actu- 
ally developed by the German school and particularly Helmut Winkler. He too made gran- 
ite in the laboratory, but this time in a quite different way, by melting clastic sediments 
(Winkler, 1974). In petrology, this process is known as anatexis. Granite is thought to be the 
end product ofextreme metamorphism where the increase in temperature causes melting. 

These two theories on the origin of granite have repercussions for isotope geochemistry. If 
a granite derives from basalt, its initial °’Sr/*°Sr ratio is close to that of basalt and so very 
low (close to 0.703). On the contrary, ifit derives from ancient sediment, which itself derived 
from the erosion of ancient granite, its *’Sr/®°Sr ratio will be much higher (more like 0.720 
to 0.780). The corollary of this observation is that, by measuring the initial isotope ratios 
(that is, by correcting for age by the isochron construction), the origin of granites can be sys- 
tematically studied. 


EXAMPLE 


Himalayan granites 


If we measure the initial ®’Sr/*°Sr isotope ratio of Lhasa granite (Tibet) dated 50 Ma, we find 
0.705 whereas the corresponding ratio for granite of the geographically very close High 
Himalayas near Mount Everest, dated 30 Ma, is 0.780. Comparing these ratios with the 
histogram in Figure 6.1 reveals that the two granites have very different sources, origins 
and histories. The Lhasa granite Sr initial isotope ratio is similar to ®’Sr/®°Sr ratios for the 
mantle. It may originate directly from the mantle or indirectly from the intrusion of magma 
from the mantle which has crystallized and remelted. By contrast, the High Himalayas granite 
collected from the slopes of Mount Everest has a Sr isotope ratio situating it clearly among 
values for the continental crust. This granite derives from remelting of older continental crust. 
Himalayan granites are therefore of two separate origins (author’s unpublished results). 














There, then, is a first example of an isotopic tracing technique. A straightforward mea- 
surement of strontium isotope ratios has provided a solution to a problem over which gen- 
erations of petrologists have argued, that of the origin of granites, and to make a quick and 
simple inventory of them. We shall return to this issue later on as it is central to the origin of 
the continental crust. 
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6.1.4 Basalt and oceanic basalt 


Given the great difference in *’Sr/*°Sr isotopic composition between continental crust and 
mantle, it is better, if we wish to determine the chemical and isotopic composition of the 
mantle, to avoid taking samples from continental volcanoes (such as those of the Massif 
Central in France, for example). In this way, we avoid contamination by continental mate- 
rial, which is always possible and would skew results. We shall therefore look first at oceanic 
volcanism. Since the oceanic crust is basaltic, the *’Sr/*°Sr ratios of magmas and the ocea- 
niccrust are similar, which reduces the risk of any disastrous contamination. 


Exercise 


A basaltic magma with a °’Sr/®°Sr ratio of 0.7025 and a Sr concentration of 300 ppm passes 
through granitic crust with a °’Sr/®°Sr ratio of 0.750 and a Sr concentration of 150 ppm. The 
basalt assimilates granite in the proportions of 1%, 2%, and 5%. What are the isotope ratios of 
the contaminated magmas? What precision is required on the °’Sr/*°Sr ratio measurement to 
detect the phenomenon? 





Answer 
1% 2% 5% 
0.702 72 0.702 96 0.703 65 





Notice that if we measure the isotope ratio to the nearest 1%, that is, +7 on the third figure, 
we cannot detect these finer points. At 1% we cannot detect anything for sure either. It can 
only be seen with precision of at least 1%. 


There are two types of oceanic basalt: mid-ocean-ridge basalt (MORB), which is 
emplaced on the sea floor at oceanic ridge crests and has very characteristic forms of flow 
known as pillow lavas, and ocean-island basalt (OIB) produced very largely by subaerial 
volcanism and which forms island chains (Hawaii, Tahiti) or archipelagos (Azores, 
Canaries, Galapagos). These two types of basalt are statistically different in terms of their 
petrology and chemistry. 

The MORBs are said to be tholeiitic. They contain lower concentrations of alkali ele- 
ments (sodium, potassium) and are slightly richer in silicon. Conversely, OIBs tend to have 
higher alkali contents. (But again this is a statistical observation, because tholetitic basalt 
is found on ocean islands and some alkali basalts are found in the vicinity of mid-ocean 
ridges.) Isotope analysis of both types of basalt (removing the altered parts for submarine 
basalts) indicates that MORBs have ®*’Sr/*°Sr ratios ranging from 0.7022 to 0.7034 while the 
corresponding range for OIBs is 0.7030—0.7050. 

The *’Sr/*°Sr isotope ratios of MORBs are statistically lower than the ratios for OIBs. 
To understand this, we need to turn to geological observation, that is, the geological con- 
text in which samples are collected. Samples of MORBs are collected from zones where 
the ocean floor is spreading, as if the mantle were almost cropping out at the surface, 
whereas OIB forms island chains “independently” of sea-floor spreading. These are 
plumes of magma that cross the tectonic plates and so come from reservoirs that lie 
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Figure 6.6 The origins of mid-ocean-ridge basalt (MORB) and ocean-island basalt (OIB). The diagram 
shows how the two types of oceanic basalt may have arisen on the basis of isotope analyses and 
elementary geodynamics. The values are ®’Sr/*°Sr ratios. 


deeper than the ocean-ridge reservoirs. This is the hot spot hypothesis proposed by Jason 
Morgan of Princeton University (Morgan, 1971). If we accept that Sr isotope ratios are 
preserved during partial melting of the mantle and transport, this suggests that the man- 
tle is isotopically stratified, with an upper layer as the source of MORB, with a very low 
Rb content (compared with Sr) and a lower layer as the source of OIB, which is a little 
richer in Rb (compared with Sr) (Figure 6.6). Let us introduce some quantitative con- 
straints to make this clearer. 


6.1.5 Comparative “prehistoric” evolution of MORB and OIB: 
the concept of a model age 


Suppose we have two oceanic volcanic rocks, one collected by dredging along the center of 
an oceanic ridge and the other collected from a Recent volcano of the Canary Islands. 
Their *’Sr/*°Sr ratios are 0.7025 and 0.7045, respectively. What can we say about the prehis- 
tory of the two rocks? Using just the Sr isotope ratios, we can assert that the rocks are from 
different sources with different *’Sr/*°Sr signatures and that those differences are ancient. 
But how ancient? Suppose now that we measure the *’Rb/*°Sr ratios of these rocks and 
find 0.01 and 0.1, respectively. Ofcourse, these ratios are not those of the sources in the man- 
tle. To make a volcanic rock from the solid mantle, a liquid magma has had to be created, 
which implies partial melting of the mantle and associated chemical fractionation, and so 
variations in the chemical Rb/Sr ratio. This is followed by the transfer of the magma to the 
surface with possible contamination on its way up. But laboratory experiments, observa- 
tions, and measurements on volcanic series have taught us that rubidium enters the magma 
much more readily than strontium. Consequently, we can infer that: 
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Figure 6.7 Calculation of a model age of differentiation of two basalts, one from the Canary Islands and 
one from a mid-ocean ridge. The solid lines show the vectors of isotope evolution for (Rb/Sr) measured 
on the rocks and the dashed lines are the more plausible vectors. 
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The chemical Rb/Sr ratios measured on the basalts are therefore the upper bounds of the 
source ratios of these basalts. Let us make a further assumption: as these two volcanic rocks 
come from the mantle (we shall suppose that at one time they both belonged to the Earth’s 
primitive mantle which was homogeneous, identical throughout) and then that their source 
domains separated (or became individualized) through geodynamic and geochemical pro- 
cesses of varying complexity. 

Can this scenario be put into quantitative terms? Let us put it graphically first.We plot a 
(°’Sr/®°Sr, T) graph and construct vectors of evolution for the sources of the two rocks 
(Figure 6.7). They pass through the present-day measurement points, the two isotope com- 
positions. Their maximum slopes are 1(87Rb/*°Sr). The two vectors intersect at about 1.4 
billion years. (Plot the graph to check this as an exercise.) 

Ifwe address the question using algebra, we can write the evolution equations for the two 
sources by noting the *’Sr/*°Sr isotope ratios a and the *’Rb/*°Sr ratios ju. Using a linear 
approximation, we get: 


Ovidge = a0 + A ridge T\ 
t =, Jaf Ul 
Canaries — “Oo + Abcanaries T; : 
If the two volcanic rocks are from identical media which separated at time 7), we can calcu- 


late T, and their composition by positing ag = a’) and T; = T)’. 
This then gives: 


Ts _ I (<a = “cate 
l= ; 
A Lridge — Canaries 





With 2 = 1.42 -10~ "yr! weget 7,5" = 1.40 billion years. 

But, one might object, we have used the *’Rb/*°Sr ratios of the volcanic rocks and not 
those of the mantle. Now, as we said, these are maximum values and not real values. This 
means that the 1.4 billion is a minimum value. The two real vectors may well intersect at an 
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earlier time. So the true age of differentiation Tp is greater than (or equal to) the age calcu- 
lated with strontium = 7; > 7;"". 

To interpret the °’Sr/*°Sr ratios of the two basalts, one of MORB and one of OIB, we 
presume the two domains of the mantle from which the basalts were extracted were 
separated more than 1.4 billion years ago and evolved independently thereafter. This is a 
strong constraint as to the present-day structure of the mantle and as to the way it has 
evolved historically. However, one point has to be clarified. This reasoning assumes, as 
said, that when the magma forms at depth, itis isotopically re-equilibrated with the source 
domain, that is, it has the same isotopic composition as the source domain (this is the 
isotopic equilibration assumption) and that subsequently, during its time at the surface, 
the basalt’s isotopic composition is not altered either by mixing with the crust (which is 
why we chose two oceanic basalts), or by interaction with surface fluids (the closed system 
assumption), or by weathering. With a few precautions, these assumptions are generally 
borne out. 

Ascanbe seen, the principles behind this model are very simple and yet they lead to very 
important results. 


Remark 

Until now, with dating, we were concerned about the history of rocks. In studying initial isotope 
ratios, we are interested in their pre-history and in that of the chemical elements of which they are 
composed. 


Exercise 


Exercise 

The *43Nd/*“4Nd isotope ratios were measured on the same basalts as before from the mid- 
oceanic ridge (0.513 50) and the Canaries (0.512 95). The **’Sm/*“4Nd ratios are 0.25 for the 
MORB and 0.20 for the OIB. Supposing the two reservoirs of these rocks first had a common 
history in the same mantle reservoir before separating and differentiating at time 7;, write 
the evolution equations for the **’Sm/**3Nd system. What is the approximate age T, at 
which the two media of origin of the two basalts separated? 

Given that during genesis of basalts from the mantle, the magma is more enriched in 
neodymium than in samarium, is the age calculated a minimum or a maximum? By compar- 
ing it with the model age for strontium, can you improve your knowledge of 7,? What do you 
conclude from this? 


Answer 
TN4 = 1.69 Ga and TN4> T, > T}", therefore T, =1.55 + 0.13 Ga. 


6.1.6 The problem of mixtures 


In the phenomena we have considered so far, the process by which magma is generated is 
straightforward enough: partial melting with isotope equilibration followed by transfer 
towards the surface. In fact, actual geological phenomena are more complex because mix- 
ing phenomena occur frequently in nature. We have already come across these when dealing 
with problems of geochronology and then in the exercise in Section 6.1.4. 
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To get our ideas straight, let us begin with an example. Let us consider the case of two con- 
tinental basalts located in, say, La Chaine des Puys in the Massif Central (France). One of 
the basalts contains xenoliths’ of mantle rock (peridotite), showing that the magma did not 
remaininamagmachamberas it was transferred to the surface, otherwise the heavier xeno- 
liths would have settled out. Its *’Sr/*°Sr ratio is similar to that of peridotitic xenoliths at 
0.7035. The second basalt contains slightly more silica and does not contain any xenoliths 
of deep origin, but, on the contrary, xenoliths of granite which were probably scoured from 
the continental crust. The second basalt has a *’Sr/*°Sr ratio of 0.706. The granite xenoliths 
have *’Sr/*°Sr ratios of 0.740. 

We interpretsuch an occurrence by considering that the second basalt has been contami- 
nated by continental crust.What is the extent of this contamination? From the mixing for- 
mula already studied at the end of Chapter 3: 


(=e) (=) - (se) d-x) 
= x a ‘(l-x 

86 86 86 

Sr mixture Sr mantle magma Sr continental crust 


where x = (mm CS")/(1mm C3’ + mee CS") is the mass of uncontaminated magma, M¢c 
the mass of continental crust dissolved in the magma, CS the strontium concentration 
of the uncontaminated magma = 300 ppm, and CS the strontium concentration of conti- 
nental contaminants = 100 ppm. 
With °’Sr/*°St) mixture = 0.705, @’St/*°St) magma = 0.7035, and (*’Sr/*°Sr),.. = 0.740, we get: 
0.740 — 0.706 


* = 0740 — 0.7035 ~ 277! 








for the proportion of strontium of deep origin (mantle). 

Let us now determine the contaminated quantity. If we posit u = m_/(mc +m), 
which is the proportion of the continental crust assimilated, we find uv = 0.18 or 18%. The 
magmais contaminated by about 20% in mass. 

Where wehaveseveralsamples, mass contamination phenomena maybe shown up by the 
linear relation (*’Sr/*°Sr, 1/C*") where C* is the strontium concentration. (Look back at 
Chapter 3.) 


Exercise 


Analysis of a series of rocks related to a carbonatite* volcano yields the results shown in 
Table 6.2. 

Given that the granite country rock contains 100 ppm of strontium and has a °’Sr/*°Sr ratio 
of 0.715, can this suite of rocks be interpreted as contamination of a deep magma ina granitic 
environment? How can this be demonstrated? Can the isotope composition of the deep 
magma be ascertained and what is its value? 


Answer 
Yes, it is a mixture. This can be shown by applying the (1/C) test of Chapter 3, Section 3.4.2. 
The composition of the uncontaminated magma is 0.7030. 


' Xenoliths are pieces of rock that are “foreign” to the magma, having been picked up during its transfer 
towards the surface. 
? Look up what this and the words in the table mean in a petrology textbook. 
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Table 6.2 Analysis of volcanic rocks 








Rock Sir)?" Sr C* (ppm) 
Carbonatite 0.7040 1000 
Tjolite 0.7062 350 
Syenite 0.7070 280 
Nephelinite 0.7107 150 
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Figure 6.8 Evolution over time of two systems involved in mixing at T;. (a) The ®’Rb/*°Sr ratios do not 
change until 7;, when mixing occurs. (b) The corresponding evolution of the ®’Sr/®°Sr ratio. 
(c) Reconstructed evolution with a shift in the ®’Sr/®*°Sr ratio at Ty. The shift could also be negative! 
This is the only case where the radiogenic ®’Sr/*°Sr ratio can decrease. Otherwise, it invariably increases 
as a result of radioactivity. (d, e) Evolution of two systems which underwent isotopic exchange at 7, 
without changing their chemistry. 
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These mixing phenomena may occur at depth or near the surface during the system’s 
isotopic evolution, for example, during tectonic phenomena where rocks are mixed by 
thinning and folding or by breaking and mixing, or during mantle convection processes 
associated with stirring. They also occur, of course, in the processes of erosion, sedimenta- 
tion, transport, and the formation ofoceans and lakes. They have substantial repercussions, 
as we Shall see on many occasions in what follows. Each time, they introducea hiatus inthe 
(2’Sr/®°Sr,f) isotope evolution diagram. This isotope ratio may rise or fall suddenly. The 
chemical ®’Sr/*°Sr ratio may also change abruptly. Thus, the slope of evolution after mixing 
changes suddenly (Figure 6.8). 


6.1.7 Isotopic exchange 


We spoke of isotope exchange at the beginning of this book when discussing the isotopic 
dilution method. But the phenomenon extends well beyond the confines of the laboratory. 
In nature, when two systems (rocks, minerals, water/rock mixtures) are in chemical equili- 
brium but have different isotope compositions, both systems exchange their atoms to tend 
towards isotopic homogeneity (while being, it is worth repeating, chemically heteroge- 
neous). The final isotopic composition for heavy elements is equal, ofcourse, to the weighted 
mean of the systems involved. 

As we have said, it is the diffusion processes that control the rate at which isotopic 
exchanges occur. They are faster in liquid phases than in solid phases and are activated by 
temperature. 

We have made use of this phenomenon in the case of the isochron diagram. Here, we wish 
to remind readers that it plays a role in all chemical processes, but naturally this isotopic 
exchange may be partial or total depending on circumstances. 


6.1.8 The Schilling effect 


Jean-Guy Schilling of Rhode Island University discovered an intermediate structure 
between MORB and OIB, which appears to complicate matters but in fact confirms the 
dual origins of the basalts. Hot-spot injections occur at some points on the mid-oceanic 
ridges, as reflected by the ridges being subjected to topographic bombardment (see review 
in Schilling, 1992) (Figure 6.9). 

The first reported and most spectacular case of such hot-spot injection beneath mid- 
oceanic ridges is that of Iceland. Animmensevolcanicstructure of deeper origin lies astride 
the mid-Atlantic ridge creating a huge oceanic island. A less spectacular case is found 
on the Atlantic ridge near the Azores. There the bombment remains submarine, because 
the emerged islands are shifted to the east. 

Now, analysis of the isotope compositions of these mixed structures reveals *’Sr/®°Sr 
values that are intermediate between MORB and OIB values. The distribution of °’Sr/*°Sr 
isotope ratios along the mid-ocean ridge follows the profile of the topography (Figure 6.9). 
It is only at some considerable distance from the hot spot that isotope values typical of 
MORBrecur. 
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Figure 6.9 Study of samples collected south of Iceland. Variation in the ®’Sr/*°Sr ratio along the mid- 
oceanic ridge southwards from Iceland along with variation in submarine topography. The parallel is 
astonishing. After Hart et al. (1973). 


When the areas of the world where the Schilling effect occurs are removed from the statis- 
tics, the dispersion of MORB values declines. The range of variation is then just 
0.7022-0.7027, and so is far narrower than the variation observed for OIB, which is 
0.7032-0.7050. This observation, which has been confirmed for many ocean ridges, shows 
there is a clear statistical distinction between MORB sources with a narrow range of very 
low ®’Sr/*°Sr ratios and the higher and more scattered 8’Sr/*°Sr ratios of the hot spots. This 
shows that samples must be collected from ocean ridges using knowledge of the geological 
and geodynamic context before interpreting the isotope measurements and before distin- 
guishing the MORB interacting with hot spots from the others (Hart et al., 1973) 
(Figure 6.10). 


6.2 Strontium—neodymium isotopic coupling 


The development of neodymium isotopic geochemistry was a key moment in 
isotope geology. It was brought about by three teams: the present author’s team at the 
Institut de Physique du Globe in Paris (Richard etal., 1976), Jerry Wasserburg’s team at the 
California Institute of Technology (DePaolo and Wasserburg, 1976a, b), and the team of 
Keith O’Nions then at Columbia University, New York (O’Nions et al., 1977). This was a 
decisive stage in the use of isotope tracers for understanding geodynamic processes and 
the historical evolution of terrestrial reservoirs because, for the first time, two chemically 
different isotopic tracers yielded coherent, complementary information. 
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Figure 6.10 Histogram of isotope ratios measured on various types of oceanic basalts. Hoffmann has 
called the MORB subjected to the Schilling effect E-MORB. Normal N-MORB is located outside of these 
peculiar areas. 


As said in the previous chapters, '4’Sm decays by a radioactivity to Nd with a half- 
life of 1.5576 - 10!! years and a decay constant A of 6.42 -10-'? yr~'. It is possible, then, in 
principle to study variations in '**Nd/'**Nd isotope ratios in basalts and granites as 
with °’Sr/*°Sr ratios. The difficulty is that these Nd isotope variations are very small, of 
the order of 1 per 10000. It was therefore not until very precise mass spectro- 
metry techniques were developed for the Apollo missions that this program could be 
carried out. 


6.2.1 Neodymium isotope variations 


It was therefore not until 1975 in Paris, and then 6 months later in Pasadena, that variations 
in the isotope composition of neodymium of terrestrial origin were shown to exist by draw- 
ingon the giant leap in mass spectrometry: 


e MORBs have '**Nd/'*4Nd isotope ratios of about 0.513 20; 

e OIBs have '44Nd/'*4Nd isotope ratios of about 0.5128; 

e theisotope ratios of granitic rocks range widely from 0.508 to 0.511 depending on the age 
ofthe rock. 


Qualitatively, the phenomenon is the same as for °’Sr/*°Sr ratios, except that the variations 
are in the opposite direction. The most radiogenic strontium ratios are for granites, while 
the most radiogenic neodymium ratios are found in MORBs. This inverse variation called 
for closer study and examination of the isotope correlation between Sr and Nd measured 
onthe same samples. 


6.2.2 The eng notation 


To make the variations easier to read, we shall express the Nd variations as variations rela- 
tive to a reference sample. This reference sample is chosen from among meteorites whose 
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present-day isotope ratio is constant (whichever meteorite it may be) at 0.512 638.° The ena 
unit is defined (see DePaolo and Wasserburg, 1976a) by: 


(Ng) (Ng) 

= '4Nd sample miNd chondrite 104 

ENd = x F 
'4Nd chondrite 


Inshort, ¢ngisa relative variation expressed per 10 mil, which is more convenient for expres- 
sing variations and can be used to manipulate numbers like 2, 10, or 20 whether positive or 
negative. 


Exercise 


Calculate the eng ratios for two samples: one is a MORB whose *47Nd/*“4Nd ratio is 0.513 10 
and the other a billion year-old granite whose **3Nd/*“4Nd ratio is 0.509 00. 








Answer 
By using the isotope ratio of chondrites as a reference, we find ¢ =+9.36 for the MORB and 
€=-70.6 for the granite. 


Exercise 


The isotopic composition of a mixture (noted Ry) of two components A and B of isotopic 
composition Ra and Rz is 


Ru = RaXat+ Rp(1 — Xa), 


Xa being the mass fraction of component A in the mixture. Show that if we use the < notation, 
the mixture ey between two components (A) and (B) with <, and eg can be written: 


Em = EnXa + Eg(1 = Xa). 

Answer 

Begin with Ry = RaXa+ Rp (1 — Xa). Subtracting Rez (standard) from each side gives: 
Ru — Rs = (Ra— Rs) Xa + (Rp — Rs)(1 — Xa). 

Dividing both sides by R; and multiplying by 10° gives: 


EM = EA Xa + Ep(1 — Xa) 


6.2.3. The Sr-Nd isotope correlation of basalts 


As might be expected after the initial measurements, when the Srand Nd isotope composi- 
tions are measured on a series of oceanic basalts, they are found to be anti-correlated. The 


> Sometimes another value is given in the literature because of the way stable Nd isotopes are normalized. 
This difference is removed with the ¢ notation. 
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Figure 6.11 Strontium—neodymium isotope correlation established by the Paris, Pasadena, and 
Columbia teams (1976-7) on oceanic basalts. Thousands of measurements have been added since, 
and we shall see later how the initial correlation has been altered. The correlation is used for 
determining the ®’Sr/*°Sr ratio of the Earth from the *3Nd/*4Nd value of the Earth as determined 
from meteorites (and then taken as a reference for calculating <). 


correlation observed is good (Figure 6.11) and is an inverse correlation (DePaolo and 
Wasserburg, 1976b; Richard eral., 1976; O’Nions etal., 1977). 

Oceanic basalts define a straight line of correlation with low dispersion. This correlation 
is very important as it shows coherence between Nd and Sr isotope variations. These varia- 
tions, then, are not caused by some minor chemical processes specific to Sr or Nd elements 
but by general grand-scale geological processes. It can be considered, at least as a working 
hypothesis, thatthe Srand Nd isotope ratios together act as tracers for the major geological 
phenomena, because together they keep a record of these phenomena. 

First ofall, two essential reference parameters can be extracted from this correlation: the Nd 
and Sr isotope values for the Bulk Earth and the Sm/Nd and Rb/Sr ratios for the Bulk 
Earth. The Bulk Earth is acomplex system comprising various entities: the continental crust, 
oceanic crust, mantle, and core. It is not easy to obtain a single mean value for the whole. But, 
conversely, when we do obtain sucha value, it acts as a“universal” reference for all the others. 

Let us come back briefly to the meteorites we took as the reference standard for calculat- 
ing the e parameters of neodymium (as already specified in Chapters 4 and 5). Meteorites 
have extremely varied chemical compositions. Some have chemical compositions quite 
close to that of the Sun. These “primitive” meteorites are carbonaceous chondrites. Others, 
by contrast, have chemical compositions analogous to that of basalt. They are the products 
of volcanism and are knownas basaltic achondrites. Yet others are made up of iron—nickel 
alloys: these are the iron meteorites. Other better known because more abundant ones are 
chemically intermediate: these are the ordinary chondrites as seen in the previous chapters 
(see Jacobsen and Wasserburg, 1980). All of these meteorites are of the same age to within 
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a few million years: around 4.55 + 0.05 Ga. Now, all of them have the same present-day 
43N d/'44Nd ratio of 0.512 638, but not the same °’Sr/*°Sr ratio!" It is therefore reasonable 
to suppose that if these meteorites, which represent the primordial planetary material, 
have the same Nd isotope composition anda near-constant '*’Sm/'**Nd ratio, the primitive 
material of the Earth must also have the same isotopic and chemical composition. These 
ratios are therefore probably those of the Bulk Earth. 

On the strength of this and of the (Sr—Nd) isotope correlation, we can determine the 
strontium isotope composition of the Earth (Figure 6.11) and, assuming an age of 4.55 Ga 
for the Earth, we can determine its °’Rb/*°Sr ratio. Note that we know the initial 
(°’Sr/®°Sr)o ratio which is the initial ratio of meteorites of 0.698 98 and is assumed to be the 
same for the early material of the Earth. 


Exercise 


Calculate the Rb/Sr ratio of the Earth given that the present-day ®’Sr/®°Sr ratio is 
0.7050. 


Answer 
We write the equation for evolution in a closed system, which is legitimate for the Bulk Earth 
since neither Rb nor Sr escapes from it. If the age of the Earth is T>, we have: 


87Sr = 87Sr 87Rb (er 1) 
86Sr 86574 7 86Sr : 








Hence: 
87S; 876+ 
87Rb (raze) ne (ese). 0.705 — 0.6989 
86S¢ (e4To — 1) ~ 0.006 6745 
87 
ae = 0.091 + 0.004. 
eet) earth 


The second stage is more difficult than it looks. We must shift from an atomic isotope ratio to 
a gravimetric chemical ratio: 


Rbiotar = (°”Rb +°° Rb) x atomic mass of Rb 


85 


b 
RDiotal = "Rb (2 a )] x atomic mass of Rb 


87Rb 





Sttotal = (°8Sr + 87Sr + ®Sr + Sr) x atomic mass of Sr 


* The explanation for this is that Sm and Nd are “refractory” elements, that is, they do not vaporize easily. 
Strontium is refractory too, but Rb is volatile. When solid bodies were created in the primordial solar 
nebula, fractionation between refractory and volatile elements was an essential phenomenon. However, 
refractory elements behave quite coherently. Thus Sm/Nd ratios of meteorites are almost constant 
whereas Rb/Sr ratios vary greatly. 
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Sttotal = *sr( Pacer? geen se! x atomic mass of Sr. 





If we wish to make a precise calculation, we must recalculate the atomic mass of strontium 
because the °’Sr/®°Sr ratio is not exactly that of the standard samples, which is 0.709. This is 
not an easy operation because we must calculate the atomic mass of each isotope (or look it 
up in tables).° We shall ignore this difficulty. The standard isotope ratios are: 


85Rb/®’Rb = 2.5926; *8Sr/*Sr = 8.3752; **Sr°°Sr — 0.056 584. 


The atomic mass of Sr is 87.613 and of Rb is 85.35. 
We therefore find: 


BE — mee x 0.341 
Si) ey 25S era 


which gives: 


Rb 
— =10:032 
St) earth 


Exercise 


Calculate the relation between the **’Sm/**Nd ratio and the Sm/Nd gravimetric chemical 
ratio. 


Answer 
Read on! 


6.2.4 Position of granites in the (Sr, Nd) diagram 


Analysis of granites of various ages initially by teams in Paris and Cambridge (1978-80) (see 
Allégre and Ben Othman, 1980; O’Nions et a/., 1983; Ben Othman et al., 1984) showed, as 
expected, muchwider dispersion of isotope ratios than for the mantle. Instead ofhaving a sim- 
ple almost linear correlation as for oceanic basalts, continental granites, gneisses, and granu- 
lites define a fairly broad domain, but in a“symmetrical” position to the basalts relative to the 
reference point of the primitive mantle (Figure 6.12). This pattern of distribution of points 
representing the continental crust is the outcome of two combined effects: for one thing, the 
continental crust is made up of tectonic segments of different ages fitted together like a mosaic; 
for another, in the complex processes occurring in the continents (erosion, sedimentation, 
metamorphism, hydrothermalism, anatexis, folding), fractionation between Rb and Sr and 
between Sm and Ndare different and so the isotopic results are varied. 


> The precise atomic mass of an isotope is not just the number of neutrons x neutron mass + number of 
protons x proton mass, expressed as a unit of mass (1/12 of '*C), because the bonding energy 
AE= Amc’, related to the energy of formation of the atomic nucleus, must be subtracted. 
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Figure 6.12 Position of granites in the (Sr, Nd) isotope correlation diagram. Notice the domain is much 
broader than that of basalt. The straight lines of evolution of oceanic basalts and of the Earth’s primitive 
mantle are shown. 


6.2.5 Back to the isotope evolution diagrams 


We can now plot the isotope evolution diagram for the °’Sr/*°Sr ratio versus time for basalt 
and granite. The novelty is that we can now plot the straight line of isotope evolution of the 
Earth, that is, of the primitive mantle as the reference since none of Rb, Sr, Nd, or Sm is 
incorporated in the Earth’s core.° Figure 6.13 shows that granites, which constitute most of 
the continental crust, are situated above the primitive mantle, and oceanic basalts below, 
with the MORB being the most extreme. 

By measuring the Rband Srcontents of the continental crust, we can estimate the slopeof 
the straight line of evolution for the continents as equal to / (’Rb / ntSt): The *’Rb/*°Sr 
ratios of continental rocks range from 0.5 to 3. The value 1 is a good average. Conversely, the 
87Rb/*Sr ratios of MORBs are very low (~0.001). The straight line of evolution of the 
MORB source medium is virtually horizontal. 

As said, the continents are made up of segments of tectonic provinces that are pieced 
together and formed at different times. It is therefore a series of vectors of evolution that 
must be considered and which lie behind the wide dispersion of the present-day *’Sr/*°Sr 
isotope ratios (Figure 6.1). 

Let us try to construct an analogous diagram for the '7Nd/'44Nd ratio. To do this, we 
must measure the composition ofgranites which turn out to have very negative c parameters 
(the Bulk Earth being taken as the reference with €p,;h = 0).When we plot the results on the 
Nd isotope evolution diagram, we observe a similar distribution as for Sr but in reverse. 
The values of the granites are below those of the primitive mantle and the basalt values 
above, with the MOR B lying furthest out, with the highest ¢ parameters (Figure 6.13). 


® We shall use the terms “Earth,” “Bulk Earth,” and ‘“‘primitive mantle” interchangeably when speaking 
of Rb/Sr or Sm/Nd ratios, since the corresponding ratios are all identical. 
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Figure 6.13 Isotope evolution diagrams inferred directly from the (Sr, Nd) isotope correlation. These 
diagrams show how we can imagine the surface part of the Earth evolved, with continental crust having 
preferentially extracted some elements and a depleted oceanic mantle (MORB source) as a result of that 
extraction. Positions in the isotope evolution diagrams are “symmetrical” relative to the Bulk Earth. 


To pin down the quantitative evolutions of '4*Nd/!4*Nd ratios, we have sought to evaluate 
the '4’Sm/'*4Nd ratios of the two “symmetrical” reservoirs: the continental crust and the 
mantle, which is the MORB source. For the crust, the 478m/'44Nd ratios are close 
(0.10—0.12). For the MORB source, the 478$m/'44Nd ratios range from 0.15 to 0.3. Unlike 
with ®’Sr/®°Sr, the evolution of the MORB sources in terms of *’Sm/'44Ndisnota horizon- 
tal line. 

On this basis, a simple geodynamic model can be developed. The continental crust has 
differentiated at the expense of the mantle probably through volcanism or magmatic pro- 
cesses related to subduction. The continental crust is enriched (compared with the mantle) 
in elements such as potassium, rubidium, cesium, rare earths, thorium, and uranium. 
According to the plate tectonics paradigm, the continents “float” on the mantle and are 
never swallowed up again by it: the enriched elements of the continental crust are therefore 
stored at the Earth’s surface. Thus they are removed from the upper mantle, which is conse- 
quently depleted in these elements. 

Measurements of concentrations reveal that the continental crust is greatly enriched in 
Rb and less so in Sr. Therefore, the Rb/Sr ratio of the continental crust is far higher than 
that remaining in the mantle after extraction (residual mantle). Likewise, the continental 
crust is much more enriched in Nd than in Sm, and so the Sm/Nd ratio of the continental 
crust is lower than in the residual mantle. This explains the origin of the inverse isotope cor- 
relation. The differences in chemical behavior between the Rb—Srand Sm—Nd systems are 
important in dispersion. As Figure 6.14 shows, the Sm/Nd ratio is just as widely dispersed 
in MORBs as it is in granite, whereas the dispersion of Rb/Sr is very different in the two 
media (MORB values showing little dispersion). This is because of the properties of rare 
earths, which are very similar to each other. 

Extraction ofelements by the continental crust at the expense of the mantle is a complex 
geological process that must be evaluated but which probably involves magmatic processes. 
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Figure 6.14 Statistical distribution of ®’Rb/®°Sr and *4’Sm/7“4Nd ratios in MORB and granitoids. 


Geological mapping (see Plate 5) and the isotopic dispersion ofcontinental rocks suggest 
that this differentiation of the continents has been going on throughout geological time in 
successive episodes. The upper mantle from which the continental crust has been extracted 
and which is termed “depleted” mantle (that is, depleted in certain elements such as potas- 
sium, uranium, thorium, rubidium, etc.) is therefore the residue of this extraction process. 
Butthe upper mantle is also involved in the gigantic process of plate tectonics. It is therefore 
a medium in which convection processes occur, with transport of matter over great dis- 
tances but also with vigorous mixing. This medium is therefore relatively homogeneous, 
which explains the narrow isotopic spread of MORBs in Figure 6.1. 

It seems that MORBs are samples from the part of the mantle that is most affected by 
extraction of the continental crust. As MORBs crop out at the ocean floor along oceanic 
ridges, itis assumed that this reservoir is the upper part of the mantle (as confirmed now by 
tomographicimagery obtained by seismology). 

In contrast, OIB comes from the more primitive, deeper mantle; it is contaminated as it 
crosses the upper mantle and so its isotopic compositions lie midway between those of 
MORB and those of the more primitive mantle (Figure 6.15). 


6.2.6 Evolution of time in the (Nd, Sr) isotope diagram and the 
question: geochemical differentiation or mixing? 


Inthe foregoing reasoning, toillustrate changes in the Srand Nd isotope ratios, we returned 
to the diagrams of isotope ratios versus time, adding an essential component, the reference 
constituted by the straight lines of evolution of the Bulk Earth (Allégre et a/., 1979). Can 
these evolutions not be shown directly on the (Sr, Nd) isotope diagram? Ofcourse they can, 
and this presentation has the advantage of clearly situating the isotope domains observed. 
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Figure 6.15 The standard model of the mantle. The mantle is separated into two layers: the MORB 
derived from the upper layer and the OIB from the deeper layer. The upper layer is depleted in some 
elements by extraction of the continental crust. The deeper layer is more primitive (that is, closer 
to the value of the Bulk Earth). The continents are made up of a series of provinces of varied ages 
Ti, Ta, Ts, Ta. 


The straight line ofevolution ofthe Earth system can be drawn. The two evolution equations 
are: 


876¢ = 8797 8SIRb er 
86Sr 7 P25 ‘ 86Sr Earth x 
143d 143d 1479 

M4Nd ~ (ana), (axa) a 


Eliminating ¢ gives: 











13nd 143NId 1479 

44Nd — (cana), 7 (wana) Farth Asm _ 0.196 x 6.54-10- 
sr fist RG Arp 0.091 x 1.42- 10-1 
Sr \ 86Sr J, 86Sr ) earth 


= 0.9919. 





Therefore in the (‘8Nd [Nd ?'St/ *6Sr) diagram, the evolution is a straight line with 
a slope very close to unity. This straight line is graduated in time, of course. The two 
straight lines of evolution leading to the average of the continental crust and of the resi- 
dual mantle, the MORB source, can be drawn. Their slopes can be easily calculated 
and are equal to: 


1479 
(apa) Asm 


SIRO yee . 
86Sr 
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With the approximate values for the continental crust and the primitive mantle, we find the 
slope of the straight line of evolution of the depleted mantle is very, very steep (more than 
100) and that of the continental crust is close to 0.05. 


Exercise 


Given that the slope of the straight line of evolution of the depleted mantle is very high and 
the extreme value of MORB is 142Nd/1“4Nd = 0.513 50 and ®’Sr/®°Sr = 0.7021, what is the 
minimum age of differentiation of the crust-mantle? 


Answer 
The age is greater than 2 Ga. 


On the basis of this reasoning, we can trace the curves of evolution of the depleted mantle 
and the continental crust (Figure 6.16), assuming that the continental crust has been 
extracted in a series of episodes. When the theoretical models are compared with experi- 
mental data, a question arises. Howcan we explain the dispersion of values for the continen- 
talcrustand the lesser dispersion of basalts? 

A priori, there are two hypotheses: differentiation or mixing? (or a combination of the 
two?). Were there multiple crust—mantle differentiations giving rise to different pieces of 
crust and leaving different pieces of depleted mantle? Or, on the contrary, are all the inter- 
mediate points the result of mixing between two extreme components? Before discussing 
these questions, we need to know how a mixture is represented in the (‘*Nd/'44Nd, 
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Figure 6.16 Diagram of (Nd-Sr) isotope evolution over geological time. (a) We have supposed that the 
continental crust was extracted in a series of episodes and that the residual mantle reflected these 
extractions in a continuous, gradual manner. (b) We have supposed the extraction episodes of pieces of 
continents were followed by mixing phenomena both in the residual mantle to the left of the straight 
line of evolution of the Earth and in the continental pieces (one case is shown, to the right of the straight 
line of evolution of the Earth). After Allégre et al. (1979). 
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87Sr/8°Sr) diagram. We have spoken of mixing in the isochron diagrams but not yet in the 
case of paired isotope ratios. 


6.2.7. Mixing in isotope ratio correlation diagrams 


Imagine we have two reservoirs characterized by their isotope ratios noted here R and p 
(c.g., °’Sr/®°Sr and '44Nd/'*4Na). How isa mixture represented in the (R, p) diagram? If we 
write the equations of the mixture M between two extreme reservoirs (1) and (2), where A 
and Bare the two chemical elements whose ratios are under consideration, we get: 


Ru = Ra x1 + Ra(l - x1) 


Pu = Payi + pal — y1) 


where x} = ™ Cx /m an +m C. and yy) = (m Ch) /(m Ce +m Ch Chand Cz 
being the concentrations of element A in poles | and 2, and Cnand C§ being the concen- 
trations for element B. Let us calculate the mixing equation in the (R, p) diagram. 
Combining the two equations for the two ratios gives: 


(= = *) _ x(a = me) 
Ru — Ro pm — p2)’ 
with K = (C\/C})/(C4/Cg). If the denominator of the two ratios is identical (as is the 
case, for example, with lead isotopes whose denominator is common lead, 7"*Pb), the mix- 
ing equation is a straight line. The sameis true ifthe denominators are different, but K = 1, 
thatis, ifthe chemical ratios of the two elements are identical for 1 and 2 (for example if Nd/ 
Sris constant in both systems). 

Generally, when K is different from 1, the mixing curve is a hyperbola whose shape varies 
with K (Figure 6.17). However, if K is not too different from 1, the mixing curve is almost a 
straight line. (We shall make much use of this property in what follows.) This is generally the 
case for mixtures between mantle rocks or between continental rocks for the Nd—Sr system. 


Exercise 


We suppose a granite has been formed from a mixture of a basalt intrusion and pre-existing 
acidic rock. The characteristics of the basalt magma are eyq=+10, Cyva=7 ppm, 
87Sr/8°Sr = 0.7025, and C,=300 ppm; those of the pre-existing rock are: enq=— 20, 
Cya= 20 ppm, ®’Sr/*°Sr = 0.725, and Cs, = 100 ppm. Calculate the mixing curve for the various 
granite facies, supposing the Merust/Mmagma ratio varies from 0.1 to 1. (See Figure 6.18.) 





Answer 
Table 6.3 Mixing curve 








Number ierner Arent le End Shao 
sl! 0.1 —18.98 0.719 00 
22 0.25 Sal 7/ fxs} 0.715 200 
3 0.5 =ll55,!5)3) ON/AMES 0) 
4 0.75 S134 7/5 0.709 33 
5 1 17272 0.70812 
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Figure 6.17 Theoretical mixing diagram between two poles 1 and 2 in the (Nd, Sr) isotope diagram for 
various values of relative concentrations of Nd—Sr of 1 and 2. Parameters are shown in the figure: K is 
the ratio of Sr/Nd chemical ratios, the ratio of Nd concentrations is taken as 0.1, and the result is 
graduated in mass ratio m,/mp. 
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Figure 6.18 Representation of the various granite facies resulting from the crust—mantle mixture in the 
exercise above. 


Differentiation results in straight lines, while the mixtures in the Nd—Sr isotope dia- 
grams are almost straight lines. By virtue of a powerful mathematical theorem by 
which, in a linear (or near-linear) system, when there are two solutions, any combina- 
tion of the two solutions are also solutions, there is no means of distinguishing by 
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analyzing the experimental data which of differentiation or mixing predominate in 
explaining the Sr—Nd isotope correlation diagram as a whole. Geological considera- 
tions suggest that both phenomena are involved in the dispersion of the points 
observed. In the mantle, magma arises from differentiation which separates a magma 
composition from that of a residue. Conversely, convection in the mantle results in 
mechanical mixing. In the continental crust, the formation of granites as well as the 
erosion cycle, chemical sedimentation, and metamorphism also correspond to chemical 
differentiation. Sedimentation and tectonic folding are mixing processes. These two 
phenomena probably occurred in the past and in recent periods (genesis and transfer 
of magma). We asked the question: differentiation or mixing? The answer seems to be 
differentiation and mixing. There’s a simple example of a non-unique solution, or, if 
you like, of quantitative uncertainty. 


6.2.8 The Sr-Nd-Hf system 


We have just explored the coherence within the Nd—Sr isotope systems. We are going to add 
to this the '°Lu—'°Hf system, which will strengthen the cohesion without contributing any 
fundamental new information. 

Lutetium is a heavy rare earth while hafnium has geochemical properties close to those 
of light rare earths. Lutetium-176 disintegrates into '’°Hf at a decay rate 4= 1.94 - 1071! 
yr‘. It was only natural, then, to try to connect the variations in 'Hf/!’’Hf isotope 
composition with the variations observed in '4*Nd/'*4Nd. But this endeavor was 
long unsuccessful because of difficulties in correctly analyzing the isotope composition 
of Hf in the low amounts in which it occurs in rocks. This difficulty was overcome in 
1980 by Patchett and Tatsumoto (1980), working for the U.S. Geological Survey 
in Denver. Since then, a substantial amount of rock has been measured by teams at 
the University of Arizona at Tucson and the Ecole Normale Supérieure in Lyon and the 
result is an extraordinarily coherent correlation between the isotope compositions of Nd 
and Hf (Figure 6.19). This correlation is important because it strengthens cohesion 
(Blichert-Toft and Albarede, 1997; see also Patchett, 1983; Vervoort and Blichert-Toft, 
1999). It shows that the isotopic variations observed for Nd are not the outcome of some 
property peculiar to Nd but that they obey more general rules. As we did with Nd, we 


define: 
176 HF 76H fF 
l77HF (sanz) 
P 


6H fF 
(omar). 


The constants required for these calculations are: 








x 104. 





Ep (0) = 


Ratio at 4.55 Ga (‘°HE/' Hf), = 0.279 78 


Present-day Bulk Earth ('°H£/' Hf), = 0.28295. 
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Figure 6.19 Modern (Nd, Hf) isotope correlations after data from Patchett and Tatsumoto (1980) and 
Vervoort and Blichert-Toft (1999). The correlation is excellent and extends linearly to rocks of the 
continental crust for which only a few points are shown. 


The value of (‘°Lu/'”’Hf )p can be calculated from the growth of the (oH )p ratios, 
giving 5" = 0.036. 


Exercise 


Three rocks (1, 2, and 3) are measured with *”°Hf/*”’Hf isotope compositions of 0.2835, 
0.2832, and 0.281, respectively. Calculate €,4¢(0). Can you identify the rocks from the Nd—Hf 
correlation? 


Answer 
€1=4+19, c2=+8.8, and 3 = —68.9. 
1=MORB, 2 = OIB, and 3=very old granitoid rock. 


6.3 The continental crust—mantle system 


Examination of the regularities and correlations in Sr—- Nd—Hf systems sparked the idea 
that the fundamental process behind chemical differentiation ofthe upper part of the planet 
was the extraction of continental crust and its repercussions on the mantle. We shall try to 
look more closely at this process in quantitative terms using the model developed by 
Allegre, Hart, and Minster (1983a). 
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6.3.1 The chronology of extraction of continental crust 


We saw when examining the results of geochronology that the continents are made up of 
provinces of variable but well-defined ages (see Plate 5). This geological distribution seems 
to show that continental crust has been progressively extracted from the mantle throughout 
geological time. But if this is so, what is the exact rate ofextraction of the material making it 
up? Is it auniform rate? Isit modulated? 

In opposition to this idea of continuous extraction, it can be assumed that continental 
crust was extracted from the mantle right at the beginning, in early times, when differentia- 
tion ofthe Earth occurred, and that since then it has been recycled continuously throughout 
geological time (erosion, sedimentation, orogeny) but without any new material being 
created from the mantle, just “old material reworked into new.’ Age provinces would 
then be evidence of these recycling processes or internal rearrangements of the continental 
crust (reworking). 

One way of addressing this issue is to calculate what is called the mean age of 
continental crust materials. Let us suppose the continental crust is made up of 
segments of ages f), f2,..., t, of respective masses 7), 2, . . .. M,. The fractions by mass of 
these segments are therefore x} = m,/M, x2 =m2/M,.. ., X,=m,/M, where the magnitude 
M=m,+m,+---+m, isthe mass ofthe continental crust. 

Themeanage of the materials is equal to 


(T) = Xt +Xote+-:++Xntn, 


in other words it is an age weighted by the fraction by mass: 
n 
(T) = do xiti 
i=l 


(see Jacobsen and Wasserburg, 1979). 
We can define an isotopic age of the materials assuming that the differentiation ofthe con- 
tinental crust occurred all at one time at Tyg. Let us note: 


Qceis the 8’Sr/®°Sr or *7Nd/'44Nd isotope ratio of the continental crust; 

Opis the *’Sr/*°Sror'**Nd/'**Nd isotope ratio of the primitive mantle; 

Lee is the ®*’Rb/**Sr or '4’Sm/'*4Nd parent—daughter isotope ratio of the continental 
crust; 

Hp is the 87Rb/*Sr or 47Sm/'4Nd parent—daughter isotope ratio of the primitive 
mantle. 


Then, a¢¢( present-day) = a,(7) + fccAT aig, but since the primitive mantle follows the evo- 
lution a,(present-day) = a,(7) + [4pAT gir, from which, eliminating a,(7) gives: 


Acc — Ap (present-day) = A(fec — Up) T. 


The model ageis therefore written: 


= 1 (Qc — 
Tait = 5 fee ") ; 
Mee ~ Mp 
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Moreover, the model age of the continental material is equal to the model age of mantle 
depletion, which is written (subscript d denotes the depleted mantle): 


a & = =) 

A\ Ba — bp] 
We shall now demonstrate that this age is indeed the mean age defined above. To do 
this, we are going to exploit mathematically a geochemical property of the continental 
crust, which is that its average chemical composition is almost constant whatever its 


age. Let us calculate, then, the mean age of the continental crust using the constancy 
Of fice (and of course of fip): 


SI 


(T) = Tce lett = Otp]X1 + [Occ(t2) — Op]X2 + +++ + [Qec(tn) — Op]Xn} 


where agc(¢,) is the present-day isotope ratio ofasegment ofcontinental crust ofaget, and ap 
is the present-day Bulk Earthvalue. 


Qeo(t1)X1 + Acc(t2)X2 + +++ + ce(tn)Xn = Acc present day. 


Sincex, + x2. +---+x,=1, 


p=} (se=), 
1 \ Mee — Lp 
This is the model age. Therefore we do have the fundamental relationship of: 


mean age = model age 
(T) =T. 


As seen, we know a, and pu, for Rb—Sm and Sm—Nd isotope systematics. We can estimate 
Qq quite well because the upper mantle corresponding to the MORB source is fairly homo- 
geneous. Estimating jg is more difficult since, when basalt is formed, chemical fractiona- 
tion occurs and the Rb/Sror Sm/Nd ratios measured in MOR Bare not those of the mantle. 
It is difficult to evaluate a,, (average continental crust) since the continents are made up of 
provinces of different ages and these must be averaged. This is a difficult operation because 
different segments have different means, different isotopic compositions, and so on. It is 
much easier to estimate /1,, as the chemical composition of continental crust is almost con- 
stant and can be measured directly by sampling and analyzing surface rocks. To overcome 
these difficulties, we look to use a few tricks ofthe trade (Figure 6.20). 

For the Rb-Sr system, itcan be observed that jig = 0 sincethe Rb/Sr ratioof MOR Bisvery 
low (0.001) and the ratio measured in basalts is a maximum value, as we have said, because 
the Rb/Sr ratio increases during basalt formation. We can therefore calculate T with ag, ap, 
and pp. Using the ratios a§' = 0.7022, ast = 0.705, and p= 0.0091, we get T = 2.16 Ga. 
Graphically, this amounts to drawing a horizontal line from the value 0.7022 and observing 
the age of intersection with the straight line ofevolution of the primitive mantle (Figure 6.20). 

The second trick concerns the Sm—Nd system, in which the average isotope ratio of the 
continental crust can be evaluated because rare earths are insoluble elements and fine oceanic 
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Figure 6.20 Calculating the model age (average age) of crust-mantle differentiation. (a) The ®’Rb-®’Sr 
system and determination of the model age of MORB using direct analysis of basalt. (b) The 
476m—"*3Nd system and use of shales of mostly continental origin. 


sediments provide a natural average of the continental crust subject to erosion. With the values 
age = 0.5116, ap = 0.512 638, wi" = 0.11, and yp" = 0.196, we findT ~ 2 Ga. 

Both methods therefore yield an age close to 2Ga. One concerns the mantle and 
the Rb-Sr system, the other the continental crust and the Sm—Nd system. We can 
therefore consider this age of 2Ga as a good approximation of the average age of 
crust—mantle differentiation.’ Continental crust did not therefore form by primordial 
differentiation, otherwise T would be somewhere around 4.5 or 4Ga, but probably 
formed throughout geological time. However, the idea of an average age allows great 
simplification because it reduces the problem to a two-stage story, which simplifies 
all quantitative reasoning but, on the other hand, conceals the real processes 
(Figure 6.21). 


Exercise 


The MORB isotope composition used in the previous calculation is ®’Sr/*°Sr = 0.7022. This 
value implies that the lowest value 0.7022 measured on the mid-ocean ridges is chosen. 
Suppose the most representative value is 0.7025 or even, less probably, 0.7028. What would 
be the model age of differentiation in this case? How can you express the uncertainty on Tait? 


7 A more refined calculation yields an age of 2.3 Ga, which is not fundamentally different. 
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Figure 6.21 Diagram summarizing the approach and results obtained with the simple model of 
evolution of the crust-mantle system, assumed to be a two-stage process separated by a sudden 
period of differentiation. 


Answer 


(°7Sr/*°Sr) mors = 0.7025 and T=1.93 Ga. 

We find (°’Sr/*°Sr) mors = 0.7028 and T=1.70Ga. 

As can be seen, the first result barely changes the reasoning. Taking the first value, the result, 
allowing for uncertainty, may be written T = 2733 Ga. 


6.3.2. The mass of the depleted mantle and the mantle structure 


Let us consider the system made up of three reservoirs: mantle, continental crust, and pri- 
mitive mantle. Extraction ofthe continental crust and the corresponding depletion ofa frac- 
tion of the mantle is written like a mass balance relation: 


primitive mantle = continental crust + depleted mantle. 


This is the opposite ofa mixture, although arithmetically it is the same thing. Returning to 
the formula for isotope dilution or mixing, we canwrite: 


Ap = Ace W+ ag(1— W) 


with W = (Mc Cec) / (Mp C). 

Here, W is the mass fraction of continental crust, m,, is the mass of the continental 
crust, which we know from seismology: 1g. = 2.2 - 1077 kg, mp is the mass of the primitive 
mantle that has been depleted and which we are trying to estimate, C,,is the concentration 
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of the element in the continental crust, while C, is the initial concentration of the element in 
the primitive mantle. 

Theideais to calculate W from the first equation, and then to calculate m,, the mass ofthe 
mantle which has been depleted. Is this the total mass of the mantle? Is it merely a fraction? 
To bring this out, we can write: 


wy — Wee (x) Cee 
My, \ mp Cp 





where M,, is the total mass of the mantle: M, = 4.10 - 10°*kg. Ifwenote m,/M, = f thefrac- 
tion of the depleted mantle, we get: 


Me Ge 1 





I=, CW 
: 22-107 
with mc¢/Mp = 410-1024 = 0.0054. 


The difficulty lies in estimating the a parameters. We know a, and we can estimate ag 
quite well from MORB measurements. Here again the difficulty is in estimating a, because 
of the segmentation of the continents. How do you take the average value ofa mosaic? For 
Sr, it is difficult to do. A statistical estimate of 0.720 by Patrick Hurley eta/. (1962), then at 
the Massachusetts Institute of Technology, is a likely value but subject to considerable 
error. For Nd, we have seen that fine marine sediments seem to be a good approximation 
with eg =+ 10.Then WN¢ = 0.32. If we take for the absolute concentrations CX4 = 28 ppm, 
co = 1.1 ppm we calculate f= 0.43. The depleted mantle therefore makes up about 43% of 
the total mantle. 

Seismology has shown there is a marked seismic discontinuity at a depth of 670 km, 
which is interpreted as the transition from a silicate with tetrahedral structures (SiO4) to 
perovskite-type octahedral structures (SiO¢) and that this discontinuity is a strong barrier 
against movement of matter. This boundary is taken as the lower limit of the upper mantle 
inaconvective mantle. 

The upper mantle above 670 km represents 25% of the mantle. So the mass of the 
depleted mantle is greater than the upper mantle alone. While the continental crust has 
differentiated from the upper mantle, the upper mantle has exchanged matter with the 
lower mantle. 


Exercise 


Write the equation giving Win the < notation. If the extreme values of ¢,< are —16 and —25, 
and those of eg are +15 and +10, what are the extreme values of the estimate of W? What 
extreme values of f do they correspond to? 





Answer 
Results are given by the matrix. The first number is Wand the second in brackets is f. 
Ed 
+10 Sells 
¢ —25 0.285 (0.4822) 0.375 (0.366) 
cc 


—16 0.3846 (0.3617) 0.483 (0.286) 
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The extreme values of W are 0.28 and 0.48, which correspond to f-values of 0.482 and 
0.286. As can be seen, these results differ with the extreme values but the reasoning does not 
change qualitatively, namely a part only of the mantle is depleted and that part is greater 
than the upper mantle alone. This implies that exchanges have occurred between the upper 
and lower mantle. 


Exercise 


The estimation of the Nd concentration of the primitive mantle is highly constrained: 
its error is estimated at+0.1 ppm at most; that of the continental crust is estimated 
at +2 ppm. Do possible errors with the absolute Nd concentrations in the continental crust 
and in the primitive mantle greatly increase the estimated limits of f? What are the two 
extreme values we obtain for f by combining the preceding uncertainties and uncertainties 
on concentrations? 


Answer 

The extreme values for f are 0.567 and 0.231. Once again, quantitatively the difference is 
great, but qualitatively the result is not overturned in geochemical terms and so yields 
quantitative limits. 


How can we calculate W*" and the parameters for the Rb-Sr system for differentiation of 
the crustand mantle? 

The idea is to come back to the Nd system and to exploit the reliable cross-referenced data 
we have between the Sm—Nd and Rb-Sr systems. The way to evaluate W*" is to return to 
neodymium. 

Wewrite: 


WNt _ (Nd/NdSrSr).. 


ws (Nd/NdsrSsr),, ’ 





with Nd,,=28 ppm, Srp¢ = 230 ppm, Nd,=1.1, and Sr, = 20. This gives W* = 0.144. 
Then WN¢/W* = 2.212. 


Exercise 


Roughly speaking, the continental crust is made up of a deep layer (lower crust) and a surface 
layer (upper crust). Studies of heat flow have shown that the deep crust is depleted in certain 
soluble elements (uranium, potassium, and probably rubidium too) which have been trans- 
ferred to the upper crust. Accordingly, the Rb/Sr ratio measured in the upper parts of the crust 
is not representative of the whole crust. Given that W*" is 0.144 and that the ®’Rb/*°Sr ratio of 
surface continental rocks is 0.8, what is the maximum thickness of the deep crust? The Sr 
content is assumed to be identical for the whole of the continental crust, which is certainly an 
oversimplification. 
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Answer 
The value of W*" is the same for budget equations of a and ji values. Since 8° ~ 0, we have: 


Rb 
Hb 0.09 
Rb By 
Ss = = 0,625; 
“ W 0.144 


Let us write the equation giving the average composition of the continental crust. 
yee = uk? Q + ph?(1 — Q). 


where jug? and juz” are the j: parameters for the upper and lower crust. 
If we note 


Q = mass of upper crust/mass of whole crust 


thickness is maximum when i.” = 0, corresponding to all Rb being transferred to the upper 
continental crust. In this case O=0.625/0.8 = 0.78. 

Maximum thickness of the upper crust is about 78% of that of the whole crust. Here is a 
new structural constraint derived from isotope data. If we consider the upper crust is enriched 
in Rb by a factor of 2 compared with the lower crust, then the lower crust represents 56% of 
the continental crust. 


Remark 

In practice, all of the unknowns such as ages, W, a, ju, etc. are calculated globally by what is termed the 
generalized inverse model in mathematics, by which all the equations can be solved simultaneously. 
All the equations, including the 4 balances, a balances, and the model ages as well as the various 
relations among the elements, for example on the Sr/Nd ratio measured in the crust or the mantle 
samples, are calculated with a margin of uncertainty for each, which is essential. We then calculate all 
the values in one go. To do this, we introduce values estimated on an a-priori basis, optimizing the 
result with their estimated uncertainties and we solve a gigantic least-squares problem. It is difficult 
to solve as it is non-linear, with some unknowns multiplying each other. We shall see the spirit of it in 
one of the problems proposed at the end of the chapter (see Allégre et al., 1983b). 


6.3.3. Changes in the Rb-Sr and Sm—Nd systems 
over geological time 


In the foregoing, we have used present-day results and have projected into the past. But this 
technique has a limited power of resolution. 

We know that the average age of the continental crustis about 2 Ga. But we would also like 
toknowexactly how this growth came about: was the rate of extraction from the mantle uni- 
form, modulated, etc.? 


Exercise 


We consider the following eight models of continental growth (A-H). Each is represented by a 
distribution of continental orogenic segments for which the table shows the contribution 
from continents and the average age of each segment. 
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Segments 
Model A (1) (2) (3) (4) 
Bee Ga Ppl) (CE) 1.5-0.5 Ga 0.5—-0 Ga 
Average ages 3 Ga 2 Ga 1Ga 0.25 Ga 
Proportions 39% 32% 18% 11% 
Segments 
Model B (1) (2) (3) (4) 
sh —2395) (el 2.5-1.5 Ga 1.5-0.5 Ga 0.5—-0 Ga 
Average ages 3 Ga 2 Ga 1Ga 0.25 Ga 
Proportions 21% 59% 19% 1% 
Segments 
Model C (1) (2) (3) (4) 
3.5-2.5 Ga PS=A3) (Gel 1.5-0.5 Ga 0.5—-0 Ga 
Average ages 3 Ga 2 Ga 1Ga 0.25 Ga 
Proportions 40% 10% 10% 40% 
Segments 
Model D (1) (2) (3) (4) (5) 
A350) Gd +op 2-5) Ga 25> 1h) Gale 0:51 Gal O 50) Ga 
Average ages 4Ga 3 Ga 2 Ga 1Ga 0.25 Ga 
Proportions 20% 20% 20% 20% 20% 
Segments 
Model E (1) (2) (3) (4) 
3.5-2.5 Ga AALS Gel 1.5-0.5 Ga 0.5—-0 Ga 
Average ages 3 Ga 2 Ga 1Ga 0.25 Ga 
Proportions 10% 20% 30% 40% 
Segments 
Model F (1) (2) (3) (4) (5) 
4.2-3.8Ga  3.8-25Ga 2.5-18Ga 1.8-08Ga  0.8-0Ga 
Average ages 4Ga 3 Ga 2 Ga 1Ga 0.5 Ga 
Proportions 40% 15% 15% 15% 15% 
Segments 
Model G (1) (2) (3) (4) (5) 
4.2-3.8Ga  3.8-2.8Ga 2.5-18Ga 1.8-08Ga  0.8-0Ga 
Average ages 4Ga 3Ga 2 Ga 1Ga 0.5 Ga 
Proportions 3% 3% 85% 5% 4% 
Segments 
Model H (1) (2) (3) (4) (5) 





4.2-3.8Ga  3.8-25Ga 2.5-18Ga 18-08Ga  0.8-0Ga 
Average ages 4Ga 3 Ga 2 Ga 1Ga 0.5 Ga 
Proportions 10% 50% 30% 10% 0% 
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<T> = 2.017 Ga <T> = 2.012 Ga <T> = 1.5 Ga <T>=2Ga 


100% 





50% 





100% <T>=1.1Ga <T> = 2.5 Ga <T> = 1.97 Ga <T> = 2.6 Ga 





50% 





Figure 6.22 The results for the various models calculated in the exercise. On each graph, the x-axis 
shows time in Ga and the y-axis the percentage of continental crust formed. The integral curve is in 
black, the derivative curve, that is the growth rate, in blue. At the top of each graph (7) indicates the 
average age calculated. The models shaded in blue are those that are compatible with an average age of 
about 2 Ga. 


In each case, calculate the average age of the continent and draw the cumulative growth 
curve of the continents and variations in the rate of growth (see Figure 6.22). Which 
models do you think are compatible with the results for the crust—-mantle system with 
current data? 


Answer 
Four models are acceptable with an age of 2+ 1Ga: A, B, D, and G. 


Comments 

As the exercise has just demonstrated, the average age found for the continental crust using 
the calculation of the previous paragraph can indeed be used to eliminate some scenarios, 
but still leaves scope for a range of possible scenarios. For example, one might equally well 
envisage either steady continuous growth (model D) or sudden growth (model G). 

To get areal picture of the kinetics ofcontinental extraction (examination of the shapes of 
the curves of growth rates is extremely demonstrative) outside the mantle, we had the idea of 
trying to obtain isotopic information for Sr and Nd for different geological epochs so as to 
calculate Was a function of time W(d). 

These studies, which looked as if they should be straightforward, have proved very diffi- 
cult. The first problem was the relevance of the evidence of ancient massifs. For recent 
rocks, we know that basalt rocks collected from ocean ridges are evidence of depleted man- 
tle. But in the past, when we no longer have mid-ocean ridges, how can we recognize which 
basalts can be used as evidence of ancient depleted mantle like the present-day MORB? 
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Forcontinents, howcould we establish an average sample ofthe continents at a given period 
in the past? Are the current mappings of various age provinces representative in relative 
abundance of what they were in the past? 


e For evidence about the upper mantle, we adopt a pragmatic attitude. Up to 600 Ma, we 
use ophiolite massifs, which are pieces of oceanic crust that have been obducted on the 
continents. For terrains older than 2 Ga, we use komatiites, which are associations of 
rock put in place under the seas and which associate ultrabasic and basic lava (which is 
peculiar to Archean times). But these are working hypotheses that have not really been 
demonstrated (other than that they do not seem absurd). 

e For the continental crust, the only evidence of what it was like at a given time are the 
shales of the time in question. They are a sample of everything that had been eroded and 
then mixed in the ocean at the time. They are an average of the upper continental crust. 


In any event, the following program can beset. 


(1) Choosea group of rocks whose origin has been identified for a given time-span. 
(2) Determine its age and initial isotope ratio precisely (which takes us back to the consid- 
erations on isochrons in Chapter 3). 


We then just need to repeat the operation for several geological epochs and so obtain Sr and 
Nd isotope evolution curves for our two reservoirs (Figure 6.23). 

This program has involved some 20 or so research teams worldwide over 10 years. The 
results of the quest have been very disappointing. Why? Not because the teams were bad, 
but because, in the past, isotope systems seldom remained strictly closed and therefore 
uncertainties on initial ratios increase statistically with time. Without going into details 
that extend beyond the scope of this book, we can remember two related ideas: considerable 
difficulties and poor and inconsistent results. However, let us summarize the all too scarce 
positive findings. 


Strontium 

Whole-rock isochrons of ancient basic and ultrabasic rocks are very rarely reliable. To resolve 
the problem, we bring in analysis of pure clinopyroxene extracted from rocks containing 
almost no Rb and providing a fairly accurate reflection of initial *’Sr/*°Sr ratios. We deter- 
mine the age of the basic massifs in question independently by other chronological methods. 

This method has yielded few reliable results. Even so, the overall shape of the curve ofevo- 
lution (Figure 6.24) is clear enough. It is virtually aligned on the straight line of isotope evo- 
lution of the primitive (closed) medium up to 3 Ga and then is practically horizontal from 
1 Ga onwards. 

Itis impossible to obtain the curve of isotope evolution of the average continental crust for 
Sr from the analysis ofancient shales. There are two reasons for this: the first is that a part of 
the erosion of Sr is soluble and was deposited in limestone; the second is that shales them- 
selves are open systems for Sr. 


Neodymium 
Thesituation is far more favorable because both Sm and Ndaremuch more chemically inert 
(less soluble) elements than Rb and Sr. But the variations are, of course, very small: to 
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Figure 6.23 Theoretical diagram of the approach we would like to take to determine the isotope 
evolution of strontium in the mantle over geological time. Top: we sample rocks from the mantle 
whose age is determined by an isochron diagram. Middle: each isochron corresponds to an initial 
87s1/®°Sr isotope ratio. Bottom: the initial ratios are plotted as a function of age. 


express variations in the '47Nd/'44Nd ratio, we adopt the € notation. Instead of referring to 
the present-day primitive mantle, we refer to the primitive mantle at the time for which the 
43Nid/'44Nd ratio is being estimated. 

We have: 


Ese - au] 


ap(t) 


x 10+. 





Ena(T) = 


On a plot like this, the primitive mantle evolves along a horizontal line, the initial ratios of 
the various massifs considered as evidence of the upper mantle are located relative to this 
straight line, the equation for which is: 


a.) — an" (present day) — Au, T, 


T being the age, with ann’ 4 (present day) = 0.512 638 and Hp = 0.196. 

For the depleted mantle, Don DePaolo of the University of California at Berkeley man- 
aged to establish a pretty acceptable curve of e(t) (see DePaolo, 1988). This curve follows the 
horizontal line of the reference primitive mantle up to 2.7 Ga and then curves around to 
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Figure 6.24 (a) Isotope growth curve of the mantle for strontium based on analysis of purified 
clinopyroxenes. (b) Isotope growth curve of the mantle and continental crust (shales) for 


neodymium. 


reach +12, the value of present-day MORB. Notice, though, that in the 4-3 Ga time-span, 
uncertainties with low absolute values 0.2 € have considerable repercussion on the deduc- 





tions that can be drawn, as we shallsee. 


For continental crust, shales provide a good record of the average of the landmasses fora 
given period. As their 4’Sm/'*4Nd ratio ofabout 0.11 isroughly constant, itis enough to cor- 
rect for the '*Nd produced in situ from sedimentation in order to obtain the '*Nd/'*4Nd 
ratio at the time of sedimentation. This work on the isotope composition of shales was con- 
ducted by teams from Caltech, Cambridge, and Paris in a complementary manner 
(McCulloch and Wasserburg, 1978; O’Nions ef a/., 1983; Allégre and Rousseau, 1984; 


Jacobsen, 1988). 
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Figure 6.25 Growth curve of continents deduced from the curves of strontium and neodymium isotope 
evolution. The numerical values used are shown below. 


We therefore have two curves of e(f) evolution of Nd, one for the depleted mantle and one 
for the continental crust.We can therefore write epoch by epoch the balance equation: 


0 = €cc(t) - W(t) + em(t)[1 — W(n)] 


and therefore calculate W@ step bystep. 

Accepting that the volume of the upper mantle has remained constant and corresponds 
to that determined on the present-day balance (which is not proved at all), the evolution of 
the continental mass extracted from the mantle can be calculated. The outcome is shown in 
Figure 6.25. Naturally, this curve involves considerable uncertainty for very ancient periods. 


Exercise 


To get this point across, let us consider the evolution between 2.8 and 2.7 Ga, between the 
Isua time and the great Canadian orogeny. Now, the literature contains extremely varied 
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values for ancient rocks, whose reliability is unknown, leaving considerable scope for 
interpretation. 

Let us assume the values from 2Ga are well constrained and identical to the overall 
calculation. We consider two extreme scenarios corresponding to the eng values below. 





Average age (Ga) em(t) Ecc(t) 
Scenario A 3.8 +1.9 —0.5 

3} +0.5 —3 

Asi) +1 —3.5 
Scenario B 3.8 0 0 

3 +1 -3 

Pa +2 —4 








Given that the current Wyg= 0.4 and assuming the same values of the upper mantle mass 
entering into the process and the Nd concentration of continental crust, calculate the growth 
curves of the continents and the average age in each case. 








Answer 
Percentage of 
Age (Ga) present-day continents (7) 
ScenarioA 3.8 200 
3 24 1.82 Ga 
Pall Se 
ScenarioB 3.8 0 
3 65 2.08 Ga 
Poll 82 


This result of the exercise (see Figure 6.26) shows us the possibility of an a-priori surprising 
phenomenon in scenario A. Some 3.8 billion years ago, the volume of continental crust might 
have been twice what it is today. 


The conclusion of this is that this primitive crust, which maybe the result of major chemical 
differentiation of the primordial Earth, disappeared, was destroyed, and was swallowed up in 
the mantle, and that only later did the crust as we know it now begin to form. This is just one 
extreme scenario, butit raises such fundamental issues that it must be explored further. 

Let us leave this subject for the end of the chapter when we shall deal with the primordial 
Earth. These examples show how important itis totake account ofmeasurement uncertain- 
ties which sometimes lead to considerable uncertainties in the scenarios proposed. So how 
can we improve our knowledge? By getting away from the narrow scenario and introducing 
other constraints from other sources of information. 

For example, we can test the models using the results of evaluation of the crust—mantle 
system obtained with present-day data. The average age, it will be remembered, is 
2Ga+0.1. In this way, we can calculate the average ages of the various scenarios (see 
Figure 6.26). It shall be seen that the model extracted from the two growth curves gives 
(T) =2.5 Ga, which isa little high. Scenario A, where the initial peak disappears, ofcourse, 
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Figure 6.26 Growth curve of continents in scenarios A and B of the exercise. 


gives (T) = 1.82 Ga, which is a little low. Scenario B gives (7) = 2.08 which is quite accepta- 
ble. In fact, itis the most acceptable. 

A second constraint is provided by the strontium isotope evolution curve, which shows 
that not much continental crust has been extracted from the mantle over the last 1 billion 
years. Yet another way of constraining the most probable model is the direct simulation 
method. A scenario is suggested and from that stage on it is calculated. The next exercise 
provides an example of this. 

Notice that, even if it matches the information, direct simulation does not guarantee it is 
the one and only right model. There may be others. We have illustrated this matter of the 
uniqueness in exploring the scenarios explaining the current model age of the continental 
crust. This is a question we must always ask. We have found a solution, fair enough. Is it the 
only solution? We have no guarantee at all! 


Exercise 


Suppose continental crust has been extracted from the mantle continuously over 4 billion 
years, with the growth rate A such that m= At. We assume the volume of the depleted 
mantle has remained the same and has been confined to the upper mantle above 
the seismic discontinuity at a depth of 670 km. Given that the ratio of the current masses 
of the continental crust and upper mantle is 0.011, that C2)}=150 ppm, p&°=0.35, 
C;"=20 ppm, and pp°=0.1, calculate the curves of ag and ag over the course of 


geological time. 


Answer 
We begin by estimating variation in W" over time: 


Sr Mec Gr 
Mp Cp 





Eg Radiogenic isotope geochemistry 





Table 6.4 Isotope evolution of the depleted mantle and of the continental crust 











Time (Ga) i ws an at 
1 0.0817 0.068 0.701 0.70074 
2 0.06064 0.136 0.7024 0.70158 
3 0.03592 0.204 0.7038 0.70208 
4 0.00659 0.27 0.705 0.702172 
therefore 
W*"(t) = ae = =A't. 


The value of A* = 0.0205 if t is measured in Ma. 
We then estimate the variation in 8° from the mass balance equation: 


(ur = HeA*t) 


OS Ghee) 


Table 6.4 shows the calculation for 1, 2, 3, and 4 billion years. Itis possible then to calculate 
the isotope evolution of the depleted mantle starting from a,Sr (4 Ga) = 0.6996 and then 
calculating by stages with .®°(@) being determined. To calculate the evolution of the conti- 
nental crust, we use the mass balance equation again. We obtain a from the W() values. A 
comparison is made with the curve for the total differentiation of the continental crust at 
4 Ga (Figure 6.27). 


Remark 

Comparison of the aq (t) curve of evolution of the depleted mantle from the synthetic model with 
the actual curve (which requires care!) from measurements on rock shows that the theoretical 
evolution of the exercise is more progressive and less sudden than the real curve. This reflects the 
fact that production of continental crust is probably shifted more towards the past than the 
uniform growth model indicates. Past growth was therefore greater than recent growth. 


Exercise 


Calculate the average age from the model in the previous problem. 


Answer 
The average age written as an integral is defined by 


T 


(Naz ft mat 


0 


where mis the fraction produced per unit time (here m= A). We therefore have: 


Ne MTP OF 
(=a ft ade =F =e 
M V2 AT2 
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Figure 6.27 The (°’Sr/®°Sr, t) isotope evolution curves in the model of the previous exercise. Blue curves 
are for continuous evolution. Black curves are for initial differentiation of continental crust at 4Ga. 
Clearly, present-day ratios do not result from simple initial differentiation. 


As T=4Ga, (T) =2Ga. We find the age calculated before. In a population where the rate of 
accumulation is constant, the average age is half the maximum age. In the human population, 
the maximum age is 80 years, the average age 40 years! (We shall be discussing this idea again.) 


6.3.4 The process of development of continental crust over 
geological time 


Continental reworking 

We have just established a growth curve for continental crust using strontium and neody- 
mium (above all the latter!) isotope balances. Now, we have seen (see Plate 5) that the world 
has been mapped in terms ofage provinces by systematic geochronology. Hurley and Rand 
(1969) ofthe Massachusetts Institute of Technology have transformed this map into percen- 
tages by age (Figure 6.28). 


Exercise 


Translate the graph (Figure 6.28) into percentages and calculate an average age using the 
proportions of age provinces. 


Answer 
i) —10s7Gal 
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Figure 6.28 Continent growth rates: established by geochronology and mapping by Hurley and Rand 
(1969) (blue), and also showing isotope ratio evolution models (dashed curve). 


As shown by the exercise and by comparing the two growth curves, there is a contradic- 
tion between the isotope geochemistry approach and the geochronological approach in 
the plates. How can this difference be accounted for? By reworking of the continental 
materials (see Figure 6.29). Provinces of recent age are the result of reworking in the 
geological cycle (erosion, sedimentation, metamorphism, anatexis) of ancient pieces of 
continental crust. The ancient provinces have been cannibalized, that is eroded and 
incorporated into younger provinces. The older they are, the more likely it is that they 
will have been given a new lease of life in this way. Notice that this interpretation is 
consistent with the idea of constancy of geological phenomena over time. The processes 
by which continental crust is formed have operated throughout geological time in 
much the same way but the type of material involved in the processes has changed. In 
ancient times these materials must have been mostly mantle. In more recent times, on 
the contrary, it was above all recycled material of the continental crust, making new 
out of old! 


Exercise 


The initial Nd isotope composition of a granite dated 1Ga is measured as *“?Nd/*4Nd = 
0.510 62. The local gneiss basement has a present-day isotope composition of eyq(0) = —28 
and a “*’Sm/*“4Nd ratio of 0.11. Assuming the mantle contribution to the granite mixture is 
from the primitive mantle, calculate the percentage of this contribution if the Nd concentrations 
of the mantle and recycled components are identical. 


Answer 

The isotope compositions of the gneiss and mantle 1 billion years ago must be calculated 
first and then the proportions of the mixture. We find a 13% contribution from the 
mantle. 
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Figure 6.29 The formation and growth of the early continents. This diagram is reworked from Dietz 
(1963) and shows how the early continents might have formed and grown over geological time, with 


the proportion of recycled material increasing constantly. 


Exercise 


Geological history is divided into four periods: 4-3Ga, 3—2Ga, 2-1Ga, and 1—-0Ga. 
Mapping formations dated by radiometric methods converted into percentage of mater- 


ials gives: 





Period (Ga) 4-3 3-2 2-1 1-0 
Percentage 5 aS 20 60 
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Conversely, the study of growth of continents by initial Nd ratios gives as proportions of 
continental crust made from the mantle: 





Period (Ga) 4-3 Sa Dell 1-0 
Percentage 20 50 30 0 





It is assumed that at each new period, part of the continent is made of a neoformed (from 

the mantle) fraction and a fraction of material reworked from earlier periods. 

(1) For each segment, calculate the proportion of material from the period in question and 
from the preceding periods. 

(2) The ratio (R) of reworked mass to total mass of a segment is known as the reworking 
coefficient. Calculate this coefficient for the four periods. 

(3) By taking the median age for each segment (3.5 Ga, 2.5 Ga, 1.5 Ga, and 0.5 Ga, respec- 
tively), calculate the mean age for each segment. Plot the mean age (or model age) on a 
graph as a function of geological age. 


Answer 
The 20% created in the 4—3 Ga interval is divided as: 





Period (Ga) 4-3 =) Dil 1-0 
Share of 20% 5 3.5 2.87 8.6 
Percentage 25 AL7/d5) 14.35 43 





The 50% created in the 3—2 Ga interval is divided as: 





Period (Ga) 4-3 3-2 2-1 1-0 
Share of 50% 11.5 9.62 28.9 
Percentage 23 19.24 57.9 





The 30% created in the 2—1 Ga interval is divided as: 





Period (Ga) 4-3 32 Dall 1-0 
Share of 30% 1S 22S 
Percentage 25 5) 





The reworking coefficient is given in the table below. 





Period (Ga) 4-3 3-2 2-1 1-0 
R 0 0.23 ORS 77) Al 





The mean ages are given below. 


Period (Ga) 4-3 5=) Tt i= 
Mean age (Ga) Ee) Qo 225 2s 





See Figure 6.30 forasummary of data and results. 
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Figure 6.30 Data and results of the exercise. Top: starting data. Left: proportions of continents 
determined by mapping age provinces. Right: proportions of continents as a function of extraction 
from mantle. (Data corresponding to the two tables.) Bottom: what becomes of the various materials 
extracted from the mantle, then the model ages as a function of geological age. 


The neodymium model age and its geological applications 
The fact that Sm/Nd fractionation is almost zero in geological surface processes after 
extraction from the mantle means a modelage can be attributed to any neodymium isotope 
measurement of a material belonging to the crust. In an ideal scenario, this is the age at 
which the material (or its precursors) was extracted from the Earth’s mantle to begin its “con- 
tinental geological life.’ This is the idea hit upon by Malcolm McCulloch and Jerry 
Wasserburg of the California Institute of Technology in 1978. No such modelage can be cal- 
culated for Rb-Sr as the Rb/Sr ratio varies considerably during the surface history 
(although we shall see in Chapter 7 that it can still be used for limestone). As will be seen, it 
is possible to use Lu—Hf ina similar manner because lutetium and hafnium are also almost 
insoluble in water. 

To calculate this model age (which we have already come across in calculating present- 
day balances of the crust—mantle system), let us consider the straight line of isotope 
evolution of the closed mantle (Figure 6.31). Imagine that a piece of continental crust 


separated from the mantle at time Tyy, and has evolved since with constant ee oe 


growth. This straight line of evolution intersects the time axis at aX“. How can we 
calculate time Jy in return? 

Let us call the two parameters of evolution of the primitive mantle ans and foe the two 
parameters for the segment of continental crust aN¢ and p3™/N4, and the common isotope 


ratio corresponding to7y we call /. 
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Figure 6.31 Principle of model age calculation. Start from the sample. Draw a straight line of slope 0.11 
cutting the straight line of mantle evolution at /, corresponding to the model age Tm. 


We then have the two equations: 


aNe = T+ AssmINE Ty 


pm m 


qd = I 4 Ars Tha 


cc 


Byeliminating /, we get: 


M >= . 
Ce ie aly 


For the continental crust, p8™/“4 = 0.11 and for the primitive mantle jon Nd _ 0.196. 


But pSo/N4 — pbm’N4 — 0.11 — 0.196 = 0.086 is constant. Recalling the definition of 
(0): 


qNd _ qNd 
Ena(0) = (E x 10+ 


pm 





we obtain: 


10-4 €(0) pm 
6.54 - 10-!? x 0.086 








Ty = 0.091 €(0). 


If we want an approximation of Ty in Ga, we have about Ty = 0.09 (0), which is handy 
for switching from (0) to Ty. (Itis almost <(0) divided by 10 witha change of sign!) 
Naturally, ifthe crustal material contains a little of the original mantle material, the Sm/ 


Nd ratiois slightly higher than 0.11 and aN‘ is also alittle larger and the previous formula is 
notstrictly applicable. Butit provides a first approximation. 


Ey The continental crust—mantle system 


Exercise 


We have a sediment of mixed origin: 90% is from continental crust with an average 
e(0)=—25; 10% is from the ancient mantle with <(0)=+5. The Sm/Nd ratio of the 
continental crust is 0.11 and that of the mantle is 0.21. It is taken that the two components 
have the same Nd concentration. 

(1) Calculate €(0) of the sediment and its conventional model age. 

(2) Calculate the model age using the Sm/Nd ratio measured on the sediment itself. 

(3) Compare these ages with the model age of continental crust. 





Answer 

(1) 2Ga. 

(2) 2.26Ga. 

(i 227Ga 

By using the effective Sm/Nd age of the sediment, the dilution effect is “corrected” and we 
get the age of differentiation of the continental fraction. 


Exercise 


If a shale is found with <(0) = —20, what is its model age? 


Answer 
Tw = 1.82 Ga. 


Exercise 


Supposing we apply the same formalism to Lu-Hf, given that (*’°Lu/*”’Hf),-=0.02 and 
(*7°Lu/*”7Hf) pm = 0.036, calculate the model age of a schist whose ey(0) = —25. 


Answer 
If e$8,(0)=—-25 abfi=(c(0)10-*+ 1) apm= 0.282 24 


Hf Hf 
= aL Qa = (0% 
T= ( el | Ga 





A i ayant 
a Msch Hom 


Neodymium model ages of granites over geological time 
Dalila Ben Othman and the present author measured the initial isotope ratios of gran- 
ites (major constituents of continental crust of varied ages) for the first time in 1979 
(Allégre and Ben Othman, 1980; Ben Othman ef al., 1984). The Nd model age is plotted 
against geological age (Figure 6.32). If all the granites were derived from the mantle, 
the points would lie on a straight line of slope 1. Now, this is generally so for ancient 
granites (Mont d’Or granite of Zimbabwe is a spectacular exception) while for more 
recent granites, their model age is much older than their “geological age.” This con- 
firms the idea of recycling which increases with time. Let us try to be even more 
specific. 
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Figure 6.32 Model ages of granites of varied geological ages. After Allegre and Ben Othman (1980); Ben 
Othman et al. (1984). 


Genetic cartography of continents 

We have spoken of geological maps showing the different tectonic provinces which are 
assembled to form the continents and we have given an overall explanation of these maps. 
Don DePaolo (1981a, 1981b) and his group at the University of California at Berkeley under- 
tookasimilarapproach (Farmer and DePaolo, 1983; Bennett and DePaolo, 1987), consider- 
ing the model ages of Nd only, that is, by trying to eliminate continental recycling. He and 
his team studied two cases from the western United States: that of Colorado and the neigh- 
boring states where the age of emplacement of granites is 1.8 Ga and the west of the region 
(Rocky Mountains) where the granite intrusions are of Tertiary age (Figure 6.33). 

In the Colorado province, there is a central part formed 1.8 Ga ago and which differen- 
tiated from the mantle at that time, and then bordering parts to the north and west whose 
model age is 2—2.3 Ga. It can be seen that the 1.8 Ga materials also extend into the pro- 
vince to the south in New Mexico and Texas dated 1.2—1.5 Ga. Heading west, towards the 
Rocky Mountains, the Berkeley team traced isoclines with the same eyq(0) value showing 
that when moving from the continent toward the oceanic margins, enq(0) becomes 
increasingly positive, that is ever closer to mantle values (Figure 6.34). The percentages 
of mantle material in the make-up of the granite can be calculated: they increase from 
east to west. 

These two examples show how continental tectonic segments are built up by addition to 
ancient sediment. Probably through subduction processes, as shown in the Rocky 
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Figure 6.33 Study of Colorado granites by the model age method. Top: tectonic provinces (see Plate 5). 
Bottom: provinces mapped by neodymium model ages. The two distributions do not coincide. The 
difference can be explained by reworking. After Bennett and DePaolo (1987). 


Mountains, but with reworking and reuse of older sediment. Ifa similar study is made inthe 
Himalayas, that is, in a collision range, the geographical distribution is markedly different 
but the division between newly formed crust and recycled crust remains. The same goes for 
all of Europe where the Caledonian, Hercynian, and Alpine orogenies essentially reworked 
ancient pieces of continental crust, some of which are very old, as reflected by the Nd model 
ages calculated on granites or sediments. 

We therefore have two very different situations: 


e continents that have grown through new segments, which are very clearly mapped as in 
North America or Scandinavia; 

e continents where itis difficult to identify large age provinces because everything has been 
mixed and recycled, asin Europe and the middle part of Asia. 


EZi Radiogenic isotope geochemistry 





Tw=1.5 Ga 
a 


91G Tw=1.63 Ga 





Tug =0.18 Ga 
Nd T, 




































Pacific 









Q0 





Ocean 


= 
So 
oO 








Percentage of mantle 
Nd in granites 
oO 


+e ie 
250 500 750 1000 
Distance (km) 


Figure 6.34 Neodymium isotope study of the Rocky Mountains in California. The curves of the eng 
isotope ratios are plotted. An E—-W curve is shown below. The proportion of mantle decreases very 
rapidly eastwards. After Farmer and DePaolo (1983). 


Remark 

The main mechanisms of continental growth seem to be well understood. One question remains. 
We have drawn a general map of the tectonic provinces. The Colorado study gives details of one 
specific case. There is no doubt that continental crust in a given continent is extracted during 
mountain-building episodes of well-defined ages. But is this true at the scale of all the continents? 
Does not the combination of all orogenies lead to continuous extraction? 


Australian detrital zircons 

These ideas about dual mechanisms of formation of continental crust — reworking of old 
material and formation ofnewsegments ofcontinent material — are wonderfully illustrated 
by workon Australian detrital zircons by Chris Hawkesworth’s Bristol team using thelatest 
insitu isotope analysis technology (Hawkesworth and Kemp, 2006). 
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This work began with the analysis of detrital zircons. Zircons (ZrSiO4), which are prime 
minerals for U-Pb radiometric dating, are extremely resistant to erosion. They are engen- 
dered by the formation ofgranitic rocks. They withstand weathering very well and aretrans- 
ported mechanically and mix with clastic sediments (sandstones and, to a lesser extent, 
shales). They may undergo a second phase of erosion and be re-sedimented. At that time 
they can mix with zircons born in a new generation of granites. Thus, a sandstone may con- 
tain zircons of various ages. This pseudo-immortality of zircons was revealed in studies by 
Ledent etal. (1984), who were attempting to determine a mean age for continental crust by 
analyzing a zircon population. Using grain-by-grain zircon analysis, Gaudette et a/. (1981) 
showed there were many episodes of granitization recordedina single population ofdetrital 
zircons. But such studies using conventional methods were time-consuming and tedious. 
This approach was revolutionized by the team from the Australian National University 
when Bill Compston and Ian Williams (1984) developed the SHRIMP ion probe for U-Pb 
isotope analysis of zircons. Advances in automation mean that 500 zircons can now be 
mounted on a plate and their U—Pb analyses completed in a matter of days. It was with this 
method thatthe Australian team discovered the existence of zircons aged 4.3 Gaandevena 
few grains aged 4.4 Ga in Precambrian clastic sediments. They also made a further discov- 
ery thathad been suspected for sometime. Zircon grains have complex individual histories. 
Around an ancient core, which is often rounded by erosion, new growth zones have devel- 
oped giving the zircon crystals the appearance ofa double pyramid.Thezirconcrystals con- 
tain arecord of the different periods of their individual histories. 

This is proof, ifany were needed, that some granites were formed from the remelting of 
earlier sediments, which themselves contained detrital zircons. These ancient zircons 
acted as seed crystals for new additions of zircon around them. A single zircon may tell the 
complex geological history ofa region! 

The Bristol team working in conjunction with the Australian National University team 
took a sandstone from the Primary period (400 Ma) as their starting point. After mechani- 
cally separating the zircons, they analyzed the U-Pb ages ofseveral hundred zircons. They 
also analyzed the cores ofzircons from a granite dated 430 Ma. They obtained ages between 
3.2 Ga and the age of the granite. A whole series of ages, with maxima and minima, is 
shown in Figure 6.35. 

They then used the fact that zircons are rich in hafnium (Hfis the elementjust below Zr in 
the periodic table) and very poor in lutetium. They thus managed to analyze the Hf isotope 
composition and calculate their model age for each zircon, in the same way as is done for 
Nd. This yielded a model age at which the material from which the zircon derives became 
separated from the mantle. The high Hf content of zircon meant this analysis could be per- 
formed by laser ablation followed by ICPMS analysis. But they added a further criterion. 
They analyzed the '8O/'°O isotope composition of zircons with an ion probe. As we shall 
see in the next chapter, basic magmatic rocks have very constant 'SO/'°O compositions 
with 6 varying from 5.5 to 6.5. They therefore selected zircons grains with 6'°O < 6.5. In this 
way zircons derived from materials extracted from the mantle could be selected. This dou- 
ble-sorting process yielded an extraordinary result. The model ages were clustered around 
two values of 2 Ga and 3.2 Ga (Figure 6.36). 

The conclusion is that new continental crust was only formed from the mantle at these 
two periods. However, continental crust (granites) has formed throughout geological 
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Figure 6.35 Composite zircon age diagram. The histogram in black shows the crystallization ages 
determined on different zircons using an ion probe. The histogram in blue is the model age of 


hafnium computed for individual zircons with 5°80 <6.5. The blue curve is the neodymium model 
age obtained on Australian sediments. After Hawkesworth and Kemp (2006). 
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Figure 6.36 How hafnium model ages are obtained by laser ablation ICPMS. Zircons on spot size on the 
left. The principle of hafnium model age competition. Results for Australian zircons. 
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history, as shown by U-Pb dating, but these episodes were merely the reworking of ancient 
crust. New things were made out ofold! 

This new method, once extended to various regions of the planet, will indicate exactly 
how continental crust formed. Did it form continuously throughout geological time, more 
or less in relation with the activity of subduction zones, but in different geographical loca- 
tions? Or did it form worldwide during specific episodes of intense activity? 

When a histogram is drawn of geological ages measured on the various continents, peaks 
are found at 600 Ma, 1100 Ma, 1600 Ma, 2100 Ma, 2700 Ma, and 3200 Ma. Their dispersion is 
+100 Ma on average. What do these peaks mean? Are they the heartbeat of the planet or the 
reflection thatsome regions like China or India arestill under-explored? Studies of the western 
United States by the team from Berkeley seem to show that the formation of new continental 
crust is also associated geographically with reworking processes. But is this a general result? 
We can entertain high expectations of the results of this research because the method devel- 
oped at Bristol and at the Australian National University suggests that we now have the means 
to solve the problem. 





6.4 Isotope geochemistry of rare gases 


There are five rare gases. They form the final column of the periodic table of the elements: 
helium (He), neon (Ne), argon (Ar), krypton (Kr), and xenon (Xe). Some isotopes of rare 
gases are produced by long-period radioactive processes and so cause variations 1n isotope 
abundance (Tables 6.5 and 6.6).We have already referred to *He and *°Ar when dealing with 
geochronology (Chapter 5). The decay schemes leading to rare gas isotopes are recalled in 
Table 6.7. 

All rare gas atoms share the common property of having their outer electron shell satu- 
rated and so being chemically inert. They are transported by physical processes only and 
tend to migrate upwards, towards the atmosphere where they accumulate. In the atmo- 
sphere, their behavior varies depending on their atomic mass. 

Helium, avery light element, is not retained by the Earth’s atmosphere as its mass is too 
low. It escapes continuously into space like (and with) hydrogen. Neon is retained by the pre- 
sent-day atmosphere, but it is thought that some neon was lost in the Earth’s early history. 
Argon, krypton, and xenon areretained by the atmosphere. Howcanthe escape of these ele- 
ments be interpreted? As a first approximation, it can be understood quite simply. For an 
object to escape from the Earth, its velocity must exceed the Earth’s gravitational attraction. 
Since 1/2 mV.? = mgR, the velocity V, must be greater than \/2gR. Now, acceleration due to 
gravity is g ~10ms ~ and the Earth’s radius R is 6400 km, therefore the escape velocity is 
V.=11.28kms7". 

Letus suppose that escape is by thermal means only. 


1 [kT 
£ mV? =2 kT and i= Lag 
2 2 m 


Hence: 


kT 
a > (11.2 kms!) 
m 


wherek is Boltzmann’s constant, Tis absolute temperature, and 7 is mass. 
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Table 6.5 Composition of the atmosphere 




















Isotope Atomic abundance (“%) 
Helium 
3 0.000140 
4 ~ 100 
Neon 
20 90.50 
21 0.268 
22 9.23 
Argon 
36 0.3364 
38 0.0632 
40 99.60 
Krypton 
78 0.3469 
80 2.2571 
82 11.523 
83 11.477 
84 57.00 
86 17.398 
Xenon 
124 0.951 
126 0.0887 
128 1.919 
129 26.44 
130 4.070 
131 21.22 
132 26.89 
134 10.430 
136 8.857 
Total balance 
Molecular Bymass(kg) By volumeatstandard 
Major gases mass Fraction by volume temperature and pressure 
N> 28.0134 0.78014 3.866-10'8 — 3.093 - 1074 
O» 31.9988 0.20948 1185-108  — 8.298 - 10° 
CO, 44.0099 (3.40) - 10-* 2450-105 = 1.248 - 107! 
He 4.0026 (5.2440.05)-10°°  3.707-10" = 2.076 - 10” 
Ne 20.179 (1.818 +0.004)- 10-5 6.484-10% — 7.202 - 10” 
Ar 39.948 (9.34+0.01) - 10-3 6.594-10'° 3.700 - 10° 
Kr 83.80 (1.14 +0.01) - 10-° 1688-10° 4.516 - 10'8 
Xe 131.30 (8.7+0.1)- 10-8 2.019-10' 3446-10” 








Table 6.6 Rare gases in sea water 





Concentration (at standard temperature and pressure) 





He(10~°) Ne(10~”) Ar(10~4) Xe(10~*) 





Surface sea water (25 °C) 3.7 1.47 2.26 0.65 
Deep water (4 °C) 4.22 1.85 3.51 1.1 
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Table 6.7 Decay systems leading to rare gas isotopes 











Radioactivity Radioactive product Isotope ratios studied 
2 . . 
238] 235) 23’Th radioactive —*He 4He 
: — | — 
chains 3He 
O(a, n)7'Ne — Ne 21Ne 
=> 
20Ne 
4K e cap Ay 40 Ar 
isi See 
36Ar 
: — 2 
97 (extinct) 3 —2°Xe 9X 
a eee 
130Xe 
2: . 
a spontaneous fission BX, P?Ke, B4Ke, Boxe 131,132,134,136\ @ 
> Ke 
: 2 
44D u extinct spontaneous BIYe 12X¥e B4Ke BK 131,132,134,136% 6 
fission =e 





Exercise 


The temperature of the very high atmosphere is typically 700-900 K. Calculate the escape 
velocity of atomic hydrogen and then compare it with that of the molecule Hp. 


Answer 

The mass of an atom or molecule is the molar mass divided by Avogadro’s number, 

6.023 - 107*. The mass of a hydrogen atom is 0.001/6.023 - 10, which is 1.65 - 10 ” kg. 
For H, 


[BkT (3 x 1.381- 10-23 x g00\%? 
m 1.65 x 10-27 

therefore V.=4.48 kms 7. 

For H>, Ve= 3.16kms +. 





The two velocities calculated in the exercise above are less than 11.2 kms |. They seem to 
indicate that hydrogen does not escape from the Earth. Now, this is not so, as observations 
and measurements prove! Where is the mistake? In fact, the velocities of the various atoms 
or molecules do not have constant values: they obey Boltzmann’s statistical distribution. 
And foravelocity of 4.48 kms~', some 10% of 7H particles escape every second. 

For *He, V.=2.24km s~!, Some 107 © atoms have the necessary velocity to escape per 
second. That represents a substantial quantity of atoms in geological terms, when the time 
measured is multiplied by millions of years. However, for the other rare gases, the number 
of particles attaining escape velocity is too low to be effective: they remain trapped by the 
gravitational field. 

The upshot for us is that, as the atmosphere derives from degassing of the mantle and not 
(as for the major planets) from retention ofa primary gas envelope, the atmosphere may be 
considered as the complement of the mantle (as continental crust was for strontium and 
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neodymium) for argon, krypton, and xenon, but not for helium and probably not for neon 
either, if we consider all of geological time. For argon, krypton, and xenon, we can write a 
balance equation: 


atmosphere + mantle = whole Earth. 


The isotope composition of the rare gases of the atmosphere has been known for about 
50 years. However, it was for a long time difficult to obtain a measurement of the isotope 
compositions of the rare gases of the mantle. This was because it was too easy for samples to 
be contaminated by the atmosphere, which skewed the results. Rare gases occur in lowcon- 
centrations in rocks from the mantle (basalts) and any contact with the atmosphere contam- 
inates them. Where molten lava is in contact with the air, contamination is catastrophic. It 
is much the same for submarine contact, as rare gases are soluble in sea water, which con- 
taminates the gas itself (hence the importance of knowing the solubility of rare gases in 
water). The geochemistry of rare gases began with the discovery of pillow lavas, whose rims 
turn to glass at the contact of sea water, preventing the sea water containing dissolved rare 
gases from contaminating the lava. Moreover, when pillow lavas are emplaced, the rare 
gases migrate and concentrate in gaseous inclusions concentrating the rare gases 1000 
times compared with magmas. More recently it has been possible to analyze He and Ne in 
gaseous inclusions in olivine phenocrysts. 

The second factor making this analysis difficult is the low abundance of rare gases, which 
decreases with their mass. The atmosphere does not retain He and Ne quantitatively, as 
said, so He and Ne concentrations are relatively low in the atmosphere (and in sea water). 
As the concentrations of rare gases are higher in magmas, magmas are the less difficult to 
analyze because they are less likely to be contaminated by the atmosphere. 

Measuring rare gases with a mass spectrometer is a difficult but very sensitive business. 
Special equipment is required to extract gases without them being contaminated by the 
atmosphere or by previous sampling (see Figure 6.37). 


Exercise 


The rare gas composition of the atmosphere is expressed in cubic centimeters at standard 
temperature and pressure in Table 6.8 below. 


(1) What is the composition of the atmosphere in rare gases expressed in moles? 

(2) What is the composition of the atmosphere in rare gases expressed in grams? 

(3) What is the composition in He and “°Ar in moles and grams, given that *°Ar/?°Ar = 296.8 
and that He/*He = 1.4 - 10° ©? 

(4) What is the concentration of these gases if related to the mass of the Earth? 


Answer 
Under standard conditions, 1 mole of an ideal gas occupies 22.4 liters. The table below shows 
the answers to questions (1) and (2). 





4He 2°Ne SCAT, skin HIG 





Composition 0.0926 - 10*® 0.29098 - 10*° 0.0555 - 10” 0.1149 - 10*° 0.06263 - 10°? 
(mole) 
Composition (g) 0.3704 - 107° 5.8196-10°° 1.998.107” 9.6516 -10*° 8.1449 - 107? 
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Figure 6.37 Laboratory equipment for measuring the isotope composition of rare gases. The 
fundamental point is that the measurement enclosure is at very low pressure of 10 ° mm Hg. It 
comprises two parts: (i) the extraction line made of special glass (or metal). This is a circuit where the 
much more abundant gases (H20, Oz, Nz, CO2, CH) are captured because their presence in the mass 
spectrometer would lower the partial pressure of the rare gases too much for them to be measured. 
(ii) The mass spectrometer. The purified gases are fed one at a time into the mass spectrometer with its 
electron bombardment source and where the gases are enclosed (we speak of static measurement): 
helium, neon, argon, krypton, and xenon are measured in turn. Concentrations are very low. The signal 


is measured either with a Faraday cup or by an ion counter. 
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Table 6.8 Rare gas composition of the atmosphere 





4He 20Ne 36 Ar 847 B0Y6 





Composition(em?)  2.076-10  6.518-10!% 1.245-107° =. 2.245.108 ~—-1.403 - 10'° 





(3) The results are shown in the table below. 





40ny 3He 





Concentration 65.8 1078 1.647 24. 1078 
Composition (mole) 3.8892-10°  1.296-10° 





(4) The mass of the Earth is 6.057 - 107” kg. The results are shown in the table below. 





4He 36Ar 





Concentration BA] 2 TO) © 2.083 -10 °° 





6.4.1 Isotope geochemistry of helium 


Helium-3 was first discovered by Alvarez and Cornog (1939). After the Second World War, 
Aldrich and Nier (1948) discovered the variations in terrestrial abundances, but helium isotope 
geochemistry was initiated by the Soviet team under the impetus of IgorTolstikhin (Mamyrin 
etal., 1969; Tolstikhin et al., 1974) and by Brian Clarke and Harmon Craig (Clarke etal., 1969) 
at the Scripps Institution of Oceanography and their students and later by Mark Kurz and Bill 
Jenkins (1981) at the Woods Hole Oceanographic Institution. 

The principles are as follows. Helium-4 is the product of collateral disintegration of 
radioactive chains (a particles): 8a for the 7*°U chain, 7a for the 7*°U chain, and 6a for the 
°*Th chain. Helium-3 is a stable isotope. The *He/*He ratio in a closed system varies with 
the equation: 


tHe: _ 4He 7 2381 fi) 
3He "He? 4 He . 


The function f(¢) is defined as below: 








. TAs Th oe .d 
Iftis small, f(t) = si + 1378 +6 (Z) i] t © 2.471, iftisin Ga. 





Thing 
ADP 1) AG fat _1)], 
pre +6 e™— 1) 
In keeping with an odd practice introduced by Harmon Craig, the helium isotope ratio in 
basalt rocks is often expressed “upside down”: 


3H 3H eH 
ek (a) with (5) = 14-10%. 
He He atmosphere He atmosphere 


Ifrislarge, f(t) = s(e 1) + 
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Figure 6.38 Distribution of *He/#He ratios in MORB and OIB. The difference in dispersion can be 
observed. 


When R =8, the value is 8 times that of the atmosphere. If R = 30, it is 30 times that of 
the atmosphere, and so on. In what follows, we shall give the results in *He/*He ratios 
but we shall add the RCHe) notation for comparison with papers and books using this 
notation. 

Measurements of *He/*He on ocean basalts display a very different distribution for 
MORBand OIB (Figure 6.38). 

The MORB distribution is tightly clustered around *He/*He = 90 000 whereas the OIB 
distribution is very dispersed with ratios ranging from 13 000 to 130 000. However, looking 
more closely, large islands like Hawaii or Iceland, with large volumes of basalt, have values 
between 13 000 and 36 000 (Figure 6.38). 

The simplest interpretation resulting from the standard model is to say that MORB 
derives from the upper-mantle reservoir with a high **°U/*He ratio and so by radioactive 
decaya high *He/*He ratio; OIB derives from a more primitive reservoir where the *He con- 
tentis higher, and so the ***U/*He ratio is smaller as is the *He/*He ratio. This is because the 
upper reservoir, which is directly involved in the tectonic plate mechanism, is highly 
degassed, whereas the deep reservoir is much less degassed (Figures 6.39 and 6.40). This 
dual origin is confirmed by the existence of the Schilling effect, that is a mixing of OIB and 
MORB along some mid-ocean ridges. Thus, the mid-Atlantic ridge southwards from 
Iceland displays a variation in *He/*He ratios, which increase from Iceland (14 000) south- 
wards where they reach 120 000.Thisis analogous to what we saw for Sr isotope composition 
(Kurz and Jenkins, 1981). 


Exercise 


Accepting that the lower mantle is a closed system for U and He, calculate the 7*8U/#He 
ratio= 11° given that *He/?He=15000 and that (*He/*He) initia, = 2500. If the *He/#He 
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Figure 6.39 The standard model developed from the results for helium isotope analysis and extended 
to all rare gases. With an atmosphere that retains argon, krypton and xenon but lets helium (and neon 
in the past) diffuse, the upper mantle is highly degassed but not so the lower mantle. 
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Figure 6.40 Possible changes in “He/*He ratios in the MORB (upper mantle) and OIB source reservoirs. It 
is assumed they evolved in a closed system over 4.5 - 10° years in both cases, which is undoubtedly an 
extreme oversimplification, but gives an order of ideas. The values of 238 He = Mu, He considered are 
4900 for the upper mantle and 800 for the lower mantle. 


ratio= 100000 (still the hypothesis of a closed system), calculate ji."*. (We take Th/ 
Ua) 


Answer 
We use the dating formulae established in Chapter 2 and recalled above. We find: ph = 684 
and jis° = 5300. 
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Exercise 


For four basalts, we give the helium isotope composition with Craig’s 7He/*He = NR notation 
in the table below. 








Basalt 





By Bo B3 Ba 





N 40 5 10 20 





(1) Calculate the “*He/?He composition of the four samples and plot the curve 
NRa = f(*He/?He). 
(2) Suppose we have measured the Sr isotope ratios in the same samples as set out below. 





Basalt 





By Bo B3 Ba 





N 0.7035 0.7022 0.7029 0.7033 





Draw the Sr-He isotope correlation using both notations (see Figure 6.41). What do you conclude? 


Answer 


(1) 





Basalt 








(*He/?He) 17 800 142 000 71400 35710 





(2) The three curves for the abundances of the two radiogenic isotopes “He and 87sr are shown 
below. Craig’s R, notation destroys perfect linear correlation. 


6.4.2 Isotope geochemistry of neon 


Neon has three isotopes: ?0Ne, 7!Ne, and 77Ne. The abundance of 7'Ne varies with nuclear 
reactions caused by a particles emitted by uranium and thorium chains '*O (a, n) 7'Ne or, for 
17%,74M g(n, a) ?INe. These variations are said tobe nucleogenic, although in fact they follow 
the mathematical laws of radiogenic production (Wetherill, 1954).We show the isotope varia- 
tions observed in nature in a plot of (?°Ne/?”Ne, 7'Ne/?*Ne) where the two ratios vary in the 
basalts but for two different reasons. The *!Ne/**Ne ratios vary for nucleogenic reasons. The 
?°Ne/”*Ne ratios vary in nature because the Earth’s atmosphere has a different value from 
that ofthe Earth’s mantle (which is closer to that ofthe Sun) (Craig and Lupton, 1976). 


20 20 
(sxe) 294 (axe) = 13.538 
2Ne 2Ne 
atmosphere Sun 


® Terrestrial values can vary by only *°Ne/?*Ne from the Sun’s values but may be very different from the 
atmospheric value. 
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Figure 6.41 Results. (a) *“He/?He—*He/*He in NRa. (b) ®’Sr/8°Sr—*He/#He linear correlation. (c) Same 


relations but with #He/*He = NR, notation. 


This circumstance is not fully elucidated” but is a godsend because, for each isotope ratio 
measurement, the proportion contaminated by the Earth’s atmosphere can be calculated 
and uncontaminated values obtained. Measurements on MORB and OIB by the Paris 


° It is thought that, early in the Earth’s history 
by isotope fractionation by a process known 


, the atmosphere was very hot and neon probably escaped 
as hydrodynamic escape. 
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Figure 6.42 Correlation diagrams for (?°Ne/??Ne, 7*Ne/?*Ne). Results for oceanic basalts are used to 
define what is called [7*Ne/??Ne]*. 


group (Sarda er al., 1988; Moreira and Allégre, 1998; Moreira et a/., 1998) can be used to 
define two clearly distinct distributions (Figure 6.42). The experimental measurements 
form straight lines, connecting the pure composition to be measured with the atmospheric 
value. The MORB defines a “low-angle” straight line passing through the atmospheric 
value. The OIB defines steeper straight lines, close to the atmosphere—Sun straight-line 
segment. 

We define (*!Ne/*”Ne)* ratios, which are uncontaminated by the atmosphere at the inter- 
sectofthehorizontal line ofthe solar ratio (or slightly lower) with the straight lines (sample— 
atmosphere). These (*'Ne/?”Ne)* ratios are automatically corrected for atmospheric 
contamination. 

These values are close to 7.5 - 10°” for MORBand to 3.8 - 10-7 for OIB. (By taking 10 *as 
the unit, we deal with figures like 7.5 or 3.8, which is handier.) Moreover, it can be seen that 
intermediate values occur where hot spots underlie mid- oceanic ridges (Schilling effect) 
(Figure 6.43). 

Neon isotopes therefore confirm the idea of the mantle being two reservoirs (an upper 
highly degassed and lower more primitive mantle) described from helium isotopes. 


Exercise 


Imagine we have a measurement of the raw isotope composition of neon of an oceanic basalt: 
?0Ne/?*Ne =11.5 and 7*Ne/??Ne =5 - 10 ~. Calculate (7*Ne/?7Ne)*. 


Answer 
(77*Ne/?7Ne)* = 7 - 10-7. 
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Figure 6.43 Variation of *He/?He and [**Ne/*?Ne]* ratios on the mid-Atlantic ridge between 42° and 
54° S. There are two hot spots beneath the ridge in this area, with topographic effects known as the 
Discovery and Shona seamounts. They are illustrations of the Schilling effect. In both cases the two hot 
spots are clearly detected by helium and neon systematics. After Sarda et al. (2000). 


6.4.3 Isotope geochemistry of argon 


This is undoubtedly the oldest form of rare gas geochemistry. It was first introduced by Paul 
Damon and Larry Kulp (1958) and by Karl Turekian (1959) when they were working at 
Columbia University but suffered greatly from the difficulty in correcting the values meas- 
ured for atmospheric contamination. And yet, argon has considerable advantages com- 
pared with other rare gases. It is retained by the atmosphere, meaning that a balance 
equation can be written. Thereis noinitial *°Ar, as*°Ar is not madein stellar nucleosynthesis 
and is entirely produced by *°K decay. However, the big disadvantage is its extreme 
sensitivity to atmospheric pollution. Therefore aerial basalts, for example, are unsuitable for 
measurement, as are many submarine basalts. All of the *°Ar/*°Ar isotope ratios published 
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Figure 6.44 The *°Ar mass balance of the Earth. After Allégre et al. (1996). 


in the literature over a long period were heavily contaminated and so too low. In 1985, the 
author’s Paris team finally managed to measure reliable *°Ar/*°Ar ratios for MORB by 
using pillow lava glass, yielding *°Ar/*°Ar = 30 000 (compared with the *°Ar/*°Ar = 296 
ratio of the atmosphere) (Sarda et al., 1985). From this, a mass balance for the Earth’s *°Ar 
could be estimated (Allegre et a/., 1996) (Figure 6.44). The K content of the silicate Earth is 
quite well known (250-280 ppm).'° Knowing that *°K is1.16 - 10~*oftotal K, wecan calculate 
the total *°Ar produced in 4.55 - 10° years: from 140 - 10'* g to 156 - 10'8 g, depending on the 
value used for K. Now, the total quantity ofargonin the atmosphere is 66 - 10'* g¢. Ifwe evaluate 
4° Ar in the continental crust at a maximum of 4-10 - 10'8 g, there remains 60-86 - 10'° g of 
4° Ar, which is the missing argon inside the Earth. This means that for *°Ar, the Earth is only 
halfdegassed.'' Thereis little *°Ar in the upper mantle. The flow of *He from the ocean ridges 
is estimated at 1.1 -10° moles yr~'. Using the *He/*He and *He/*°Ar ratios measured in 
MORB, we find an *°Ar flux of 2 - 10’ moles yr |. Ifwe accept that the oceanic lithosphere is 
entirely degassed when it passes through the ocean ridges by the fusion processes occurring 
there, we can calculate the quantity of argon in the mantle if the mantle were homogeneous. 
Wefind 2.4—18 - 10'*g, which does not match the amount of missing argon. 

Where is the missing argon then? Experimental measurements have shown that 
neither argon nor potassium is soluble in iron even at high pressures. Therefore the 
argon is not stocked in the Earth’s core. That leaves just the lower mantle. Supposing, in 
the standard model, an upper layer above 670 km convecting separately from the lower 


'0 We know the terrestrial uranium value quite well as it is analogous to that of carbonaceous chondrites 
(as is Nd which is also a refractory chemical element). Now, the K/U ratio, which is about constant on 
Earth, is between 10 000 and 12 000. We can therefore deduce K. 

' This is not the case for *°Ar, but *°Ar was produced later by K decay. We shall see the explanation at the 
end of this chapter. 
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mantle: by the same calculation as before we find that the upper mantle contains 2 - 10'8 
g of argon. Therefore 60-86 - 10'* g of *°Ar is stored in the lower mantle. This model 
therefore also supports the standard model with two layers which are degassed to differ- 
ent extents. 

In all, then, the three rare gases confirm the two-layer standard model: a degassed upper 
mantle and a less-degassed (more primitive) lower mantle. This is an extremely important 
confirmation because degassing ofrare gases hasnothing to dowith the geological phenom- 
ena associated with differentiation of the continental crust and which causes Rb/Sr, Sm/ 
Nd, and Lu/Hf fractionation. Yet both approaches lead to the same outcome: a mantle 
divided into two layers. 

Twoimportant consequences follow from this pattern of argon distribution in the mantle. 
First, given the present-day distribution of roughly half of the total *°Ar being found in the 
atmosphere and half in the lower mantle but none in the upper mantle, and assuming the 
initial distribution was uniform, the atmospheric*°Ar is derived from complete outgassing 
of the upper mantle and one-third outgassing of the lower mantle. Since this calculation 
concerns *°Ar, which has no primitive component, the observation relates to “geological 
outgassing” from 4.4 Ga to the present day. 

Second, the (primitive) 36 rconcentration is about 200 times higher in the lower mantle 
than in the upper mantle. Therefore the outgassing of the lower mantle has to be such that it 
travels through the upper mantle as a transient. Otherwise it would contaminate the upper 
mantle. 


Exercise 


Just as we calculated the age of the continental crust we can calculate the mean age of the 
atmosphere using argon isotopes. Given that the mass of the mantle is about 4 - 10°’ g, the 
potassium content is 250 ppm with *°K=1.16 - 10-* Ktotai; the mass of *°Ar in the atmo- 
sphere is 66-10*® g and we can estimate the *°K/*°Ar ratio of the Earth from 
(*°Ar/?°Ar) atmosphere = 296. In addition we assume *°Ar is degassed by 90-100%. Calculate 
the age of the atmosphere. 


Answer 
We write the equation 


40 40 
(sexs) = (sens) (e*7 = eo Tarn) 
36 36 ‘ 
Ar atmosphere Ar Earth 


We obtain T= 3.3 Ga. So the indication from argon is that the atmosphere formed much 
earlier than the mean age of the continents. But this is not the end of the story! 


6.4.4 Isotope geochemistry of xenon 


Xenon has nine isotopes, of masses 124, 126, 128, 129, 130, 131, 132, 134, and 136. On Earth, 
variations in abundance related to radioactive decay are of two types: extinct forms ofradio- 
activity and spontaneous fusion of **°U. To these must be added the exceptional fission pro- 
cess induced by 7*°U in the Oklo nuclear reactor. Xenon-130 is taken as the reference 


EW Isotope geochemistry of rare gases 





isotope because it does not derive from any of these processes. Hence we can speak of 
exe)" U%e. Btye/ Xe. *Ke/ Me, and ”’Ke/ Xe ratios. 

Thefirst of these ratios varies because '”’Xeis the decay product of ”’I, whichis an extinct 
form of radioactivity (Reynolds, 1960). We saw in Chapter 3 how this form of radioactivity 
was exploited for determining age differences among meteorites. Now, this ratio varies on 
Earthandis anessential datum. 

The '*!~8°Xe/2°Xe ratios vary too, but the situation here is more complex as 
their variations may be attributed to extinct spontaneous fission from ***Pu or to 
very-long-period spontaneous fission of 7**U. These isotope ratios were measured in 
primitive carbonaceous meteorites, in the atmosphere, and also in rocks from the 
Earth’s mantle. That is, like helium, neon, and argon, xenon too is found in the glassy 
margins of MORBs. 

It has long been known that xenon isotope compositions in the Earth’s atmosphere are 
different from those in carbonaceous chondrites, proving that the Earth’s atmosphere 
formed after the carbonaceous chondrites did, because the isotopes 1n the denominators 
ofthe isotope ratios are more abundantin the atmosphere than in carbonaceous chondrites. 
As they are of radiogenic origin, they are demonstrably younger. 

The second important discovery, made byThomas Staudacher and the present author 
(1982), is that the !?°Xe/'°X¢e isotope ratios and the '*Xe/!°Xe isotope ratios (to choose 
Just one fissiogenic ratio) of MORBs are greater than those of the atmosphere. They vary in 
acorrelated manner (Figure 6.45). 

By contrast, the isotope ratios of what corresponds to OIBs, whether in Hawaii or in 
Iceland, are only marginally greater than those of the atmosphere. For the '?’Xe/"°Xe 
ratio, this is unambiguous. It is proof of the intense ”°I activity in the upper mantle early in 
the Earth’s history. 

The situation is more complex for '*!~'3°Xe/!°Xe isotope ratios because their variations 
stem either from extinct fission of 7“*Pu or from long-period 7*°U fission (Kuroda, 1980). 
The very difficult work of distinguishing between the effect ofeach has led to acceptance of 
the following approximation: 


e in MORBs, the excess of '*'~'3°Xe compared with the atmosphere (normed to '°°Xe) is 
mostly due to 7**Pu; 
e ingranites, onthe contrary, itis 7**U fission that is responsible for the essential variations. 


Analysis of MORBs plotted on the (17’Xe/'*°Xe, !°’Xe/°Xe) diagram (Figure 6.45) shows 
there is an excellent correlation passing through the atmospheric value. 

To derive the most information possible from this observation we concentrate here on 
'°Xe from the mantle. The value observed in MORBs is '*?Xe/'°Xe = 7.65. The value 
found in OIBs (Hawaii, Iceland, the Galapagos Islands) is 7 at most. The atmospheric 
value is 6.5. These values confirm the difference between the MORB and OIB reservoirs. As 
with neon, helium, and argon, the MORB reservoir (upper mantle) is more radiogenic than 
the OIJB reservoir. 

There is coherence then. Except that the difference here can only have been established 
in the early history of the Earth, since '?”Xe came from the decay of '”°I, which is extinct 
radioactivity. The MORB and OIB reservoirs must have separated in the first 150 million 
years of the Earth’s history and not have been merged since. Exchanges of the MORB 
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Figure 6.45 Correlation diagram of xenon isotope ratios in MORB. The *7°Xe/*?°xXe ratios are evidence 
of extinct *?°I radioactivity. The *°°Xe/**°Xe ratios are mostly from extinct “Pu fission and are coupled 
with spontaneous long-term *78U fission. The variations are due to mixing with atmospheric air either 
in nature or in the laboratory during measurement. 


reservoir both with the atmosphere and with the OIB reservoir have been limited for 4.3 
billion years. 

We shall return to other repercussions for the age of the early Earth, but it is already 
apparent that the ages we are dealing with here are much older than the “age of the 
atmosphere” calculated from a simple mass balance equation for the *°K—*°Ar 
system. 


6.4.5 Coherence in rare gas geochemistry 


We have seen that the use of four rare gases yielded coherent and complementary results 
when taken independently (Allegre et a/., 1983c). It is natural and essential to see whether 
analyses on the same samples yield coherent results too. Two graphs give the correlations 
obtained between all the rare gases in MORBs and in OIBs (Figure 6.46) obtained by 
Moreira etal. (1998). 

For all rare gases (helium is not shown here because it is not contaminated by the atmo- 
sphere) we can distinguish two separate reservoirs with distinctive isotopic signatures. 
Notice, though, that the essential thing about these correlations is the mixing that occurs 
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Figure 6.46 Correlation diagram of various rare gas isotope ratios related to radioactivity with the 
?°Ne/?4Ne ratio. The diagrams can be used to correct for atmospheric contamination. On one side is the 
slope for MORBs and the other the result of the study on Iceland by Trieloff et al. (1998), supposedly 
representing the lower mantle. Im, lower mantle; um, upper mantle. 


between the gasin the original rock and the air, which invariably contaminates the measure- 
ment to some degree and makes rare gas geochemistry so very difficult. In all cases MOR Bs 
are more radiogenic than OIBs. 


Exercise 


Isotope ratios measured in the same glassy margin of a MORB are 7*Ne/?*Ne=0.055, 
?°Ne/??Ne = 11.8, “°Ar/?°Ar= 18 000, and *7°Xe/7°Xe = 7.2. Can you estimate the isotopic 
compositions of the source, correcting for atmospheric contamination? 


Answer 

Yes, assuming contamination is identical for all rare gases. We take the value of neon as 
the reference: 12.5 (or 13.5) and given the values of the isotope ratio of the atmosphere, 
the other ratios can be computed. The answers are dependent on the chosen reference for 


neon. 


Exercise 


Why do we not adopt the same reasoning for helium and neon as we used for argon by 
computing the budget between the atmosphere, upper mantle, and lower mantle? 


Answer 

Because the atmosphere is not closed for helium and so the extent of outgassing is unknown. 
The situation is even worse for neon. The atmosphere has a very different 7°Ne/?*Ne isotopic 
composition from the mantle. In other words, the present-day atmospheric content cannot be 
considered as the product of mantle outgassing. 


Despite these intrinsic difficulties with the light rare gases, we can estimate the differences 
in concentrations between the upper and lower mantle for non-radiogenic isotopes by 
using measured isotope ratios: 
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(*He/*?He) um = ( He)" He) citi a (Uo /*He) un um (Z) 
(“He/*He),_, = (“He/?He) spicier + (U/7He) pa fim (4) 
whereum and Im arethe upper and lower mantle, f,,,@) and fim@) the expressions of radioac- 


tive decay, and U the uranium concentration. 
By taking the ratios between the two expressions: 


(wa) (=a) 
*Heim = *He um 3He initial | Uin fim (0) 


3Heum 7 (=) -(s) Uum Sua) 
3He/ im \FH/ initial 


we obtain (*He/*He)initiat © 6000 and Utm/Uum © 4. 
If we take the mean age of the lower mantle to be 4.5 - 10° years and less than 1 - 10° years 
for the upper mantle, 





fim(t) & 18.58 and fam(t) 2.12. 


Heim /*Heum ¥ 360. 


This yields similar ratios to argon and neon. 

The difference in concentration between the lower and the upper mantle is such that a 
piece of contaminated lower mantle can only display upper-mantle values if mixed in min- 
ute proportions. Therefore, if the OIBs were from the lower mantle exclusively, the isotopic 
composition of the rare gases they contain would be uniform (except in the unlikely case 
of the lower mantle being highly heterogeneous). Since OIB composition is not uniform 
(see Figure 6.38 for He), it must be concluded that OIBs are a mixture of lower and upper 
mantle, but with only small proportions of material from the lower mantle. 


6.5 Isotope geology of lead 


As seen when discussing geochronology, three of the isotopes of lead are produced by the 
final decay of radioactive chains: 7°°Pb by 7°8U, 7°’Pb by 7°U, and 7°8Pb by 7Th. 
Assuming the chains are in secular equilibrium (given the length of geological time), we 
can suppose that U and Th decay directly to the Pb isotopes (see Chapters 2 and 3). Just as 
with Sr and Nd, we can try to find out whether the lead isotope ratios vary in basalts and 
granites and so seek confirmation of the models developed with the threesome Rb-Sr, 
Sm-—Nd, and Lu—Hfand with the rare gases. 

In fact, the advantage with lead isotopes is that the results are naturally correlated since 
the two decay schemes are chemically similar and it is only the decay constant that differs. 
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It should also be remembered that as the Pb isotope ratios have the same denominator 
(7°4Pb), mixtures are always shown by straight lines on the various plots. 


6.5.1 The (Pb—Pb) isotope diagram or Holmes—Houtermans 
diagram*? 


One ofthe unique advantages with uranium —lead systemsis that itis a priori easy to calcu- 
late theoretical models to act as references for the experimental data involving only iso- 
tope compositions that are more robust than the parent— daughter ratios (see Russell and 
Farquhar, 1960). Let us see how a model Earth would behave if it differentiated into two 
envelopes, say, from the beginning of the Earth’s history if the two envelopes (continental 
crust and mantle) evolved ever since as closed systems. As usual Cc “Uy PoP isang is writ- 
ten up”. Then p= 14 and Lint, = 8. Itis assumed that the initial value of lead isotope com- 
position is given by the analysis of sulfides from iron meteorites which, as they do not 
contain any uranium, record the isotope composition of the first instants of the Solar 





System. 
By noting: 
206Ph 207Ph 238 
6, 1 = = = 
a 204Ph ry 204Ph ry A238 Ag, A035 = As, h= 204PpH ’ 
and given that age *U) Bie 137.8, the equations for the evolution of the four suppo- 
today 


sedly closed systems up to the present can be written: 


Sec = Sa + Legs (e%*7 = 1) 


Mec 2. 
Be = 7Bo ae 137.8 (e ae 1, 





where the subscript (cc) stands for continental crust. Similarly, for the mantle (m) we can 
write: 
S Om = Sa +b: pbs (e*% _ 1) 


Hm 1 
cee = 7Bo lr 137.8 (es? 1). 





where7 is the age ofthe Earth. The initial ratios wp = 9.307 and 39 = 10.294 have been deter- 
mined exactly by various analyses of iron meteorites and carbonaceous chondrites 
(Tatsumoto etal., 1973). 


Remark 

Look back at Chapter 2 for how to reach these equations from the laws of radioactivity. Reread the 
exercise on the Rb/Sr ratio at the beginning of this chapter to calculate yu from chemical composi- 
tions of uranium and lead. 


We have already mentioned the Pb—Pb method when discussing the age of the Earth. We shall review it 
more fully here. It might then be useful to reread the part of Chapter 5 about the age of the Earth. 


| 296 | Radiogenic isotope geochemistry 





These equations are the parametric equations of two curves, the leading parameter being ju, 
that is the ratio (77°U/ 2 PD) way Notice that these are the same equations as for the Rb-Sr 
or Sm—Ndsystems, except that, in view of the values of the decay constants, the linear approx- 
imation is no longer valid. Let us represent them as a function of time (calculate them 
from the formula a = a + p(e*7” — e*7). It will be observed that the form of variation 
with time is very different for the *°°Pb/?Pb ratio and the *°’Pb/?"*Pb ratio. The latter 
increases very rapidly at first and then much more slowly. It is almost an extinct form of radio- 
activity. The *°°Pb/?°*Pb ratio increases much more steadily, but not linearly. Once again, 
this is because of the difference between the decay constants. The isotope evolution referred 
toincorrelation diagrams can alsobe represented: (7°°Pb/7*Pb, 7°’ Pb/?*Pb) (Figure 6.47c). 

Notice first that the three curves are concave downwards but to different degrees. This is 
because of the different decay constants. Let us try to define the isochrons (geometriclocus 
of points of the same age) in Figure 6.47c.We can do this graphically by taking, for example, 
points for 3 billion, 2 billion, and 1 billion years and for the present time in the three systems 
defined above (let us take the ag and 3p values used for calculating the age of the Earth in 
Chapter 5). We observe that each defines a straight line, with the whole determining an 
array ofstraight lines converging towards (a6, 34) (dashed in Figure 6.47). 

Letus try to demonstrate this mathematically. Fora given age 7; whatis the equation of the 
geometric locus of representative points independently of ,.? From the equations giving a® 
and 3’, we can therefore eliminate p* by writing: 


B'(T) = Bi 7 1 (SS _ =) 


a®(T)— a8 137.8 \e4s7%o — eT 





HereTy iscommonat 4.55 - 10° years (or 4.50 - 10° years), and Tis fixed. The equation there- 
fore takes the form: 


Y— Vo 
X — X09 


=C, 


This is the equation ofa straight line through the point (xo, yo), that is the original isotope 
compositions. We find the result of our numerical construction. This array of straight lines 
therefore calibrates the diagram in ages. These straight lines are the geometric locus of 
points of the same age and are knownas isochrons. 

We therefore have an (a, 3) plot formed bya series of curves cut by an array of converging 
straight lines. The point of convergence is (Qo, (9), the initial composition of the Earth 
(Figure 6.47c). This is known as the Holmes—Houtermans (H—H) diagram." 

If we assume the Earth is made up of concentric envelopes isolated from each other and 
having evolved as closed systems since the “beginning,” then the initial ratios of any 
geological object (mineral, rock, massif) (a8, G8) plotted on the diagram show the age of the 
object and the of the system in which it has been since the “beginning.” 

Much use was made of this diagram in the early days of isotope geochemistry for extract- 
ing information from Pbisotopemeasurements on galena. Galena crystals with the formula 


3 After the two scientists, the Scotsman Arthur Holmes and the Russo-Swiss Fritz Houtermans, who 
developed it independently in 1946 (see Holmes, 1946; Houtermans, 1946). 
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Figure 6.47 Evolution of ?°°Pb/?°Pb and 7°’Pb/*™Pb ratios as a function of time for two j values 
(u=14 and j= 8). (a, b) Notice that the 7°°Pb/?™Pb variation is very progressive while the 7°’Pb/?™Pb 
ratio varies very little after 2 Ga. (c) Plot of a versus (3: ?°°Pb/?™Pb = «a, 2°’Pb/?™ Pb = 3 for the previous 
two values (and some other values of 1). Time is present here in parametric form. We distinguish the 
geometric locus of points evolving over time with the same ju: (growth curves) from the geometric locus 
of points of the same age having evolved with different 1 values (isochrons) (dashed lines). 


PbS contain neither uranium nor thorium and so the lead isotope measurement corre- 
sponds to initial isotope ratios at the time they formed. Unfortunately it is often difficult to 
determine the absolute age of galena directly with precision and very often we must settle 
for an age of the geological setting. When working with galena, it can be seen that very few 
galenacrystalslie ontheisochrons corresponding to their supposed ages, meaning that gen- 
erally the idea of evolution in the closed system of envelopes that have been isolated since 
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Figure 6.48 Diagram of (a, 3) explaining how J-type or B-type lead is produced with a two-stage history 
and change of ww. The first stage is evolution from Tp to T, in the same reservoir with ju3. Two new 
reservoirs are formed at Ty. One has a ,: value greater than 1, and another a yu value less than ju. The 
first yields J-type lead, the second B-type lead. 


the beginnings of the Earth does not correspond to geological reality. Nowadays, that does 
not surprise us after all that has been said about the evolution of the crust—mantle system 
and its complexity. These results simply confirm this complexity, but in 1950 this was a real 
discovery.'* 

In practice, galena crystals have H—H model ages that are either older or younger than 
their geological ages. Some even have “model ages” in the future. Lead with H—H model 
ages that are older than the actual age are known in geochemical jargon as B-type lead 
(after Bleiberg mine in Austria) while those with model ages younger than the real age are 
known as J-type lead (after Joplin mine in Missouri). These ages were first interpreted by 
Johannes Geiss of Bernein1954, by assuming a two-stage geological history witha change 
in?8U/?*Pb = 8wratios (Figure 6.48). 

The equations ofatwo-stage model are written: 


a=ao+ nie" _ e871) + py (e*8™ _ 1) 


_ by AsTy _ aAsT) by AsTr _ 1 
B= Bat Taz gle — 2") + aa ale } 
When p12 > [41 the model age is younger (J-type). When jz < ju; the model age is older (B- 
type). Everything then comes down to constructing a grid analogous to the H—H diagram 
with a growth curve and isochron, but making the system start from a certain time 7; with 
initial ratios a(7;) and G(7)) (Figure 6.48). 


'4 Nier was already alert to this, which is probably why he did not want to calculate an “age of the Earth.” 
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Exercise 


We have lead with a two-stage geological history. Stage 1: evolution in a closed system from 
To = 4.55 - 10° years to Ty; =2-10° years with .=778U/?™Pb =8. Stage 2: from T, to the 
present day in system A with p= 10 and in system B with w=5. 

Calculate the isotope compositions of lead given that ag =0.30 and 49 =10.29. Show by 
calculation and then analytically that A, B, and point P representing the closed system are 
aligned and that the straight line cuts the primordial evolution curve at a point whose age 
shall be determined. 





Answer 
System A: a= 16.28 and G=14.97. System B: a=18.1 and G=15.41. 
For the mathematical demonstration, just notice that in the equations 


C= ag + {ir (e’#7° = e’#71) + jin (e“#7 = 1) 


lt lt 
a gl ie eg a) 





the episode from Tp to T, is the same in both scenarios. We can therefore posit: 


ao(T1) = Qo + p(e?27 = en) 


la hs 
em) (er aaa (e757 een). 








The equations are then written: 


a= ao(T1) ie = 1) 





6S Ein ee (ea 





137.8 
Hence: 
a — ao(T1) _ e738! -—1 
BSeeun) a =a Se AL 337/ 33, 


This is the equation of a straight line cutting the curve of primordial evolution at a9(T,) and 
Bo(T,), that is at T=2 Ga. 
This is the same demonstration as for the isochrons in the H-H diagram. 


6.5.2 The geochron and the age of the Earth’s core 


Letus nowlook atthe isochron corresponding toT = 0, that is the present day. Itisnowcom- 
mon practice to call this particular isochron, corresponding to the present time, the geo- 
chron. All points having evolved in a closed system since the origin of the Earth must lie on 
this straight line for which the equation is: 


B-B 1 (= - ) 


ao — ae 137.8 \e4s7 — ] 
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The slope of this straight line depends on T) alone, which is the age of the Earth. The older 
the Earth, the steeper the geochron. The younger the Earth, the lower the angle of the geo- 
chron. As they all go through (a@, 3}), the lower the angle of the slope, the further to the 
rightitis shifted (Figure 6.49). 


Exercise 


Calculate and draw the geochrons for ages of the Earth of 4.65, 4.55, 4.50, and 4.40 Ga. Use 
values ag = 9.307 and (39 = 10.294. 


Answer 
The answer is given in Figure 6.49. 
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Figure 6.49 Geochrons calculated for various values of the “age of the Earth.” Notice that when age 
declines, the geochrons shift to the right. 


Itcan therefore be supposed that the Bulk Earth, as with the references considered for the 
Srand Nd isotopes, must lie on the geochron. By simple analogy with what we noticed for 
Sr—Nd, it can be supposed that the points representing the continental crust and the 
depleted mantle, which is the MORB source, will lie on either side of the geochron (or ifthe 
extraction of continental crust is avery, very ancient phenomenon, on the geochron itself). 
Now, we observe that the MOR Bslike granites lie to the right of what we shall call the“classi- 
cal”geochron with an age ofthe Earthof4.55 Ga. Howcan we explain this anomaly contrary 
to expectations? Dowe need to revise the age of the Earth? It seemed tohave been well estab- 
lished by meteorites, though! 

To account for this anomaly, it has been proposed to shift the geochron, invoking the for- 
mation of the core. The Earth’s core probably formed very early in the Earth’s history, at the 
time the Earth was first differentiating. It is essentially an iron and nickel alloy. But to form, 
the iron was probably associated with sulfur, because the Fe—FeS eutectic has a melting 
point below that of silicates, allowing the molten metal to percolate through the porous sili- 
cate lattice. The core therefore contains sulfur. (This scenario has been largely confirmed 
by other means.) But if the core contains sulfur, it also contains lead because PbS is a very 
stable compound and forms easily. The . =7*°U/?Pb of the mantle is therefore affected 
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Figure 6.50 Position of domains representing rocks from the continental crust, rocks from the mantle, 
and the two reference geochrons in the (a, (3) lead diagram. If the geochron is at 4.55 Ga (or older), most 
of the data points are in the J domain. Notice also that for the 7°°Pb/?™Pb ratio, the extent of the 
domain is not very different for continental crust and ocean basalt. 


byextraction by the core. Imagine the core took several hundred million years to form: then, 
the relevant geochron for our reasoning corresponds not to the age of the Earth (in 
Patterson’s sense) but to the mean age of differentiation of the core. Let us explore this 
scenario, remembering that the smaller the age 7», the further to the right the geochron is 
shifted. 

By going back to the graph and shifting the geochron to have a continental crust-depleted 
mantle arrangement comparable with Sr—Nd, we obtain an average age of the core of 
4.45-4.42 Ga (Gangarz and Wasserburg, 1977; Doe and Zartman, 1979; Allegre et al., 
1999) (Figure 6.50). 

Ifthe age of the Earth, or rather that ofthe meteorites, is 4.55 Ga, we can conclude that it 
tookthe core 100 million years to segregate, relative to the age offormation ofthe meteorites. 
We saw when examining the Sr—Nd isotopes that the average age of differentiation of the 
continental crust was about 2 billion years, with an S-shaped extraction curve. 
Examination of the (a, 3) Pb isotope diagram shows that the main difference between the 
distribution of points for the continental crust and for the mantle source of MORB is in the 
207Pb/?°4Pb ratios. The 7°’Pb/?Pb ratios of the continental crust (that is, granites) are 
higher than those of basalts. Now, that could only have come about in the past, when 7° U 
was abundant enough to vary the *°’Pb/?°*Pb ratios. This confirms that a good part of the 
continental crust became differentiated very early in geological history and the more recent 
continental crust has been formed by recycling ofancient crust. 

Can we go beyond such qualitative reasoning? Notice first that the difference is not great 
for the 7°°Pb/?*Pb ratio. This suggests that for most of geological history Meryst and {mantle 
of the MORB reservoir have not been very different. Now, the j: values of the oceanic crust 
are higher than those of the mantle: therefore, in the formation of continental crust there is 
a process which compensates and enriches the crust more in Pb than in U, so that the out- 
come is a lack of fractionation. (Is it island-arc volcanism and magmatism that is rich in 
H,Oand that fractionates Pb more than U?) 
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This state of affairs has an unfortunate and a fortunate consequence. The unfortunate 
consequence is that the U—Pb systems are not very effective for confirming the Rb—Srand 
Sm-—Nd systems in the crust— mantle differentiation process. The fortunate consequence is 
that we can clearly distinguish differentiation of the oceanic crust from differentiation of 
the continental crust which, further to fractionation, is often confused for both Sm—Nd 
and Rb—Sr.We shall take advantage of this. 


6.5.3 The (Pb, Pb) isotope diagram and the OIB source 


We have not spoken much of the origin of OIB since the standard model was developed and we 
have continued to accept that the OIB source was the lower mantle, which is similar ifnotiden- 
tical to the primitive mantle. Let us plot the results of OIB lead isotope analyses on the (a, 3) dia- 
gram. It is observed that a large category of OIBs lies well to the right of the geochron at 4.55 Ga 
and even at 4.42 Ga (Figure 6.51). No modification of the age of the Earth can account for this. 
It is particularly true of islands like St. Helena in the Atlantic or Mangaia in the Pacific Ocean. 
Now, by definition, the geochron is the geometric locus of systems that have evolved in 
closed systems since the origin of the Earth. The OIB source is therefore not the primordial 
mantle. Moreover, the OIBs do not lie between the MORBs and the geochron, contrary to the 
arrangement in the Nd-Sr isotope diagrams. We must either abandon the idea of primitive, 
closed lower mantle, which is one of the components of the standard model, or challenge the 
idea that the OIBs come from the lower mantle. Lead isotopes therefore invite us to question 
some of the ideas accepted so far. But which ones? The standard model is no longer tenable! 
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Figure 6.51 Diagram of (a, (3) for OIBs. We shall see they are all in the J domain compared with the 
4.55 Ga and 4.42 Ga geochrons. The first comprehensive modern synthesis was by Sun (1980). 
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Exercise 


Take a two-stage geological history of a basalt. Stage 1: from Tp) =4.45 Ga to 7, = 2Ga, its 
“ancestor” evolved in a system with 1" = 7.5. Stage 2: from T, to the present day, it evolved in 
a system with p= 14. Calculate the a®, 3’ values of the basalt. Do the same calculation if 
T, = 3.5 Ga, 3 Ga, and 0.5 Ga. What do you conclude? 





Answer 
The equations for the evolution of a two-stage model are written: 


a® = af + pi, (e779 — e’8") + py (e#™ — 1). 











7 Te dee e4sTo _ @fsT1) 4 bl Pca De 
B Bo + 337-9 ( ) 1378 | ) 


Therefore a§ = 9.30 and 3g =10.29, 4g =0.155 5125 - 10°, and 4, =0.98485 - 10”. 








T, (Ga) ae ie 

3.5 21.66 16.28 
33 20.72 15.66 
22 19.23 15.10 
0.5 7739) 14.84 





Two points on the geochron can be calculated for = 7.5 and ~=14. It is observed that the 
curve joining up the points for the different ages of differentiation is neither a straight line 
nor a “common” function. (Drawing is believing!) 

In addition, if we suppose evolution in a closed system represents the evolution of the 
primitive mantle and that the various two-stage models represent a theoretical continental 
crust, the relative size of A(207/204) to A(206/204) increases from T, =1 to 7, =4. 


6.5.4 The (Sr, Pb) isotope diagram 


Letusnow try toconnect up the (Hf, Nd, Sr) systems with their own internal coherence and 
the (Pb°, Pb’, Pb’) systems which also have their own, but apparently different, internal 
coherence. To do this we shall use the (*’Sr/*°Sr, 7°°Pb/7°Pb) diagram. Let us plot the data 
points measured on basalts in this diagram as in Sun and Hanson (1975) (Figure 6.52). 

The MORBs define a restricted domain. The OIBs cover much of the diagram, with no 
general correlation. It was first thought that this dispersed pattern showed the Srand Pbiso- 
tope tracers were incoherent. However, Bernard Dupré, Bruno Hamelin, and the present 
author were able to provide new data for deciphering this diagram. We first showed that 
most MORBs were aligned, with a positive slope, seeming to indicate covariation between 
87§r/8°Sr and 7°°Pb/?°*Pb. Such variation seems to link many of the samples from the 
North Atlantic and Pacific (Dupré and Allegre, 1980). 

However, examination of oceanic ridges in the South Atlantic and Indian Ocean showed 
that while there were alignments, their slopes were different from those of the North 
Atlantic and the Pacific. Close study by the team of Jean Guy Schilling of Rhode Island 
University showed that, in each case, the alignments ended with a nearby OIB (Figure 6.53). 
We are dealing, basically, witha series of Schilling effects, which look to be general but are 
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Figure 6.52 Correlation diagram for ®’Sr—7°’Pb showing the somewhat elongated MORB domain and 
the much larger and dispersed OIB domain. Modified from Sun and Hanson (1975). 
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Figure 6.53 Various (°’Sr/*°Sr, ?°°Pb/?™Pb) alignments of MORBs of various regions, one of whose 
components is invariably an OIB of the same region. These alignments support the idea that (Sr, Pb) 
isotope alignments are brought about by generalization of the Schilling effect. 


sometimes very difficult to detect depending on topographical criteria, as these are not 


readily visible (see Schilling, 1992). 
Counter-proof that these correlations are not of the same kind as the (Sr, Nd) or (Nd, 


Hf) isotope correlations is that, if we determine the 7°°Pb/?™Pb ratio corresponding to 
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Figure 6.54 Isotope correlations for (°’Sr/*°Sr, 7°°Pb/?™Pb) for the North Atlantic. The (Sr, Pb) isotope 
correlation for the North Atlantic is in blue. Determining the 7°°Pb/?™Pb ratio for the value of the Earth 
(®7Sr/®°Sr) = 0.7047 gives *°°Pb/?Pb = 21.5. The same correlation in the 7°’Pb—*°°Pb diagram shows 
that the point is in the J domain. 


the °’Sr/®°Sr of about 0.7047 of the Bulk Earth, for example, the (Sr, Pb) correlation of the 
North Atlantic (Figure 6.54), and if we plot this ?°°Pb/?°*Pb)* value on the equivalent 
?°°Pb/?4Pb, 7°7Pb/?*Pb) correlation obtained from the same samples, we get a point 
lying well away from the geochron. Now, lets us repeat, the geochron is the geometric 
locus of all systems having evolved as closed systems since the beginning of the Earth’s 
history. 

The same observation applies for the other straight lines of (Sr, Pb) correlation for 
MORB of other regions. This clearly shows that (Sr, Pb) correlations are different from the 
general (Sr, Nd) or (Nd, Hf) correlations. 

The OIB domain in the (°’Sr, 7°’Pb) isotope diagram is highly dispersed, but it begins to 
make sense if we try to examine how it ties in with the geographical distribution. Bernard 
Dupre, Bruno Hamelin (now at the universities of Toulouse and Marseille, respectively), 
and the present author identified a very characteristic province now known by the name of 
Dupal (Hart, 1984).'° This province comprises the Indian Ocean and South Atlantic. Itsiso- 
topic signature is very clear: a high 8’Sr/*°Sr ratio for the same 7°°Pb/?™Pb ratio. The 
important pointis thatthe Indian Ocean MOR Bsalsoseem tobe enrichedin *’Srcompared 
with those of the Pacific and North Atlantic (Dupre and Allégre, 1983; Hamelin etal., 1984; 
Hamelin and Allegre, 1985; Hamelin eta/., 1986) (Figures 6.53 and 6.55). 


'S Dupal is formed from the contraction of the names Dupré and Allégre. 
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Figure 6.55 Geographical correspondence of the Dupal domain identified in the (°’Sr/*°Sr, 7°°Pb/?°” Pb) 
diagram as plotted originally by Dupré and Allégre (1983). |, Iceland; A, Azores; Ca, Canaries; CV, Cape 
Verde; Ho, Hoggar; Ga, Galapagos; E, Easter Island; TG, Tristan da Cunha and Gough; W, Walvis Ridge; 
Cr, Crozet; K, Kerguélen; R, Reunion; AP Amsterdam and St. Paul; N, Ninety East Ridge; Ke, Kenya; Co, 
Comoros. 


What would be acoherent interpretation of this? The initial idea of the standard model 1, 
that OIB came from a closed primordial mantle, has already been undermined by lead iso- 
tope observations. The (Sr, Pb) isotope diagram confirms that OIBs do not come from a 
closed system, otherwise they would all lie on a curve joining the MORBs and the homoge- 
neous source reservoir in question. 

Atthis point, weneed tointroducethe Hofmann—White (H—W) hypothesis. After many 
quite technical geochemical comparisons, Al Hofmann and Bill White of the Max-Planck 
Institute in Mainz came up in 1982 with the hypothesis that OIBs come from remelting of 
old oceanic crust reinjected into the mantle at a depth which they situated at the core—mantle 
boundary while subsequent workers (including the present author) preferred to situate 
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Figure 6.56 Hofmann and White (1982) diagram explaining the origin of OIBs by recycling of oceanic 
crust. 


this source at 670 km.These two positions are chosen because, in a convecting reservoir, the 
plumes are generated by an unstable boundary layer. Ifthe mantle is divided into two layers, 
there is a boundary layer at 670 km, where there is the great seismic discontinuity transition 
(tetrahedral silicon—octahedral silicon) or the core—mantle interface, which is the iron—si- 
licate boundary and where seismologists have detected what they call the D” layer. 

Little by little the H—W hypothesis has become more complex and it is accepted that 
recycled oceanic crust might include not just basaltic ocean crust altered by reaction with 
seawater but also the sediments lying on it on the ocean floor (Figure 6.56). This supplement 
makes the H— Widea very appealing. It provides avery good explanation for such OIBs as 
those of St. Helena and the Canaries, or Hawaii. Old oceanic crust weathered by sea water 
isrichin U/Pb and poor in Rb/Sr. Marine sediments produced by weathering of the conti- 
nents arerichin Rb/Srandin U/Pb. Afteratransit time, these chemical values aretranslated 
into isotope values. However, the H—W hypothesis is not nearly as straightforward when 
explaining the OIBs of the Indian Ocean (Dupal). Additional components have to be 
considered. 

In conclusion, OIBs do not come from some primitive reservoir. So how can we explain 
the Nd, Sr, and Hf isotope ratios which that hypothesis seemed to account for? 


Exercise 


Altered oceanic crust that has been reinjected into the mantle has the following character- 
istics: ®Sr/®°Sr = 0.7025, 7°°Pb/7Pb = 18.5, ®’Rb/®’Sr=0.1, and 728U/2°4Pb=15. The Sr 
content is 150 ppm, that of Pb is 1.3 ppm. The characteristics of the mid—upper mantle are: 
8761 /8°Sr = 0.7022, 7°°Pb/?°*Pb = 17.5, ®’Rb/*’Sr = 0.001, and 778U/7Pb = 5. The Sr content 
is 15 ppm, that of Pb is 0.15 ppm. 

Suppose the weathered crust remained in the mantle for 1 Ga and was then mixed with the 
upper mantle to give OIBs. Calculate the trajectory of the mixture in the (Sr, Pb) isotope diagram. 
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Answer 
We first calculate the isotopic characteristics of the altered oceanic crust after 1Ga: 
St) ok 0 10392)—. bb) (Pb 01) 

We then observe that Sr/Pb is about constant. Therefore the mixtures are straight lines. All 
that remains to do is to draw the straight line joining the weathered oceanic crust aged 1Ga 
and the mid-upper mantle. 


Exercise 


Suppose now that sediments are injected along with the oceanic crust. The characteristics of 
these sediments at the time they are reinjected are: °’Sr/*°Sr=0.712 and ®’Rb/*°Sr=0.1 
(because of the amount of limestone which is rich in Sr), 7°°Pb/?°*Pb=18.5, and 
2381) /2°4Pb — 10. The Sr content is 400 ppm and the Pb content 3.46 ppm. These sediments 
also remain for 1 Ga with the oceanic crust. Calculate the trajectories of the upper mantle— 
sediment and the sediment—buried oceanic crust mixtures. If 5% of the mass of sediments is 
mixed, draw the mixing trajectory. 


Answer 

Isotopic characteristics of sediments aged 1 Ga: °’Sr/*°Sr = 0.713 42 and 7°°Pb/7™Pb = 20.17. 
Once again the Pb/Sr ratios are about constant and so the mixing “curves” are straight 
lines (Figure 6.57). The mixture of 5% mass corresponds to the mass fraction of Sr at 34%; 
we can therefore obtain the point on a straight line between that of sediments and of 
the oceanic crust. It can be seen we have thus roughly reproduced the OIBs which are not 
Dupals. 
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Figure 6.57 Graph of the results for the two exercises above. 
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In conclusion, when we observe the (Sr, Pb) isotope diagram which seeks to unify the two 
series of correlations (Sr—- Nd—Hf) on the one hand and (7°°Pb—*°’Pb—*°* Pb) on the other, 
it can first of all be seen there are not two completely separate domains for OIBs and 
MORBs. On the contrary, there is no gap, even in regions in which plumes are injected into 
ocean ridges (Schilling effect), where the two domains overlap. This topology does notsug- 
gest amodel whereby OIBs come froma separate and relatively homogeneous lower mantle. 
The second observation, which is brought out by the (Sr, Pb) isotope diagram, is that regio- 
nalization occurs. There are genuine isotopic provinces. 

The most general division, as said, is between basalts from the Indian Ocean and South 
Atlantic on one side and those of the Pacific and the North Atlantic on the other side. This is 
marked by higher *’Sr/*°Sr ratios than for the North Atlantic— Pacific province, for a same 
206Pb/?4Pbh ratio and therefore occupies the top part of the (Sr, Pb) isotope diagram. This 
distinction is particularly true for OIBs but is also found for MORBs. 

Moreover, this “Indian” isotope signature is very old, as it is found inTibetan ophiolites 
(135 Ma pieces of oceanic crust trapped in the India—Asia collision zone in Tibet) (Gopel 
etal.,1984). Howcan this be accounted for? What readily distinguishes rocks from continen- 
tal crust and rocks from the mantle is their much higher *’Sr/*°Sr ratio while the 
206Pb/?4Pb ratios are similar. If a piece of continental crust is swallowed up by the mantle 
and mixes with it, the 7°°Pb/?"*Pb ratio increases little while the *’Sr/*°Sr increases greatly. 
The difference with sediment recycling is that sediments contain a large amount of lime- 
stone whose isotope ratios are close to 0.707—0.709 and are very rich in Sr (~ 1000 ppm). 
They therefore buffer the Sr isotope ratios. When continental crust associated with its litho- 
sphere is delaminated, thereisno“limestone effect.” Now, the province where the Indian sig- 
nature is found is the province where continents existed (Gondwana) in the past and broke 
up, probably leading to delamination. The overall conclusion from examining the (Sr, Pb) 
isotope diagram is that OIBs come from an isotopically very heterogeneous source but hav- 
ing affinities with the MORB source of the same region. 

Thus, we began by drawing a clear distinction between MORB and OIB and now we are 
saying there is no gap between them. How can this be explained? How can rare gases be 
worked into the schema since we have seen an extremely clear distinction in their isotopic 
ratios between OIBs and MORBs? This is an as-yet-unanswered question. 


6.5.5 The *8’Re—*®’Os system and (Os, Pb) isotope diagrams 


We have already come across the '*7Re—'*’Os system for which the decay constant is 
A= 1.64 - 107! yr~!, How does the '8’Os/'*8Os ratio evolve in the Earth’s mantle? By exam- 
ining osmiridiums, that is, osmium-rich minerals containing no rhenium, associated with 
ultrabasic rocks, Allégre and Luck (1980) were able to show the isotope evolution of mantle 
osmium corresponded toa chondritic mantle with '*’Re/'*°Os ~ 1. This isbecause osmium 
is an element that remains in the mantle when partial melting gives rise to oceanic crust. It 
is more “compatible” than either nickel or chromium. The Os concentration of ultrabasic 
rocks is close to 6 ppm and is 0.06 ppm in the continental crust. If we write the crust— mantle 
balance equation: 


a = ae Wes + a§(1 _ Wo) 
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This is what we actually observe: extraction of continental crust has no effect on the iso- 
tope evolution of Os of the upper mantle. However, what we do notice is that Re is fractio- 
nated a little like lutetium during magmatic processes. It concentrates in the liquid, but 
weakly. Accordingly the Re/Os ratios of basalts are extraordinarily high. Values of 50 or 100 
are commonplace for the '*’Re/'**Os ratio, whereas the mantle has ratios close to 0.1. 

The continental crust has Os isotope ratios similar to basalts. This means there is a high 
level of fractionation at the mid-ocean ridges but that it is neutral at the subduction zones. 
The diagram of isotope evolution therefore looks like that in Figure 6.58. 

Perhaps the most spectacular illustration of this difference in concentration between 
crust and mantle is the (Nd, Os) isotope diagram for the Stillwater Complex in Montana, 
which is an ultrabasic massif. The magma is known to have been contaminated by the 
crust. The mixing curve is spectacular and needs no comment (Lambert et al., 1989) 

(Figure 6.59). 

While the '®’Re—!*’Os system does not provide many resources for studying the differen- 
tiation of continental crust and mantle, it is an excellent tracer for studying the reinjection 
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Figure 6.58 (a) Evolution of the *8’Os/*®°Os ratio of the mantle from osmiridiums associated with 
ultrabasic rocks. (b) Isotope evolution of the continental crust and mantle. The mantle slope 
corresponds to a chondritic Re/Os ratio as shown by Allégre and Luck (1980). 
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Figure 6.59 Isotope diagram for (Os, Nd) in the Stillwater Complex, a mixture of ultra-basic magma and 
contaminating continental crust. The Nd/Os ratio is 400 for the ultrabasic magma and 400 000 for the 
continental crust. After Lambert et al. (1989). 
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Figure 6.60 Isotope correlation diagram for (Os, Pb) and theoretical mixing models. (a) Theoretical 
mixing models between the mantle and the various components swallowed up by the mantle. The 
boxed part corresponds to (b). (b) Isotope correlation diagram for (Os, Pb) for basalts. DMM, depleted 
upper mantle. After Hauri and Hart (1993); Roy Barman and Allégre (1994). 


ofoceanic crust orcontinental materials into the Earth’s mantle. With this objectivein mind, 
we shall examine the (Os, Pb) isotope correlation diagrams obtained for basalts by compar- 
ing the (Pb, Sr) diagrams (Figure 6.60). Let us examine the ('*’Os/'88Os, 7°°Pb/?Pb) dia- 
gram for basalts. We consider only basalts whose Os content is greater than 45 ppt (the 
others are suspected of being either victims of analytical error or of secondary contamina- 
tion during their genesis). 

This diagram brings out something very different from the corresponding (Sr, Pb) dia- 
gram. There is no sample in the bottom right. This is because the mantle is very rich in Os 
and the mixtures are shown by very curved paths. Mathieu Roy Barman and the present 
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author (1994), and also Eric Hauri and Stan Hart (1993) of the Woods Hole Oceanographic 
Institution, calculated a theoretical mixing model with various components. Its trajectories 
provide quite good explanations for the observations. The important point here is that the 
recycled materials must be in quite large proportions for them to be detected. Nonetheless, 
this model gives quite a good explanation of the Os isotope diversity in oceanic basalts in 
the context of the H—- Wmodel. 


6.5.6 Conclusions 


After these first five dense and often difficult sections, it is probably worthwhile (or essen- 
tial?) to review these matters. Our method has been to use isotope correlation diagrams 
two by two, to extract the useful information from them and then to combine the results 
crosswise to confirm them, refute them, clarify them, or develop them: 


e Examination of the Sr—-Nd—Hf isotope systems established that extraction of continen- 
tal crust from the mantle left an upper mantle that was “depleted” in some elements (and 
soinsome isotope ratios) and was ofa lower mass than the total mantle. 

e Thisideaofatwo-layer structure ofthe mantle was confirmed byexamination ofthe rare- 
gas isotope composition, the upper mantle being both “depleted” and “degassed.” The 
upper mantle is the MORB source. The complementary reservoirs of these transfers are 
the continental crust and the atmosphere where the elements expelled from the mantle 
have accumulated. 

e However, since the mass of the depleted mantle is greater than that of the upper mantle, 
we have to accept mass exchanges between the upper and lower mantle (the upper mantle 
being defined as everything above 670 km). 

e Thecontinental crustis structured into tectonic segments, representing the episodes dur- 
ing which continental crust formed at the expense of the mantle. However, the continen- 
tal crust is composed of “young” materials from the mantle and also reworked materials 
that are older continental materials which have been eroded, deposited as sediment, 
metamorphosed, and granitized. The whole process seems to be well understood and, of 
course, to fitin with the schemas developed by geologists. 

e Studies oflead isotopes confirmed that a large part of the continental crust was extracted 
from the mantle before 3 Ga, as best evidenced by the 7°’Pb/?"*Pb isotope signature 
compared with ratios for the mantle. 

e Theatmosphere seems to have been sealed for argon, krypton, and xenon but permeable 
for helium, which escapes into space, and “semipermeable” for neon. The age of forma- 
tion ofthe atmosphere is very ancient and greater than 3 Ga, and, soits seems, older than 
the mean age of the continents. But we have said that this question was not settled and we 
shall return toit. 

e Difficulties arose when it came tothe genesis of OIBs. Initially, it was considered thatthey 
stemmed from the lower mantle, which is both more primitive and less degassed than the 
upper mantle. This was what was termed the standard model. Study of the lead isotope 
composition overthrew this simple model. Either the OIBs do not come from the lower 
mantle, or the lower mantle is not primitive. This brings in the subsidiary question: why 
do OIBs have rare-gas isotope signatures some of which seem very primitive? 
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e Atthis point in the discussion we introduced the Hofmann— White hypothesis by which 
OIBs are related to recycling ofoceanic crust. But where does this recycling occur? In the 
upper mantle? Then how can the rare-gas measurements from Hawaii or Iceland be 
interpreted? Or in the lower mantle? But how can the upper mantle mechanism and its 
formation be explained? 


Alltold, then, two major questions remain unanswered: the origin of OIB and the nature of 
the lower mantle (which questions are connected). This uncertainty notwithstanding, we 
can develop an overview of the physical and chemical processes related to the geodynamic 
cycle. 


6.6 Chemical geodynamics 


This model, which the present author formalized first in 1980 and then in 1982 (see 
Allégre, 1987), is the result of a long evolution of ideas. The first attempts to relate isotope 
variations and major geological phenomena concerned the interpretation of variations 
in the isotopic composition of galenas. For example, studies by Paul Damon at 
Columbia University, New York (Damon, 1954) and Don Russell at the University of 
Toronto (Russell, 1972) sought to go beyond the age of the Earth and to look at the work- 
ing of the planet as a whole. The decisive steps that followed were made by Patterson and 
Tatsumoto (1964) studying the formation of continental crust with lead isotopes and 
Patrick Hurley’s team at the Massachusetts Institute of Technology using strontium iso- 
topes (1962). 

The next stage was by Paul Gast in the 1960s with two significant papers, one on the 
limitation of mantle composition (1960) while the other, written with Tilton and Hedge 
(1964), showed for the first time that the mantle was not isotopically homogeneous 
(Patterson, 1963). Wasserburg (1964) sought to tie in the development of continental 
crust and the complementary evolution of the mantle using a quantitative model. Other 
important contributions confirming the isotopic heterogeneity of the mantle were made by 
Tatsumoto (Tatsumoto ef al., 1965; Tatsumoto, 1966) for lead and Hart et al. (1973) for 
strontium. 

The chemical geodynamic approach came about after the discovery of Nd isotope varia- 
tions, which began with the (Sr, Nd) correlation, and gave some coherence to the various 
isotopic measurements. The approach involved combining observed variations in isotopic 
composition into a logical and coherent scheme within the framework of plate tectonics 
(Allégre, 1982; Allégre et al., 1982; Hart and Zindler, 1986; Zindler and Hart, 1986; Hart, 
1988; Hofmann, 1988). 


6.6.1 The foundations of the model 


In this approach, it was proposed to construct a coherent model of the Earth based on three 
fundamental features: 


(1) The Earth’s structure, first of all, as determined by seismology: a continental crust 
and an oceanic crust, a marked p- and s-wave seismic discontinuity at 670 km, anda 
mantle—core discontinuity. 
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(2) Plate tectonics, next, with cycles of spreading of ocean floors based on the formation of 
lithosphere at the mid-ocean ridges and its recycling at subduction zones. On this cycle 
is superimposed the injection of magmas from deeper-lying hot spots. The continents 
break up, drift around, and collide but remain at the Earth’s surface. The use of this 
model for the entire geological timescale results from the application to geochemistry 
ofa founding principle of geology, uniformitarianism. ° No call is made on “extraordin- 
ary” phenomena to explain the past. Yet, nothing shows it is true. Perhaps the workings 
of the Earth in the past were quite different from what we have reconstituted for the last 
few million years. The supposition in the chemical geodynamic model is that if it was 
the case, the variations remained within acontext similar to the one we find nowadays. 

(3) The data of isotope geochemistry, lastly, and to begin with those for Sr and Nd. In this 
model, it is assumed that the continents are the “scum” of the Earth, and result from dif- 
ferentiation of the mantle which has extracted from the mantle elements like potassium, 
rubidium, and the rare earths as well as uranium and thorium. Geological mapping 
suggests that the extraction of continental material from the mantle occurred over the 
course of geological time, giving rise to anew tectonic province each time (see Plate 4). 


This convection process divided the Earth’s mantle little by little into two reservoirs: the 
upper reservoir, the MORB source, depleted in some chemical elements by extraction 
of the continents, and the lower mantle less depleted (but not primitive!). This division 
also affects the rare gases which have degassed from the (consequently depleted) upper 
mantle but remain more concentrated in the lower mantle, the escaped heavy gases having 
collected in the atmosphere. 

The cycle ofoceanic crust which is extracted from the mantle and then returned toit after 
atime of spreading at the surface acts as the extractor of mantle elements. The magmaphile 
elements (potassium, rubidium, cesium, uranium, thorium, etc.) were enriched for the first 
time in liquid during the magmatic processes of formation of oceanic crust. (The partition 
coefficient D = Cyo1ia/Cmagma Of these elements is very low for solid~magma partition phe- 
nomena.) Then, they were enriched a second time during subduction processes, which 
transfer elements from the oceanic crust to the continents via more complex fractionation, 
but whose partition coefficients are somewhat different from those of the mid-ocean ridges. 
If we term the processes occurring along the mid-ocean ridges the R-process (ridge) and 
the processes occurring during subduction the S-process (subduction), the extraction of 
elements from the mantle to the continental crust corresponds to the sum (R + S). We can 
write symbolically: 


continental crust = S(R x mantle), 


with R operating on the mantle and S on the product of this first operation.” 

The oceanic crust modified by the S-process plunges back into the mantle and is mixed 
mechanically with it by mantle convection. In this way, an increasingly “depleted” mantle 
is formed. The rare gases are outgassed by the R-process but S-process volcanism also leads 
to outgassing, preventing the rare gases from being recycled into the mantle. 


16 This dates back to one of the founders of geology, Charles Lyell, and underpins the development of this 
discipline on a scientific basis. 
"7 Not to be confused with the notation for the r- and s-processes in nucleosynthesis! 
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The mantle is therefore made up ofan upper mantle, which is “depleted” in elements such 
as potassium, uranium, thorium, and rubidium, and degassed of most of its rare gases and 
of a lower mantle, which, while not pristine, is less depleted in potassium, uranium, thor- 
ium, and rubidium, andis richer in rare gases. 

If, as some investigators assert on the basis of seismic tomography, the downgoing plates 
were recycled in the lower mantle throughout geological history, the lower mantle would be 
depleted because it is the downgoing plates that convey the depletion (the extraction ofele- 
ments concentrated in the continental crust). It is essential, therefore, that the plates have 
been reinjected for the most part inthe upper mantle. Likewise, ifall the mantle were totally 
outgassed, there would not be any marked difference in the isotope ratios of the rare gases 
like helium and neon contained in MORB and OIB. The mantle is therefore necessarily 
composed of two separate (but not isolated) reservoirs. 


6.6.2 The internal geochemical cycle 


Two fundamental geochemical processes that are an integral part of geodynamic processes 
occur in the upper mantle. The oceanic lithosphere is formed at the mid-ocean ridges and 
separates a basaltic ocean crust enriched in certain elements (relative to the mantle) such as 
potassium, rubidium, uranium, the rare earths, etc. and an underlying, ultrabasic residual 
lithosphere depleted in these elements and whose remelting cannot create much basalt 
because the essential elements making up certain basalt minerals (feldspars, clinopyrox- 
enes) such as calcium and aluminum have been extracted to manufacture oceanic crust. It 
is often said in petrologists’ jargon that the deep ocean lithosphere is infertile because it can 
nolonger produce basalt by fusion. This oceaniclithosphere (crust and residual lithosphere) 
is reinjected into the mantle where it mixes back with the upper mantle (McKenzie, 1979; 
Allegreetal., 1980; White and Hofmann, 1982). 

Mixing is mechanical. Pieces of the lithosphere are caught up in the convective move- 
ments of the mantle. In this process, rock is stretched, folded, and pinched. Rock from the 
ocean crust, generally basaltic, is transformed mineralogically by metamorphism during 
subduction into rocks such as eclogite (assembly ofgarnet and pyroxene). The upper mantle 
looks like a marbled cake (Allegre and Turcotte, 1986) with a basic peridotite (pyroxene and 
olivine) composition interspersed with strands ofeclogites, drawn out and stretched tovary- 
ing degrees. These strands are shreds of ancient oceanic crust which has been laminated, 
pinched, and folded by mantle movements. After some time, these ever-thinner strands 
will end up reacting mineralogically with the peridotite mantle and will disappear 
(Hofmann and Hart, 1978; Allégre and Turcotte, 1985), while the mantle will be fertilized 
by this absorption, that is, made capable of basalt extraction by melting again. But these 
slivers of continental crust are not uniform. Some have dragged layers of sediments down 
with them. These sediments carried by the downgoing plate are dehydrated, compacted, 
and then metamorphosed. They are also stretched, thinned, pinched, and folded 
(Figure 6.61). 

Some of the pieces of oceanic crust reinjected into the mantle are very peculiar as they 
have lost the chemical elements that will give rise to volcanism in the subduction zones and 
through that to continental crust. These are the materials which effect the depletion of the 
mantle in some elements (rubidium, uranium, etc.) and which is reflected in isotope ratios, 
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Figure 6.61 Fractionation of the geodynamic cycle. The internal geodynamic cycle exhibits mixing, 
differentiation, and removal phenomena, mostly in the upper mantle. 


because all ofthe materials swallowed up by the upper mantle have varied isotope ratios and 
chemical ratios. 

Is this marbled mantle a purely theoretical model dreamt up by geochemists and geophy- 
sicists? Not a bit of it! It is real enough. It can be seen cropping out in a few special places 
where tectonic processes have brought pieces of mantle to the surface. This is the case in 
southern Spain near the little town of Ronda (the temple of bullfighting), in northern 
Morocco near the village of Beni-Bousera (Figure 6.62), at Lhez (France) in the Pyrenees, 
and at LanzonearTurin (Italy). 

These massifs are often made up of peridotite, often depleted in aluminum and calcium, 
with isotope signatures of the upper mantle. They contain strands of eclogites which have 
been shown to come from ancient oceanic crust. They also contain ancient sediments and 
even diamond transformed into graphite, that is, old limestones rich in organic material 
that has been reduced and changed into diamonds. The upper mantle is indeed made up of 
a thorough mixture of peridotite and eclogite. By contrast, the lower mantle contains far 
fewer strands andis much more uniform. 
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Figure 6.62 Garnet pyroxenite (eclogite) bed structures in the peridotites of Beni-Bousera massif, 
Morocco. Pyroxenite in blue, peridotite in white. (a) Series of pyroxenite beds of different sizes in the 
peridotite; (b) pinching and swelling; (c, d) folding. After Allegre and Turcotte (1986). 


6.6.3 Statistical geochemistry 


So far we have spoken a great deal of reservoirs exchanging material, considering that conti- 
nental crust is segmented into age provinces and therefore heterogeneous but that the man- 
tle is homogeneous (at least at regional scale). The upshot of this is that we have considered 
an average value to characterize each reservoir. Without relinquishing such modeling, 
which is straightforward and extremely useful, we have to supplement it with another 
description, which is statistical. Each reservoir is described not by a single average value 
but bya distribution of values, isotope ratios, or chemical concentrations. 

When an oceanic plate dips into the mantle it is chemically and isotopically heteroge- 
neous. Admittedly, when oceanic crust forms at the mid-ocean ridges it is isotopically 
homogeneous (by melting) but chemically heterogeneous, with the crust being enriched in 
rubidium compared with strontium, the lithosphere being depleted in Rb/Sr, and the sedi- 
ments rich in Rb/Sr when detrital and poor when they are limestone. These chemical het- 
erogeneities are reflected by isotopic heterogeneities during the ridge—subduction zone 
journey, by radioactive decay. Then, ofcourse, the same happens in the mantle with radioac- 
tivity continuing its inexorable decay and its creation of new isotopes. 

The upper mantle, then, is not isotopically or chemically homogeneous, but hetero- 
geneous. It is not characterized by a single average isotope ratio, as in the “box” model 
we dealt with when examining the earlier crust—mantle system, but by a spread of 
isotope ratios, with an average, variance (standard deviation), and a degree of asym- 
metry for each type of ratio. This statistical distribution also has, of course, a geographi- 
cal distribution. 
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For example, the a* and 8” parameters are each replaced by a distribution notated as: 
(a) = {a (mi, 0, d)}and(u®?) = {u8? (m, 0, d)} 


where 7iis the mean of a or p:®°, o the standard deviation, and dthe asymmetry. 

Naturally enough, the more the system is subjected to convection the more itis mixed and 
the more homogeneous itis, and the smaller ois. Two antagonistic phenomena aretherefore 
in action: chemical fractionation near the Earth’s surface, which tends to increase chemical 
(and so isotopic) heterogeneity, and convective mixing phenomena within the mantle, 
which tend to reduce them. It is acontest of chemical differentiation versus mixing. 

Partial melting and volcanism (at the ridges and hot spots) of the heterogeneous mantle 
yield samples of the mantle, which are more or less random, from which we can measure the 
876r/8°Sr, “43Nd/44Nd, 8’Rb/*°Sr, and 4’Sm/'4Nd ratios, etc., for which we can also 
define distributions and with them a mean, a standard deviation, and an asymmetry. (We 
notate these distributions by { }: {a°"} = {aS (m, o, d)} and similarly for 
fuk} = {n> (mm, 0, d}) 

Animportantstepin our projectis, ofcourse, to determine the actual distributions of iso- 
tope ratios in the mantle from the distributions sampled and measured at the surface. A 
priori, it might be thought that the larger the sample, the closer {a} is to (a).We take asa 
working hypothesis that (a) = K{a}, that is, the distribution measured from surface sam- 
ples is proportional to the distribution of the mantle at depth.When the distributions mea- 
sured on various samples of a same type of basalt are more dispersed than those measured 
on another type, it is legitimate to suppose that the sources of the former are more heteroge- 
neous than the sources of the latter or that the phenomena giving rise to the basalts did not 
homogenize them as much (because we are mindful, of course, that the phenomena of par- 
tial melting of the mantle, then of pooling of the liquids giving rise to magmas, tend tohomo- 
genize the isotope ratios). They therefore effect a sort of natural average of the zone where 
partial melting occurred (statistical sampling). As it is accepted that isotope homogeniza- 
tion occurs at such temperatures, basalt sampling provides a representative average of the 
sample space. Study of the basalt population is therefore a sample ofthe mantle on the scale 
ofa few kilometers. But at the same time, these phenomena of magmatogenesis erase any 
smaller local heterogeneities, as the magma averages them out. Now, when we speak of het- 
erogeneity of the mantle, we must be clear what we mean by it. There are various types of het- 
erogeneity, as Figure 6.63 shows. 


6.6.4 Geochemical fractionation 


Since the beginning of this chapter, we have spoken of chemical fractionation which modi- 
fies the Rb/Sr, Sm/Nd, U/Pb chemical ratios, etc., modifications that are reflected by isoto- 
pic changes. The variations in isotope ratios are the reflection, with a time lag, of chemical 
fractionation. It is customary to say that radiogenic isotope ratios are chemical fossils. We 
should therefore look a little more closely at geochemical fractionation. 

The essential fractionations in chemical geodynamics are those related to the formation 
of magma, at the mid-ocean ridges to manufacture oceanic crust, at the subduction zones 
to produce arc volcanism and extract continental crust, and in the deep continental crust to 
yield granites. All are related to the partial melting process (Gast, 1968). 
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Figure 6.63 The types of heterogeneity the mantle may conceal. (a) Different domains scattered in a 
whole. Sampling a small part brings out the heterogeneities, while more extensive sampling makes them 
disappear. (b) Large-scale heterogeneities with several domains, each of which is homogeneous. 
Heterogeneity is observed geographically. (c) Types (a) and (b) combined. (Of course, other types may exist.) 


When a polycrystalline assemblage is in conditions of temperature and pressure at which 
it melts, melting is partial melting pretty well obeying the thermodynamic rules of eutectic 
equilibrium. Melting is characterized by a degree of partial melting F and a chemical 
composition of the liquid which is different from that of the solid. 

Trace elements are partitioned between liquid and solid states. This partition is character- 
ized by the partition coefficient D'=concentration in solid/concentration in liquid of 
elementi. 
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It obeys a simple balance equation: 
OQ = CF+ C(1-F) 


where Cjis the initial concentration of the solid for element i, Cj is the concentration of 
element 7 in the magma, G’ the concentration of element i in the residual solid, and F the 
degree of partial melting. If the overall partial melting coefficient of element iis defined in 
the process considered by Ci/C, = D’, without worrying whether the process is in equili- 
brium or not, whether it is complex or simple, but such that D’ is about constant, then the 
partial melting equation can be written: 


_ Cp 
C1= Fy DIF 


The concentration in the residual solid is therefore: 


Pons at C 
“>? Fa DF) 
A fundamental result ofthese formulae for the geodynamic cycleisTreuil’s approximation. 
Michel Treuil of the Institut de Physique du Globe in Paris noticed in 1973 (Treuil, 1973; 
Treuil and Joron, 1975) that for some elements with low D, D‘ (1 — F) becomes negligible 
compared with 1; therefore he named those elements “magmaphile” but some others have 
named them “incompatible.” 


Ci F 


For these elements the concentration depends directly on F (the smaller F'is the more 
concentrated the liquid) and, yet more importantly, ifthe ratio ofthe two elements is taken, 
Fis eliminated: 


21, 8h 
a a 


that is, the ratios are conserved across partial melting, which is true for isotope ratios of 
heavy elements and for ratios of anumber of trace elements whose partition coefficients D 
are very, very small and so negligible compared with 1, such asTh, U, Rb, Nd, and Pb under 
certain circumstances. This is fundamental because not only can we obtain the isotope 
ratios of the mantle such as ®’Sr/®°Sr, 47Nd/'44Nd, etc. but we can also obtain the Rb/Sr 
and Sm/Nd chemical ratios of the mantle (or at any rate good estimates of them). 


Exercise 


Exercise 
Is Treuil’s approximation by which (for low values of D) we can write: 
Ss 
a G 
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still valid in the two instances below? 

e@ Dy, =0.01 and Dy = 0.02. Study the Th/U ratio as a function of the degree of partial melting 
F, taking the values of 0.11, 0.05, and 0.01. 

e Di, =0.02 and Dy=0.1. 

In both cases, plot the curve (Th/U)tiquia/(Th/U) source = AF) = R. 


Answer 
We write: 


(=) (2) _D2+F(1-D2) _ 
Ga ce) Di+F(1—-Di) 

In the first case, we find R=1.08 (0.1), 1.159 (0.05), 1.4897 (0.01). In the second case, we 
find R=1.61 (0.1), 2.10 (0.05), 3.65 (0.01). This shows the limits of Treuil’s approximation. 





Exercise 


At the ocean ridges, U/Pb fractionation is such that pp =7?U/?™Pb shifts from 5 in the upper 
mantle to 10 and more in the oceanic crust. If pi®) = 0.03 and if F=0.08, what is the value 
of Di? 

This oceanic crust is melted in the S-process. In the andesite lava j4= 8.5. Supposing that 
DY) = 0.03 and F=0.10, what is the value of b® ? 


Answer 
First we find Dy = 0.135 and then DY = 0.01. Lead is less compatible than uranium during 
subduction. 


We have the answer to an earlier question: why does lead distinguish the mantle from the 
continental crust so poorly? Because the U/Pb R and S chemical fractionation processes 
partially offset one another in this case. There are two results from these investigations. 
First, if the melting rates are high, the ratios between the elements that interest us (Rb/Sr, 
Sm/Nd, U/Th, and U/Pb) are just about preserved. 

Accordingly, the mixing lines in the isotope correlation diagrams (see the beginning of 
this chapter) are more or less straight. This is why roughly correct correlations were found 
between many isotope ratios. Because everything is almost linear: fractionation, mixing, 
and radioactive decay. (For lead isotope ratios, where growth of radioactive origin is non- 
linear, the parent—daughter identity preserves linearity; when such linearity is lost, the iso- 
tope diagrams become more complex.) 

Bycontrast, when dealing with elements that fractionated during different processes, lin- 
earity is not preserved. This is the case, for example, of isotopes of lithophile elements (Sr, 
Nd, Hf) and of the rare gases, because they obey two different rationales. Fractionation for 
one is related to extraction from the continental crust, and for others to mantle outgassing. 
The former are sensitive to processes of reinjection of oceanic or continental crust, the 
others are not reinjected. An example of this is the (Sr, He) non-correlation established by 
Mark Kurz of the Woods Hole Oceanographic Institution (Kurz et al., 1982). Another 
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example is the case that implies osmium, because its geochemical behavior is atypical com- 
pared with that ofother elements (Lambert etal., 1989). 

For elements whose only isotope fractions are created by extraction of continental crust, a 
double chemical fractionation process occurs: one at the mid-ocean ridges, the other in the 
subduction zones. We have just seen with the example of lead that the two processes are not 
identical (in the case of Pb/U, fractionation is reversed). We shall look more closely at this 
question using other isotope tracers, those from radioactive disequilibria. 


6.6.5 Consequences for the Earth’s energy regime 


Uranium, thorium, and potassium, which are all elements whose radioactivity is an impor- 
tant source ofheat for the internal activity ofour planet, are greatly enriched in the continen- 
tal crust and therefore depleted in the upper mantle. The lower mantle is much richer in 
these elements. Itis therefore the lower mantle that supplies the upper mantle’s convective 
heat. The upper mantleis heated from below and cooled from above by the ocean. Itis there- 
fore in an almost ideal situation for convecting, by an admittedly complex process but 
which is akin to what is known in physics as Rayleigh—Benard convection (seeTurcotte and 
Schubert, 2002), which can be observed when a pan of water is put on the cooker to boil. 
The lower mantle too convects, because it is very hot and is of large dimensions, but it con- 
vects in a different manner, by internal heating particularly by the radioactive elements it 
contains (it might be worth looking back at the end of Chapter 1, where the calculations set 
out were preparation for current reasoning). 


Exercise 


We wish to test the two-layer convective model in respect of heat flow (see Chapter 1). The 
measurements on MORB give the results: U =50 ppb, Th/U = 2.2, and K/U = 10%. Accepting 
that the three elements are wholly incompatible, that is, that Giguia = Gotia/F where Fis the 
degree of partial melting estimated at 10%, calculate the heat flow of radioactive origin 
produced by the upper mantle. Calculate the heat flow produced by the lower mantle if we 
assume that for the mantle U = 21 ppb, K/U = 10’, and Th/U = 4.2. Calculate the heat flow of 
the continental crust given that K= 1.2%, K/U = 10*, and Th/U = 5. Given that the total flow is 
41 - 10’? W, what proportion is produced by radioactivity? What makes up the difference? 


Answer 

The heat flows from radioactivity are: upper mantle: 0.95 - 10°? W (terawatts), lower mantle 
15.3 - 10*? W, continental crust: 6.25 - 10** W, making a total of 22.5 - 10°? W. The proportion 
created by radioactivity (Urey ratio) is 0.5. The difference comes from energy stored when 
the Earth formed and from differentiation of the core. It is stored in the lower mantle and 
core (gravitational energy transformed into heat). The lower mantle therefore transmits 
36.8 - 10°* W whereas the upper mantle produces just 1 - 10°? W. 


6.6.6 Radioactive disequilibria and the difference between 
R- and S-processes 


We havejust touched uponit with regard to U/Pb fractionation, but we shall seein detail with 
the example of °°Th/***U systems, which we have already dealt with in terms ofchronology, 
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Figure 6.64 General principles of the reasoning in this section. (a) The two types of fractionation are 
shown in the (73°Th/???Th, 738U/?3?Th) diagram. Left: fractionation where Th is enriched in the fluid 


compared with U; right: enrichment of U compared with Th. (b) The two types of observations and 
explanations. Left: genesis of MORB and OIB; right: genesis of island arc volcanoes. After Allégre and 


Condomines (1982). 


there is a considerable difference between the S- and R-processes, as Michel Condomines 
and the present author established in developing this method in 1982 (Allegre and 
Condomines, 1976; 1982). It was extremely well explored and explained later on by a large 
amountofoutstanding work.'* 

Let us plot the results on the graph (of activity)’? [°°Th/??Th, *8U/??Th] 
(Figure 6.64), in which (a) is areminder of howitis read. 

Let us pick up on what was developed in Chapter 3 about dating based on 
38 —3°Th radioactive disequilibrium using the isochron construction. We take the 
?°Th/?” Th, 72U/?”Th) diagram in the form of activities. Any system in secular 
equilibrium has its data point on the equiline. This can be assumed to be the case of 


mantle rock. 


'8 See the excellent book by B. Bourdon, G. M. Henderson, C.C. Lundstrom, and S. P. Turner (2003) 
Introduction to U-Series Geochemistry, Reviews in Mineralogy and Geochemistry Vol. 52. Washington, 


DC: Mineralogical Society of America. 
' See Chapter 3. Remember that the activity of a radioactive element R* is written [R] = 2p R*, where R* 


is the number of atoms and /p the decay constant. 
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e If the partial melting process involves enrichment of the liquid in (Th) compared 
with (U), the point representing the magma will shift horizontally to the left. The sys- 
tem will return to equilibrium through decay of its excess **°Th (excess relative to 
the *°8U value). The °°Th/?”Th isotope ratio of the magma will decrease over time 
with the data point shifting vertically downwards. When it returns to equilibrium, it 
will lie on the equiline again but in a lower position (with a lower **°Th/**’Th ratio 
in U/Th). 

e If, on the contrary, the partial melting process involves enrichment of the melt in (U) 
compared with (Th), the data point will shift horizontally to the right. The system will 
return to equilibrium by recreating °°Th through 7**U decay. The point will therefore 
rise vertically. When it reaches equilibrium, the °°Th/?”Th ratio will have increased. 
The U/Thratio will then be far greater than that of the initial solid. 


The evolution equation is, it will be recalled (with ratios in square brackets in the form of 
activities): 


230TH 20TH] _, 23817 i 
[at - [se - sale aR =e), 





If we measure the composition of a magma, the age since it underwent partial melting is 
written: 


20TH 238 [J 
l saera| ~ sere 

ta 0 
2 230Th 238 
ear 7 ss 











Calculating an age like this involves measuring the isotopic composition of thorium and 
the 7°U/?“Th (chemical) ratio. But one datum is missing: the initial isotope ratio of the 
thorium. One can also reason backwards and calculate the initial isotope ratio of the thor- 
ium ifthe ageis known. Letusleaveaside this issue of calculating the age and the initial ratios 
for the moment and turn to the results ofanalyses on present-day lavas from various types of 
volcanic rocks. 

Ofcourse, the rocks must be from the present day so significantcomparisons canbe made. 
Otherwise radioactive decay since eruption will have shifted the position of the data point 
vertically inthe (7°°Th/?’Th, *°U/?Th) diagram. We must be wary of contamination pro- 
cesses, too. As for rare gases, sea water is a powerful contaminant for the 3°Th/?Th ratio 
because it has extremely high **°Th/*’Th ratios (values of 50 or 100 are commonplace 
while the values of basalt lavas are close to unity). Even slight contamination by sea water 
shifts the data point upwards. 

Having taken the requisite precautions, what do we observe? MORBand OIBare located 
to the left of the equiline. They therefore correspond to cases of magma being enriched in 
Threlative to Usince the U/Thratiohas fallen. 

Itis observed that statistically the OIB lies below the MORB. Anenrichmentcoefficientis 
defined k =(U/Th)magma/(U/Th)source. From the exercises in the previous section, the 
lower the degree of partial melting, the smaller k is. Petrologists tell us that the extent of 
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partial melting of OIB is much less than that of MORB (1% versus 10%). Now, the relative 
position on the (7°°Th/?Th, 7*°U/?Th) diagram is not so clear. This can be explained by 
accepting that the genesis of OIB is often complex, involving phenomena of mixing, con- 
tamination by ancient oceanic crust, and multiple transfer times (Figure 6.65). When the 
data points for island arc volcanoes are plotted on the same diagram, they are found, on the 
contrary, to lie to the right of the equiline. Their genesis involved processes which enriched 
the magmain UmorethaninTh. Itis also observed that many points representing these vol- 
canoes have much greater thorium isotope ratios than are found for MORB and OIB. This 
is interpreted in the framework of models which have been developed by the genesis of mag- 
mas in subduction zones. It is accepted that the downgoing plate begins to melt, but that it 
passes on to the overlying mantle wedge a silica-rich fluid with a very high water content. 
This fluid has probably also derived some of its material from the subducted sediments. 
The fluid induces melting of the material in the mantle wedge overlying the plunging plate. 
The initial material is therefore a mixture ofupper mantle similar to that which gave rise to 
the MORB, ofa subducted sediment whose 7*°U/?Th ratios may be as lowas 0.4, and ofa 
water-rich fluid which is enriched morein Uthan inThas Uis more soluble in water thanTh. 

There is a big difference, then, between magmas which result from partial melting of the 
mantle, like MORB, and island arc magmas whose genetic processes are more complex. 
The genesis of OIB belongs to the family where melting processes dominate, but in detail it 
is observed that theTh isotope ratios ofone and the same island are variable. 

Detailed studies have shown complex phenomena to be involved. First of all, there are 
variable types of source, as seen with lead isotopes. Then there are processes of interaction 
with the oceanic crust through which the OIB makes its way. So there are three types of 
magma-producing processes. Simple partial melting (MORB), partial melting followed by 
mixing (OJB), and partial melting in the presence ofwater anda mixture ofmultiple compo- 
nents (island arcs). But the diagrams show a continuous spread of data points among these 
different types, indicating the existence of certain affinities. 


Exercise 


A domain of the mantle is considered whose [?*°Th/??*Th] ratio in terms of activity is 1.4. 
Suppose this domain undergoes 8% partial melting to form oceanic crust. This oceanic crust 
returns to radioactive equilibrium. Then it undergoes 5% partial melting in a subduction zone. 
The transfer time of the magma to the surface is 40 000 years. What are the [7?°Th/???Th] and 
[??8U/???Th] ratios of magma in terms of activity? It is assumed the solid/melt global 
fractionation coefficients are Dy =0.015, Dy, = 0.0034. 


Answer 
yal es ee ye gn, 


Letus move on now to transit times between the source and the surface. Despite complex 
theoretical models that predicted a quite long and complex transfer from the melting zone 
to the surface (McKenzie, 1989) the transfer rate for MORB is quite high. For MORB, the 
issue has been addressed in two ways. The first is to calculate the initial value of [7°°U/?’Th] 
of the source mantle by estimating the degree of partial melting using the fractionation 
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Figure 6.65 Actual cases of disequilibrium data. (a) The MORB zone in blue, the OIB zone in white with 
the main OIBs shown. Note the two domains are continuous. (b) Subduction zones with various 
isochrons showing a very different representation of MORB and OIB. After Condomines et al. (1988); 
Condomines and Sigmarsson (1993). 
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Figure 6.66 (a) Diagram of current understanding of the formation of island arc volcanoes; (b) the 
various stages of genesis explaining the observations. The example of the Marianas Islands, studied by 
Elliot et al. (1997). 


coefficients determined in the laboratory for Uand Th. The secondis based on the following 
remark. A radioactive pair has returned to equilibrium when the time since the disequili- 
brium was created is six times the shorter half-life. As many 7*°Th/?*Th ratios of MORB 
are far from equilibrium, it can be estimated that the transit times are very much less than 
300 000 years. 
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But there is a more interesting observation. The *7°Ra/**°Th and 7°Pb/***Ra ratios are 
not in equilibrium. The transit time is less than 6 times the half-lives of 7”°Ra and 7!°Pb of 
1.622 - 10° years and 22.26 years, respectively. This corresponds to a date for 7*°Ra of less 
than 10 000 years, but for 7!°Pb ofless than 135 years. If it is accepted that mid-ocean ridge 
magmas form at depths of 30 km, this corresponds to transit speeds of 200 myr’ |. The con- 
straint of radium corresponds to 3 myr!. Therefore, the speed is instantaneous for MORB 
and it should be considered that the 7°°Th/?’Th ratios measured on present-day rocks 
yield the U/Th value of their source mantle directly and better than the directly measured 
chemical ratio because it is fractionated. 

Calculating transfer times for OIB is much more complicated because of the complex 
processes involved, such as magma chamber processes, lithosphere interaction, and so on 
(see Hawkesworth, 1979; Elliot etal.,1997;Turner etal., 2003). 

Island arcs have very long and variable transit times. Some are more than 300 000 years 
because the data points are very high on the equiline, far above the MORB points. In the 
case of the Marianas Island arc, Tim Elliott of the University of Bristol and his colleagues 
have managed to put a figure on the final stages and to show that there were two stages of 
input from the downgoing plate. A first stage involving sediments having occurred 300 000 
years before a second melting stage, which itselfoccurred 150 000 years before the eruption 
(see Figure 6.66a). All of this clearly shows the difference in behavior of island arc volcanoes 
compared to MORB and OIB. 


Exercise 


The radioactive disequilibrium of an OIB is measured giving [??°Th/???Th]=1.08 and 
[?3®U/???Th] = 0.8. In addition, [??7°U/??°Th]<ource = 1.1. Calculate the fractionation coeffic- 
ients D=(U/Th)<ource/(U/Th) magma, the transit time between fractionation and reaching the 
surface, as well as the rate of ascent, if it is assumed the process began 20 km beneath the 
ocean ridge. 


Answer 
D=1.43, T=1380 years, v=15m yr *. 


6.6.7 The major elements 


Themajor elements arethose that make up minerals and therefore rocks. Their abundanceis 
measured in percent by mass. They are oxygen, silicon, magnesium, aluminum, calcium, 
iron, and sodium. They determine the physical properties of the Earth’s interior and so are 
responsible for the properties measured in geophysics (velocity of seismic waves, density, 
magnetism). Now, what is importantis that these major elements are practically unaffected 
by the major processes governing chemical geodynamics.To show this, let us take an extre- 
mely simple calculation. 

Let us consider the weight analyses of peridotite (an essential constituent of the mantle) 
and of granite (an essential constituent of the continental crust) (Table 6.9). 

The proportions by mass between continental crust and upper mantle are 0.01 (for the 
upper mantle above the seismic discontinuity at 670 km). Let us suppose the peridotite 
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Table 6.9 Composition of granite and of peridotite of the mantle 








Oxide Element Peridotite Granite 
percentweightof | percentweight percentweight percent weight 
oxide of major of oxide of major 
element element 
O 43.36 50.38 
SiO, Si 41.82 + 0.80 19.51 72.30 £0.50 33.13 
Al,03 Al 3.50+0.10 1.26 14.15 + 0.10 5.094 
Fe,03 Fe 9.06 + 0.15 6.33 1.91+0.02 1.33 
MgO Mg 37.99 + 0.5 22.86 0.040 + 0.008 0.03 
MnO Mn 0.17 £0.01 0.14 0.370 + 0.001 0.22 
CaO Ca 3.02 + 0.06 2.15 133+ 0.01 0.949 
Na,O Na 0.82 + 0.1 0.6 3.49 + 0.03 2.589 
K,0 K 0.03 + 0.006 0.0250 2.55 + 0.06 2.12 








Table 6.10 Composition of the primitive mantle 





O Si Al Fe Mg Mn Ca Na K 





“Reconstructed” primitive 43.42 1964 1.298 6.28 22.603 0.1389 2.137 0.6198 0.4595 
mantle (%) 
Depleted mantle 43.36 19.51 1.26 633 2286 0.14 2.15 0.6 0.025 





comes from the depleted upper mantle, and let us calculate the composition of the “recon- 
structed” primitive mantle (Table 6.10) before extraction of the continental crust by mixing 
ofcontinental crust with depleted mantle: 


[A] primitive = [peridotite] x 0.99 + [granite] x 0.01. 

This composition is almost identical to that of the peridotite analyzed. The only element for 
which a difference can be clearly seen is potassium, which is nota major element! Those dif- 
ference in composition cannot be distinguished by any geophysical, seismological, or gravi- 


metric measurements. 


Remark 
Remember this warning in chemical geodynamics: minor elements mean major problems. Whereas 
in petrology, major elements mean key problems! 


We have translated this in Figure 6.67, remembering we have calculated factors W. It will 
be recalled that: 
__ m\,, c 
7 m\, C, 
where m2, is the mass of continental crust, and my is the mass of the primary mantle 
before depletion; we can take it to be equal to the upper mantle, such that m,,/m, = 0.015; 
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Figure 6.67 The W scale for some elements. W is the fraction of an element contained in the 
continental crust relative to the sum total (crust + upper mantle), and ® is the proportion by mass of 
the lower mantle—upper mantle. It separates the elements enriched in the crust from those enriched in 
the mantle. 


C.. is the concentration of element i in the continental crust, c is the concentration of 
element i in the primitive mantle, and Wis the proportion of the element concentrated 
in the continental crust.”° 

It is possible to calculate W for a few major and minor elements. The scale (in logy) is sepa- 
rated in two by the values © = 0.015; an element that does not fractionate between crust and 
mantle has this value. Above this value the element is enriched in continental crust; below, it 
is depleted. It shall be seen that while silicon and manganese are not very different from it, 
below ® the elements are enriched in the mantle, while above they are enriched in the crust. 
Table 6.11 gives the values of the various isotope ratios that can be used for studying the conti- 
nental crust—mantlesystem. 


Hofmann’s two-stage model 

Hofmann (1988) developed a simple model that gives a pretty good account of the chemical 
composition of the continental crust, the oceanic crust, and the upper mantle. Although 
unsophisticated, it does allow us to get our thinking straight. It assumes, as already estab- 
lished, that the continental crust became differentiated from the primitive mantle through 


2° We know it is an approximation because the mass of the depleted mantle is greater than that of the 
upper mantle. However, it helps to get our ideas straight. 
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Table 6.11 Average isotope ratios of the three reservoirs of the silicate 








Earth 

Continentalcrust Depletedmantle Primitive mantle 
SRb/*Sr 0.35 0.0014 0.087 
8767 /8Sr 0.7123 0.7021 0.70475 
47Sm/4Nd 0.11 0.252 0.1975 
M3Nq/44Nd 0.51155 0.51330 0.51265 
Mr u/7HE 0.0073 0.0459 0.0333 
Mone HE 0.28169 0.28343 0.28287 
7Re/!88Os 37.54 0.3622 0.3850 
'87Re/!86Os 312 3.01 3.20 
18795/188Qs5 1.40 0.1251 0.1254 
B7Qs/86Os 117 1.040 1.0422 
2381/24 9.58 577 8.78 
232TH /238U 4.55 2.54 4.27 
206PH/?4Pb 18.59 17.43 18.34 
207 /2°4Pbh «15.586 15.42 15.55 
208PH/24 Ph 39.56 37.13 39.05 





partial melting witha degree of melting F, and that this extraction left adepleted mantle. The 
depleted mantle then underwent a second stage of partial melting in much more recent 
times with a degree of melting F>. For example, the differentiation of the continental crust 
may have a mean age of about 2 Ga. The differentiation of ocean crust is far more recent, 
less than 100 Ma. 

The equations with which to compute sucha modelare straightforward.We begin with the 
formula for the creation of melt by partial melting at equilibrium, assuming thatthe compo- 
sition of this melt represents the average composition of the continental crust: 


7 
—_ 0.8 
C, 


Di, + F(I = Di.) 





where C{ is the concentration of element (/) in the melt, Cj, is the concentration in the 
initial solid, Ds, is the fractionation factor between the magmatic melt and the residual 
solid, and Fis the degree of partial melting. 

After the first melting episode producing the continental crust with a degree of melting 
(F;), the concentration for an element () of the residual mantle is: 

Ds, + Co 
qg=-—+ + ~ 

Dy + Fi (1 7 Di,) 





If the residual solid is subjected to a new melting episode, the concentration of the melt 
(magma) for an element (/) is written: 
Ci,= a a | 

DL +A (1 = Di) Di, +P, (1 = Di,) 
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The degree of melting needed to produce the continental crust may be estimated 
from the concentration of the most highly magmaphile elements (rubidium, barium, 
thorium) in the crust. For such elements, the coefficient Ds, is close to zero so that the 
equation 








| 
Ci ~ i i 
DE + F(I = Di,) 
reduces to 
i 
Cc as Coy 
iaaed F = 


Since the average concentration of these elements in the continental crust is 
approximately 

Cc 

4 = 100 


0 i, 





we obtain a melt fraction of 


F, = 0.01. 


We can then calculate empirical partition (fractionation) coefficients for all the other ele- 
ments from their estimated mean concentrations in the continental crust, C), the value of 
F, =0.01, and the initial bulk mantle composition Co, using the equilibrium melting equa- 
tion. Finally, we can calculate the composition of the second melting event producing the 
oceanic crust using these formulae with the same partition coefficients and letting F, vary 
around 0.1. 

This is the approach Al Hofmann took in 1988. Hofmann assumed, and this is his big 
hypothesis, that fractionation coefficients are identical for the creation of both continental 
crust and oceanic crust. The model therefore gives an exclusive role to partial melting of the 
mantle. Again, this hypothesis is debatable and even simplistic, but it does have the advan- 
tage of being clear and ofsetting limits and providing a benchmark for other more elaborate 
models. 

Because there are good reasons to think that the processes forming the continental crust 
are more complex than just simple, equilibrium partial melting, Hofmann etal. (1986) also 
used an alternative method for determining solid—liquid fractionation factors. This 
method is based entirely on observations from naturally occurring oceanic basalts. 

For this purpose, he used a method originally proposed by Michel Treuil for another use. 
Suppose that the partial melting formula might be approximated by: 

Cc = —G 

Ds, +F 
where Cj is the concentration of element (/) in the liquid, and Cj the concentration of ele- 
ment ()in the initial solid. 
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Figure 6.68 Illustration of Hofmann’s second method for determining the fractionation factors of the 
various magmaphile elements. The slope defines the relative value of the solid/magma fractionation 
factors. It is seen here that Dz, > Dom, Dsm > Dut, and Dug > Deu. 


This means considering that Ds, is small relative to the unit in the general formula.We can 
then write the ratio between two elements for which this approximation can be made, 





4 5 
Hf (ppm) 
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Figure 6.69 Hofmann’s calculation to explain the composition of continental crust and oceanic crust. 
After Hofmann (1988). 
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Figure 6.70 Actual distribution of the composition of continental crust and of MORBs. Notice the 
anomalies for niobium, (tantalum), lead, strontium, and titanium. From Hofmann (1988). 
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This equation, from which the melt fraction Fhas been eliminated, gives the concentration 
ratios of two elements in the melt as a function of their respective ratio in the source and of 
their partition coefficients. 

Ina(C;/C;, C,) diagram, thatisa ratio ofelements asa function ofthe concentration of 
one element in the liquid (magma), the process is represented by a straight line whose 
slope is proportional to D/ i ys f° fp) rhe Di 1° the slope is positive and vice versa. It can 
be seen then that by plotting the ratios between two elements as a function of the concen- 
tration of one of them, it can be determined whether D/, A is greater than or less than Dy, 
(Figure 6.68). 

This approach of estimating the relative magnitudes of the partition coefficients can 
be used to test the above crust—mantle differentiation model: if we plot abundances 
on the y-axis and the sequence of chemical elements on the x-axis, ordered according 
to their decreasing solid—liquid fractionation factors, there should be no major dis- 
continuities for MORBs. Hofmann ef al. (1986) also calculated theoretical models 
(Figure 6.69). 

When the calculations are compared with actual observations, it can be seen that the 
model does not reflect the observations exactly although the difference is not great 
(Figure 6.70). 


(1) Elements with very low fractionation factors are more abundant in the real world 
than in the model. Hofmann et al. (1986) overcame this difficulty by assuming that a 
small part of the melt is retained in the mantle. This is an ad hoc hypothesis but there is 
no reason to rule it out since, through erosion and subduction, this process certainly 
occurred. 

(2) The second difficulty concerns the elements Nb and Ta, Ce and Pb, Sr and Ti, which 
“cause” peaks or valleys in the abundance diagram. Hofmann et al. (1986) ascribed 
these “anomalies” to the fact that the actual fractionation factors involved in the differ- 
entiation of continental crust and those involved in the differentiation of oceanic crust 
are not identical. This relates back to the difference between the R- and the S-processes, 
one without water, the other with water. 


Accordingly, Hofmann’s approach is interesting for teaching purposes. It shows that with 
avery simple model, the general relationships between continental and oceanic crust can 
be reasonably well modeled, but that a precise description involves distinguishing between 
differentiation of continental crust and partial melting occurring at the mid-ocean ridges. 
Itisa good example of modeling to meditate on. 


6.6.8 The origin of MORB and OIB and the mantle structure 


Letus turn back now to the question ofthe origin ofoceanic basalts. Letus examine the pro- 
blem of the origin of the two main types of oceanic basalt, MORB and OIB, on the basis of 
the statistical distribution of their isotope composition. Both types of basalt are the result 
ofa threefold process: partial melting of the mantle, collection of magma, and transfer to 
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the surface. These three processes apply to a mantle source made up of the mixing of thin 
folded layers of a basaltic component (eclogite) in an ultrabasic matrix (peridotite). We 
know from petrological experiments (partial melting experiments in the laboratory in var- 
ied conditions of pressure and temperature) that the MOR Bs correspond toa greater degree 
of partial melting (5—10%) thanthe OIBs whichare closer to 0.1-1%.Therefore OIBs sample 
a larger volume of mantle per cubic meter of magma than MORBs do. But on the other 
hand, the volume given out by the ocean ridges (MOR B) is so much greater than the volume 
from plumes (OJB) that a much greater volumetric proportion ofthe mantle is sampled by 
the MORBs than by the OIBs. 


Exercise 


Calculate the volume of mantle sampled in 5 million years by the MORB. What proportion 
does that correspond to for the upper mantle? 


Answer 
4-10’ m (ridge length) x 4-10? (spreading) x 6 - 10* (thickness) x 3.2 - 10? (density) x 
510° (duration) x 10=1.5 - 107? kg. Now, the mass of the mantle is 1 - 107“ kg, there- 
fore more than 100% is sampled in 500 Ma. If the sampling were random, all of it would 
be sampled! (But in practice some domains are sampled several times because of 
recycling.) 


That said, the statistical distribution of *’Sr/®°Sr, *He/*He, or 7°°Pb/?°4Pb isotope ratios 
for MORB and OIB exhibits much greater dispersion for OIB than for MORB (White, 
1985; Allegre, 1987). 

This is particularly obvious if all the zones where the Schilling effect is observed are 
removed from the statistics. 

Measurements of lead isotope compositions have shown that the signatures ofthe various 
OIBs are very varied (Figure 6.51). The accumulation of Sr and Nd isotope data have also 
revealed the same phenomenon. The Sr and Nd isotope correlation is not a simple straight 
line as early studies had suggested (Figure 6.71). 

The MORBs, then, have very homogeneous isotopic compositions. This corresponds to 
what we know about their source (the upper mantle), which is well mixed by mantle convec- 
tion processes. 

In contrast, OIBs come from a much less well mixed zone of the mantle. The idea that 
has developed, and which combines this last observation and the physical conditions 
for manufacturing plumes, as in fluid mechanics experiments, is, as said, that OIBs 
are generated in the boundary layers at the base of the convective systems (Figure 6.72). 
Plumes arise from the instability of the boundary layers, like those that give rise to hot 
spots. These boundary layers are relatively stagnant zones located at the frontier 
between convecting systems. They are stagnant layers which receive surface material 
(oceanic crust, oceanic crust and sediment, continental lithosphere). They are therefore 
poorly mixed and so heterogeneous. The dispersion observed in the various isotopic 
diagrams is interpreted as the result of mixing between a mantle that is analogous to 
that which generated the MORBs (depleted mantle) and various extraneous compon- 
ents (e.g., sediments, recycled oceanic crust, or delaminated lithosphere). In the 
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Figure 6.71 With the increased number of measurements, multiple correlations, which were simple 
when chemical geodynamics began, have become more complicated. This diagram (after Allegre and 
Turcotte, 1985) shows the comparative dispersion of MORB and OIB measurements in various 
correlation diagrams but also the continuity between their domains. 
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Figure 6.72 Diagram showing how one can think of the upper mantle convecting separately from the 
lower mantle but exchanging matter with the lower mantle. After Allegre and Turcotte (1985). 


Een Radiogenic isotope geochemistry 





Dupal zone, these zones receive pieces of continents delaminated by continental colli- 
sion phenomena. Elsewhere, they receive recycled oceanic crust with or without 
sediments. 

The question is: where is (are) the boundary layer(s) from which the OIB take their source? 
Two zones of the mantle are to be considered: the 670-km boundary layer above the seismic 
discontinuity and the core—mantle interface boundary layer. 

The present author still believes most observations can be explained by OIB originating 
at a depth of 670 km (mesosphere boundary layer) as proposed by Allegre and Turcotte 
(1985). 


(1) Inthe context ofa two-reservoir mantle as required by the isotope geochemistry of rare 
gases and as is consistent with the isotopic mass balances of Sr, Nd, and Hf, the idea of 
OIB rising from the 670-km boundary provides a natural explanation of the continuity 
observed between MORB and OJB in the various isotope diagrams if they come from 
the same reservoirs. This includes the fact that the Dupal signature exists for both OIB 
and MORB (Figure 6.71). 

(2) The duality observed in the isotopic composition of rare gases and not in the isotopic 
composition ofthe elements Sr, Nd, Hf, or Pb canbe accounted for by the entrainment 
phenomenon proposed by O’Nions and Oxburgh (1983). When an instability gives rise 
to a plume in a boundary layer, the process entrains a fraction of the lower layer of less 
than 2-S%, 

The concentration ratio of rare gases between the lower mantle and the upper mantle 
is 100 to 500, as can be extracted from the mass balance of various rare gases. When 
plumes form, the mixture so created is dominated by the signature of the lower layer, 
but to variable degrees depending on the proportion of entrainment. Large plumes 
entrain a greater proportion of the lower layers compared with small plumes. This is 
indeed what is observed: the big hot spots (Hawaii, Iceland) have more “primitive” He 
or Ne signatures than small hot spots. However, such entrainment phenomena do not 
leave traces in the Sr and Nd isotope signatures because, for these elements the differ- 
ence in concentration between lower and upper mantle is a factor of 2 or 3 and not 100 
or 500 (Allegre, 1987; Allegre and Moreiva, 2004). 


Exercise 


Imagine a plume starting from the boundary layer and entraining 5% by mass of material 
from the lower mantle. Suppose that er source = +5, Nd = +2, and the concentration ratio 
Nd /NdCNd — 2. Calculate the plume’s <“® value. 

Answer 

Eplume = +4.7, which is difficult to distinguish from values like +5 or +6, which are usual for 
OIB. 


The outcome is that we have no direct information about Sr, Nd, Hf, or Pb for the 
lower mantle. It is a hidden reservoir and its properties can only be determined 
differentially. 
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The opposing model by which OIB stems from the core—mantle boundary at a depth of 
2900 km is based primarily on seismic tomography. The method yields two essential 
results: 


(1) In various locations corresponding to subduction zones, slabs can be “seen” plunging 
into the mantle beyond the 670-km boundary (seeVan der Hilst eta/., 1991; Grand eral., 
1997). 

(2) Fine-scale imagery seems to show some plumes arise from the core—mantle boundary 
while others seem to originate at 670 km (Montelli etal., 2004). 


This model is not supported by any clear and direct geochemical arguments. There are 
many counterarguments to the interpretations of these observations: 


(1) Ifdowngoing plates had plunged into the lower mantle completely throughout geologi- 
cal time, we would have a global mantle convection regime. But, as we have seen, the 
rare gases require a two-layer mantle. As these slabs are chemically “depleted struc- 
tures” because of the extraction of continental crust, it is the lower mantle that would 
have an isotopic signature depleted in Srand Nd. Conversely it is the mid-ocean ridges, 
whose surface origin is attested by the most reliable part of seismic tomography, that 
have sucha signature. 

There are several ways of overcoming this contradiction between seismic tomogra- 
phy and isotope geology. 

The first is to acceptthat the geophysical observations relate to the present period alone.The 

situation must have been different in the past. There must have been a two-layer mantle for 

most of geological time, and this layering must have been destroyed only recently. In the 
past, only a small fraction of the slabs might have plunged into the lower mantle. This would 
easily explain the isotopic mass balances of Ndand Sr. 

The second is to accept that what the seismic tomography images show is not a down- 
going plate but a cold current in the lower mantle convection pattern. A combination of 
both interpretations is also possible. 

The third is to consider that only a part, about one-third, of the plate is subducted into the 
lower mantle while most of the slabs pile up in the upper mantle as observed by Fukao etal. 
(1992). 

(2) How, then, can the seismic images of plumes be interpreted? By accepting that the 
regimes between upper and lower mantle are thermally and not mechanically coupled. 
Lower mantle plumes provide heat, which triggers certain instabilities in the 670-km 
boundary layer. And this is probably the general explanation. The lower mantle—upper 
mantle coupling is largely thermal. This in no way means there are no exchanges of 
mass between the upper mantle and the lower mantle. Such exchanges have been sub- 
stantial and about one-third of the lower mantle is reinjected material from the upper 
mantle according to the Sr and about Nd isotopic mass balance calculation. This pro- 
vides a picture, then, of the mantle and of exchanges which have taken place between 
the various reservoirs throughout geological time (Figure 6.73). 


But we have to distinguish between structure and texture. The structure consists of 
two layers convecting independently but exchanging mass and energy continuously. The 
texture is the intimate mixture of pyroxenite strips which are elongated, folded, and 
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Figure 6.73 Two diagrams of geodynamic mechanisms. Top: using strontium, neodymium, and 
hafnium isotopic tracers. Bottom: using rare gases. 


embedded into peridotite in the upper mantle or ringwoodite (garnet plus spinel) in the 
transition zone. 

Since pyroxenite melts more readily than peridotite, the proportion of pyroxenites con- 
tributing to the basaltic melt is higher than their actual presence in the mantle. This propor- 
tion depends on the degree of partial melting and also the proportion of pyroxenite in the 
source. Recent work by Sobolev ez a/. (2007) estimates those proportions in various types 
of basalt at 10% in MORB and 70% in OIB. Remember that MORB corresponds to 10% of 
partial melting and OIB to 2%. 

The MORB source is a well-stirred reservoir where pyroxenite has been partially 
destroyed. OIBs came froma source where pyroxenite makes up 10—15 % ofthe mass because 
they are formed when subducted slabs pile up. 


6.6.9 Comparison and limits of the model 


We now have a coherent model of mantle structure and dynamics. While it should not 
be taken as an eternal truth, it should not be abandoned either, until we have something 
better. 
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Direct comparison of geochemical models and geophysical observations” is a delicate 
business, because, as pointed out, the fundamental processes do not involve the major ele- 
ments much. Yet it is the major elements that, through mineralogy and the physical proper- 
ties of minerals, condition geophysics observations. A second reason is that geophysical 
observations are made on the Earth as it is today, whereas isotopic geochemical observa- 
tions cover the 4.5 billion years of its history. And as we know, the Earth has evolved during 
its history. 

Onevery important point to make is that there is no guarantee that this cyclic process has 
been constant throughout geological times, either in terms of speed or in terms of the “qual- 
ity”ofthe process. As said, one ofthe sources of the Earth’s energy powering mantle convec- 
tion is the radioactivity of uranium, potassium, and to a lesser extent thorium. This 
radioactivity has declined over geological time. It maybe, then, that convection was stronger 
in the past, or even that its overall structure was different from what we know today. 

The formation ofoceanic crust and the extraction ofcontinental crust may have been dif- 
ferent in the past. What suggests this is that we find in the Archean submarine ultrabasic 
lavas (komatiites), which are unknown nowadays and the continental crust contains acid 
rocks that are unknown today such as the TTG association (tonalite, trondhjemite, 
granodiorite). 

Themodel wehave developed, based on the paradigm of plate tectonics, covers the 4.4 bil- 
lion years of the Earth’s history, provided the phenomena are qualitatively similar. 
However, studies of ancient rocks have not shown any major contradiction. The agreement 
obtained between a vision by extrapolation into the past of present-day Sr and Nd isotope 
data and the study of past variations of these isotopes in shales or komatiites shows they are 
consistent. We therefore have no hard facts that currently require us to radically change our 
model, but there is no guarantee this position will not change in the future if new studies so 
require. Meanwhile, let us work with it, without being dogmatic, but without qualms. 
Science is neither an unchangeable dogma nor a domain where “anything goes.” 


6.7 The early history of the Earth 


Isotope geologyhas achieved results ofconsiderable scope concerning the Earth’s structure 
and evolution. Why not apply the same methods of reasoning to extinct forms of radioactiv- 
ity, which would allow us a more precise vision of our planet’s early history? Why deprive 
ourselves ofaclose-up of the first days of the Earth’s history? 

The initial idea is very straightforward, then. Before setting it out in a few examples — 
because here as throughout this textbook, the focus is on method — itis useful to recall a little 
vocabulary. It is generally considered that the solid material making up the telluric planets 
condensed from a mostly gaseous primordial nebula to form solid dust particles. This solid 
material then accreted to form ever larger bodies: grains formed beads, then balls, and 
then bodies of 1 km, 10 km, 100 km in diameter, and so on. This was the process ofaccretion 
during which a fraction of the nebula’s gases were trapped inside the solids. In this context, 
there are two extreme scenarios for explaining the formation of the Earth (Figure 6.74). 


?! Especially the wonderful pictures produced by seismic tomography. 
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Figure 6.74 The two types of accretion. 


Inthe homogeneous accretion scenario, the accreted materials were all ofthe same com- 
position. The primordial Earth was therefore a large sphere of uniform composition which 
then differentiated through a large melting phenomena to make the core, the mantle, and 
the atmosphere and perhaps even an embryonic crust as on the Moon. The energy of this 
general melting episode came from accretion (transformation of potential energy into heat 
above all through impacts at the end of accretion), extinct radioactivity and above all 7*°U 
and *°K radioactivity, which were more “active” at the time (see Chapter 1). 

The other scenariois that of heterogeneous accretion, which assumes that the Earth first 
accreted its iron core, then subsequently the silicate mantle, and finally the atmosphere and 
ocean. This raises many questions. What was the relative timing of these processes? What 
are the mutual relations between them? In an extreme scenario, condensation, accretion, 
and differentiation occurred in succession. In more complex scenarios all three operations 
are considered as more or less simultaneous or combined. 

We have already answered three essential questions using radiogenic isotopes with long 
half-lives. First ofall, the differentiation ofthe continental crust occurred throughout geolo- 
gical time but was more active in the past and has an average age of 2—2.3 Ga (this was 
derived from Sr—Nd isotope pairs). The core differentiated very early on, with a mean age 
of 4.4 Ga (this information was obtained from lead isotopes). The atmosphere outgassed 
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relatively early on withan average age of 3.3 Ga (this was obtained from *°Ar).Weare going to 
test or refine these assertions using extinct radioactivities. 


6.7.1 The age of the atmosphere and the way it formed 


From the *°Ar balance, it has been established that 50% of the *°Ar was in the atmosphere 
and 50% in the mantle. From this, and from the *°Ar/*°Ar isotope compositions measured 
in the atmosphere and mantle, we have calculated a “model age” for the atmosphere of 
3.3 Ga. Is this model age reliable? 

Letus look first atthe balance of *°Ar, the non-radiogenic isotope. We know that the man- 
tle is made up of two layers convecting separately: the upper one is largely degassed, the 
lower one little degassed. The *°Ar/*°Ar ratios of these two reservoirs have been measured. 
In the upper mantle, *°Ar/*°Ar = 40 000 while the ratio in the lower mantle is 4000. The 
ratiointhe atmosphere is #°Ar/*°Ar = 2968. 


Exercise 


What is the extent of degassing of *°Ar? 


Answer 

From the quantities of *°Ar in the atmosphere and mantle, it can be estimated that the 
quantity of ?°Ar in the atmosphere is 2.3 - 107” g and the quantity of 7°Ar in the lower mantle 
is 1.7 - 10*© g (the quantity of 7°Ar in the upper mantle ~ 5 - 107? g is negligible). Therefore, in 
total °Ar=2.3 - 10°” + 1.7 - 10°°=2.47 - 10*’g. Therefore the extent of degassing is 93%. 


How can we explain the enormous difference highlighted in the preceding exercise 
between the extent of degassing of *°Ar (50%) and of *°Ar (93%)? It is because *°Ar is 
purely radiogenic. There was no *°Arat the beginning of the Earth, only *°Arand *8Ar. The 
extent of degassing of *°Ar measures above all outgassing throughout geological history by 
volcanism and particularly along ocean ridges. The extent of degassing of *°Ar measures 
both that related to the primordial history and that related to subsequent geological history. 
The Earth’s history falls into two episodes: 


Primordial history Geological history 
~< > ~< > 





If we call the extent of primordial degassing P and the extent of subsequent degassing G, the 
Ar content of the mantle is equal to (1 — P) x (1 — G). We can estimate 1 — G=0.5 and 
1 — P=0.07, hence P = 86%. The extent of primordial degassing of the Earth is enormous 
and dominant. Most of the atmosphere formed therefore at the beginning of the Earth’s his- 
tory (Figure 6.75). This is not the impression we gained from the 4°Ar balance! Remember, 
though, that *°Ar was not present initially. It has built up progressively over time. It is 
nota goodrecording system for early time, but itis agood recording system for geological time. 

We are going to re-examine the problem addressed with the argon isotopes but this time 
using extinct radioactive '”°I, which, as we know, decays to give '*’Xe. Xenon-130 is the 
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Figure 6.75 Scenario of primordial degassing of the Earth’s atmosphere. After Sarda et al. (1985). 


stable reference isotope. To do this, we take a balance of radiogenic '”’Xe. Suppose the Earth 
is degassed to x%. The quantity of '°°Xe in the atmosphere is '°°Xe,o1a1 - x. The quantity of 
129X e* (?°Xe* is the excess of ??Xe relative to the usual abundance in meteorites relative to 
other isotopes) of the atmosphere is estimated at 3.63 - 10'°g. If x% degassing is high, the 
quantity of '?°Xe* in the atmosphere is equal to that of '”’I at the time the Earth began to 
retain its atmosphere quantitatively, that is, the time the Earth was big enough for xenon not 
to escape. 

For primordial gas, we take a rate analogous to that of *°Ar of 90%. If 
B RG sincere =8-10° g and the extent of degassing is 90%, we therefore have a balance: 
30X crotal = 8.8 «108g. 

Therefore }??Xe/?°XKe = (17°T/°°Xe) accretion = 0.4125. 

But 2°Xe/3°xe = (291/271) x (271/ Xe), 

This expression is intended to bring out the isotope ratio of iodine which does not frac- 
tionate at the time of accretion but varies with the radioactive decay of '”°I. Iodine-127 may 
be estimated at 25 ppb of iodine in 4 - 107” g, which is the mass of the mantle, making 
1 -10°° ginall.We therefore obtain '7’I/°°Xe = 1.13 - 10°, hence 


297 "7 = 0.36 +10°°: 


Wecan then calculatea model age relative to a meteorite whose initial iodine isotope ratio 
has been determined. The carbonaceous meteorite taken as the reference has a 
(7971271); iti tatio = 1.1 - 1074. 
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AT= jin (= initial ; 
all Earth 

therefore AT=148 Ma. The Earth therefore retained its atmosphere 150 Ma after the forma- 

tion of the carbonaceous chondrites, or as an absolute value, 





Tace = Ten — 0.148 = 4.565 — 0.148 = 4.41 Ga, 


an average age, which, it should be noted, corresponds almost to the mean age of the core 
determined using lead isotopes. 

We havejust seen then that most of the atmosphere was degassed very early on, but 10% or 
so comes from subsequent degassing, probably from the upper mantle and in conjunction 
with the plate tectonics cycle. We accordingly have a picture of the primordial Earth witha 
very high extent of degassing, intense bombardment by large objects, volcanism, and differ- 
entiation ofthe core. 


6.7.2 The age of the Earth’s core and the mode of terrestrial 
accretion 


We have already determined an age for the Earth’s core with lead isotopes using the fact that 
lead has a great affinity for lead sulfide (PbS). We can test this result using extinct 
' Hf! W radioactivity, for which Tj. = 9 Ma. This isotope pair has a peculiar chemical 
property which is that tungsten is a siderophile element: it enters metallic iron whenever it 
can, whereas hafnium is lithophile. The iron—silicate division therefore corresponds to a 
very important W—Hf chemical fractionation. This is how it has been possible to date 
meteorites and study the evolution of this form of radioactivity in the solar nebula. 

Weshall examine this aspect first before concerning ourselves with the age of the Earth. It 
is possible, as we saw when studying chronological methods, to make precise datings of 
events which took place when '**Hf radioactivity was notyet “dead.” 

To study these events, we have isochron diagrams of ancient objects ('°?Hf/'*Ww, 
'82w7/'84W) (see Chapter 4). The slope of the isochron gives the '*’Hf/'’*W ratio. This 
'8211£/'8°Hf isotope ratio does not fractionate during the chemical fractionation processes. 
It decays by the law 


82H f/!80 HF = (824 6/! Hf) ean 


which allows us to determine a relative age as soon as a reference has been fixed for the 
(8° H/'8°Hf), nitiai tatio. In this way time can be measured in absolute terms. 

We also have the ('°?W/'84W,,::41) ratios of isochrons constructed for meteorites 
(Figure 6.76). This ratio increases as age increases (therefore as '*"Hf decreases). 

If it is supposed that meteorites derive from the condensation of the primordial solar 
nebula and supposing that this nebula evolves in a closed system, the (182-Ww7/84W), nitial Patio 
varies with the equation: 
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Figure 6.76 Graphs of *®°Hf-*®°w isochrons of two chondrites. After Kleine et al. (2004). 
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If we draw a graph, positing Y = (!8?W/'84W) and x = e“ = !? Hf/!8°Hf, the evolu- 
tion of the primordial nebula is therefore a straight line whose (negative) slope 
is —('8°H£/'84W), and therefore proportional to the Hf/W chemical ratio. When we plot on 
the graph the values extracted from the chondrite isochrons and the current '**w/'8*w 
ratio of carbonaceous chondrites Cy, we do indeed define a straight line whose slope corre- 
sponds to the chemical Hf/W ratio of C;: '80F£/!84W = 1.55, which value corresponds to 
Hf/W = 1.31. 

This graph is the equivalent of the (°’Sr/*°Sr, #) isotope evolution diagram, except that 
timeis graduated exponentially by the’ Hf/'*°Hf ratio. 

It is interesting to situate two types of differentiated meteorite on this diagram: iron 
meteorites and basaltic achondrites. For iron meteorites, the straight line of evolution in 
the isotope evolution diagram is horizontal since Hf = 0. Now, the '**W/'**W ratios are 
very low, among the lowest measured for meteorites. These ratios correspond to very 
ancient, primordial ratios. This shows that iron differentiated very early on in the small par- 
ent bodies known as planetesimals. Basaltic achondrites have very high '’W/'**W ratios 
and their initial ratios lie far above the straight line of evolution of the nebula. The Hf/W 
ratio of silicates of the parent body, which can be estimated, set the differentiation at 3 to 
8 Ma after that of the iron meteorites, but at the same time as differentiation of meteorites 
composed of the iron—metal mixture. 

Andthe Earth? The Earth has a '8’W/'**W value that stands apart from that of the carbo- 
naceous chondrites. This shows that Hf/W differentiation, that is, segregation of the core 
from the mantle, occurred when '*’Hf was not yet extinct (Figure 6.77). But what, then, is 
the model age of this differentiation? 








Earth carbonaceous 


Exercise 
= 0.8650. The (*8*wW/*84w) chondrites ratio is equal to that of 


We are given (**?W/1**w) 

present present 
the nebula, 0.864 83. The Hf/W ratio of the nebula is 1.31 and the Hf/W ratio of the Earth’s 
mantle is 20. We suppose that: 
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Figure 6.77 Isotope evolution diagram for W—-Hf. M, St. Marguerite; CC, carbonaceous chondrites; TLA, 
Tlacotepec (an iron meteorite); FV, Forest Vale; carbonaceous chondrites. 
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Calculate the model age of core—mantle differentiation estimated by *®*Hf—"**W chronology. 


Answer 
We wish to calculate the initial (*87Hf/7®°Hf);nitia) fatio of the Earth’s mantle. The time at 


which it acquired its current chemical ratio is written Tyi¢e. The equation for evolution of the 
solar nebula is: 


(sam) (sam) ey) (sour 
EAN present 184 Taite ao, nebula olnhi initial 


Likewise: 


182 ey 182 180 HF 182 
184 enh 184 Tae 184 ers 180 Hf : 


The solution to this system of two equations with one unknown gives: 
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If we consider the initial reference ratio for the Solar System is ***Hf/*®°Hf = 2.4 - 10 *, then: 


ie al ff Dawns 
mae ial 3 a=3 





and 1//=13 Ma. Hence AT= 40 Ma after the formation of the chondrites. 


The Hf—W age of 40 Ma calculated in the previous exercise is very different from the 
150 Ma estimated from Pb isotopes. How can we overcome this contradiction? By coming 
back to meteorites and remembering that in their small parent bodies, iron became differ- 
entiated very early on. The bodies that accreted to form the Earth were therefore probably 
already differentiated bodies where the iron was already separated from the silicates. The 
age of 40 Ma is a mixed age between these primordial “meteorite” ages and the average 
age of differentiation of the core indicated by lead isotopes. It is therefore an indication 
that accretion of the Earth involved solid bodies that were already differentiated. This is 
an intermediate scenario between homogeneous and heterogeneous accretion. It is 
homogeneous accretion of a heterogeneous product! The core differentiated 150 Ma 
after primitive condensation but its differentiation occurred on solid bodies in which sili- 
cate—iron had already differentiated. The Hf-W 40 Ma age is a mixture between the two 
events. 


Exercise 


The isotope ratios of the Earth and carbonaceous chondrites are known with a precision of 15 
ppm. The initial ratio is known with precision of 20%. Uncertainties on Hf/W ratios are 
assumed negligible. What are the uncertainties on the estimation of AT of Earth—core 
differentiation calculated by Hf—W? 


Answer 
AT = 40732 Ma, or 10 Ma, which does not alter the reasoning. 


6.7.3 The primitive crust and **°Sm—"**Nd 


Samarium-146 decays to '47Nd by a decay with a decay constant 2 = 6.849 - 10° (nearly a 
thousand times less than '*’Sm!), Itis an extinct radioactivity.We have seen that the continen- 
tal crust has a lower Sm/Nd ratio than the mantle. Accordingly '*Nd/'4Nd ratios of 
MORB are positive when expressed in eng, whereas values for the continental crust are 
negative. The idea then was to try to determine whether a primitive crust had separated out 
during the early differentiation of the Earth and if such segregation had left traces in the 
'Nd/'*4Nd ratio suchas are found for the '7°Xe/'°°Xe ratio. 

This idea was put forward by Stein Jacobsen of Harvard University. He and his student 
Chris Harper (Harperand Jacobsen, 1992) claimed to have founda positive Oni anomaly 
invery ancient rocks of Greenland. This was not eng measured in 10* but differences in ppm 
10~° (100) |. They reported enrichments of 30 ppm of ’Nd compared with uniform and 
identical values of MORB, OIB, and recent and ancient rocks. The measurements were 
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Figure 6.78 Measurements of *47Nd anomaly in the Isua rocks of Greenland. After Caro et al. (2005). 


repeated by the teams of Bernard Bourdon in the Paris laboratory (Caro etal., 2003) yield- 
ing an excess of “Nd in the Isua rocks of Greenland dated 3.8 Ga, but of only +10 to +15 
ppm (Figure 6.78). Notice that the precision reported in the measurement of isotopic com- 
positions is the extreme limit of what currenttechniques can achieve. 

Dating of the same rocks by the conventional '*’Sm—'4*Nd method confirmed the age of 
3.8 Ma and yielded the initial '*Nd/'44Nd ratio expressed in ecHUR = +2. It is possible, 
then, to reason in terms of a two-stage model. The first stage involves meteoritic material 
from 4.576 Ga to T;. Then, from 7; to 3.8 Ga, the primitive crust (or the primitive residual 
mantle), 7; being the age of terrestrial differentiation. 

To dothe calculation, we take 4.576 Gaas the origin, which is more convenient for extinct 
radioactivities. Let us call the two isotopic ratios of Nd wand /3. 


a'8Nd/'“Nad, 6 _142 Nd /'“*Na. 


We note €)43in 10 * and f,47in10° °as relative values against a standard: 


143/144 Ndsample 4 
€143Np ae Ndgtandard ) ia 








143/144 Ndsampte 6 
f143Np (as 144 Ndsgtandard ) = 


1479m 
Ho = T44Nq’ 
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but is calculated at 4.576 Ga and not atthe present time. 


1469 
a= 147Sm at 4.576 Ga. 
The two evolution equations are written as multi-stage model with « as the fractionation 


factor between the chondritic episode and the primitive Earth episode. 


a = ao + fy (1 — 04") + Ky (04 — e777) 
B — Bo + Lo a(1 <= ea + Ko (en —_ este), 


ag and @ being the initial isotopic ratios, 27 and 1 the two radioactive constants, and T> 
being the time 3.8 Ga calculated since 4.576, that is, 7> = 0.776 Ga. 

This non-linear system of two equations with two unknowns « and T, can be solved gra- 
phically by constructing the two curves corresponding to the two equations with the values 
measured for a, ap, 3, Bo, a, and [Uo. 

A few values are needed for the calculation. 


(‘8Nd/'4Nd),_») = 0.506 677 48 

Lpresentday = (1*’Sm/!*Nd) pun Farin = 0-1966, OF py = 0.201 942 for 4.567 Ga 
('*7Sm/'*Sm) resentday = 4-888 99, or 5.037 3166 for 4.567 Ga 

Nid /4Nd = 1.141 838 2, or 1.141 4788 for 4.567 Ga 

('*°sm/'*Sm), = 0.008. 


From this it can be deduced that '#°Sm/'*’Sm = a = 0.001588 178 and therefore the param- 
eter [lg a = 0.000 320 719. 

The curves « = f(7)) are therefore drawn for the pairs '4’Sm—'*Nd and “°Sm—'"Nd 
taking two values for observations at 3.8 Ga. 


€143 = +1.5and + 2f}42 = ISand 10 ppm. 


It can be seen that the two curves intersect between 4.46 and 4.35 Ga for (T;) (Figure 6.79). 
This is about the age determined for the differentiation of the core and the atmosphere, 
with yu for the present day of 0.216. 

The question is what does this age mean? The rocks analyzed by Caro et al. (2003) 
were mostly metamorphic and metasedimentary rocks. They interpreted the results 
as being the value of a primitive depleted mantle which was the complement of differen- 
tiation of the first continental crust. Given the nature of the rocks, it is not obvious that 
this was their origin. An alternative interpretation would be that these values are those 
of a lunar-type primitive crust, that is, one rich in plagioclase. The residual mantle (not 
found) would have a negative 42 value. As things stand, both interpretations are possi- 
ble. In addition Harrison et a/. (2005) using hafnium isotopes in old zircons claim the 
existence of a very early crust. The precise age of this crust and its nature are still sub- 
jects of debate. 
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Figure 6.79 (a) Age determination of differentiation of the primitive crust using the two Sm-—Nd 
systems. (b) Isua anomalies represented on the isochron diagram. 
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Remark 

More recently Boyet and Carlson (2005) have asserted that ordinary chondrites have a f142 value of 
—20 ppm compared with the Earth. Unfortunately, there are few C1 and C2 carbonaceous chon- 
drites in their measurement sets and the dispersion is quite wide. What are the values for Bulk 
Earth? It is best to wait a while, then, before incorporating these results into this textbook although 
readers need to know of their existence and should follow the development of this chapter. 


6.7.4 The *®’Re—18’Os system and accretion—differentiation 
chronology 


Examination of the evolution of the '*’Os/'8°Os ratio of the Earth’s mantle showed us that 
the Re/Os chemical ratio of the mantle was very close to the Re/Osratio ofthe carbonaceous 
chondrites. Now, this is a surprising result given that both Re and Os are highly siderophile 
elements, that is, they enter liquid iron in preference to silicates. 

Laboratory experiments for these elements give a partition coefficient D=C/ 
Coilicate © 104-10°. Most Re and Os therefore passes into the iron core, as they are in the iron 
phase of ordinary chondrites and in the metallic iron of iron meteorites. But Re and Os do 
not have exactly the same affinity for iron: Os is more siderophile than Re.We speak ofa fac- 
torof10to 100 between them. 

Let us look at this witha simple model. From the partition equation of trace elements: 


Cynantle = Co/F+D(1 _ £) 


where Fis the proportion ofthe mantle (between 0 and1). 
Inthe case of Reand Os, because D is verylarge, F<< D(1 — F), therefore: 


Cmnantle = Co/D(U1 — F). 


Accordingly, the ratio between the two elements Re and Osis written: 


(=) (S) D°s 
Sa mantle co 0 De 


Therefore: 


(Re/Os) 





> 10(Re/Os). 


mantle 


Now, observation shows that (Re/Os) mantle = (Re/OS)initial- 

How can this apparent contradiction be accounted for? By admitting that the accretion 
process continued after differentiation of the core and so contributed enough Re and Os, 
incorporated in the mantle (probably by primary subduction processes) for them to domi- 
nate the Re and Os balance of the present-day mantle. Let us try to put this in somewhat 
more quantitative terms. Letus write a balance equation: 


Ss 
N meteorite /77 


a M mantle 


where C° is the concentration in osmium, Mmantie the mass of the mantle, and m the 
added mass. Now, CO Saue=3 ppb and CYS ndrites= 490 ppb. Hence m/M =0.6%. Less 
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than 1% of the mass of the mantle was added after 4.4 Ga by the accretion processes. 
This indicates that accretion probably decreased very rapidly after 4Ga, as the curve 
of lunar craters also indicates. 


Exercise 


(1) Given that CRentie = 0.26 ppb and C&S narites = 37 ppb, calculate the ratio (m/M). 
(2) If we underestimate the abundance in the mantle by 100%, how is the result altered? 


Answer 
(1) 0.7%. 
(2) The ratio changes to 1.4%, which does not alter the conclusion in qualitative terms. 


Ifwe attempt to makea (provisional) review ofthese studies of the primordial Earth, what 
can we say today? First of all, a methodological point we shall return to in quantitative 
terms in the final chapter: extinct forms of radioactivity do not record primordial pheno- 
mena in the same way as long-period forms of radioactivity. The former are sensitive to 
short-term fluctuations, the latter on the contrary average variations out more over the 
long term. 

Together they give complementary views of primordial phenomena, each of which is 
insufficient in itself. This is the case for *°Ar and °Xe for the atmosphere and for 7°°Pb, 
207Pb, and '*Hf for the core, and will be the case for any new form of extinct radioactivity 
that might be used in the future. 

Accretion is a process that lasted for quite some time after 4.4 Ga. The formation of the 
coreis aphenomenon that was prepared by differentiation of iron in planetesimals and itself 
occurred rather suddenly (perhaps in less than 100 or 1000 years) sometime between 4.4 
and 4.35 Ga.The atmosphere was produced by outgassing of the mantle. It first formed very 
suddenly at 4.4 Ga and has been enriched throughout geological time through volcanic 
eruptions. 

And the continents? The interpretation of the "Nd anomalies is still a matter of debate, 
but workers agree that if there was a primordial crust dating from the great differentiation 
of 4.4 Ga, that crust was destroyed and digested by the mantle, because we have no record 
of that '4Nd in rocks as old as 3.4 Ga. The existence of detrital zircons dated 4.3 to 4.4 Ga 
seem to carry asimilar message. No continental rocks. Only detrital minerals. All of this sug- 
gests that the primordial continental crust was ephemeral. Apart from this possible occur- 
rence of a very primordial continental crust (perhaps a plagioclast crust like that on the 
Moon) the growth curves of continents in the geological and geochemical sense of the term is 
what we have established. All of this is rounded up ina summary figure. The PAT (Patterson) 
age is the mythical age of 4.55 Ga determined by Patterson (Figure 6.80) (see Chapter 5). 


6.8 Conclusion 


Like the remainder of this textbook, this chapter places more emphasis on methods of rea- 
soning than on any would-be firm and final results. However, it exposes results that seem 
either to be robust or which probably form a first approximation of reality. 
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Figure 6.80 Timescale of the different phenomena that occurred in the early Solar System and the different 
phases of early formation and differentiation of the Earth from the isotope results. PAT age, Patterson age. 


The general method developed in this chapter is based on the idea of using radiogenic iso- 
topes as tracers of phenomena. Biologists inject radioactive tracers to understand the physio- 
logy ofan animal body ora cell; hydrologists or chemists use coloring agents to monitor fluid 
movement. Like them, we too use tracers to study geological phenomena. This method has 
proved extraordinarily effective for deciphering the structure and physiology of the planet. 


| 355 | Problems 


Geological tracers have an original feature compared with other tracers in that they are 
chronometers too. They move around with the motion of matter but keep a record of their 
history, which is what makes them so valuable. In addition, they can be used for exploring a 
wide time range: not only the 12 billion years ofthe history ofthe Universeand the 4.5 billion 
years of the Earth’s history but also the details of planetogenesis some 4.5 billion years ago 
or recent phenomena ofthe last millennia. 

A second original feature is that the isotopic variations explored here are tiny, ranging 
from10~*to10~>. Inother words, none of this would be feasible without the incredibly pre- 
cise and sensitive technique of mass spectrometry. 

Lastly, and this is not the least advantage, we have a high number of isotopic tracers (more 
than 40). Thus extremely varied problems can be addressed with the same techniques and 
the same methods. There is no doubt that the future will see more detailed studies of the var- 
ious fundamental phenomena (ocean ridges, subduction) and of the primordial Earth 
using the same methodology. 


Problems 


1 We consider the following geological history of a granite. Some 1500 Ma ago a volcanic— 
detrital sediment formed by mixing in the proportions of 1/3 and 2/3. The volcanic 
sediment has a °’Sr/®°Sr ratio of 0.703, and the Sr and Rb concentrations are 300 ppm and 
10 ppm, respectively. For the detrital sediment, the ®’Sr/*°Sr ratio—0.720 and the Sr and 
Rb concentrations are 100 ppm and 100 ppm, respectively. The sediment is changed into 
rock and sinks progressively over 500 Ma. At that time, caught up in orogenic convulsions, 
it undergoes anatexis, which gives rise to a granite by partial melting. The Rb/Sr ratio of 
the melt is (Rb/Sr)mett = 3(RD/Sr)sediment- The granite then evolves over 1Ga. 


(i) Show the isotope history of the granite on a graph. 
(ii) Calculate the initial and present-day °’Sr/*°Sr ratios of the granite. 


2 In some cases, workers ascribe an important role to the metal core to modify classical 
conclusions about the mantle. 


(i) We assume the core contains potassium in a concentration of about 100 ppm. How does 
that affect the “°Ar balance as it has been envisaged? Calculate the mass of *°Ar in the 
core and the lower mantle. 

(ii) Core—mantle reactions are also evoked to explain the lead isotope compositions of OIB. Take 
the 738U/?°*Pb ratios for the current , value of the Earth of 1; the ratio of the primordial 
mantle is 7 and that of the core is 0. Calculate the lead concentration in the core, given that 
the total lead concentration of the core-lower mantle system is Gp? = 0.696 ppm and that 
in the lower mantle, after initial differentiation of the core, GP’ =0.1611. 

(iii) Suppose that after initial differentiation, the core continues to deplete the lower mantle 
of lead. Schematically, let us accept that 20% of the lead disappears (increasing the 
[mantle Value) and that the phenomenon can be modeled by a two-stage process involving 
an extraction episode followed by an episode with no extraction, the age of the change in 
regime being 3 Ga. Calculate the 7°°Pb/***Pb and *°’Pb/*™Pb ratios of the lower mantle. 
Locate them relative to the 4.5 Ga geochron. 

(iv) Do the same calculation with Tyig¢=4 Ga. 

(v) Can you draw any geochemical conclusions from these calculations? 
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3 The Canadian Dick Armstrong (1981) proposed a new model of continent growth. This problem 
looks more closely at his idea. Armstrong supposed that all of the continental crust differentiated 
say 4.5 Ga ago (like the core and most of the atmosphere) but that since then, during each 
mountain-building episode, part of the continent is reinjected into the mantle (as sediment or as 
detachment from the lithosphere) and that symmetrically an identical piece of continent is 
formed at the expense of the mantle. 

In this model, the 4 of the mantle and continental crust remain constant. It is supposed there 
were four periods of exchange: at 3.5 Ga, 2.5 Ga, 1.5 Ga, and at the present day. It is assumed 
that at present a quarter of the continental crust is swallowed up and regenerated. 


(i) Calculate and draw the two (a, t) curves of evolution for average continental crust and for 
the supposedly isolated upper mantle. 

(ii) Calculate and draw the statistical age diagrams for ***Nd/***Nd represented in r(t), 
8761/86Sr, 475m /*44Nd = 15™, ®7Rb/®°Sr = 8°. The subscripts c, m, and 0 represent the 
continent, mantle, and Earth, respectively. We note *43Nd/*4Nd = a4, ®7Sr/®°Sr = a* at 
4.4 Ga, the starting point of the calculation. 

So: 


aN4 — 0.506677; as’ = 0.6989 
po" = 011 ge" = 0.25 

pe = deaf" = 0.05. 

(iii) What do you conclude? 


4 The residence time of oceanic lithosphere in the primitive upper mantle is ~1Ga. It can be 
assumed that when it goes through the mid-ocean ridge, the corresponding 70 km of mantle is 
entirely degassed. The “He in the upper mantle is the sum of two terms. The radiogenic part, 
formed in situ over 1Ga, and the part from the lower mantle at the same time as 3He during 
the same period. This second part will be ignored. 


(i) Calculate the quantity of *He accumulated in 1 Ga in the upper mantle, knowing that 
U=5 ppb and Th/U=2.5. 

(ii) Given that degassing of #He from the ocean ridges is 1 - 10? moles yr * and that 
(*He/#He) = 10°, calculate the residence time of *He in the upper mantle. What do you 
conclude about the processes involved? 


5 We consider the continental crust—depleted mantle system, as in Section 6.3. 


(i) We wish to calculate the best **3Nd/**4Nd and **”Sm/*“4Nd ratios for the continental 
crust ()cc, primitive mantle ( )5m, and residual mantle ( )am. 
We note the isotope ratios ayg and the *47Sm/1“4Nd ratio = p34. 
We give: 
an = 0.51262 + 0.00001 
aNd — 0.51315 + 0.00001. 





From which a,,4 is between 0.511 and 0.5120. 





joni Nt = 0.197 +001 





pem/Nd — 0.11 + 0.01. 


From which pam/™4 is between 0.227 and 0.280. 
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Mcc Ce 

my che 

where m,, is the mass of the continental crust and m; the mass of the primitive mantle, which 
differentiated by extraction of the continental crust. 

Calculate the model age of differentiation of the continental crust. 

(ii) We also give the values for the ®’Sr/*°Sr ratio noted a® and p®®/5" for ®’Rb/®°Sr: 


Calculate the factor WN4 = 


pm = 0.7047, ag, = 0.7020, agi = variable 


wt =0.3—0.5, pi = 0.09, yar uli = 0. 


Rb/Sr 
cc 


Given that WY4/W" = 1.5, calculate W*", at, the strontium model age, and 


[CHAPTER SEVEN [aoa 


Stable isotope geochemistry 


When defining the properties of isotopes we invariably say that the isotopes of an element 
have the same chemical properties, because they have the same electron shell, but different 
physical properties, because they have different masses. However, ifthe behavior of isotopes 
of any chemical element is scrutinized very closely, small differences are noticeable: in the 
course of a chemical reaction as in the course ofa physical process, isotope ratios vary and 
isotopic fractionation occurs. Such fractionation is very small, a few tenths or hundredths 
of 1%, and is only well marked for the light elements, let us say those whose atomic mass 1s 
less than 40. However, thanks to the extreme precision of modern measurementtechniques, 
values can be measured for almost all of the chemical elements, even if they are extremely 
small for the heavy ones. 

When we spoke of isotope geochemistry in the first part of this book, we voluntarily 
omitted such phenomena and concentrated on isotope variations related to radioactivity, 
which are preponderant. We now need to look into the subtle physical and chemical 
fractionation of stable isotopes, the use of which is extremely important in the earth 
sciences. 


7.1 Identifying natural isotopic fractionation 
of light elements 


The systematic study of the isotopic composition of light elements in the various naturally 
occurring compounds brings out variations which seem to comply witha purely naturalis- 
tic logic. These variations in isotope composition are extremely slight, and are generally 
expressed ina specific unit, the 6 unit. 





5- sample isotope ratio — standard isotope ratio x 103 
- standard isotope ratio : 


Ultimately, dis a relative deviation froma standard, expressed as the number of parts per mil 
(%o). Isotope ratios are expressed with the heavier isotope in thenumerator. 

If is positive then the sample is richer inthe heavy isotope than the standard. Ifd isnega- 
tive then the sample is poorer in the heavy isotope than the standard. The terms “rich” and 
“poor” are understood as relative to the isotope in the numerator of the isotope ratio in the 
formula above: by convention it is always the heavy isotope. Thus we speak of the '80/'°O, 
D/H, °C/'"C ratio, etc. The standard is chosen for convenience and may be naturally 
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abundant such as sea water for '80/!°O and D/H, a given carbonate for °C/'"C, or even a 
commercial chemical (Craig, 1965). 


Exercise 


Oxygen has three stable isotopes, *°O, 770, and 780, with average abundances of 99.756%, 
0.039%, and 0.205%, respectively. The 169/89 ratio in a Jurassic limestone is 472.4335. In 
average sea water, this same ratio is *°O/*°O = 486.594. If average sea water is taken as the 
standard, what is the J of the limestone in question? 


Answer 

By convention, 6 is always expressed relative to the heavy isotope. We must therefore invert 
the ratios stated in the question, giving 0.002 1167 and 0.002 055 1, respectively. Applying 
the formula defining 5"°O gives 6°*0 = +30. 


Exercise 


The four naturally occurring, stable isotopes of sulfur are *7S, 775, 345, and °S. Their average 
abundances are 95.02%, 0.75%, 4.21%, and 0.017%, respectively. Generally, we are interested 
in the ratio of the two most abundant isotopes, *“S and 7S. The standard for sulfur is the 
sulfide of the famous Canyon Diablo meteorite* with a 7S/2*S value of 22.22. We express 5 
relative to the heavy isotope, therefore: 


R= (ee ) x 103. 
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If we have a sample of sulfur from a natural sulfide, for example, with 326 /345 = 23.20, what is 
its 6°45? 
Answer 
Given that the standard has a 74S/?2S ratio of 0.0450 and the sample a ratio of 0.0431, 


5°*S = — 42.22. Notice here that the sign is negative, which is important. By definition, the 
standard has a value 6 =0. 


7.1.1 The double-collection mass spectrometer 


Variations in the isotope composition of light elements are small, even very small. A precise 
instrument is required to detect them (and a fast one, ifwe want enough results to represent 
natural situations). We have already seen the principle of how a mass spectrometer works. 
Remember that in a scanning spectrometer, the magnetic field is varied and the ion beams 
corresponding to the different masses (or different isotopes) are picked up inturninacollec- 
tor. The collector picks up the ions and provides an electric current which is fed through a 
resistor to give a voltage read-out. 

As we have already said, in multicollector mass spectrometers, the collectors are fixed 
andthe beams of the various isotopes are received simultaneously. In this way we get around 


' Canyon Diablo is the meteorite that dug Meteor Crater in the Arizona desert. 
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the temporary fluctuations that may occur during ionization. However, the recording cir- 
cuits for the various collectors must beidentical. 

Since 1948, the double-collection mass spectrometer invented by Nier has been used for 
measuring slight isotopic differences for elements which can be measured in the gaseous 
state and which are ionized by electron bombardment (Nier, 1947; Nier et al., 1947).? The 
two electrical currents, picked up by two Faraday cups, are computed using a Wheatstone 
bridge arrangement, which we balance (we measure the resistance values required to bal- 
ancethebridge). The ratio ofelectrical currents /,,,1s therefore directly related to the isotope 
ratio Ry, by the equation: 


Taj = K Ra/p 


where K isa fractionation factor and reflects bias that may occur during measurement. It is 
evaluated with an instantaneous calibration system using a standard. The standard sample 
is measured immediately after the unknown samplex. This gives: 


T, = KRy. 


Eliminating K from the two equations gives: 


I, Ry 


I, RR, 


The measurement of the relative deviation is then introduced quite naturally: 


Ry, 3 Rs Ry I, 


Aswearehandlingsmall numbers, thisnumber is multiplied by 1000 for the sake of conveni- 
ence. This is where the definition of the 6 unit comes from, which is therefore provided 
directly by the mass spectrometer measurement, sinced = A, - 10°. 

This gas-source, double-collection mass spectrometer automatically corrects two types 
of effect. First, it eliminates time fluctuations which mean that when we “scan” by varying 
the magnetic field (see Chapter 1), the emission at time ¢ when isotope 1 1s recorded may be 
different from emissionattime(¢ + At) when isotope 2 is recorded. Second, itcorrects errors 
generated by the appliance by the sample—standard switching technique. 

The measurement sequence is straightforward: sample measurement, standard meas- 
urement, sample measurement, etc. The operation is repeated several times to ensure meas- 
urement reproducibility. Fortunately, many light elements can enter gas compounds. This 
is the case of hydrogen in the form H> (or H20), of carbon and oxygen as COs, of sulfur 
(SO2) or (SF¢), of nitrogen (N>), of chlorine (C12), and so on. For other elements such as 
boron, lithium, magnesium, calcium, and iron, it was not until advances were made in 
solid-source mass spectrometry or the emergence of inductively coupled plasma mass 
spectrometry (ICPMS), originally developed for radiogenic isotope studies, that an 





? Multicollector mass spectrometers for thermo-ionization or plasma sources have been routinely used 
only since the year 2000 because of electronic calibration difficulties. 
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effective multicollection technique could be used. This domain is booming today and we 
shall touch uponitat the end of this chapter. 


7.1.2. Some isotope variations and identifying coherence 


Oxygen 
This is the most abundant chemical element on Earth, not only in the ocean but also 
in the silicate Earth (Figure 7.1). Its isotope composition varies clearly, which is a 
godsend! 

Oxygen has three isotopes: '*O, '’O, and '°O (the most abundant). We generally study var- 
iations in the '8O/'°O ratio expressed, of course, in 6 units, taking ordinary sea water as the 
benchmark (with 6d = 0 by definition).* Systematic measurement of various naturally occur- 
ring compounds (molecules, minerals, rocks, water vapor, etc.) reveals that they have char- 
acteristic isotope compositions that are peculiar to their chemical natures and their 
geochemical origins, whatever their geological ages or their geographical origins. For 
igneous or metamorphic silicate rocks 6 is positive, ranging from +5 to +13. Such rocks 
are therefore enriched in '8O (relative to sea water). Limestones are even more enriched 
since their 6 values vary from +25 to +34. Ofcourse, we may ask what “offsets” such enrich- 
mentin 80. 
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Figure 7.1 Distribution of oxygen isotope compositions in the main terrestrial reservoirs expressed in 
5°80. The isotope fractionation factors are shown for various important reservoirs. The smaller 
numbers indicate extreme values. Values are of 5°80 expressed relative to standard mean ocean 
water (SMOW). After Craig and Boato (1955). 


3 The technique of alternating sample and standard used with electron bombardment of gas sources is 
difficult to implement whether with sources working by thermo-ionic emission or by ICPMS because of 
the possible memory effects or cross-contamination. 

* It is called standard mean ocean water (SMOW). 
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Which compounds have negative 6 values? We observe that those of fresh water are nega- 
tive, ranging from —10 to —50. A few useful but merely empirical observations can be 
inferred from this. As we know that limestones precipitate from sea water, enrichment in 
'80 suggests that limestone precipitates with enrichment in the heavy isotope. Conversely, 
we know that fresh water comes from evaporation and then condensation of a universal 
source, the ocean. Itcan therefore be deduced that thereis depletion in '*O during the hydro- 
logical cycle (evaporation—condensation). These observations suggest there is aconnection 
between certain natural phenomena, their physical and chemical mechanisms, the origin 
of the products, and isotope fractionation. 


Hydrogen 

Letusnowlookatthe natural isotopic variations ofhydrogen, thatis, variations inthe(D/H) 
ratio (D is the symbol for deuterium). Taking mean ocean water as the standard, it is 
observed that organic products, trees, petroleum, etc. and rocks are enriched in deuterium 
whereas fresh water contains less of it (Figure 7.2). 

We find similar behavior to that observed for oxygen, namely depletion of the heavy iso- 
tope in fresh water and enrichment in rocks and organic products. The product in which 
hydrogen and oxygen are associated is water (HO). It is important therefore to know 
whether the variations observed for D/H and '8O/'°O in natural water are “coherent” or 
not. Coherence in geochemistry is first reflected by correlation. Epstein and Mayeda 
(1953) from Chicago and then Harmon Craig (1961) of the Scripps Institution of 
Oceanography at the University of California observed excellent correlation for rainwater 
between D/H and '*0/'%O, which shows that there is “coherence” in isotopic fractionation 
related to the water cycle (Figure 7.3). This invites us therefore to look more closely at any 
quantitative relations between isotope fractionation and the major natural phenomena. 
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Figure 7.2 Distribution of isotope compositions of hydrogen expressed in 6D in the main terrestrial 
reservoirs. After Craig and Boato (1955). 
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Figure 7.3 Correlation between (D/H, 780/790) of rainwater. After Craig (1961). 


7.1.3 Characterization of isotope variations 


Between two geological products A and B, related bya natural process, and whose isotope 
ratios are notated Ra and Rp, we canwrite: 


Ra 


ip =— 
AB Ry 


where @,p is the overall fractionation factor between A and B. With 6, and dg being 
defined as previously, we can write: 
_ 1+.  , (6a —5s) 
5 1+ 
Darna 1000 





Jap 


following the approximation (1 + <)/(1 +’) + 1+ (e-€’). 
We note A,gp=6,a —63. This yields a fundamental formula for all stable isotope 
geochemistry: 


1000(6ap—1) R Aap. 


Exercise 


Given that the 57°0 value of a limestone is +24 and that the limestone formed by precipita- 
tion from sea water, calculate the overall limestone—sea water fractionation factor 6. 


Answer 
Atim—H,0 = Oca O14,0 = 24 — 0. We deduce that @= 1.024. 
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It is possible, then, to calculate the overall fractionation factors for various geological 
processes: the transition from granite to clay by weathering, the evaporation of water 
between ocean and clouds, the exchange of CO; in the atmosphere with that dissolved in 
the ocean or with carbon of plants, and so on. 

This is a descriptive approach, not an explanatory one. Various chemical reactions 
and physical processes have been studied in the laboratory to determine the variations 
in their associated isotope compositions. Thus, for instance, it has been observed that when 
water evaporates, the vapor is enriched in light isotopes for both hydrogen and oxygen. 
Fractionation factors have been defined for each process from careful measurements made 
inthe laboratory. These elementary fractionation factors will be denoted a. 

Geochemists have endeavored to synthesize these two types of information, that is, 
to connect @ and aq, in other words, to break down natural phenomena into a series of 
elementary physical and chemical processes whose isotope fractionations are measured 
experimentally. This approach involves making models of natural processes. We then 
calculate 0 from measurements of amade in the laboratory.When the agreement between 0 
so calculated and @ observed in nature is “good,” the model proposed can be considered a 
“satisfactory” image of reality. Thus, while the study of the isotopic compositions of natural 
compounds is interesting in itself, it also provides insight into the underlying mechanisms 
of natural phenomena. Hence the role of tracers of physical—chemical mechanisms in geo- 
logical processes that are associated with studies of light-isotope fractionation. 

In attempting to expose matters logically, we shall not trace its historical development. We 
shall endeavor first to present isotope fractionation associated with various types of physical 
and chemical phenomena and then to look at some examples of natural isotope fractionation. 


7.2 Modes of isotope fractionation 


7.2.1 Equilibrium fractionation 


As aconsequence of elements having several isotopes, combinations between chemical ele- 
ments, that is molecules and crystals, have many isotopic varieties. Let us take the molecule 
HO by way of illustration. There are different isotopic varieties: H>'8O, H»'’0, H,'°O, D,'8O, 
D,"0, D,'°O, DH'0, DH""0, DH"°O (omitting combinations with tritium,T). These differ- 
ent molecules are known as isotopologs. Of these, H,'°O accounts for 97%, H»'°O for 2.2%, 
H3"’0 for about 0.5%, and DH"°O for about 0.3%.When the molecule H30 is involved in a 
chemical process, all of its varieties contribute and we should write the various equilibrium 
equations not just for HO alone but for all the corresponding isotopic molecules. 


Chemical equilibria 

Letus consider, for example, the reaction 
SiO, + 2HY OS Si"O; 4 2H"0; 
which corresponds to a mass action law: 
(H>'80)*(Si!®O,) 
(H3!°O)?(Si!8O,) 





= KM. 
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Harold Urey (1947), andindependently Bigeleisen and Mayer (1947), showed using statisti- 
cal quantum mechanics that this kind ofequilibrium constant, although close to 1, is differ- 
ent from. 

More generally, for an isotope exchange reaction aA; + bBy2aAy+bB,, where Band A 
are compounds and the subscripts | and 2 indicate the existence of two isotopes of an ele- 
ment common to both compounds, we can write in statistical thermodynamics, following 
Urey (1947) and Bigeleisen and Mayer (1947): 


«= bal [oe 





Functions Q are termed partition functions of the molecule and are such that for a given sin- 
gle chemical species we can write: 


O on (12)" > Sexp(=2) hh 








QO, o2\M, Yexp() b- 

In this equation o, and o> are the symmetry numbers of molecules 1 and 2, E,;and Ej;arethe 
different rotational or vibrational energy levels of the molecules, M, and M; are their 
masses, and /,;and /> are their moments of inertia. 

The greater the ratio M,/M> the greater the fractionation between isotope species, allelse 
being equal. It can also be shown that In K, as for any equilibrium constant, can be putin the 
form a’ + b'/T +c'/T*, which induces the principle of the isotopic thermometer. It can be 
deduced from the formula that as Tincreases K tends towards 1. At very high temperatures, 
isotope fractionation tends to become zero and at low temperature it is much greater.° Ifwe 
define the isotope fractionation factor a associated with a process by the ratio 
(A>/A,)/(B2/B,) = aap, a and K are related by the equation a = K'/", where n is the 
number ofexchangeable atoms. Thus, in the previous example, n = 2 as there are two oxygen 
atoms to be exchanged, but usually a= K. 

Let us now write the fractionation factor a,pin6 notation, noting each isotope ratio Ra 
and Rg: 


Ra 3 Rp 3 
=|? 4 a0 ={ aa \i 
OA & ) to OB (z ) 1%, 








Rg being the standard. 
] + oa. 2 

we + 1005 Pee Op) 
1+;35 1000 


sinced, anddgaresmall. 


> Remember that isotope geology studies phenomena from —80 °C (polar ice caps) to 1500 °C (magmas) 
and in the cosmic domain the differences are even higher. 
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We come back to the equation (apg — 1) 1000 =6, — dg = Aap, which we met for the 
factor 0. 


Exercise 


We measure the 6 *80 of calcite and water with which we have tried to establish equilibrium. 
We find 6.41 = 18.9 and 64,0 = —5. What is the calcite—water partition coefficient at 50 °C? 
Calculate it without and with the approximation (1 + 61)/(1 +62) ~1+ (61 — 62). 


Answer 
(1) Without approximation: a¢ai_y,0 = 1.024 02. 
(2) With approximation: acai_,0 = 1.0239. 


Physical equilibria 

Such equilibrium fractionation is not reserved for the sole case where chemical species are 
different, but also applies when a phase change is observed, for instance. The partial pres- 
sure of a gas is Pg = Piotai - XE, where Xg is the molar fraction. Moreover, the gas—liquid 
equilibrium obeys Henry’s law. Thus, when water evaporates, the vapor is enriched in the 
light isotope. If the mixture H'%O and H,'°O is considered perfect, and if the water vapor 
isaperfect gas, we can write: 


P(H2'°O) = Xj, - P°(H2'°O) 


P(H2'8O) = X%,,18, - P°(H2'80) 


where Pis the total pressure, X designates the molar fractions inthe liquid, and P° (HO) the 
saturated vapor pressure. Then (prove it as an exercise): 


P°(H,'80) 


a(vapor— liquid) a P°(H3!60) > 


the denser liquid being theless volatile P° (H»'°O) < P°(H>'°O) and a < 1. Likeall fractiona- 
tion factors, ais dependent on temperature. Using Clapeyron’s equation, it can be shown that 
Inacanbe written inthe formIn a = (a/T) + b. For water at 20 °C (this is the vapor—liquid 
coefficient, notthe opposite!), aisg = 0.991 and ap = 0.918. At20°C fractionation 1s there- 
fore about eight times greater for deuterium than for '8O, (Remember this factor of 8 for later.) 


Exercise 


What is the law of variation of a with temperature in a process of gas-liquid phase change? 
We are given that a= P° (X,)/P° (X2), where X, and X, are the two isotopes. 


Answer 
Let us begin from Clapeyron’s equation: 


dP -_ L vapor 


Gi = IV venor 
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where Tis the temperature, Vthe volume, and Lyapor the latent heat of vaporization. 
1dP_oLL 

PdT TVP’ 

Since PV= nRT (Mariotte’s law): 


did? 2 0GE 
——— = —.. hence te 
Pd? RI? PRT: 


Integrating both terms gives In P = 7+ C. 
Since a = P°(X1)/P°(X2), we have: 


(hese les 


GE. 
RT is 


Ina = In P°(Xz) — In P°(X2) = 


Exercise 


The liquid—vapor isotope fractionation is measured for oxygen and hydrogen of water at three 
temperatures (see table below): 








Temperature (°C) ap ans 

+20 1.0850 1.0098 
0 eS 1.0117 

— 20 1.1492 1.0141 





(1) Draw the curve of variation of a with temperature in (a, 7), [In(a), 1/7], and [In(q), 1/77]. 

(2) What is the 6 value of water vapor in deuterium and *80 at 20 °C and at 0 °C, given that 
water has 6 = 0 for (H) and (0)? 

(3) Let us imagine a simple process whereby water evaporates at 20 °C in the temperate zone and 
then precipitates anew at 0 °C. What is the slope of the precipitation diagram (6 D, 6 *%0)? 


Answer 

(1) The answer is left for readers to find (it will be given in the main text). 

(2) At +20 °C,6 D=—85 and 6 *80 = 9.8, and at 0 °C, 6 D=—112.3 and 6 **O =—11,7. 

(3) The slope is 14.3. In nature it is 8, proving that we need to refine the model somewhat (the 
liquids have as starting values at 20 °C,6 D=0 andé 189 —0 and at 0 °C,6 D=—27.3 and 
0 O——1:9), 


7.2.2 Kinetic fractionation 


Fora general account of kinetic fractionation see Bigeleisen (1965). 


Transport phenomena 
During transport, as isotopic species have different masses, they move at different speeds. 
The fastest isotopes are the lightest ones. Isotopic fractionation may result from these 
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differences in speed. Suppose we have molecules or atoms with the same kinetic energy 
k= Imv. For two isotopic molecules | and 2 of masses m, and ™m, we can write vj, v2 being 
the velocities: 


1/2 
vy m\ |! 
v. \m ‘ 


The ratio of the speed of two “isotopic molecules” is proportional to the square root of the 
inverse ratio of their mass. This law corresponds, for example, to the isotopic fractionation 
that occurs during gaseous diffusion for which the fractionation factor between two iso- 
topes of °O and '80 for the molecule Op is written: 


1/2 
a= (5) = 1.030. 


Note in passing that such fractionation is of the same order as the fractionation we encoun- 
tered during equilibrium processes! Such fractionation is commonplace during physical 
transport phenomena. For example, when water evaporates, vapor is enriched in molecules 
containing light isotopes (H rather than D, '°O rather than '%O), In the temperate zone 
(T = 20 °C), for water vapor over the ocean 6'*O = — 13, whereas for vapor in equilibrium 
the value is closer to 6'°O = —9, as seen. 


Chemical reactions 

Isotopically different molecules react chemically at different rates. Generally, the lighter 
molecules react more quickly. Lighter molecules are therefore at a kinetic advantage. This 
is due to two combined causes. First, as we have just seen, light molecules move faster than 
heavy molecules. Therefore light molecules will collide more. Second, heavy molecules are 
more stable than light ones. During collisions, they will be dissociated less often and will be 
less chemically reactive. The details ofthe mechanisms are more complex. Duringa chemi- 
cal reaction, there is a variation in isotopic composition between the initial product and the 
end product. Letus consider, for example, the reaction: 


C+ Or —- COQ. 
Interms of oxygen isotopes, there are two main reactions: 
c+i6 o8o = Cl6Q Bo 


CLP OO] 6°:. 


Remark 

The other possible reactions are not important. The reaction C + *807°O — C*°0180 is identical to 
the first in terms of its result. The reaction C+ 780'80 C80, yields a molecule of very low 
abundance as '80 is much rarer than *°O. 


These two reactions occurat different speeds, with two kinetic constants, Kjg and Kj,. Letus 
note the initial concentrations of the product containing the isotopes 18 and 16 as Ujg and 
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U6, giving 69°C and noteas Yigand Yj¢the concentrations of C’O!°O and C*O,.We can 
write: 








dU jg dYjg 
soe IO are, pada ty 
di UB =a 
and 
dU 6 dV 16 
= =K UOig = : 
a 16 16 di 


Ifthe concentration of initial products is kept constant 


Yas _ Kis Us 

Yio Kio Ui6— 
Therefore 

B80 Bo 
aos = el) . 
(75) co, = °C), 
or: 
anit 
Kie 


The isotopic fractionation factor is equal to the ratio of the kinetic constants for each 
isotope. 

A fuller expression of this ratio may be obtained by statistical mechanics by using the fact 
that the kinetic process consists of two transitions, one towards the activated complex and 
the other towards the stable compound. Naturally, we usually have very few data on this acti- 
vated complex which is very short-lived. Two reactions with two different isotopes (see 
Lasaga, 1997) are written: 


A+BC*5AB+C and A+ BCAB+C. 


Itcan be shown that 
Ki _ Qasc: Osc 
Ky Qasc Oper’ 


QO being partition functions corresponding to the activated complex and to the molecules. 
It should be possible to determine the parameters by spectrometry and so check the 
precision of this theory but in fact the problem is so complex that we are far from having 
resolved the theoretical approach and having determined the necessary spectroscopic 
parameters. But we do understand the general sense of the mechanisms, which is the 
most important thing. Experimental data are therefore used to model natural 
phenomena. 
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The temperature effect 

During transport, isotopic fractionation is insensitive to temperature as it is in @mj/mz)'”. 
However, collisions and molecular recombinations are a function of energy and therefore 
of temperature and are theoretically activated. Itis understandable, then, that isotopic frac- 
tionation varies with temperature during kinetic processes. 

Roughly speaking, temperature should promote kinetic fractionation. Having made this 
simple observation, things become more complicated. Isotopic exchange, the process by 
which equilibrium is attained, is itself a kinetic process and is therefore activated by tem- 
perature, so much so that the increased fractionation because of kinetic effects is progres- 
sively cancelled because the equilibrium processes become dominant and therefore 
fractionation will diminish with the increase in temperature. 

This double general process will thus lead to a law of kinetic fractionation represented by 
a bell-shaped curve: fractionation increasing with temperature at first, and then declining 
beyond a certain temperature. This rule is modulated by specific kinetic mechanisms. This 
is why, despite many attempts, we have never managed to give a general expression for 
kinetic isotopic fractionation based on statistical mechanics. 


Biological effects 

Many (if not all) biochemical reactions involve isotopic fractionation. A number of these 
fractionation phenomena have been studied in vitro and in vivo, elucidating the intimate 
mechanisms of certain important biochemical reactions. It is understandable, then, that 
some biological mechanisms, formed by the combination or the succession of biochemical 
reactions, produce isotopic effects some of which are particularly important in geochemis- 
try and so deserve our attention. Let us discuss two of them: sulfate—sulfide reduction by 
Desulfovibrio desulfuricans bacteria and chlorophyll photosynthesis (Harrison and 
Thode, 1957, 1958). 


Sulfate—sulfide reduction by Desulfovibrio desulfuricansbacteria The reaction for the 
reduction of sulfate to sulfide is written SO} = S?-. It involves a big change in the 
degree of oxidation of sulfur (+6) to (—2), which is made possible at low temperature only 
by the intervention of the bacteria in question (conversely, the reaction S?- > SO; is 
easy). This bacterial reduction goes along with isotopic fractionation favoring the light 
isotope of sulfur but whose amplitude is well below that of the sulfide = sulfate equili- 
brium process, governed by the mass action law (a = 1.025 at 25 °C versus a = 1.075 for 
the equilibrium process). This means the sulfate is enriched in the heavy isotope (*“S) 
when there is fractionation with the sulfide. This fractionation plays a role in nature and 
helps to fix the isotopic composition of low-temperature naturally occurring sulfides (see 
the end of this chapter). 


Chlorophyll photosynthesis During this process atmospheric CO; is fixed and 
the reduced carbon is incorporated into organic molecules. An enrichment in *C com- 
pared with °C is observed. The 6°C value of atmospheric CO} is —8%o. For carbonate 
sediments, 6'°C varies from +5 to —5%o However, plants have 5'°C values ranging, 
depending on varieties, from —15 to —35%o. Park and Epstein (1960) of the California 
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Institute of Technology showed that an important step in '*C enrichment occurred in 
the process of photosynthesis. They were even able to attribute partition coefficients to 
the different photosynthetic mechanisms (this is outside our field but is important in 
biochemistry). 

In short, let us say that the biochemical effects are important. They are even fundamental 
in some instances in geochemistry for understanding a whole series of phenomena such as 
those related to the CO, cycle or the sulfur cycle. But need they be considered as specific 
effects of living organisms that are not bound by ordinary physical and chemical laws? 
Various studies have shown on the contrary that biological processes involving enzymes 
are in fact a series of chemical reactions. These reactions are associated with isotopic frac- 
tionation, generally of the kinetic type. There do not seem tobe certain specific mechanisms 
(such as the spin effect) for biological reactions. These biological fractionations of isotopes 
have been discussed in detail by Eric Galimov (1985). 


7.2.3 The effects of molecular symmetry: mass-independent 
fractionation 


All the effects we have examined so far fractionate isotopes according to laws propor- 
tional to the difference in mass of the isotopes. Thus, in carbonate precipitation, '80/!°O 
fractionation is twice '’0/!°O fractionation. In bacterial reduction of sulfate, *4S/*’S frac- 
tionation is half °*°S/*?S fractionation. However, kinetic fractionation has been discov- 
ered where differences do not depend on the mass difference but on the symmetry of 
the molecule. Thus, '*0/!°O and 'O/"°O fractionation is the same. Mark Thiemens of 
the University of California at San Diego has referred to these phenomena explaining 
some fractionation observed by Robert Clayton in meteorites (Figure 7.4). He has proved 
the reality of this phenomenon in the laboratory (Thiemens and Heidenreich, 1983). 
These effects also occur in nature, for instance, with ozone (O3) in the atmosphere and 
for sulfides in meteorites and also in Precambrian rocks. Although their theoretical 
explanation is complex,” it does seem that the decisive parameter in such fractionation is 
molecular symmetry. 

In this sense, two molecules '°O—'80 or '°O—"0, both equally asymmetrical, should 
have similar degrees of fractionation. During the ozone-forming reaction in the high atmo- 
sphere (at an altitude of 50 km),which reaction is extremely important as ozone not only 
absorbs ultraviolet radiation and protects the Earth, 


0+ O02 — O% 
andthen 
03 +M—0O3+M 


in which O} is the excited molecule, and M is the molecule with which O} collides and 
becomes de-excited. 


© This explanation was given by Rudy Marcus’s team at the California Institute of Technology chemistry 
department, but is quite complicated. See Gao and Marcus (2001) for an example. 
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Figure 7.4 The 6°’0, 6°80 relation in chondrules and refractory inclusions of various meteorites (CAI, 
calcium—aluminum inclusions). For these objects the correlation is of slope 1 whereas the usual 
terrestrial fractionation (TF) correlation observed is of slope 5 in line with the mass difference 
between 770 and *°O and 780 and 790. This discovery made by Robert Clayton et al. (1973) is 
interpreted by Thiemens (1999) as mass-independent fractionation, unlike Clayton who interpreted it 


as a nucleosynthetic effect, and later as a photochemical effect (Clayton, 2002). 
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Figure 7.5 Mass-independent fractionation (MIF) for oxygen isotopes in atmospheric material 
compared with classical mass-dependent fractionation. The line of slope 1 is MIF; the line of slope 5 is 
mass-dependent fractionation. 
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It has been shown that ozone of mass 54 ('8O'80'80) is not enriched relative to !°O'°O"O 
ozone of mass 48, whereas the asymmetrical molecule '°O'’0'80 of mass 51 is enriched by 
200%. It has also been shown that symmetrical ozone molecules "0'70"0 or '80'80'8O 
are depleted, whereas all the asymmetrical molecules '°0''0"0 or ''0'80'8O, ete. are 
enriched. This effect, which is called mass-independent fractionation and might be more 
appropriately termed the molecular symmetry effect, seems to act with reactions such as 
O+ CO — CO3, O + SiO — S103, ete. 

This is an important process in the atmosphere and seems to have played a role in the 
presolar primitive nebula as a linear relation of slope 1 is found in carbonaceous meteor- 
ites between 6'’O and 6'8O (Figure 7.5). This is an important effect but highly specific to 
certain processes. It is just beginning to be exploited but already very successfully (see 
below). 


7.3 The modalities of isotope fractionation 


7.3.1 Kinetic effects or equilibrium effects? Isotopic exchange 


We have already spoken of this in the earlier chapters. Let us recall a few facts here, as it isa 
very important but often neglected phenomenon. Let us bring into contact two chemical 
compounds, AO and BO, with at least one element in common, for example, both having 
oxygen in their formulas. One of these species has been prepared with '%O exclusively, the 
other with '°O, Aftera certain time in contact it can be seen that the '*O/'°O composition of 
the two compounds is such that: 


185 /16 
O/°O 

C fo Jao — K(T) 

CO O)5 

where K (T) is the equilibrium constant. In other words, the isotopes '*O and '°O have 

exchanged such that equilibrium has been attained. The rate of this isotope exchange can be 

measured and several phenomena observed: 


(1) Itis faster at higher temperatures. 

(2) It is faster in gases or liquids than solids. If one of the compounds is a solid it 
becomes very slow (in this case the rate of diffusion in the solid limits the kinetics 
of the process). 

(3) It depends largely on the position oxygen occupies in the steric configuration of 
compounds AO and BO,’ that is, the nearer oxygen is to the outside of the 
molecular structure, the faster the kinetics* — this isotope exchange is essential in 
geochemistry as it provides understanding of various fundamental observations 
(Figure 7.6). 


7 Which relates to the spatial arrangement of the atoms composing the molecule. 
8 For example, in the complex ion SO4, oxygen exchanges much faster than sulfur. This is why in sulfate 
water S retains the memory of its source but O does not. 
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Figure 7.6 Kinetic curve showing the speed of equilibration by water—quartz exchange. The quartz has 
a 570 value of 10. Three types of water with different compositions are brought into contact with the 
quartz at 500°C. The initial isotope compositions of the waters are expressed in 6: A (—5), B (+5), andC 
(+15). The equilibrium value is 3. It can be seen that the three equilibration curves converge towards 
the equilibrium value in a matter of days. After O’Neil (1986). 


Let us suppose we have a reaction A — B together with kinetic isotope fractionation. If 
A and Bare left in contact for long enough, the isotopes of A and B swap over, and even- 
tually the fractionation between A and B is of the equilibrium fractionation type. To 
maintain kinetic fractionation, the initial product and the end product must not be left 
in contact. An example of this is the reduction of the sulfate ion SO; to the sulfide S*~ 
(by bacteria) which goes along with an out-of-equilibrium isotope effect. If, after partial 
reduction, the sulfate ion remains in contact with the sulfide ion, the system tends to 
establish sulfate —sulfide isotopic equilibrium. Conversely, if the sulfide ion S*~ is in the 
presence of a ferrous ion Fe*", the following reaction occurs: 2S*~ + Fe?* — FeS>. This 
iron sulfide crystallizes and “isolates” the sulfide from any further isotopic exchange which 
would cancel out the kinetic effect. This is why a number of naturally occurring sulfides 
have isotope compositions reflecting the kinetic effect (bacterial) related to sulfate 
reduction. 

Isotope exchange is activated by temperature; therefore, at high temperatures, 
only swift and complete isolation of the resulting product can prevent equilibrium 
fractionation from taking over. In practice, except for the case of gases that escape and 
become isolated, such as gases from volcanoes, it is generally difficult to observe kinetic 
effects at high temperatures. In these circumstances, equilibrium effects are mostly 
preponderant. 
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7.3.2 A consequence: isotopic memory 


As we have already said when discussing radiogenic isotopes, it is fundamental to under- 
stand that all isotope geochemistry, including that of stable light isotopes, is based on the 
fact that isotope exchange in the solid phase at low temperatures is very slow and the system 
isnotconstantly re-equilibrated, otherwise there would benoisotopicmemory. This derives 
from the issues of diffusion covered previously. 

Let us take the example of calcareous fossil shells. A shell records the '80/'°O isotope 
composition of the sea water it was formed in and also the ambient temperature. Once 
formed, the shell moves around with the animal that carries it and when the animal dies the 
shell falls to the sea floor. There it is incorporated into sediments and with them will be petri- 
fied in a certain proportion and possibly, much later, will be brought to the surface on the 
continents by tectonic processes. It will remain there for millions ofyears before a geologist 
comes along and collects it for analysis. During this time, the fossil shell is in contact with 
the groundwater that circulates in the outer layer of the Earth. How does the shell behave in 
contact with this new water? Ifit is isotopically re-equilibrated with the fresh water whose d 
valueis very different from zero, it loses its former isotopic composition and soits paleother- 
mal memory. Its isotopic composition no longer reflects the conditions of the old ocean 
but the conditions of recent aqueous circulation. In fact, in most (but not all!) cases, the 
shell remains compact and no isotope exchange occurs. The low rate of diffusion of oxygen 
incalcite at low or moderate temperatures limits the mechanism. And all the better for geol- 
ogists! They can determine the past temperature of the ocean where the animal whose shell 
it was lived. 

An important phenomenon is cooling. Isotopic equilibrium among minerals is 
established at high temperature. The mineral assemblage cools and so follows a decreas- 
ing thermal trajectory. The isotope equilibrium constant is dependent on temperature, 
and isotope reactions should continue to take place constantly matching temperature 
and isotope composition. If this were so, the system would lose all memory of its past 
at high temperature and isotope analysis would merely reflect the low-temperature 
equilibrium. In fact, as isotope exchange at low temperatures occurs very slowly, if 
cooling is rapid, the minerals often retain the composition acquired at high temperature. 
But this is not always so. Cooling is not always rapid. In metamorphism especially, 
exchanges are sometimes accelerated by certain factors and “initial” isotope composi- 
tions are not always maintained. But as the oxygen diffusion constants of the various sili- 
cate minerals are different, the temperatures indicated by the various minerals also differ. 
There is a sort of disequilibrium allowing us to detect the occurrence of any secondary 
effect. 

All of this means that when measuring a compound’s isotopic composition we 
must question the meaning of the message it carries and the time it was encoded. 
Does it correspond to the period when the object formed? Is it the outcome of second- 
ary phenomena? If so, what phenomena? Once again, everything is dominated by iso- 
tope exchange mechanisms. The importance of these effects is attested by the answer 
to the following general observation. Why is sulfur isotope geochemistry not used 
more often, since it has substantial natural variations (from +60 to —40)? Because in 
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many compounds, and particularly in sulfides, secondary isotope exchange occurs 
very rapidly. Through this exchange, the compounds lose much of the isotope memory 
of their origins. Another reason is the fact that sulfur geochemistry is highly complex 
with many degrees of oxidation, etc. However, interesting results have been obtained 
with sulfur isotopes. 


7.3.3 Open system or closed system 


The open system or infinite reservoir 

When one of the reservoirs present is of infinite size (or is in direct contact with a boundless 
reservoir) the modalities of isotope fractionation are governed by the initial fractionation 
conditions and by conditions related to subsequent isotope exchange. No mass balance 
effect disturbs the relation between 0and a: 


d= Qequilibrium > d= kinetic, OF 0= Omixed > 


depending on the nature of the initial fractionation and the subsequent isotope exchange. If 
the isotope composition of the infinite reservoir is Ro, the “large” reservoir imposes its iso- 
tope composition through the fractionation factor: 


R=aRoandé & 6) + (a — 1) 1000. 


Exercise 


Sea water has a 5°%0 value of 0. Liquid-vapor fractionation at equilibrium at 20°C is 
a= 1.0098. What is the composition of the water vapor evaporating if it is in equilibrium 
with the water? 


Answer 
The fractionation factor (0/10) yapor/ (#70/**0) 4, = 1/0 = 0.99029. Therefore (a—1)= 
—0.0097, or 5780 = —9.7%. si 


The closed system 

Where the system is closed, a balance effect is superimposed on the modalities described. 
We note the isotope composition of the initial system Ro and assume that from there two 
compounds, A and B, are produced with isotopic ratios Ra and Rg. We can write an isotope 
fractionation law (without specifying whether it is for equilibrium or not) characterized by 
Aap, and an atom conservation equation. This gives: Ro = Rax + Rpg (1 — x), where xis the 
molar fraction ofthe element. In 6 notation, this gives: 


69 =Oax + dz(1 — x) ordy = (64 —_ Op)x + dp or d9 = Aapx + Op. 


Exercise 


Let us consider bacterial reduction SO%- — S?~ by Desulfovibrio desulfuricans. The kinetic 
fractionation factor **S/??S between sulfate and sulfide at 25 °C is 1.025 (Harrison and 
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Thode, 1958). Let us suppose that bacterial reduction occurred in oceanic sediment that was 
continually supplied with sulfate ions. The sulfate stock can therefore be considered infinite. 
What is the composition of the S?~ on the ocean floor if the 5*S of the sulfate is +24? 


Answer 
Applying the equation Ang = 10? In a gives A= +24.6. 


Osulfate — Osulfide = +24.6 hence it can be deduced that O.uifide = —0.6. 


Exercise 


Let us suppose now that the sediment becomes isolated from the ocean and is no longer 
supplied with sulfate ions and that the same phenomenon occurs. The quantity of organic 
matter is such that the proportion of sulfur in the state of sulfate is 1/3. Suppose that, in the 
initial state, all of the sulfur was in the sulfate state at 6°“S=+24. What is the isotope 
composition of S?-? What is the isotope composition of the sulfate? 


Answer 
We apply the equation: 


do = Appx + dg, ordg = 60 — Appx. 


From this we obtain 6.2- = 15.8,ds0, = 40.4. 


As seen in the previous exercise, the result is markedly different for an open system, as thed 
value is then positive. The effect of the closed system has shifted the isotope values of the sul- 
fate and sulfide, but not the fractionation factor, of course! (The limiting cases where x = 0 
and x = | should be examined.) 

However, a flaw can be found in the foregoing reasoning. If the sulfides remained in a 
closed system as ions long enough, it might be that there was some isotopic exchange and 
that the sulfate and sulfide attained thermodynamic equilibrium. In this case a = 1.075 at 
25°C (Tudge and Thode, 1950). Repeating the calculation with this value gives 
6 utfide = 0.14 and 6* suttate = 72.4. 

Intermediate scenarios can be imagined and therefore, in nature, the values will probably 
be intermediate ones. 

As just seen, then, widely different isotope values are obtained for the same phenom- 
enon but different modalities. It is probably the diversity of modalities that accounts for 
the great isotopic variation in sulfides of sedimentary origin (Figure 7.7). 


Distillation 

Here we look at a rather special (but widely applicable!) case where the system is closed but 
where the product is isolated as it forms. Let X¥> and X represent the number ofatoms ofthe 
two isotopes. Ateach momentin time, we have: 


dX>/dX; 
———— =a 
(X2/Xi)a 
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Figure 7.7 Analysis of *4S/3#S isotope composition in the main terrestrial reservoirs. Notice that the 
domains are very extensive for all reservoirs. This corresponds to highly variable reducing conditions to 
which sulfur is subjected. 


where a may be an equilibrium or kinetic value, dX is the quantity of isotope 2 of Awhich is 
transformed into B, and dX) 1s the quantity of isotope 1 of Awhich is transformed into B. By 
separating the variables and integrating, we get: 

ao cx 

therefore: 


(Xo/Xi)y= eX 


Attimet =0(X2/X1),4 = (X2/X1))and Xi = X10, therefore:c = (X2/X1) rose 
Hence: ™ 


(Xo/X1)*= (Xo/X1)9(X1/X19)* 


If the transformed remaining fraction of Xj is called f, we get the famous Rayleigh distil- 
lation law: 


Re= hy: 
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Figure 7.8 Changes in the instantaneous isotopic composition of a reservoir (6R) and an extract (6E) 
during a Rayleigh distillation process as a function of the partition coefficient (1.01 and 0.99 
respectively). We have Qext-res > 1, Qext-res=1, aNd Qext-res <1 and an initial isotopic composition of 
the reservoir dog=0; fis the remaining fraction of the reservoir and (1— f) the extent to which the 
reaction has progressed. After Fourcade (1998). 


Figure 7.8 shows the Rayleigh law as a function of fwhere a > 1 and a < 1.We shall see that 
the effects are opposite but are only extreme when fis very small.We see how A evolves, and 
also B, for which, of course, we have 


Rg = aRf*!. 


The mean composition of A is written: 


xa) 


Itcan be seen that when /is small, the compositions of thetwo compounds seem to converge. 
And yet their partition coefficient remains constant! But it is clear that as small variations 
in flead to large variations in 6, the optical illusion gives the impression of convergence. 
Notice too that when f=0, R= Rao, because of course “matter is neither created or 
destroyed” as Lavoisier said (except in nuclear reactions at high energy!). 


Exercise 


Find the Rayleigh formula expressed in 6. 


Answer 
5 =59 + 10? (w—1) In f. See the next exercise. 


Exercise 


Let us go back to our example of the formation of sedimentary sulfides. For the time being, we 
assume that as soon as the sulfide is formed, it reacts with iron dissolved in solution and 
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forms FeS2, without isotope fractionation (in fact, things are more complex than this). Being 
heavy in its solid state, the iron sulfide settles out and is removed from contact with the 
sulfates. This is a distillation effect. Given that in the end sulfates make up only one-third, 
what are the sulfide compositions? 


Answer 

The initial 5 **S is still +24. The kinetic coefficient a is 1.025. Let us first apply the Rayleigh 
equation, which we can use in a handier form with 6. Its mathematical form invites us to shift 
to logarithms. The formula becomes: 


In R =In Ro +(a—1) In f. 


Given that R= R, (1 +6/1000) with the logarithmic approximations In(1 + ¢) +e, and approx- 
imating the two terms In Re, we get: 


OOo 102 (a — 1)ilnite 


This is the form we shall use. The final composition of the sulfates is 6 = 24+ 25 In(1/3) = 
24+ 27.7=51.7. 

The sulfides precipitating in the end have a d value of +27.1. The average sulfide is 
obtained by the balance equation ds average = +10.4. 


Exercise 


In the first quantitative studies to estimate the degassing rate of magmas, Francoise 
Pineau and Marc Javoy (1983) of the Institut de Physique du Globe in Paris measured the 
3¢/”C partition coefficient of CO. in a magma at 1200 °C and found 4.5% (CO, being 
enriched in *3C). Let us take a basalt with an initial 5*°C value of —7. After degassing we find 
5 °C =—26%o, with a carbon content of 100-150 ppm. If we assume a Rayleigh distillation, 
what is the extent of degassing of the magma? What was the initial carbon content of the 
magma? 


Answer 
We apply the Rayleigh law in 6: 


5 — 8 = 1000 (a — 1) Inf. 


Hence: —20=4.5 In fand f=0.011, therefore the magma was degassed to 98.8%. Its initial 
carbon content was therefore 9000-13 000 ppm. 


EXAMPLE 





Isotopic evolution of a cloud shedding rain 


A cloud forms over the sea. It then migrates over a landmass or migrates to higher latitudes 
and loses rain. It is assumed that the cloud formed by the evaporation of sea water and that 
the fractionation factor for the oxygen isotopes remains constant at a=1.008. Figure 7.9 
summarizes the isotope evolution of the cloud and of the rain that falls as it evolves. It is 
described by a simple Rayleigh distillation. 
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Figure 7.9 Rayleigh distillation between a cloud and rain for 5°80. The liquid (rain) is continuously 
removed. The vapor fraction is 1— f After Dansgaard (1953). 


7.3.4 Mixing 


As we have already seen several times, mixing of two sources is an extremely important phe- 
nomenon in geochemistry. Forexample, sea water isa mixture ofthe various inputs of rivers, 
submarine volcanoes, rain, and atmospheric dust. We have a mixture of two components 
A,and A> with isotopic compositions: 


* A *B 
(4) and er 


The isotope composition of the mixture is: 


(4) _*Ay+*An _ G4) 741+ G2 
m 





vA YA, +%Ay VA PAG 
If we posit: 
vA y 
—_“!__ = x, and ay —X1, 
YA, + VA2 YA; + %Ad 


andifwe write the ratios 
AIR SP Ry =! Ryxy +7!” Ro(1l — x1), 


then replacing R by the 6 notation gives: 
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Om = 6 |x + 6(1 _ x1). 


We finda familiar old formula! 


Exercise 


Carbonates have a *°C/1*C isotope composition expressed in 5°3C of 0%o. Organic products 
precipitating on the sea floor have a d°°C value of —25%o. What is the mean value of 57°C of 
the sediments, given that 80% of the sedimentary carbon is in the carbonates and 20% in the 
organic products? 


Answer 

The main isotopic component of carbon is **C. Therefore x and (1— x) are 0.2 and 0.8, 
respectively. This gives 0.2 x (—25%o) + 0.8 x 0%o = —5%o. The average composition of the 
sediments is therefore —5%o. 


Mixing in acorrelation diagram of two isotope ratios obeys the equations already developed for 
radiogenic isotopes. Let the two elements whose isotopes are under study be A and B. 
Remember that ifthe (C4 /Cg) ratio is constant for the two components of the mixture, the mix- 
ture is represented bya straight line. Ifthe two ratios are different, the mixture is represented by 
a hyperbola whose direction ofconcavity is determined by the concentration ratios of A and B. 


7.4 The paleothermometer 


In some sense, paleothermometry is to stable isotopes what geochronometry is to radio- 
genic isotopes, bothan exampleand a symbol. 


7.4.1 The carbonate thermometer 


Anexample of this field ofresearch has become a legend of sorts. In 1947, Harold Urey (1934 
Nobel Prize winner for his discovery of deuterium, the hydrogen isotope 7H) and 
Bigeleisen and Mayer published two theoretical papers in which they calculated isotope 
fractionation occurring in a series of chemical equilibria. In 1951, while professor at 
Chicago University, Urey and his co-workers used his method of calculation to determine 
the isotope equilibrium of carbonate ions Cor and water (HO) and calculated the isoto- 
pic fractionation that must affect the '8O and '°O oxygen isotopes whose common natural 
abundances are 0.205% and 99.756%, respectively. The (30/ MO} ccctasentyel COMO) ie 
ratio must bea function of the temperature at which the two species are in equilibrium. The 
variations Urey predicted were small but could be measured, after converting the CO; 
into CO; gas, on the double-collection mass spectrometer already developed by Alfred 
Nier and his students at the University of Minnesota atthetime.This fractionation was mea- 
sured experimentally by Urey’s team with the special involvement of Samuel Epstein, who 
was to become one of the big names in the speciality. Together, they developed the simple 
thermometric equation (in fact, the original coefficients were slightly different): 


Te =16 5445 (80, = Sito) +0.13 (80, - Sto) 
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where 7<c is the temperature in degrees centigrade, and 6 Goi the isotope composition of 
the CO; extracted from the carbonate, which is expressed by a deviation from the reference 
carbonate sample:” 


(180/'S0) -(180/"0) 


18 CO), carbonateX COz, standard 3 
6.6, = 2 - 10? , 


189 /'°O 
Or) 





COz, standard 


The standard chosen is a reference limestone known as PDB. The Chicago team decided to 
use its carbonate thermometer to measure geological temperatures. To do this, they chosea 
common, robust fossil, the rostrum (the front spike on the shell) ofa cephalopod known as 
a belemnite that lived in the Jurassic (—150 Ma) and was similar to present-day squids. 
Suppose that in the course of geological time, the isotopic composition of oxygen in sea 
water had remained constant at 5'*O = 0.Then the '80/'°O oxygen isotopic composition of 
the carbonate of the fossils reflects the temperature of the sea water in which the shell 
formed. This isotope composition became fixed when the carbonate was incorporated as 
calcite crystals in the fossil shells (as solid-phase reactions at low temperature are very slow, 
there is little chance that the composition was altered by secondary processes). By measur- 
ing the isotope composition of fossils, it is possible to determine the temperature of the 
ancient seas. To confirm this idea, the Chicago team therefore measured a series of belem- 
nite rostra from various geographic areas and of different stratigraphic ages (Figure 7.10). 

The results, first announced in preliminary form at the 1950 annual meeting of the 
Geological Society of America were spectacular and immediately claimed the attention of 
the entire geological community. Let us summarizethem. 

At the scale of the planet, for the Jurassic, when belemnites lived, isotope temperature 
obtained varied from 12 to 18 °C. These are likely and coherent temperatures; likely because 
other paleoecological indicators are in agreement with them, coherent because variations over 
time in various measurements in various parts of the world concord. Thus it has been deter- 
mined that the maximum temperature was in the Late Cretaceous, using samples from a single 
area (Sweden, Britain) or samples including fossils collected from North America and Europe. 

Encouraged by these worldwide results, the Chicago scientists set about dissecting indi- 
vidual rostra. Each rostrum is made up ofconcentric layers which are evidence of belemnite 
annual growth. Layer-by-layer analysis revealed regularly alternating temperatures. There 
were therefore summers and winters at the time! They even managed to show that one parti- 
cular individual was born in the fall and died in springtime! 


Exercise 


The standard chosen for oxygen is SMOW (5780 = 0). McCrea and Epstein’s simplified thermo- 
metric equation is: 


Tc = 16.54.3666. 


° This is an important detail. It is not the isotopic composition of the CO} that is measured but that of the 
CO in equilibrium with the carbonate! 
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Figure 7.10 Study of a Jurassic belemnite rostrum. (a) A famous figure of a cross-section through a 
Jurassic belemnite rostrum. Samples were taken a different radial distances (S, summer; W, winter; 
numbers of rings are counted from the outside). (b) Values of 5"3C and below 57°0 converted directly 
into temperature. The curve shows that the belemnite was born in the fall and died in spring! After Urey 
et al. (1951). 


The precision of measurement of oxygen isotope composition is 0.1 ind units. What is the 
power of resolution in temperature of the isotope method defined by Urey? 


Answer 

Differentiating the formula above gives AT=4.3 Ad. So the precision is 0.43 °C. One 
might envisage further increasing the precision when making measurements with the 
mass spectrometer to attain 0.01%, but this raises a geochemical problem: what do 
the tiny differences revealed signify? We shall get some inkling of an answer in what 
follows. 
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This exceptional scientific success story opened the way to a new geological discipline, 
paleothermometry, or the study of past temperatures on a precise scientific basis, which gave 
tremendous impetus to paleoclimatology. It also encouraged researchers to forge ahead. If 
stable isotopes of oxygen had yielded such significant results in their first application in geol- 
ogy, it could be hoped that the examination of other problems, other properties, and other ele- 
ments would be equally successful. This hope gave rise to the work that founded stable isotope 
geochemistry. However, the Chicago team’s paleothermometer was based on the assumption 
that dea water = 0 has been constant throughout geological times. As we shall see, this hypoth- 
esis probably holds over the average for millions of years but not on the scale of thousands of 
years which is the timescale of the Quaternary era (Epstein etal., 1953; Epstein, 1959). 


7.4.2 The *80/*°O isotope composition of silicates 
and high-temperature thermometry 


It is relatively easy to measure the isotopic composition of oxygen in carbonates since CO; 
reacts with phosphoric acid to transform into CO», which can be measured directly in 
double-collector mass spectrometers. It is far more difficult to extract oxygen from silicate 
minerals. This means using fluorine gas or even the gas BrF; and then transforming the 
oxygen into CO, by burning. Of course, all such processes should be performed with no 
isotopic fractionation or well-controlled fractionation! These techniques were developed 
at the California Institute of Technology by Hugh Taylor and Sam Epstein in the late 1960s 
(Epstein and Taylor, 1967). 

Measuring the oxygen isotope composition of silicate minerals reveals systematic 
variations with the type of mineral and the type of rock to which the mineral belongs. 
These compositions can be characterized by measuring isotope fractionation between 
minerals. Now, one of the great features of isotopes is that isotope fractionation is very largely 
independent of pressure and dependent mainly on temperature. Variations in volume asso- 
ciated with exchange reactions are virtually zero. Therefore isotope equilibrium reactions 
are very useful for determining the temperatures at which natural mineral associations 
formed. Indeed avaries with temperature and tends towards unity at very high temperatures. 
As we have said, the variation of awithT takes the form: 

C A 
Ina=B+ 7 + 7: 
The form of this equation is preserved for a and 6. Between two minerals m, and m3 in 
equilibrium: 


Ammo = om, = bm, ow A(10° r) +B = 1000 In Qs 


The term 1/7 is generally negligible. Oxygen isotopes are especially useful here. Oxygen 
is the most abundant element in silicates and the 'SO and '°O isotopes fractionate in 
nature in proportions that can be easily measured by mass spectrometry. Experimental 
studies conducted mostly by the Chicago University group under Robert Clayton and 


'© Tables usually give absolute temperatures so degrees must be converted from Celsius to Kelvin. 
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Table 7.1 Isotope fractionation for mineral—water pairs 








Mineral Temperature (°C) A B 
Calcite(CO3Ca) 0-500 2.78 —2.89 
Dolomite 300-500 3.20 —15 
Quartz 200-500 3.38 —2.90 
Quartz 500-800 410 —37 
Alkali feldspar 350-800 3139 —37 
Plagioclase 500-800 3.13 —37 
Anorthite 500-800 2.09 —3.7 
Muscovite 500-800 19 — 3.10 
Magnetite (reversed slope) 0-500 1.47 3.70 








Table 7.2 Results of *80 isotope thermometry based on *80/*°0 
fractionation of mineral pairs 








Pair A B 

Quartz-—albite 0.97 0 
Quartz—anorthite 2.01 0 
Quartz—diopside 2.08 0 
Quartz—magnetite 5.57 0 
Quartz—muscovite 2.20 — 0.6 
Diopside—magnetite 5.57 0 





Source: After O’Neil (1986) modified by Bottinga and Javoy (1975). 


Jim O’Neil and supplemented by theoretical work of Yan Bottinga and Marc Javoy at the 
Institut de Physique du Globe in Paris have provided a series of reliable values for coefficients 
Aand B(see O’Neil and Clayton, 1964; Bottinga and Javoy, 1975; Javoy, 1977). 

In the experimental procedure, the isotope fractionation between minerals and 
water is measured first. This is a convenient method as isotope equilibration is attained quite 
rapidly at about 80-100 °C. The fractionation between minerals is then calculated. 

Tables 7.1 and 7.2 show the values of coefficients A and Bfor various mineral—water equili- 
bria (we shall see the intrinsic importance of such fractionation later) and then for fractio- 
nation between pairs of minerals. 


Exercise 


What is the 5*°O composition of a muscovite in equilibrium with water at 600 °C whose 5 = —10? 


Answer 
The A is written: 


i, 
19(10° 3] 3.1=-0.6 


where A = 6 musc — Owater: 
From this we obtain 6d musc = —10.6. 
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Figure 7.11 Isotope fractionation curves for water and some minerals as a function of temperature 
(7, or 10°/T*). Notice that the curve should theoretically converge to zero. The error is the result 
of experimental uncertainty. After O’Neil (1986). 


These are shown in Figure 7.11 in two ways: as a function of temperature (°C) and asa function 
of 10°/T because the fractionations are linear. We plot 1000 Ina, that is A, on the ordinates, 
which means we can calculate A\ater =O mineral — O water directly. Notice that fractionation 
cancels itself out at high temperatures. On the experimental curves, this convergence seems 
to occur at less than A = 0, but this effect is probably due to experimental errors. That would 
mean that minerals and water were of the same composition at high temperatures. 


Exercise 


Water with dwater = —10 and rock (composed of several minerals) with an initial 6 value of 
6(0)rock = +6 are put together. If we mix 100g of rock and 110g of water and heat them to 
high temperature (500 °C in an autoclave) for which we take a zero overall A value, what will 
be the composition of the rock and water after the experiment, given that the rock contains 
50% oxygen and 90% water? 


Answer 
Owater oes Orock = —4.29. 


So having the values A and B for several minerals, we can calculate fractionation between 
mineral pairs foreach temperature: 
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Am, m), — Am, water Am, water: 
Letus take the case of quartz—muscovite between 500 and 800 °C: 


Aguartz—muse = 2.20- 10°/T° — 0.6. 


We can set about geological thermometry using these various pairs of minerals. Having 
measured A,,,_m,, we return to the established formula and calculate T- 

In this way, the temperatures of various metamorphic zones have been determined. But, 
ofcourse, much as with concordance ofagesby various methods, we must make sure the var- 
ious pairs of minerals yield the same temperature. 

Marc Javoy, Serge Fourcade, and the present author, at the Institut de Physique du Globe 
in Paris, came up with a graphical discussion method: after choosing a reference mineral, 
we write foreach mineral: 


A quartz—mineral —-B= A/T’. 


Inaplotof A — Bagainst A, the various minerals ofa rock in isotopic equilibrium are aligned 
ona straight line through the origin whose slope (1/T”) gives the temperature at which they 
formed (Figure 7.12). Ifthe points are not aligned, the rock is not in equilibrium and the tem- 
perature cannot be determined. It was thus possibleto draw upa table ofthe thermal domains 
where the main rocks were formed (Figure 7.13). These findings are consistent with indirect 
evidence from mineral synthesis experiments and metamorphic zoneography. 


Exercise 


The 5780 values of the minerals of a metamorphic rock are: quartz +14.8, magnetite +5. 


(1) Calculate the equilibrium temperature of quartz—magnetite. 
(2) Calculate the 5780 of an aqueous fluid in equilibrium with the rock. 


Answer 


(i) 48ieG: 
(2) 4122, 








Figure 7.12 Javoy’s method of determining paleotemperatures, used here for San Marcos gabbro. P, 
plagioclase; Hb, hornblende; Px, pyroxene; Mg, magnetite; A and B are defined in the text. 
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Figure 7.13 Isotope temperature of different metamorphic grades determined from pairs of minerals. 
After Garlick and Epstein (1967). 


7.4.3 Paleothermometry of intracrystalline isotopic 
order/disorder 


After the paleothermometry of silicate rocks, one might legitimately ask with hindsight 
why the same approach was not adopted for low-temperature paleothermometry and 
why several minerals were not used instead of calcite alone to break free of the hypothesis 
ofa constant 6 value for sea water? In fact, research was conducted along these lines and, 
for this, the isotopic fractionation between water and calcium phosphate and water and 
silica was measured since these minerals are commonplace in marine sediments and in 
particular in fish teeth for phosphates and diatoms for silica. Unfortunately, as 
Figure 7.14 shows, while the fractionations are different for the three minerals (CaCO3, 
CaPOx,, and SiO3), their variations with temperature are parallel. They may therefore not 
be used two-by-two to eliminate the unknown factor which is the isotopic composition 
of sea water! 

A new method has very recently emerged to eliminate the unknown quantity of the isoto- 
pic composition of ancient water. It was developed by the new team around John Eiler at 
the California Institute of Technology. It is based on isotopic fractionations existing within 
a single molecular species among the different varieties of isotope (see Ghosh et al., 
2006b). Let us take the carbonate ion CO; as an example. This ion comprises num- 
erous isotopic varieties: PCO" OO; “C"O"O "0, "C°O"0"O...<4 PC°O"O"°O 
BCl6Q!°O8O, . . ., etc. These are what are called isotopologs (see Section 7.2.1). Table 7.3 
provides an inventory and gives their mean proportions in the “ordinary” carbonate ion. 
Each is characterized by a different molecular mass. 
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Figure 7.14 Fractionation for **0/*°O for various minerals with water. The curve shows clearly that 
they are parallel. After Longinelli and Nutti (1973); Labeyrie (1974). 


In a calcium carbonate crystal, thermodynamic equilibria in the sense of Urey occur 
among the various isotopic species. Keeping to the most abundant varieties, we can write 
the equilibrium: 


ae Oo 8 +4 POO, S Pero oO, +4 Mera... 


masses: (61) (62) (63) (60). 


The equilibrium constant depends on temperature. The lower thetemperature, themore the 
reaction favors the right-hand members, that is the members with the heavy isotopes ofcar- 
bon and oxygen (the most advantaged would be °C'80'8O'80, but as its abundance is 
94 ppt, itcan barely be measured). In fact, thisreaction maybe considered an order/disorder 
reaction. The lower the temperature, the greater the ordering (light species with light, 
heavy species with heavy). The higher the temperature, the more disordered the assembly 
and the equilibrium constant tends towards unity. 

Itisa smart idea to use these equilibria within the calcite crystal, but there is a major dif- 
ficultyin practice. Calcium carbonate isotopic compositions cannot be measured directly 
inthelaboratory (they maybe measurable one day with instruments for in situ isotope ana- 
lysis, but for the time being they are not precise enough). To measure the isotopic 
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Table 7.3 Isotopologs 








Mass Abundance 
CO, 
"OP CO 44 98.40% 
a Opa Oe 6) 45 1.10% 
HOME"O 45 730 ppm 
“Oreo 46 0.40% 
"OPC"O 46 8.19 ppm 
"OFC'O 46 135 ppm 
“OC 47 45 ppm 
"Ore 47 1.5 ppm 
"Orc? 47 1.5 ppm 
BOPCBO 48 4.1 ppm 
"o®c®o 48 16.7 ppm 
HOP CEO 49 46 ppb 
CO; 
ECO" OO 60 98.20% 
BoMO*o"O 61 1.10% 
ae ws eS. 61 0.11% 
§Cro "Oo 62 0.60% 
SCO oO 62 12 ppm 
ECV OVO" oO 62 405 ppb 
BCBOOK’O 63 67 ppm 
EOVOrO"O 63 4.4 ppm 
BONO" OO 63 4.54 ppb 
2O"o"o"o 63 50 ppt 
#C¥o"O"O 64 12 ppm 
BC’980!O 64 50 ppb 
2c’o"08O 64 828 ppt 
BoVQ"O"'O 64 0.5 ppt 
“CForo"o 65 138 ppb 
ee a Oe, 65 4.5 ppb 
BCIONOBO 65 9 ppt 
2OBOBOIBG 66 8 ppb 
BONO" OF 66 51 ppt 
BORG OPO 67 94 ppt 





composition of CO. radicals they are transformed into CO, molecules bya reaction with 
phosphoric acid. 

The breakthrough by the Caltech team was to have developed a technique for extracting 
carbonate isotope varieties and transforming them into clearly identifiable CO, molecules 
and in particular for distinguishing °C'80'°O (mass = 47), C'°O'*O (mass = 44), 
®C'80'6O (mass = 46), and '°C'O'°O (mass = 45) and showing they reflect the propor 
tions of CO;- molecules (by adding '°O to each). To do this, they defined the unit Ay 
between the ratios measured for masses 47 and 44: 

x 10°. 


Agr = |(47/44)gampte ~ (47/44) 


sample bea 
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Figure 7.15 (a) Calibration of the isotopic order/disorder thermometer with the corresponding 
formula. (b) Uplift of the Andes reconstructed by the isotopic order/disorder chemometer. After 
Ghosh et al. (2006). 
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The reference (47/44) is the ratio that would pertain if the isotopic distribution among the 
varieties of isotopes were purely random. They established the fractionation curve (Ay, asa 
function oftemperature). 

The temperature can therefore be determined from a measurement of Ag. The exact 
formula (between 0 and 50 °C) is: 


Agz = 0.0592 - 10°T-? — 0.02. 


Precision is estimated to be £2 °C. 

An interesting application of this method has been to determine the rate of uplift of 
the Bolivian Altiplano. Samples of carbonates contained in soil were taken from the 
plateau but of different ages and dated by other methods. The temperature at which these 
carbonates formed was then calculated. As the curve of temperature variation with altitude 
in the Andes is known, the curve of altitude versus time could be determined (Figure 7.15). 


Exercise 


Do you think this isotopic order/disorder method could apply to SiO, at low temperature 
(diatoms)? Write the equivalent equation to that written for carbonate. What would the 
isotopic parameter be? Do you see any practical difficulty in this? 


Answer 
Yes, in principle. The order/disorder equilibrium equation would be: 


WSO), Aue si22014o e530 si22020O Aes Si*°O> 
mass : (62) (62) (64) (60) 


Aga = |(64/60) — (64/60) x 10? (or 10* as necessary). 


sample eae 


The difficulty is that with the present-day method, Si is measured in the form of SiF, on the 
one hand, oxygen being extracted on the other hand. To apply the method, direct measure- 
ment by an in situ method in the form of SiOz would be required. This will probably be feasible 
in the future with ion probes or laser beam ionization. 


7.5 The isotope cycle of water 


Let us return to the water cycle mentioned at the beginning of this chapter. On Earth, it is 
dominated by the following factors. 


(1) The existence of four reservoirs. A series of exchanges among the ocean, the ice caps, 
fresh water, and the atmosphere make up the water cycle. It is another dynamic system. 
The reservoirs are of very different dimensions: the ocean (1370 million km), the ice 
caps (29 million km’), river water and lakes (0.002 12 million km?). The transit time of 
water in each reservoir varies roughly inversely with its size, each reservoir playing an 
important geochemical role. Thus the quantity of water that evaporates and precipitates 
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is 500 million km? per thousand years, or more than one-quarter of the volume of 
the oceans.'! 

(2) The ocean—atmosphere hydrological cycle. Water evaporates from the ocean and 
atmospheric water vapor forms clouds that migrate and may occasionally produce 
rain. Thus salt water is changed into fresh water and transferred from tropical to polar 
regions and from the ocean to the landmasses. The hydrological cycle has a double 
effect. Clouds move from low to high latitudes and also from the ocean to the continents. 
The fresh water that falls as rain over the landmasses re-evaporates in part, runs offor 
seeps in, thus forming the freshwater reservoir which ultimately flows back to the ocean. 

(3) The polar regions.When precipitation from clouds occurs in polar regions, weno longer 
have rain but snow. The snow accumulates and changes into ice forming the polar ice 
caps. These ice caps flow (like mountain glaciers, but more slowly) and eventually 
break up in the ocean as icebergs and mix with the ocean. 


Thewhole of water circulation on the planet and the various stages of the cycle havebeen stu- 
died in terms of isotopes. We have seen, when examining theoretical aspects, that when 
water and water vapor are in equilibrium, oxygen and hydrogen isotope fractionation are 
associated. This double pair of isotopes has allowed us to construct quantitative models of 
water circulation. However, the problems raised by these studies are notas simpleas the the- 
oretical study suggested. 


7.5.1 Isotope fractionation of clouds and precipitation 


Acloudis composed of water droplets in equilibrium with water vapor. Water vapor and dro- 
plets are in isotopic equilibrium. All of this comes, of course, from water which initially 
evaporated. 

Let us take acloud near the equator and follow it as it moves to higher latitudes. The cloud 
is enriched as a whole in 'O relative to sea water, as we have seen, and so has a negative 6 
value. As it moves it discharges some of its water as rainfall. The rainwater is enriched in the 
heavy isotope, and so the cloud becomes increasingly enriched in the light isotope. The pre- 
cipitation is increasingly rich in light isotopes, which effect is offset in part by the fact that 
the fractionation factor varies with 1/7: Aswe move away from the equator, itcan be seen sta- 
tistically that the precipitation has increasingly negative 5'*O values (Figure 7.16). 

As clouds undergo genuine distillation, by progressively losing their substance, their iso- 
tope composition obeys a Rayleigh law, but a “super law” because as they move polewards, 
the temperature falls, the fractionation factor also increases and distillation becomes increas- 
ingly effective (Figure 7.17), somuch so that at the poles the d'°O values are extremely negative. 

We observe geographical zoning for which the 6'°O value and mean air temperature can 
be related (Epstein etal., 1965; Dansgaard and Tauber, 1969) (Figure 7.18). 

The general cycle of clouds is repeated at local scale, when clouds move over landmasses 
and progressively shed their water. Thus, fresh water has negative 6 values. This phenomenon 
has been studied using the paired tracers '80/'°O and D/H. Harmon Craig of the Scripps 
Institution of the University of California showed that rain and snow precipitation and the 
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Figure 7.16 Fractionation of 5°80 in a cloud as a function of Rayleigh distillation. The cloud forms at the 
equator and moves to higher latitudes, losing water. The fractionation factor varies with temperature. 
Modified after Dansgaard (1964). 


composition of glaciers lie on what is known as the meteoric water line: 5D = 8 x 6'°O + 10 
in the (SD, 6'°O) diagram (Figure 7.3). The slope of value 8 corresponds to an equilibrium 
fractionation between the water and its vapor at around 20°C. We have good grounds 
to think, then, that precipitation occurs in conditions of equilibrium. It was thought in early 
studies of the water cycle that evaporation was also statistically an equilibrium phenomenon. 
In fact, this isnot so. Evaporation, which is a kinetic phenomenon in isotopic terms, leads to 
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Figure 7.17 Study of *80/7°0 fractionation. Liquid—-vapor fractionation of HO for *80/7°O and D/Has a 
function of temperature. Notice that the scales are different. After Jouzel (1986). 
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Figure 7.18 Variation of the *80/*°0 ratio in rainwater and snow with latitude and so with temperature. 
After Dansgaard (1964). 


'80 contents of vapor that are much lower than they would be in equilibrium. But depend- 
ing on the climate, kinetic evaporation may or may not be followed by partial isotope 
re-equilibration which means the vapor composition does not lie on the straight line 
of precipitation. The same is true, of course, of surface sea water, which forms the residue 
of evaporation. Its '5O0 composition is variable and depends on the relative extent of 
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Figure 7.19 Relations between 6*80 and salinity. (a) Theoretical relation. P, precipitation; E, evaporation. 
(b) Various measurements for the North Atlantic. NADW, North Atlantic Deep Water. After Craig (1965). 


evaporation and of precipitation (which are substantial over the ocean) and of the input of 
fresh water. These variations are particularly sensitive in the North Atlantic (Epstein and 
Mayeda, 1953). We visualize the variations and the influence of the various phenomena that 
causes them in a (680, S%o) plot, where S%ois the salinity of sea water (Figure 7.19). As can 
be seen, there is avery close correlation between the two. All of this shows that this is a well- 
understood field of research. 


EXAMPLE 


Precipitation in North America 


This is a map of SD and 5"*0 for precipitation in North America (Figure 7.20). From what has 
just been said about the effect of isotope distillation of clouds, the pattern of rainfall over 
North America is described. The main source of rainfall comes from the Gulf of Mexico with 
clouds moving northwards and becoming distilled. This distribution is modified by several 
factors. First, the relief, which means the clouds penetrate further up the Mississippi valley 
but discharge sooner over the Appalachian Mountains in the east and the Rocky Mountains in 
the west. Other rain comes in from the Atlantic, of course, so the distribution is asymmetrical. 
Conversely rain from the Pacific is confined to the coast and moves inland little, so the lines 
are more tightly packed to the west. 











Exercise 


From the information given since the beginning of this chapter, use theoretical considerations 
to establish Craig’s equation: 


Ovo = +8,6p +10. 
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Figure 7.20 Distribution of *80/*°O and D/H in rainfall in North America. The *80/*°0 ratios are in 
brackets. After Taylor (1974). 


Answer 
Clouds obey a Rayleigh law: 


Op ~] Odo sp 10? (ap = 1) Inf 


do i~] 01800 + 10? (ao = mB) Inf. 


This simplifies to: 
6n-Or0 (2 = *) 
6185 — 91850 ao —1/)° 


At 20°C, as seen in the previous problem, ap =1.0850 and aso © 1.0098, hence: 





ity, ~ 8. 
Q18> -—1 
We therefore have the slope. The ordinate at the origin seems more difficult to model because 
for vapor formed at 20°C, dp.o — 86189.9 = —6.8 whereas we should find 10. We shall not go 
into the explanation of this difference, which is a highly complex problem, as shown by Jean 
Jouzel of the French Atomic Energy Commission. The different aspects of the hydrological 
cycle, including kinetic effects during evaporation, play a part. 


7.5.2 Juvenile water 


Itis well known thatin the water cycle, there is an input from hot water from the depths ofthe 
Earth. It was long thought that this hot water was the gradual degassing of water trapped by 
the Earth when it first formed, as with the primitive ocean. If this were so, this water would 
progressively increase the volume of the hydrosphere. Water from deep beneath the surface 
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Figure 7.21 Correlation diagram for (780/790, D/H) in geothermal waters. They form horizontal lines 
cutting the meteoric straight line at the point corresponding to local rainwater. This is interpreted by 
saying that water has exchanged its oxygen isotopically with the rock but the hydrogen of water does 
not change because it is an infinite hydrogen isotope reservoir compared with rocks that are relatively 
poor in hydrogen. After Craig (1963). 


is still referred to as juvenile water. Harmon Craig (he again) studied geothermal water to 
determine the isotope composition of any juvenile water. He showed that the 6 values of 
geothermal waters from the same source can be plotted on a (6D, 6'%O) diagram on straight 
lines pretty well parallel to the 5'*O axis and which cut the straight line of precipitation cor- 
responding to the composition of rainwater for the region. And so the composition of 
geothermal water can be explained by the evolution of meteoric water via isotope exchange 
of oxygen with the country rock. There is no need to invoke juvenile water from the mantle 
to explain these isotope compositions (Figure 7.21). 

As these relations are systematic for all the geothermal regions studied, Craig concluded 
that the input of juvenile water into the current water cycle is negligible and that geothermal 
waters are only recycled surface water. The same goes for water from volcanoes. This 
hypothesis has been confirmed by more elaborate studies of variations in the isotope com- 
position of geothermal water over time. In many cases, it has been shown that variations 
tracked those observed in the same place for rainwater, witha time lag corresponding to the 
transit time which varied from months toyears.'” 





Iceland’s geysers 


In some instances, such as the geysers of Iceland, the straight line of (6D, 6°*%0) correlation is 
not horizontal but has a positive slope (Figure 7.22). 


2 A spa water company signed a research contract with a Parisian professor to study the isotopic 
composition of the water it sold to prove it was “juvenile” water, a name whose advertising value can 
be well imagined. As the studies showed the water was not juvenile, the company terminated the 
contract and demanded that the results should not be published! 
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Figure 7.22 Correlation diagram for (*80/*°O, D/H) in acidic geothermal waters and geysers. The diagram 
is identical to the previous one except that these are acidic geothermal waters with a high sulfate content 
whose pH is close to 3 and for which the correlated enrichment in D and *°0 results mostly from more 
rapid evaporation of light molecules with kinetic fractionation into the bargain. After Craig (1963). 


Suppose we begin with rainwater of local composition and that this water undergoes 
distillation by evaporating. Then: 


Op yy Oop = 103 (ap = 1) Inf. 
é "Ow d"0,0 + 10°(a"0=1) Inf. 


Eliminating In f gives: 


5n—-S0n  _ (an—1 
6130 —6130,0 Aao-1 , 





We know that at 100°C, for water—vapor fractionation, ap =1.028 and 6°°0 =1.005. The 
slope corresponds to 5.6, a lower value than that of equilibrium fractionation (8). The effect is 
therefore a combination between exchange and distillation. 

In fact, in nature, isotopic compositions of geothermal water or vapor are combinations 
between Rayleigh distillation and the water—rock oxygen isotope exchange, between kinetic 
fractionation and equilibrium fractionation. A horizontal slope indicates that isotope 
exchange has been possible and so the transit time is long. When the slope is identical to 
that of the Rayleigh law, the transit time has been short. 








7.6 Oxygen isotopes in igneous processes 


Examination shows that the '80/'°O isotope composition of unaltered rock of deep origin, 
whether ocean basalts or ultrabasic rocks, is extraordinarily constant at 5°0=+455 
(Figure 7.23). This value is analogous to the mean value of meteorites. It has therefore been 
agreed that this value is the reference value for the mantle. When taking stock of measure- 
ments on basic or acid, volcanic or plutonic igneous rocks, the results are found to divide 
between: 
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Figure 7.23 Values of 5°80 in rocks and minerals. After Taylor (1974). 


e igneousrockswithad'“O value greater than 5.5; 


e igneous rocks withad'“O valueless than 5.5, and some with negative values. 


These two trends correspond to two types of phenomena affecting igneous rocks: contami- 
nation by crustal rocks and postsolidus exchanges with hydrothermal fluids. 


7.6.1 Contamination phenomena 


These phenomena are classified under two types: those involving mixing at the magma 
source where melting affected both acidic and basic metamorphic rocks, and those 
where contamination occurred when the magma was emplaced. The latter process, 
known as assimilation, obeys a mechanism already accounted for by Bowen (1928). 
Mineral crystallization in a magma chamber releases latent heat of crystallization. 
This latent heat melts rock around the edges of the magma chamber leading to their 


assimilation. 
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m|L=myf CpAT, 


where Lis thelatent heat, m | the mass of crystals precipitating per unit time, m7 the mass of 
rockassimilated, Cp the specific heat ofthe surrounding rocks, and AT the temperature dif- 
ference between the wall rock and the magma. If we can write m| =kM, thenkML=m\| 
Cp AT therefore: 


my\ kL 
M) \CpAT] 
The magma is contaminated isotopically too by the mixing law: 


(5'°O) yy = (6'°O) magma(! — x) + (6'°0) 


country rock (x) 


with x= (m |/M), because the oxygen contents of the country rock and the magma are 
almost identical. This was shown by Hugh Taylor (1968) of the California Institute of 
Technology (see also Taylor, 1979). 


Exercise 


What is the 5720 value of a basaltic magma whose 6'80 =0 and which assimilates 1%, 5%, 
and 10% of the country rock whose 5*°O = +20? 








Answer 
Assimilation 
1% 5% 10% 
5480 5.64 6.22 6.95 





The contamination effect therefore increases the 5'°O value because sedimentary and 
metamorphic rocks have positive 5°%O values. An interesting approach to studying the 
contamination of magmas by continental crust is to cross the studies of oxygen isotopes 
with those of strontium isotopes. The (O-Sr) isotope diagram can be calculated quite simply 
because it is assumed that the oxygen content is analogous in the different rocks. The mixing 
diagram depends only on the Sr contents of the two components of the mixture. Figure 7.24 is 
the theoretical mixing diagram. 

Such combined studies have been made of volcanic rocks of the Japan arcs and the 
Peninsular Range batholith in California (Figure 7.25). 


Exercise 


A basaltic magma is emplaced and assimilates 1%, 5%, and 10% of the country rock. The 6*°O 
values are those of the previous exercise. The ®’Sr/®°Sr values are 0.703 for the magma and 
0.730 for the country rock. The Sr content of the magma is 350 ppm and that of the country 
rock is 100 ppm. Calculate the isotopic compositions of the mixture and plot the (6°°0, 
876r/*°Sr) diagram. 
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Figure 7.24 Theoretical O-Sr isotope mixing plots. The x values show the proportion of country rock 
relative to the magma. The Stmagma/Stcountry rock Parameter varies from 5 to 0.1. M, magma; C, crust. 


After James (1981). 
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Figure 7.25 Example of an O-Sr isotope correlation diagram showing the Japan arcs and batholith 
granites in California. After Ito and Stern (1985). 


Answer 
The 6*°0 values have already been given. 





Assimilation 





1% 5% 10% 





87or/®6sr_ «0.70308 ~—s0.7034_~—s«0«.703. 94 





It is left to the reader to plot the diagram. 
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7.6.2 Water—rock interaction 


As we have said, isotope memory is retained if no exchange occurs after crystallization. 
When this is not the case, secondary isotopic disturbances can be turned to account. Hugh 
Taylor and his students observed when examining various granite massifs or hydrothermal 
mineral deposits that the '*O/!°O isotope compositions had been disrupted after their 
initial crystallization by water—rock exchanges. The calibration made on water—mineral 
fractionation was therefore turned directly to account. 

Whereas the 6'°O values of minerals and rocks of deep origin are generally positive 
(between +5 and +8), these rocks had negative 5'80 values of —6 to —7. In the same cases, 
relative fractionation as can be observed between minerals, such as quartz—potassium 
feldspar fractionation, was reversed. Taylor remembered Craig’s results on thermal waters 
and postulated that, rather than observing the waters, he was observing rock with which 
the waters had swapped isotopes. From that point, he was able to show that the emplace- 
ment of granite plutons, especially those with associated mineral deposits, involves intense 
fluid circulation in the surrounding rock. Ofcourse, the existence of such fluids was already 
known because they give rise to veins of aplite and quartz pegmatite and they engender cer- 
tain forms of mineralization around granites, but their full importance was not 
understood. 

Inaclosed system, we can write the mass balance equation: 


W gw dow + Rg dor = Wgydw+ Rg, Or 


where Wis the mass of water and R the mass of rock, g,, is the proportion of oxygen in 
the water and g, the proportion of oxygen in the rock, doy and 6o,z are the initial 
compositions of water and rock, and dwand 6p are the final compositions thereof. 


Ww (=) (72-4 ) 
R gw) \Oow —Ow/’ 


since dwand dbz are related by fractionation reactions djy=6 pr — A. This gives: 


zr (=)( Or —Oor ) St 395 
R &w/ \Oo,w — (6x — A) 8w ~ 


Indeed, g, = 0.45 and g,, = 0.89.We estimate do, p from the nature ofthe rock and the catalog 
of sound rock (close to +5), and we estimate A by calibrating and estimating temperature 
by fractionation among minerals. This temperature can be compared with the temperature 
obtained by the heat budget. 

Acalculation may be made, for example, fora feldspar with6'°O = +8 andd w8o = —16 
at various temperatures (Figure 7.26a). It shows that in a closed system, the W/R ratios may 
be extremely variable. 
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Figure 7.26 Variation ind“°O composition and (5D, 5*°0) correlation diagram. (a) The variation in the 5*8O 
composition of a feldspar with an initial composition 6 = +18 is calculated as a function of (W/R) for 
various temperatures, with the initial composition of water being 6 = —16. (b) It is assumed the altered 
rocks are represented by the blue area in the (6D, 5780) diagram. We can try to determine the initial 
composition of the fluid by assuming, as a first approximation, that the 6D values of the rock and water 
are almost identical. The intersection between the horizontal and the (6D, 5*°0) correlation diagram of 
rainwater gives the value of water involved in alteration. Reconstructed from several of Taylor’s papers. 


Exercise 


What is the W/R ratio of a hydrothermal system supposedly working in a closed system at 
400 °C? 

The initial 5*°0 value of feldspar is +8, that of the water determined by the meteoric 
straight line is 5o, w= —20. The Ageidspar-water fractionation factor is 3.13 x 10° T * — 3.7. The 
5°0 of feldspar is measured as 5g=—2. 


Answer 
The fractionation factor A = 3.13 - 10°/(673)? — 3.7 = 3.21 = dg — dw(W/R) = 0.34. 
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Exercise 


Let us now suppose the W/R ratio = 5, that is, there is much more water. All else being equal, 
what will be the 570 value of the feldspar measured? 





Answer 
6490 =-14.54. 


The process described in the previous exercise involves a double exchange and itis either the 
water or the rock that influences the isotopic composition of the other depending on the 
WIR ratio. 

Allowing for the point that A varies with temperature, a whole range of scenarios can be 
generated. 


Exercise 


Let us pick up from where we left off in the previous exercise. Imagine an exchange between 
sea water and oceanic crust whose do,2= +5.5. The exchange occurs at W/R= 0.2. What will 
the isotope composition of the water and rock be? 


Answer 
At high temperature A = 0; maintaining g,/gw =0.5 gives brock = +3.64 and Owater = +3.64. 


Exercise 


Let us imagine now that the water is driven out of the deep rock and rises to the surface and 
cools to, say, 200 °C. It attains equilibrium with the country rock and its minerals. If the rock 
contains feldspar, what will the isotope composition of the feldspar be? 


Answer 
At 100°C, Afeldspar-water = 10. Therefore the feldspar of the rock will have a 6 value of 
13.92++414. 


It can be seen from the water cycle in the previous exercise that hydrothermal circulation 
reduces the 6 value of deep rocks and increases the 6 value of surface rocks. (This is what is 
observed in ophiolite massifs.) 


7.7 Paleothermometry and the water cycle: 
paleoclimatology 


We have just seen how hydrothermalism can be studied by combining information on the 
isotope cycle of water and that of isotope fractionation. We are going to see how these two 
effects combine to give fundamental information on the evolution of our planet and its cli- 
mate. After the initial impetus from Cesare Emiliani at Miami University and Sam 
Epstein atthe California Institute of Technology, Europeanteams have been the moreactive 
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ones in this field: for sediment paleothermometry, the teams from Cambridge and Gif-sur- 
Yvette; for glacial records, those from Copenhagen, Berne, Grenoble, and Saclay. 


7.7.1 The two paleoclimatic records: sediments and polar ice 


Carbonate paleoclimatology 
In order to use oxygen isotopes as a thermometer, we must, strictly, know the 6'°O values of 
two compounds in equilibrium: water and carbonate. The formula established by Urey and 
his team for the carbonate thermometer draws on 6, an andé oO Ina first approach, the 
Chicago team had considered that 5H,0, thatis the 6 ofsea water, was constant over geologi- 
cal time and therefore that the d Cac6) measurement gave paleotemperatures directly. The dis- 
covery of extreme 6'%O values for Antarctic ice challenged this postulate. If the amount of 
Antarctic ice lost every year into the ocean varies, the 5'8O value of the ocean must vary 
too, since this ice may have 6'O values as low as —50. In this case, the hypothesis of constant 
6H2O is untenable and it seems that temperatures cannot be calculated simply. On the other 
hand, ifthe dissolution of Antarctic ice in the ocean varies in volume, this phenomenon must 
berelated to climate and therefore, to some extent, must reflect the average global temperature. 
The first idea developed by Emiliani in 1955 was therefore to measure the 5'*O values of 
carbonate foraminifera in Quaternary sediment cores for which (glacial and interglacial) 
climatic fluctuations have long been known Variations in isotope composition are observed 
(Figure 7.27) and seem to be modulated by glacial and interglacial cycles and more 
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Figure 7.27 The first isotope determination using 6*°O of Quaternary paleotemperatures by Emiliani 
(1955) compared with glacial—interglacial divisions by Ericson. (Globorotalia menardi is a foraminifer.) 
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Figure 7.28 Variation in 5780 in samples of two species of foraminifer. Top: a pelagic (ocean surface) 
species. Bottom: a benthic (ocean floor) species. Modified after Duplessy et al. (1970). 


specifically to follow the theoretical predictions of the Yugoslav astronomer Milankovitch. 
Are these variations a direct effect of temperature on (carbonate—water) fractionation or 
are they the effect of '8O dilution by polar ice? The question remained unanswered. 

The formula: 


Toc = 16.9 - 4.2(8¢x00, ~ Sus0) + 9-13 (Sesco, - oat), 


shows us that that two effects work in the same direction. When 7 increases, 
(6CaCO;3—6H,0) fractionation decreases and sO ora: decreases if 6H2O remains 
constant. If, with constant local A fractionation, ee ,0 decreases for want of polar ice then 
be also declines. Nick Shackleton of the University of Cambridge suggested that the 
89/6 variations measured in forams were the result of fluctuations in the volume of 
polar ice, aclimate-related phenomenon. 

Jean-Claude Duplessy and his colleagues in the Centre National de la Recherche 
Scientifique (CNRS) at Gif-sur-Yvette had the idea of comparing 6'°O fluctuations of 
surface-living (pelagic) foraminifera and bottom-dwelling (benthic) foraminifera. It is 
known that the temperature of the deep ocean varies little around +4 °C. 

In conducting their study they realized that 5'%O fluctuations of pelagic and benthic spe- 
cies were very similar (Figure 7.28). At most, extremely close scrutiny reveals an additional 
fluctuation of 2%oin thed'°O of pelagic species, whereas no great difference appears for the 
same comparison with 65°C. This means, then, that the 6'°O variations in foraminifera 
reflect just as much variation in the 6 value of sea water as variations in local temperature. 
The signal recorded is therefore meaningful for the global climate (Emiliani, 1972). 

In fact, more recent studies have confirmed that, for pelagic species, some 50% of the sig- 
nal reflects a Urey-type local temperature effect (remember that when temperature rises 
5'80 falls), above all in the temperate zones, and 50% the effect of melting of the polar ice 
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caps. For benthic species, the dominant factor is the isotopic fluctuation of the ocean as 
Shackleton (1967b) had surmised. In addition, Duplessy’s group and Shackleton estab- 
lished that an additional isotope fractionation occurred which was characteristic of each 
species of foraminifera studied. But those “vital effects” were calibrated and so isotopic 
measurements on different species could be made consistent with each other. 


Exercise 


We have just seen that the 6*°0 variation of foraminifera was mostly due to 6*°O variation 
because of melting ice. Let us look more closely at the quantitative influence of melting polar 
ice ond**0. Imagine an intense glacial period when the sea level falls by 120 m. What would 
be the volume of polar ice and the 57°0 value of sea water? 


Answer 

The ocean surface area is 3.61 - 10° km*. The volume of the ocean is 1370 - 10° km?. The 
volume of present-day polar ice is 29 - 10° km’. If the sea level is 120 m lower, 46 - 10° km? 
has been stored in the ice caps, corresponding to a mass fraction of the hydrosphere of 3.3%. 
The polar ice caps were 1.6—2 times larger than today. 

If we take the 62°0 value of ice as —50%o, then —50%o x 0.033 = —1.65%o. There is indeed a 
difference in 5780 of this order of magnitude between glacial and interglacial periods. Notice 
that, as with radiogenic isotopes, these effects could not be detected if we did not have a very 
precise method for measuring 6*°0. 


Glaciers 

Another interesting application of this fractionation was begun on glaciers independently 
by Samuel Epstein of the California Institute of Technology and (more systematically and 
continuously) by Willi Dansgaard of Copenhagen University. When a core of polar glacier 
ice is taken, it has layers of stratified ice which can be dated by patient stratigraphy and var- 
ious radiochronological methods. Now, the study of these ice strata reveals variations in 
5'°O and 5D (Dansgaard, 1964; Epstein et al., 1965; Dansgaard and Tanber, 1969) 
(Figures 7.29 and 7.30). 

For a single region such variations are analogous and mean the sequence of one glacier 
can be matched with the sequence of a neighboring glacier. An isotope stratigraphy of 
glaciers can be defined. We can venture an interpretation of these facts in two ways. 
Either we accept that the origin of precipitation has varied over recent geological time 
and we then have a way of determining variations in the meteorological cycle of the past. 
Or we consider that the fractionation factor has varied and therefore the temperature has 
varied. 

Research by Dansgaard and his team on the ice first of Greenland and then of 
Antarctica showed that the temperature effect is predominant. By simultaneously 
measuring isotope composition and temperature, he showed that the 6'*O and 6D 
correlation did indeed correspond to this effect. Moreover, the qualitative rule is the 
reverse of the carbonate rule: when the temperature rises, both 50 and 6D increase, 
because fractionation diminishes with temperature; but the 6 values are negative and so 
move closer to zero (Figure 7.31). Asimple empirical ruleis that whenever the temperature 
rises by 1°C, 5'°O increases by 0.7%o 
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Figure 7.29 Comparison of 6°3C and 6780 fluctuations in a pelagic (blue circles) and a benthic (white 
circles) species of foraminifer from the Antarctic Ocean. The 67°C variation (above) is represented to 
show there is a shift for 5180 (below) but not for 573C. 


We can investigate why 6 as fluctuation is very important for foraminifera and why it is 
the local temperature effect that dominates with ice. Because isotope fractionation at very 
low temperatures becomes very large and dominates isotope fluctuation related to the 
water cycle. But we shall see that this assertion must be qualified. Modern studies of isotope 
fluctuations of glaciers use a combination of both effects, local temperatures and isotopic 
changes in the water cycle, as for foraminifera, but with different relative weightings. 


7.7.2 Systematic isotope paleoclimatology of the Quaternary 
We have just seen there are two ways of recording past temperatures. 


(1) Oneisbased on 6'*O analysis of fossil shells in sedimentary series (marine and continen- 
talcores). 
(2) The other uses 6'%O analysis ofaccumulated layers oficein the ice caps. 


Both these methods have progressively converged to allow very precise studies of climatic 
fluctuations in the Quaternary and more especially for the last million years. Nick 
Shackleton and Willi Dansgaard shared the Crafoord Prize in recognition of their comple- 
mentary achievement. Each method has its limits, and it is only gradually that we have been 
able to compare and use both types ofrecords ina complementary way to decipher climatic 
variations that have affected our planet over the last million years and which consist in alter- 
nating glacial and warmer interglacial periods. 
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Figure 7.30 Variations in 5°80 and 5D with depth in an Antarctic glacier. Summers (5S) can be 
distinguished from winters. (Caution! dD is in percent!) After Epstein and Sharp (1967). 
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Figure 7.31 Relationship between temperature, 5*°O, and 6D in snowfall at the poles. After Lorius and 
Merlivat (1977) and Johnsen et al. (1989). 
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Core sampling (sequential records) 

Cores of marine sediments can be taken from all latitudes and longitudes (in the ocean and 
from continents and lakes); however, two conditions restrict their use. First, sedimentation 
must have occurred above the “carbonate compensation depth” for there to be any measur- 
able fossil tests left. And second, sedimentation must have been very rapid to provide a 
record with good time resolution. Sedimentary cores have no time limits other than the life- 
span of the ocean floor. Quaternary, Tertiary, and Secondary cores can be studied up to 
120 Ma, which is the age of the oldest remnants of oceanic crust that have not been swal- 
lowed up by subduction (ancient cores are compacted and transformed into hard rocks and 
so time resolution is not as good). 

For ice caps, the first problem is, ofcourse, their limited geographical and temporal extent. 
Geographically, records are primarily from the glaciers of Antarctica and Greenland. 
Mountain glaciers have also recorded climatic events but over much shorter time-spans.'* 

Ice caps are limited in time. For a long time, the longest core was one from Vostok 
in Antarctica covering 420 000 years. A new core of EPICA has been drilled and covers 
700 000 years. Cores from the big mountain glaciers go back a mere 2000 years or so. For 
both types of record — sediments and ice — precise, absolute dating is essential, but here 
again many difficulties arise. Especially because as research advances and as studies 
become ever more refined for ever smaller time-spans, the need for precision increases con- 
stantly. There is scope for '4C dating and radioactive disequilibrium methods on sedimen- 
tary cores, but their precision leaves something to be desired. Useful cross-checking can be 
done with paleomagnetism and well-calibrated paleontological methods. In turn, the oxy- 
gen isotopes ofa well-dated core can beused to date the levels of other cores. Thus, gradually, 
amore or less reliable chronology is established, which must be constantly improved. Dating 
is difficult on ice caps except for the most recent periods where annual layers can be counted. 
Methods based on radioactive isotopes such as 4C Be 2¢CI, 8’Kr, and >’Arare used, but 
they are extremely difficult to implement both analytically (ice is avery pure material!) and in 
terms of reliability. Switzerland’s Hans Oeschger (and his team) is associated with the devel- 
opment of these intricate techniques for dating ice, which, despite their limitations, have 
brought about decisive advances in deciphering the ice record (Oeschger, 1982). 

These clarifications should make it understandable that establishing time sequences of 
records isa difficult and lengthy job that is constantly being improved. All reasoning should 
make allowance for this. 


Deciphering sedimentary series and the triumph of Milankovitch’s theory 
Between 1920 and 1930, the Yugoslav mathematician and astronomer Milutin 
Milankovitch developed a theory to account for the ice ages that had already been identi- 
fied by Quaternary geologists (see Milankovitch, 1941). These periods were thought to 
be colder. The polar ice extended far to the south and mountain glaciers were more exten- 
sive too (Figure 7.32). Alpine glaciers stretched down as far as Lyon in France. These 
glacial traces can be identified from striated rock blocks forming what are known as 
moraines. 


8 They have been used by Lony Thompson of Ohio State University for careful study of recent tempera- 
ture fluctuations (see his 1991 review paper). 
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Figure 7.32 Worldwide distribution of ice in glacial and interglacial times. 


Milankovitch’s theory gave rise to vehement controversy (as vehement as that over 
Wegener’s theory of continental drift'*). And yet this vision of the pioneers of the 1920s was 
largely accurate. Thisis not the place to set out this theory in full. Itcan be found in textbooks 
on paleoclimatology, for example, Bradley (1999). However, we shall outline the main prin- 
ciples and the terms to clarify what we have to say aboutit. 

The Earth’s axis of rotation is not perpendicular to its plane of rotation around the Sun. It 
deviates from it by 23° on average. But the axis of this deviation rotates around the vertical 
over a period of 23 000 years. A further movement is superimposed on these, which is the 
fluctuation of the angle of deviation between 21.8° and 24.4°. The period of this fluctuation 
is 41 000 years. The first of these phenomena is termed precession, the second is obliquity. 
A third phenomenon is the variation in the ellipiticity of the Earth’s orbit, with a period 
of 95 000 years. These three phenomena arise from the influence on the Earth of the 
Sun, Jupiter, and the other planets and the tides. They not only combine but are 


'4 Wegener had been the first, with his father-in-law Képpen, to suggest an astronomical explanation for 
the ice ages before becoming an ardent defender of Milankovitch. 
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Figure 7.33 The principle of Milankovitch’s theory. (a) The three parameters that change: eccentricity of 
the orbit, obliquity, and precession. (b) Variations in the three parameters calculated by astronomical 
methods with their Fourier spectrum on the right. (c) Variation in the sunlight curves in June and 
December with latitude, calculated by the theory. 
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superimposed, leading to complex phenomena. Thus, at present, the Earth is closest to the 
Sun on 21 December, but the Earth’s axis is aligned away from the Sun, and so, in all, the 
northern hemisphere receives little sunlight. It is winter there, but other conjunctions 
also occur. Thus we can calculate the sunshine received during the year at various lati- 
tudes. Celestial mechanics mean such calculations can be made precisely (see Figure 7.33 
for a simplified summary). As Milankovitch understood, if little sunshine reaches the 
Earth at high latitudes in summer the winter ice will remain, the white surface will reflect 
solar radiation, and the cooling effect willbe amplified. This is a good starting point for cli- 
matic cooling. 

What should be remembered is that when we break down the complex signal of sunlight 
received by the Earth using Fourier analysis methods (that is, when we identify the sine- 
wave frequencies that are superimposed to make up the signal) we find peaks at 21 000, 
41000, and 95000 years. When we conducta similar Fourier decomposition ford'%O values 
recorded by foraminifera in sedimentary series, we find the same three frequencies 
(Figure 7.34). 

The 6'°O variations reflect those of the Earth’s temperatures. This finding confirms 
Milankovitch’s theory (at least as a first approximation) and so fully bears out the early 
studies of Emiliani. In complete agreement with the theory, the sedimentary series also 
showed that climatic variations were very marked at the poles (several tens of degrees), 
very low in the intertropical zone, and intermediate in the temperate zones (of the order 
of +5 °C). 

Figures 7.35 and 7.36 giveafairlycomplete summaryof the essential isotopic observations 
made from sedimentary cores. 

The sedimentary core record (Figure 7.35) also shows in detail how the temperature var- 
iations evolved. Cooling is slow, followed by sudden warming. Finer fluctuations are 
superimposed on these trends but their frequencies match those of the Milankovitch 
cycles. 


Confirmation of Milankovitch cycles by Antarctic isotope records 

It was some considerable time before Milankovitch cycles were confirmedin the ice records, 
for two reasons. There were no ice cores long enough and so covering a long enough time- 
span and the dating methods were tooimprecise. 

It was only after the famous Vostok core from Antarctica was studied by the Franco- 
Russian team that evidence of Milankovitch cycles was found in the ice record. But the core 
yielded much more than that: it allowed climatic variations to be correlated with variations 
ofother parameters: 


e dust content: it was realized that during ice ages there was much more dust and therefore 
more wind than during interglacial periods. 

e greenhouse gas (CO, and CH,) content in air bubbles trapped in the ice — when the tem- 
perature increases there is an increase in CO; (in the absence of human activity!). 


This last question on the debate about the influence of human activity on the greenhouse 
effect and so on climate is a fundamental one. Which increased first, temperature or CO, 
levels? It is a difficult problem to solve because temperature is measured by 6D in ice 
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Figure 7.34 Fourier spectrum of paleotemperatures using oxygen isotopes. 
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Figure 7.35 Records of 5"°O in foraminifera and the synthetic reference curve. (a) Record of 5°80 for 
benthic foraminifera at three sites: site 552 —56° N, 23° Win the North Atlantic; site 607 — 41° N, 33° W 
in the mid Atlantic; site 667 — 1° N, 84° W in the equatorial Pacific. Correlation between the three cores 
is excellent. (b) Synthetic reference curve produced by tuning, which consists in defining the timescale 
so that the Fourier decomposition frequencies of the 5°80 values of the cores match the astronomical 
frequencies from Milankovitch’s theory. The period is then subdivided into isotopic stages. The odd 
stages are warm periods and the even stages (shaded) glacial periods. (Notice that the interglacials 
correspond to increased 6*°O values and fluctuations are just a few per mill.) After various compilations 
from Bradley (1999). 


Gu Paleoclimatology 





5180 atm (%c) 


moo 
ouol 


uv 
oO 
Na (ppb) 








100 000 200000 300000 400000 

















> 2805 ul a 
O'2 240F\ haw | Mil A 4 g 
Ya F Pag fy’ lind as 
S200 PEMM Nin AB 
ib von AW a4 8% 
+s 700F, oie Wi VA awd Wt A 72 E 
= # S00 e 
Yes | i} ae os 
4 ee O58 
= 0.0 
: 058 
22 1.06 
3 tn 0 
oo & 
wn 1 1 
£ 


100000 200000 300000 400000 
Age (years BC) 


Figure 7.36 Various parameters recorded in the Vostok ice core. After Jouzel et a/. (1987) and Petit et al. 
(1999). 


whereas CO; is measured from its inclusion in ice. Now, gaseous inclusions are formed 
by the compacting of ice and continue to equilibrate with the atmosphere, that is, the air 
samples are younger than theice that entraps them (Figure 7.37). 

We need, then, to be able to measure the temperature of inclusions directly and com- 
pare it with the temperature measured from the 6D value of the ice. A method has been 
developed by Severinghaus et al. (2003) for measuring the temperature of fluid inclusions 
using *°Ar/*°Ar and °N/'4N isotope fractionation. After stringent calibration, the teams 
at the Institut Simon-Laplace at Versailles University and at the Scripps Institution of 
Oceanography (La Jolla, California) managed to show that the increase in CO lags 
behind the increase in temperature by 800 years (Figure 7.38) and not the other way 
round as asserted by the traditional greenhouse-effect model (Severinghaus et al., 1999; 
Caillon et al., 2003). Now, we know that CO; solubility in sea water declines as tempera- 
ture rises and that the characteristic time for renewal of the ocean water is 1000 years. 
The first phase of temperature increase followed by the increase in CO;, with a lag of 
800 years, can be readily understood, then, if we invoke the lag because of the thermal 
inertia of the ocean. There may also be some feedback of the CO; effect on temperature. 
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Figure 7.37 As ice is compacted, the air trapped is younger than the snow. 
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Figure 7.38 Records of 5*°Ar and CO, from the Vostok core after shifting the CO2 curve 800 years 
backwards. After Caillon et a/. (2003). 


Exercise 


Argon and nitrogen isotope fractionations are caused by gravitational fractionation in the ice 
over the poles. Using what has been shown for liquid—vapor isotope fractionation, find the 
formula explaining this new isotope thermometer. 


Answer 
If we write the fractionation: 
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a= Cm Ke) 
. Cm, P(2) 
Z 
Ina =InPm, —InPm, =Am = 


From the approximation formulae we have already met: 


aoa x (Am £2) 
1000 RT. 
with g=10ms *, T=200K, for z=10m, and R=2. 

This gives Ad =0.25 for nitrogen and Ad = 1.1 for argon. Once again, extremely precise 
methods for measuring isotope ratios had to be developed. 


Greenland and Antarctica records compared and the complexity of climatic 
determinants 

Although studies of Greenland ice cores pre-dated that of the Vostok core by far, it was only 
after the Vostok core had been deciphered that the signification of the Greenland cores was 
fully understood by contrast (Figure 7.39). It was observed that the record of the oxygen and 
hydrogen isotopes at Vostok was much simpler than in Greenland and that the 
Milankovitch cycles were clearly recorded. 

Things are more complex in Greenland because sudden climatic events are superim- 
posed on the Milankovitch cycles. The first well-documented event is a recurrent cold per- 
iod at the time of transition from the last ice age to the Holocene reported by Dansgaard’s 
team in 1989. While some 12 800 years ago a climate comparable to that of today set in, it 
was interrupted 11 000 years ago by a cold episode that was to last about 1000 years and 
which is known as the Younger Dryas. This event was found some years later in the sedimen- 
tary record of the North Atlantic. 

Generalizing on this discovery, Dansgaard used oxygen isotopes to show that the glacial 
period was interrupted by warm periods that began suddenly and ended more gradually. 
These events, of the order ofa few thousand years, correspond to a 4—5%o change in the 6'°O 
value of the ice and so to a temperature variation of about 7 °C. Dansgaard’s team reported 
24 instances of this type of D—O episode, as they are called (D is for Dansgaard and O is for 
Oeschger), between 12 000 and 110 000 years ago. They have been detected in the sedimentary 
records of the North Atlantic and as far south as the intertropical zone. Cross-referencing 
between sedimentary cores and polar ice cores has proved so instructive that both types of 
record continue to be used to analyze one and the same event. 

A second series of events was read this time from the sedimentary records. These were 
brief events characterized by the discharge of glaciers as far as the Azores. There are 34 of 
these H events (see Heinrich, 1988) during the last glacial period and nothing comparable 
has been identified in the ice of Greenland. The relationship between D—O and H events is 
unclear, but whatis clear is that they are not identical happenings. 

What compounds the mystery is that these brief events are recorded very faintly in 
Antarctica, with atime lag. There are therefore one or more mechanisms governing climate 
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Figure 7.39 Comparison of records from the Antarctic and Greenland. Vostok and Byrd are two stations 
in the Antarctic; Grip is a borehole in Greenland. Notice that the two CH, (methane) peaks are quite 
comparable in both hemispheres, which is evidence that chemically the atmosphere is broadly 
homogeneous. By contrast, the 6°°O (and SD) records are very different. Greenland is the site of 
many sudden climatic events that have been numbered, which events are not seen in Antarctica. 
After Petit et a/. (1999). 


that are superimposed on the Milankovitch cycles.Why are these events more readily detect- 
able in the northern hemisphere? One of the big differences between the two hemispheres is 
the asymmetrical distribution of landmasses and oceans (Figure 7.40). This is probably an 
important factor, but how does it operate? We don’t know. This qualitative asymmetry is 
compounded bya further asymmetry. Itseems thatthe transitions between glacial and inter- 
glacial periods occur 400-500 years earlier in the Antarctic. Once again, there is as yet no 
clear and definite explanation for this. 


Exercise 


When thed **0 values of foraminiferan shells are analyzed for glacial and interglacial periods, 
variations are of 1.5%o for cores from the intertropical zone but of 3%o for cores from the 
temperate zones. How can you account for this phenomenon? 
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Figure 7.40 Distribution of landmasses and continents by latitude. The difference between northern 
and southern hemispheres is clearly visible. 


Answer 

Temperature variations between glacial and interglacial periods are very large at the poles, 
very low in the intertropical zone, and intermediate in the temperate zones. The variation of 
1.5%o for the intertropical zone is caused by the melting of ice. It must therefore be considered 
that the additional variation of 1.5%o of the temperate zones is due to a local temperature 
effect. Applying the Urey—Epstein formula of the carbonate thermometer 


Tc = 16.3—4.3(A6) /0.13(A5)? 


gives AT~4.3 Ad. This corresponds to 5—6 °C, the type of temperature difference one would 
expect in the temperate zone between a glacial and interglacial period. 


Very recently, the ice record has been extended to 700 000 years thanks tothe core drilled 
by an international consortium in Antarctica at the EPICA site. As Figure 7.41 shows, this 
facilitates comparison between sedimentary and ice records. New data can be expected 
shortly. 


7.8 The combined use of stable isotopes and radiogenic 
isotopes and the construction of a global geodynamic 
system 

Climate is a complex phenomenon with multiple parameters. Temperature, of course, is a car- 
dinal parameter, but the distribution of rainfall, vegetation, mountain glaciers, and winds 


are essential factors too. Oxygen and deuterium isotopes provide vitalinformation abouttem- 
peratures and the volume of the polar ice caps. The °C/C isotopes are more difficult to 
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Figure 7.41 Comparisons of (a) insolation and sedimentary (c) and glacial (b, d) records at the EPICA site. 
After the EPICA Community (2004). 


interpret butyield useful pointers, for example, about the type of vegetation (C3/C, plants) and 
its extent. But such information, which should in principle enable us to construct a biogeo- 
chemical picture, is still very difficult to decipher and has been oversimplified in the past. 

The use of long-lived radiogenic isotopes has a similar objective, namely to determine 
how climatic fluctuations are reflected in the planet’s erosional system. Erosion is a funda- 
mental surface process. It is what changes volcanoes or mountain ranges into plains and 
peneplains. The end products of erosion are of two types. Some chemical elements are dis- 
solved as simple or complex ions, while others remain in the solid state. The former are 
transported in solution, the latter as particles. Whichever state they are in, they are carried 
by rivers down to the oceans where they form sea water in one case and sediments in the 
other. The radiogenic isotope ratios are preserved throughout these erosion and transport 
processes. They are then mixed in the ocean, either as solutions in sea water or as particles 
in sediments. The erosion sites have characteristic radiogenic isotope signatures which dis- 
tinguish old landmasses, young continents, and volcanic products of mantle origin. Theiso- 
topic compositions of the mixture that makes up sea water thus reflect the proportion ofthe 
various sources involved in the erosion processes. 
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7.8.1 Strontium in the ocean 


A first example isthe ®’Sr/*°Sr isotopic composition of present-day sea water. The *’Sr/*°Sr 
ratio is 0.709 17 and is identical whichever ocean is considered. Where does the Sr come 
from? Obviously from the erosion of landmasses and subaerial or submarine volcanic activ- 
ity. Measurement of the isotopic composition of Sr dissolved in rivers yields a mean value of 
0.712 + 0.001. The mean isotopic composition of the various volcanic sources (mid-ocean 
ridges, island volcanoes, and subduction zones) lies between 0.7030 and 0.7035 (depending 
on the relative importance attributed to the various sources). From the mass balance 
equation: 


(se) (se) " (=) (1—x) 
<= =| x = — x). 
86 86 . 86 

Sr sea water Sr continental rivers Sr volcanic input 


The fraction from continental rivers corresponds to 66% +2% of the Sr in sea water. 
(Notice this fraction x reflects the mass of chemically eroded continent modulated by the 
corresponding absolute concentration of Sr.) 








Me Ce 
x= oO. fa cn en 
Me Ce + my Cy 


where 71, is the mass of continent eroded chemically per unit time, 77, is the mass of volca- 
noes eroded chemically per unit time, and C, and Cy are the Sr contents of rivers flowing 
from continents and of volcanoes, respectively. 

We can go a little further in this breakdown. The isotopic composition of Sr in rivers is 
itself a mixture of the erosion of silicates of the continental crust, whose mean isotopic 
composition we have seen is 8’Sr/*°Sr ~ 0.724 + 0.003," and the erosion of limestones, 
which are very rich in Sr and are the isotopic record of the Sr of ancient oceans. For rea- 
sons we shall be in a better position to understand a little later on, the mean composition 
of these ancient limestones is *’Sr/®°Sr =0.708+0.001. The mass balance can be 
written: 


(se) (se) j (=) 1% 
= Jy oc. — WV); 
OSE rivers ast limestones . Sr silicates 


which means that limestones make up 71% of the Srcarried to the ocean in solution from the 
continents. Therefore, all told, the Sr of sea water is made up of 49.5% from reworked lime- 
stone, of 16.5% from the silicate fraction of landmasses, and of 34% from volcanic rock of 
mantle origin. Of course, these figures must not be taken too strictly. The true values may 
vary alittle from these, but not the relative orders ofmagnitude. 

The *’Sr/*°Sr isotopic composition of present-day marine carbonates is identical to that 
of sea water in all the oceans. It is assumed, then, that the *’Sr/*°Sr isotopic compositions 
measured on more ancient limestones were identical to those of the oceans from which they 
precipitated (Figure 7.42). 








'S Corresponding to the mean value of detrital particles transported by rivers. 
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Figure 7.42 The determining factors of the isotope composition of strontium in sea water. The strontium 
in the ocean comes from alteration of the continents and volcanic arcs. Hydrothermal circulation along 
the ridges also injects strontium into sea water. Limestones reflect the isotopic composition of the ocean 
at the time they formed. They are recycled either by erosion or by inclusion in the mantle. 


These isotopic compositions have been studied and are found to have varied in the past. 
The curve of variation of strontium in the course of the Cenozoic has been drawn up with 
particular care (Figure 7.43). 

Itshows thatthe *’Sr/*°Sr ratio was lower 65 Ma ago thanitis todayand remained roughly 
constant from 65 Ma to 40 Ma, from which date it began to rise, at varying rates, up to the 
present-day value.Why did these variations occur? 

Returning to our fundamental mass balance equation, we must conclude that the growth 
in the ocean’s °’Sr/*°Sr ratio since 40 Ma can be attributed to a variation in the relative 
input oferosion from the landmasses or the input from the mantle, or both. Initially, a fierce 
conflict opposed proponents of the growth of continental input with mantle input suppo- 
sedly remaining constant and their adversaries who thought that it was the mantle input 
that had varied along with the intensity of erosion. For the former, the predominant phe- 
nomenon was the uplift of the Himalayas after India collided with Asia 40 Ma ago (Raymo 
and Ruddiman, 1992). For the latter, the essential variation was in the activity of mid-ocean 
ridges in the form of the hydrothermal circulation occurring there (Berner et a/., 1983). 
Now, it was once thought that the total activity of the mid-ocean ridges had varied over geo- 
logical time and in particular had declined since 40 Ma ago. We no longer think this. The 
idea today is that both changes are concomitant. The increased erosion because of the uplift 
of the Himalayas is consistent with reduced input from the mantle, which derives mostly 
from erosion of subduction zone volcanoes. Such erosion has been partially slowed by the 
disappearance ofa significant source which was swallowed up in the Himalayan collision. 
All in all, then, it is the formation of the Himalayas that explains the °’Sr/®°Sr curve as 
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Figure 7.43 Curve of evolution of the ®’Sr/®°Sr ratio in sea water in Tertiary times (Cenozoic). 


suggested by the former Columbia team (Raymo and Ruddiman, 1992) and John Edmond 
(1992) from MIT independently. 

Regardless of any causal explanations, the curveis nowadays used to date Cenozoiclime- 
stones. This is known as Sr stratigraphic dating. The idea is straightforward enough. Since 
the curve is identical for all the oceans, it is an absolute marker. As the variation in the 
87§r/®°Sr curve is all one way, the measurement of an *’Sr/*°Sr ratio for any limestone can 
be used to determine its age from the curve. As can be seen, this clock is effective from 0 to 
40 Ma, but barely beyond that as the curve flattens out. The precision achieved for an age is 
t 1 Ma. This is a useful coupling with micropaleontological techniques. 

But, ofcourse, what everyone wants to know is why the °’Sr/*°Sr ratio curve in limestones 
is identical whichever the ocean? The answer is that the residence time of Sr in the ocean is 
very much greater than its mixing time and soit has time to homogenize on a global scale. 
This will be explained in the next chapter. 

The second question relates to climate. As it is observed that 5'%O increased through- 
out the Cenozoic, corresponding to a general cooling, what relation is there between 
tectonic activity and climate? This is a fundamental question to which there is as yet no 
clear answer. 


Exercise 


There are two inputs to the isotope composition of continental rivers: one from silicates and one 
from carbonates, in the proportions of 75% from carbonates and 25% from silicates, with average 
isotope ratios of (°’Sr/*°Sr)<iticates = 0.708 for carbonates and (°’Sr/*°Sr)imestone = 0.724 for 





| 426 | Stable isotope geochemistry 





silicates. Suppose that carbonate recycling falls to 70%. How much will the Sr content of sea 
water vary assuming that the Sr content of rivers remains the same (which is unrealistic, of 
course)? 


Answer 

In the current situation, the Sr isotope ratio of rivers is 0.712 with 75% carbonate and 25% 
silicate. Recycled limestone has a Sr isotope composition of about 0.708 while that of silicates 
is 0.724. The composition for rivers with the new proportions becomes 0.7128, which gives a 
value of 0.709 52 for sea water. The recycling of limestone is clearly an important parameter, 
then. 


Exercise 


Assuming the isotope different compositions and inputs remain constant and the flow from 
volcanic sources remains the same, by how much does the Sr flow from rivers have to vary to 
change the ocean values from 0.708 to 0.709? 


Answer 
The calculation is the same as before: 


AR Ax 


7 Sx 


Therefore AF/F = +0.49. So the flow from rivers must increase by 50%. 


7.8.2 |Isotopic variations of neodymium in the course 
of glacial-interglacial cycles 


As with Sr, the isotopic variations of Nd are related to long-period radioactivity. When 
isotopic variations are measured in Quaternary sedimentary cores, these variations can be 
attributed to differences in origin alone. The in situ decay of '*’Sm in the core has virtually 
noinfluence. The fundamental difference between the behavior of Srand of Ndinthe ocean 
is that Sr, having a long residence time (1 or 2 Ma), is isotopically homogeneous on the scale 
of the world’s oceans whereas Nd, having a shorter residence time (500-2000 years), 
varies isotopically between oceans and even within oceans. For example, the eng 
value today averages — 12 for the Atlantic Ocean, —3 for the Pacific, and —7 for the Indian 
Ocean. These variations are interpreted by admitting that the Nd of sea water is a mixture 
between a volcanic source coming from subduction zones (¢ ~ 0 to + 6) and a continental 
source (¢ +—12 + 2). The eng value varies depending on the degree of volcanic activity in the 
region relative to continental input (see Goldstein and Hemming, 2003). 

Study ofa Quaternary core from the Indian Ocean, south of the Himalayas, has allowed 
the Paris laboratory (Gourlan et al/., 2007) to highlight an interesting phenomenon. The 
sedimentary coreis mostly carbonated (more than 70% carbonate). By appropriate chemi- 
cal treatment, it is possible to extract the Nd of ancient sea water trapped in the small coat- 
ings of Mn surrounding foraminifers. Isotopic analysis of the Nd shows that enq varies 
from —7.5 to —10.5 and that the variations follow the pattern of '%0/!°O fluctuation 
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corresponding tothe glacial—interglacial pattern. Thereis an excellent (inverse) correlation 
between dO and eng (Figure 7.44). 

South of the Bay of Bengal, the mixture of outflow from Indonesia and the input from the 
Rivers Ganga— Brahmaputra (but also the Irrawaddy and the Salween rivers) homogenizes 
the values ofsea water ofaboute + —6 +1. 

So we can suppose that in the Bay of Bengal the fluctuation during glacial—interglacial 
alternation corresponds to the fluctuation in the impact from the Ganga—Brahmaputra 
Rivers from the Himalayas. Those variations are linked with variations in intensity of the 
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Figure 7.44 Variation in the isotopic composition of neodymium in sea water expressed as enq in a 
predominantly calcareous marine sedimentary core from the Ninety East Ridge in the Indian Ocean, 
representing the last 800ka. Top: the curve of 5°°O variations allowing comparison of climatic 
fluctuations. Bottom: isotopic composition of the detrital fraction. (a) Oxygen isotopes compared 


with ena variations. (b) Enlargement before 2 Ma. (c) Oxygen-neodymium maxima and minima 
correlations. 
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monsoon and the existence of large glaciers during glacial periods in the high Himalayas. 
Monsoons are weaker during glacial times and glaciers accumulate snow and then stop (or 
strongly reduce) the river runoff. 


Exercise 


Calculate the relative input of the Ganges—Brahmaputra (GB) Rivers between interglacial and 
glacial if we suppose that <8 = —12 and <ecean — _6. The measured ratios of concentration 
are €nq=—10 during interglacials and eyqg=—7.5 during glacials, the concentration of Nd in 
river and ocean staying the same during all periods. 


Answer 
We applied the mixing formula. Notating concentration as Cyg and the masses as m, we have: 


measured __ _GB ocean 
End =EnaX ena (LX) 


mass of fresh water - Ciiver 


as = x . 
mass ocean - Cea" + mass of fresh water - Che" 





With a little manipulation 


ocean 
Mriver = Cna ( il ) 
Mocean Gin yet = il 





So for the ratios between interglacial (i) and glacial (g): 


i =I 
ive XE —1 = 3 IG 
& a i 
m X; 1 0.5 


river 





The river flux from the Himalayas was 6 times higher in interglacial than in glacial 
times. 

This is a simple example in a work in progress in author’s laboratory to illustrate the 
power of investigation of combining O and Nd isotopes. 


7.9 Sulfur, carbon, and nitrogen isotopes and 
biological fractionation 


We give two examples of how stable isotope geochemistry can be used in various types 
of study. 


7.9.1 A few ideas on sulfur isotope fractionation 


When we examine the *4S/*S composition of naturally occurring sulfur isotopes as a 
function of their geological characteristics, several features stand out. All sulfides asso- 
ciated with basic or ultrabasic rocks have extremely constant compositions close to 
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346/°°§ — 0.045 (6 =0), that is, largely analogous to that of sulfur in meteorites (Nielsen, 
1979). 

Sulfur mineralization in veins crossing geological structures, with a gangue of quartz, 
fluorite, or barite, have 6 values of about 0 which are very constant. It is therefore legiti- 
mate to attribute a deep origin to them or at least an origin related to deep-lying rocks. 
Cluster mineralization exhibits much more variable compositions, particularly minerali- 
zation related to sedimentary strata. Its composition may range from 6 = +22 to 6 = —52. 
This observation is tied in with the point that oxidation—reduction reactions 
Se SO, are accompanied by equilibrium isotope fractionation which, at low tem- 
peratures, is substantial (1.075 at 25°C) (Tudge and Thode, 1950). Moreover, 
oS SO, is an easy reaction at low temperature. However, reduction can only occur 
through Desulfovibrio desulfuricans bacteria. This bacterial reduction is accompanied 
by an isotopic effect that is weaker than the equilibrium reaction (a= 1.025 at 25°C) 
(Harrison and Thode, 1958). Remembering that sulfates of sea water and fresh water have 
5°S values that range from +26 to +4, we can explain the dispersion observed by assum- 
ing that the sulfides related to strata derive from bacterial reduction of sulfates, but that 
such reduction exhibits a number of variations. Sometimes reduction may involve sea 
water, sometimes groundwater circulation. Sometimes it occurs in replenished systems, 
sometimes in bounded reservoirs (Rayleigh distillation). Sometimes it is followed by iso- 
tope exchange leading to equilibrium fractionation, sometimes not. Here we find, but in 
a different context, variations in scenarios similar to what was calculated for bacterial 
reduction in sediments. 

In any event, case by case, the sulfur isotope composition, associated with metallogenic 
and geological observations, allows distinctions to be drawn between the various types of 
deposits (Figure 7.45) and then allows the potential mechanism for the origin of mineraliza- 
tion tobe limited. Generally, these data have madeit possible to assert the occurrence ofsul- 
fur mineralization of exogenous origin, which many workers had contested before, 
claiming that all mineralization derived from the depths ofthe planet through mineralizing 
fluids (Ohmoto and Rye, 1979). 

One particularly fascinating observation with sulfur isotope geochemistry relates to 
mass-independent fractionation (MIF). Such fractionation has been mentioned for 
oxygen, but it exists for sulfur too. Sulfur has four isotopes: *°S, °S,**S, and *°S. Interrestrial 
sulfur compounds variations in **S/**S ratios account for about half of **S/*"S fractiona- 
tions (0.515 tobe precise). Ifwe define A**S = (6°°S) —0.515 (6°48), this difference is generally 
zero.When measuring the isotopic composition of sulfides and sulfates of geologically var- 
ied ages, we obtain an unusual result. Between 2.30 Ga and the present day, A*S = 0. For 
samples of 2.30—2.60 Ga, A*’S varies with an amplitude of 12%o. For older samples, fluctua- 
tions are smaller but around 4%o. Samples of barium sulfate are depleted in **S (compared 
with “normal” fractionation, their A**S is negative). Sulfide samples are enriched in 25 
(their A*’S is positive). This observation cannot be easily interpreted. James Farquhar and 
his team think that there was little oxygen in the atmosphere in ancient periods. The ozone 
layer surrounding the Earth at an altitude of 30 km and which now filters the Sun’s ultravio- 
let rays did not exist. Sulfur reduction phenomena shifted sulfur from the degree of oxida- 
tion —2 (sulfide) to +6 (sulfate) via a cycle of photochemical reactions involving these 
ultraviolet rays. Now, laboratory experiments show that photochemical reactions (that 
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Figure 7.45 Distribution of sulfur isotopes in the main sulfur-bearing deposits. 


is, reactions taking place under the influence of light) produce important non-mass- 
dependent fractionations (Farquhar et al., 2007). 

This idea of oxygen being absent from the ancient atmosphere is consistent with many 
geochemical observations: the presence of detrital uranium in the form of UO; in ancient 
sedimentary series and particularly in the famous Witwatersrand deposits of South Africa. 
Uranium in its degree of oxidation +4 is insoluble whereas in the +6 form, it forms soluble 
complex ions. Today uranium is mostly in the +6 state (in solution), but in the Archean it 
was in the +4 state (as detrital minerals) . Until 2 Ga, very special rich iron deposits are 
found, known as banded hematite quartzite or banded iron formation (BIF). These are 
evidence that at that time rivers carried soluble iron in the +2 oxidation state and that it 
precipitated in the +3 oxidation state on reaching the ocean. Nowadays, surface iron is in 
the +3 oxidation state and forms insoluble compounds in soils. These iron compounds give 
tropical soils their characteristic red coloring. 

Dick Holland (1984) has long used these observations to argue that the ancient 
atmosphere was rich in CO, and N> (as are the atmospheres of Mars and Venus 
today) and that oxygen, which makes up 20% of our atmosphere today, appeared only 
2 Ga ago as a consequence of the superactivity of bacteria or of photosynthetic algae. 
The appearance of oxygen meant the end of both detrital uranium and chemical iron 
deposits, which, in fact, are not found after that period. Observations of sulfur isotope 
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Figure 7.46 A??S — (67S) — 0.515 (6°4S). The figure shows 77S variation in A*?S of sulfides and sulfates 
of various ages. 


fractionations by Thiemens’s team refine this model. They seem to indicate that the 
growth of oxygen in the atmosphere occurred very quickly, almost suddenly, between 
2.5 and 2.1 Ga and that this growth was accompanied by the progressive formation of 
the ozone layer protecting the Earth’s surface from excessive solar ultraviolet radiation 
(Figure 7.46). 


7.9.2 Carbon-nitrogen fractionation and the diet 
of early humans 


Biochemical operators fractionate carbon and nitrogen isotopes. Gradually the mechan- 
ismsand the practical rules such fractionation obeys have been determined. Thus, it was cor- 
rectly predicted that C3 plants (the first product of photosynthesis with three carbon atoms) 
(trees, wheat, and rice) fractionate differently from C4 plants (corn, grass, sugar cane). It 
has also been shown that marine plants are different again. From these observations 
Michael DeNiro of the University of California at Los Angeles studied the isotope compo- 
sition of herbivores (eating the various types of plant) and of carnivores eating those herbi- 
vores. Oddly enough, a number of regularities were preserved and turned up in the isotope 
composition of bone (in the mineral matter and also in collagen which withstood decay 
quite well). He was thus able to determine what early humans ate (Figure 7.47). Those of the 
Neolithic ate C3 plant leaves and then people later certainly began to eat corn (C4).Wheat 
does not seem to have been grown until much later. This is an example of isotope tracing 
which is developing in biology and archeology. Stable isotopes measured on bone and 
tooth remains of extinct animals can be used to answer questions about the type of meta- 
bolism of certain dinosaurs (hot or cold blooded), the diet ofextinct animals, or the effect 
of paleoclimate on the cellulose of tree rings. Once again this discipline offers consider- 
able prospects. 
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Figure 7.47 Isotopic composition of fossil plants, animals, and humans in the 6°°N and 6"°C diagram. 
After DeNiro (1987). 


7.10 The current state of stable isotope geochemistry 
and its future prospects 


As has been repeated incessantly throughout this book, developments in isotope geology 
have always tracked advances in measurement methods, which themselves are often the 
consequence of technological progress. The development of the double-collection mass 
spectrometer by Nier and his collaborators (Nier, 1947; Nier etal., 1947) made it possible to 
study the effects of very weak isotopic fractionation (oxygen, hydrogen, carbon, and sulfur) 
in carbonates, water, rock, and living matter. 

Since then technical advances have moved in three directions. The first was that of sensi- 
tivity. It has become possible to analyze isotopic fractionation on small quantities of mate- 
rial. Hugh Taylor managed to analyze D/H in rocks while Francoise Pineau and Mare 
Javoy have analyzed °C/'?C and °N/4Nin basalts. 

The second direction was that of precision. In 1950, ratios could be measured to 0.5%o. 
Now the figure is 0.05% This has madeit possible to analyze sedimentary cores with preci- 
sion and to highlight Milankovitch cycles. Robert Clayton was able to discover paired 
'79/'°O and '80/'°O fractionations of meteorites, which had many consequences for 
the study of meteorites even if the initial interpretations have been modified. Mark 
Thiemens has been able to move on from there to open up the study of mass-independent 
fractionation. 

The third advance has been the automation of analytical procedures which has enabled 
large numbers of samples to be studied both in sedimentary carbonates and in polar ice for 
O, C, and H isotopes. Climatology has gained enormously from this. 

Today two new technical advances have occurred: multicollection ICPMS and the devel- 
opment of in situ probes, ion probes, or ICPMS laser ionization. In addition, advances 


EE Problems 


in computing and electronics have brought progressive gains in precision, sensitivity, and 
measurement time for all conventional techniques, TIMS, or double-collection gas 
spectrometry. 

What will come of all this? It is probably too early to answer this question but the 
trends as perceived can be set out. The most spectacular trend is probably the rush to 
study isotopic fractionation of “non-classical” elements that are often present in terres- 
trial materials. These include some major elements (Si, Mg, Fe, or Ca) for which physi- 
cochemical fractionations have been identified and then minor light elements like B 
and Li and minor heavy elements like Cr, Cu, Zn, Cd, Se, Mo, or T] (the list is not 
exhaustive) (see the review edited by Johnson et al., 2004). It is undeniable that some 
interesting results have been obtained for the major elements Mg, Fe, Ca, and Si as well 
as for B, Li, Cu, Mo, TI, and Cl. For trace elements, no result has as yet allowed new tra- 
cers of geological phenomena to be introduced, as is the case for the isotopes of the 
major elements H, O, C, and S. Analyses are difficult, the results are often uncertain, 
and approaches are not systematic enough. These attempts have not achieved the results 
expected. The present author thinks, but this is open to question, that the most interest- 
ing processes are: 


e first in biogeochemistry. It seems that living organisms fractionate some isotopes: Ca 
for the food chain ending with shells, Si for the food chain ending with diatoms, Cu 
for cephalopods. This, combined with C, N, and S geochemistry, may be the advent 
of the famous biogeochemistry we have been waiting for since Vernadsky’s 1929 
book! 

e then, for pH conditions boron isa hope, provided the hypothesis of constant 6"'B for the 
ocean over geological time is eliminated. The degree of oxidation—reduction with the 
use of iron isotopes and molybdenum isotopes is also relevant.We shall review this if this 
book runs toanewedition! 


The other trend is illustrated by John Eiler’s program at the California Institute of 
Technology. He is trying to take advantage of the improvement in techniques of analysis of 
traditional elements to develop new and original methods, the most spectacular of which is 
intercrystalline order—disorder fractionation, which we have spoken of, but also for 
'80/'°O or D/H fractionations in high-temperature phenomena. 

The study of non-mass-dependent fractionation by Mark Thiemens’s team has 
probably still not yielded all its results but perhaps requires a more structured 
approach. 


Problems 


1 Take a cloud that evaporates at the equator with a mass Mo du,0 = 0 for D and *%0 (to 
simplify). It moves polewards and when the temperature is +10 °C loses one-third of its 
mass as rain and continues in the same direction. In the cold zone, where the temperature is 
0 °C, it loses one-third of its remaining mass. It moves on and loses another one-third of its 
remaining mass at —20 °C. When it reaches temperatures of —30 °C it loses a further one- 
third of its mass. The fractionation factors at three temperatures are given in Table 7.4 
below. 
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Table 7.4 Fractionation factors 








TCG) ap 189 

+20 1.085 1.0098 
0 1;1123 1.0117 

—20 1.1492 1.0411 





(i) Calculate the SD and 5*8O composition of the rain and snow. 
(ii) Plot the (6D, 5*8O) curve and calculate its slope. 
(iii) Plot the 3D and 5*°0 curves as a function of the remaining fraction of the cloud. 


2 Take a magma chamber whose magma has an initial 5*°O isotope composition of +5.5. Some 
30% of olivine Mg2SiO, precipitates in the chamber. Then we precipitate a eutectic mixture 
with equal proportions of olivine—pyroxene. We precipitate 30% of the remaining melt and 
then the olivine, orthopyroxene, and plagioclase mixture in equal proportions for 20% of the 
remaining melt. Given the melt-silicate partition coefficients in Table 7.5 below, calculate the 
isotope evolution of the melt and the minerals. 


Table 7.5 Partition coefficients 


Plagioclase—melt Olivine—melt Pyroxene—melt 





— 0.6% —0.2%o — 0.3%0 
a=0.9994 a= 0.9998 a= 0.9997 





3 Consider rainwater with dp = — 70%. This water penetrates into the ground and finally reaches 
a metamorphic zone where it meets a schist whose proportion relative to water is 15% and 
whose composition is O = 53.8%, Si = 33.2%, Al= 7.8%, Fe=2.8%, Ca=7.1%, Na=0.6%, 
K=1.5%, and C=1.8%. This schist contains the following minerals which equilibrate with 
water at 550 °C in a closed system. The composition of the rock is: 40% quartz, 4% magnetite, 
16% plagioclase, 15% muscovite, 20% alkali feldspar, and 5% calcite. Calculate the oxygen 
isotope compositions of the minerals and the water in the end. 


4 The CO, content of the recent atmosphere is 320 ppm, its 67°C value is —7. As a result of 
burning of coal and oil the 5*°C value has shifted from —7 to —10 in 20 years. 
(i) Given that 677C,;, = —30, what quantity of carbon has been burned? 
(ii) However, a problem arises. The CO2 content of the atmosphere is 330 ppm. How can you 
explain this? 
(iii) Suppose the ealcite-co, fractionation at 20% is 1.0102. What is the variation observed in 
the 6 value in the calcites precipitating in sea water? 
(iv) Does the 6*°C isotope analysis of limestone seem to you a good way of testing CO, 
degassing in the atmosphere by human activity? Mass of the atmosphere: 5.1 - 107" g. 


5 Basalt magma contains sulfur in the form S?~ (sulfide) and SO3~ (sulfate), whose proportions 
vary with oxygen fugacity. 


S7- +202 + S07, 


[S?-][O2]* _ 
[SO.] UT): 
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Therefore: 
Ss? K(T) 
SO; [0]? 


When the magma degasses, it loses almost exclusively its SO, and the HS content is usually 
negligible (even if it smells). Determine the partition Agas-magma = (6°"S)g — (5°*5)m- 

Given that the magma contains S*~ and SO%-, show that degassing of the magma leads to an 
increase in the 6°°S value of the solidified magma or to a decrease depending on oxygen 
fugacity (after Sakai et a/., 1982). (We know that AS =+3 and AS =+4+7,) 


6 Various scenarios are imagined in which the temperature of the Earth reaches extremes. The 
first scenario, known as the snowball scenario, says that all the landmasses are covered by a 
layer of ice 100 m thick in addition to the present-day polar ice which has doubled in volume. 
The second, reverse, scenario says that the Earth has heated and the polar ice caps melted. In 
the first scenario the 6"%0 of continental ice is supposed to reach —30, with the polar ice caps 
being like today at —50. The ocean is at d=0. 

(i) What is the 6 value of sea water in the snowball scenario? 
(ii) In the scorching Earth scenario, what is the 6 value of sea water? 
(iii) Examine each scenario. Calculate the rate of increase (or decrease) of 6°80 in meters 
above sea level. 
(iv) Does this figure vary with the speed of the process? 


[CHAPTER E\CH) ——_—_———a 


Isotope geology and dynamic 
systems analysis 


We have seen that the Earth can be subdivided into five main reservoirs: 


(1) the continental crust, where elements extracted from the mantle are stored (K, Rb, 
U,Th, rare earths, etc.) and which is made up ofage provinces assembled like a mosaic; 
the upper mantle, the MORB source, which is mainly a residue of extraction of conti- 
nental crust and the place where oceanic crust is formed and destroyed; 

(3) the lower mantle, of which little is known by direct information other than that it is the 
source of the rare gas isotope signature in OIB; 

the atmosphere, which is the recipient of rare gases given out by the mantle and is not 
sealed for some gases (He, Ne); and 

the hydrosphere, which is the driving force and the potential vector of all transfers of 
material at the surface, through the cycle oferosion, transfer, and sedimentation. 


(2 


a 


(4 


a 


(5 


a 


These reservoirs exchange material with each other. Material is extracted from the 
upper mantle to form the continental crust, probably during subduction processes. 
Material from the landmasses is reinjected into the upper mantle, either during subduction 
or during episodes when the continental crust is delaminated and falls into the mantle 
(Dupal province). 

Exchanges probably occur between the lower and upper mantle, as shown by mass bal- 
ance calculations for the depleted mantle and the results for rare gases, implying the exis- 
tence of two reservoirs in the mantle, with injection of the lower mantle into the upper 
mantle. But the exact processes are unknown even if it is obvious that mantle plumes and 
subduction are related in some way with these exchanges. 

Exchanges with the atmosphere are by volcanic outgassing and, for the continental 
crust, erosion (which destroys rock and releases some of the rare gases in rock) or hydro- 
thermal processes. It seems that gases are reinjected into the mantle through subduction 
phenomena as shown by Mare Javoy and colleagues of the Institut de Physique du 
Globe in Paris for CO and N> (Javoy et al., 1982) when these gases are transformed into 
chemical compounds. This does not seem to be so for rare gases, for which subduction 
is apparently a barrier, and which return to the atmosphere through volcanism in sub- 
duction zones. 

There remain major questions that are the subject of fierce debate. Do subduction 
processes affect the lower mantle? Are plumes created in the upper mantle, the lower man- 
tle, or both, and by what processes? Does the lower mantle exchange material with the 
upper mantle? All of these questions are suggested by the findings of seismic tomography 
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Figure 8.1 The structure and dynamics of the mantle-landmass—atmosphere system. The Earth system 
is made up of reservoirs exchanging matter and energy with each other. 


which provides spectacular color images but which cannot readily be interpreted because it 
is difficult to distinguish between heat and mass transfers. This is a reality that relates to 
the present day for geophysicists while isotope geochemistry includes the whole history of 
the Earth. 

These exchanges of material between reservoirs have been modulated by the vagaries of 
geological history and, for the external reservoirs, by the vagaries ofclimate. All of this cre- 
ates what is nowadays termed a dynamic system, or several interlocking dynamic systems if 
you prefer (Figure 8.1). 

We have looked at the Earth’s external system where the ocean exchanges with the atmo- 
sphere, is fed water charged with ions by the landmasses, precipitates some compounds, 
and stores water in ice and releases it under the influence of dynamic fluctuations 
(Figure 8.2). Once again, thisis a huge dynamicsystem. The way in which the system receives 
energy from the Sun, distributes it, and modulates it triggers the water cycle, modifies the 
surface temperature and determines the climate. 

Quite what the relative influence is of the greenhouse effect, caused by CO or CHg, 
and of the hydrological cycle, an extraordinary thermal machine, remains an unre- 
solved issue. Geographical distribution is essential in this dynamic system and, as 
has been seen, the very different effects between the northern hemisphere with many 
landmasses and the southern hemisphere, which is largely ocean, are still poorly 
understood. 

The evolution and determining factors of the chemical workings of the oceans and the 
question of the relative influence ofchemical elements extracted from the mantle compared 
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Figure 8.2 The hydrological cycle considered as a system. The masses of the reservoirs are shown 
in brackets. Flows are marked by arrows. Units are km?, corresponding to 107?kg, andkm? yr * 
for flows. 


with those from the landmasses on the record of the past chemical or isotopic composition 
of the oceans depend largely on closely interconnected parameters. This is the example of 
vast dynamic systems with complex interactions whose determining factors we still do not 
understand properly. 

Future developments of paleo-oceanography or paleoclimatology, like those of 
chemical geodynamics, are related to our understanding of such complex systems. 
Accordingly, at the end of this book, it has been thought useful to address, in an admit- 
tedly very elementary and succinct way, but prospectively, what is now a huge field of 
study in the earth sciences but whose formal features exceed our present framework 
and apply equally to biology and the chemical industry as well as to ecology or to phy- 
sics. It is this methodology that we call dynamic systems analysis. When we say that 
the Earth is a “chemical plant” it is not just for the pleasure of a new image. The same 
methods of systems analysis apply to chemical plants as to the Earth and its component 
parts. 

We shall give a few very elementary bases of these methods that we shall apply, of course, 
to the system that the Earth constitutes, looking at the questions specific to it, but, more 
than that, opening up future prospects. In this context, isotopes appear as tracers, indica- 
tors, like radioactive tracers in biology or industrial chemistry, but they contain a wealth of 
information as we shall see (for general references see: Jacobsen and Wasserburg, 1981; 
Beltrani, 1987; Jacobsen, 1988; Albaréde, 1995; Haberman, 1997; Lasaga and Berner, 
1998; Rodhe, 2000). 
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8.1 Basic reservoir analysis: steady states, residence 
time, and mean ages 


8.1.1 Well-mixed, simple reservoirs 


Letus consider a first simple example. A reservoir of mass M, ina steady state, into whicha 
flow of matter M, enters (and from which a quantity of matter M' exits). The reservoir itself 
is well mixed and is assumed to be statistically homogeneous.’ The reservoir might be the 
Earth’s mantle, the ocean or the mass of sediments, etc. For the steady state M l= M',we 
define the residence time as the average time matter spends in the reservoir. The residence 
time Ris defined by 

Roa. 

M; M, 

The dynamic equation is written dM/dt = M, — M', with M, = M' in the steady state. 
What goes into the reservoir equals what comes out of it, andso residence time can be calcu- 
lated by considering either the input term or the output term. 

To reason in terms ofage, we must speak of the mean age of material leaving the reservoir 
and which entered at timet = 0.Whatis the mean age of material in the reservoir? 

The output flow M! may be written in the form: M! = kM, where k is the fraction of the 
reservoir exiting per unit time. Then dM =kM dt, which may be written dM/dt=kM. 
Thus & may be considered as the probability that an element of the reservoir will exit at a 
time ft. As it is notated, k = 1/R is the inverse of residence time. We can therefore write that 
the quantity of particles exiting the reservoir is: 


dM /dt = —kM, 


hence M = Moe. 

This equation translates the evolution at time t of the number of particles that entered the 
reservoir at time t = 0. It is also the age distribution of the “particles” of matter present in the 
reservoir. 

The proportion of particles of age rstillin the reservoir is written: 


M(t)/My=e™. 


The mean age of particles in the reservoir is written: 


CO CO 


(Ty = f d= 7 [rem di. 


0 0 


Integrating by parts, f kt e~ dr = 1, therefore (7) = 1/k = R. 
0 


In this well-mixed reservoir, the mean age of particles is equal to the residence time. This 
isa fundamental result. 


' We often refer to such reservoirs as boxes (a single box or multiple boxes). 
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Exercise 


The mantle may be thought of as a reservoir from which mantle escapes at the ocean ridges 
and which it enters at the subduction zones. Accepting that it operates in a steady state, what 
is the residence time of a lithospheric plate in the upper mantle? We ask the same question 
for the whole mantle. 

It is taken that the rate of formation of ocean floor is 3 km Mie the thickness of a plate is 
8km, and its mean density 3.5. 





Answer 
The area subducted (swallowed up by the mantle) equals the area created, therefore the mass 
of the lithosphere subducted is 8.4- 10**kg yr *. 

The mass of the upper mantle is 1.05 - 107 kg, therefore the corresponding residence time 
is R=1.25 Ga. The mass of the total mantle is 4.02 - 142* kg, therefore for the whole mantle 
R= 4.78 Ga. 


Exercise 


Suppose we wish to calculate the residence time of the ocean crust alone, which would tend 
to suggest the ocean lithosphere is made up of oceanic crust and a piece of average mantle 
attached to it. What is the residence time of such an ocean crust in the upper mantle? 


Answer 
Oceanic crust is 6 km thick, the mass of oceanic crust subducted is therefore 8.4 - 10** kg yr. 
Hence R= 12.4 Ga for the upper mantle alone. 


Exercise 


The quantity of *He in the atmosphere is 1.26 - 10° moles. The degassing rate of *He at the mid- 
ocean ridges is 1100 moles yr~*. Atmospheric *He is lost to space. Accepting that the atmo- 
sphere is in a steady state for helium, what is the residence time of *He in the atmosphere? 


Answer 
Ris about 1 million years, 1.18 Ma to be precise. 

Let us now try to calculate the residence time of a chemical element jin a well-mixed 
reservoir (Galer and O’Nions, 1985). We reason as before. Let Cc be the chemical concentra- 
tion of the element entering the reservoir and Cj, that present in the reservoir: 


ee oe 
er yin te 


Ri 








where M and M, are the overall mass and the mass of the flow entering the reservoir, 
respectively, and Ris the residence time of the material. 


Exercise 


Suppose the ocean is a system in a steady state. The mass of the ocean is M=1.39 - 107*kg, 


and the mass of water entering from rivers M, = 4.24- 107° kg yr *. 
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Given the Sr and Nd concentrations in sea water and rivers in the table below, what is the 
residence time of these elements in sea water? 








Sr (ppm) Nd (ppt) 
Sea water ThO5 Bell 
Rivers 0.06 40 





Answer 
For Sr, R=4- 10° yr. For Nd, R= 2500 yr. 


Exercise 


It is considered that most of the chemical elements in sea water disappear into pelagic 
sediments by various processes (absorption, precipitation, biochemical reaction, etc.), that 
the sedimentation rate for such sediments is 3-10 *kg m 7, that the ocean area, excluding 
continental margins is 3.1-10** m7, and that the average concentrations of Sr and Nd of these 
sediments are C., = 2000 ppm and Cyg = 40 ppm. Calculate the residence time of Sr and Ndin 
sea water and compare this result with the previous one. 


Answer 

For Sr, R=5.5-10° yr. For Nd, R=1162 yr. 

The figures are similar to the previous ones, which confirms the hypothesis that the ocean is 
in a steady state. (These values are controversial and not hard and fast, but they do give a 
good order of magnitude.) 


Exercise 


What is the residence time of U and Ni in the upper mantle if we consider the ocean crust is 
“independent” of its underlying lithosphere? The enrichment of U in the oceanic crust is given 
as 10 and that of Ni as 0.1. 


Answer 

Ry =12.4/10 =1.24Ga and Ryj = 12.4/0.1 = 124 Ga. They differ by a factor of 100. 

The average age is calculated using exactly the same process and leads to the various 
elements being differentiated by their geochemical properties. The ocean lithosphere struc- 
ture is probably intermediate between the two extremes evoked. It is composed of an oceanic 
crust, a part of the depleted mantle, the residue of partial melting, and perhaps also a 
thermally added part which is just accreted averaged mantle. 


8.1.2 Segmented reservoirs 


Let us now look at a very different kind of reservoir formed by the juxtaposition of cells (or 
boxes) which do not mix but are adjacent and passed through in turn. 

This reservoir is segmented. It takes a time T to go from the first to the last segment. 
The maximum age of the reservoir is the exit age from the reservoir, which is the 
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residence time R= 7: The mean age of the reservoir, supposing it is created in a uni- 
form way, is: 


r 


1 . T 

So eee 

(T)=a5q fm dt 5" 
0 


An example is that of the human population. The residence time is 80 years, the mean 
age 40 years. Of course, if M is not constant, (7) is different from 7/2 and varies between 
Oand 7: 

Reasoning like this can be applied to the continental crust, supposing the survival ofa 
portion of the continent depends on its age and therefore that the pieces of continents are 
destroyed by the geodynamic processes (erosion, metamorphic recycling, etc.) and that 
their maximum age is 4.2 Ga and their mean age 2.2 Ga, as calculated for the (Sr, Nd) 
isotope balances. The relation between residence time and mean age of a reservoir reflects 
the internal dynamics of this reservoir and its internal structure. 


Exercise 


Calculate the mean age of a continental reservoir made up of four segments aged 3.5, 2.5, 1.5, 
and 0.5 Ga whose masses in arbitrary units are ina first instance 10, 6, 3, and 1 andina second 
instance 1, 3, 6, and 10. 


Answer 
The proportions of the four segments are 0.5, 0.3, 0.15, and 0.05 respectively, and the inverse for 
the second case. The mean ages are T = 2.75 Ga in the first case and T = 1.25 Ga in the second. 


Exercise 


Let us suppose regular mantle convection (without mixing with the environment) with, 
for example, subduction, a loop, and partial melting at a mid-ocean ridge (Figure 8.3). 
Suppose the subduction rate is 4cm yr *, that the ridge is 20 000 km from the subduction 
zone (Pacific), and the depth is 400 km. What is the residence time of this portion of the 
mantle? 


Subduction 





Figure 8.3 Regular mantle convection. 7, Tz, ..., T1; are a set of subduction dates with 7, the earliest. 
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Answer 
The length of time spent in the mantle is written: 


_ distance _ 400 x 2 + 20000 - 10° 


= 502 Ma. 
speed 4 EMA 





This is just under half the residence time measured in the upper mantle. But such a process is 
very similar to that of a segmented reservoir! 


8.2 Assemblages of reservoirs having reached the 
steady state 


A whole series of complex (multi-box) systems can be imagined by combining the two 
types (well mixed or segmented) of simple system. We shall give a few examples which 
could apply to the upper mantle but also to the ocean, considered as a series of separate 
reservoirs (Atlantic, Indian, Pacific, surface water, deep water, etc.). 


8.2.1 Model 1 


Letus considera mantle made up of two layers which exchange material (Figure 8.4). It may 
be the upper mantle—lower mantle system or even the upper mantle separated into two 
layers by the 400-km seismic discontinuity. 

Let M,and M> be the masses of the two mantles. Let S and D be the flow of matter in the 
subduction zone and at the mid-ocean ridge. We have S = D. In addition, let M,_> be the 
flow of material from mantle 1 to mantle 2 and M>_, the flow from mantle 2 to mantle 1. 
Supposing a steady state (therefore M,_» = M>_), what are the residence times (and 
therefore the mean ages)? 


Subduction Ridge 
5 D 








Figure 8.4 Model of mantle with two layers exchanging matter (and energy). M, and M, are the 
reservoir masses; Mz_2 and M>_, are the mass fluxes. 
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M M. 
R, =! and R= : 
S M\-2 





The total residence time Tis such that: 


_ My P.M. Ma My M, M2 


R : : _— 
S S S S M\-2 S 





Positing M,_»/S =f, we get: 
R=R + Ref. 


The mean ages are equal to the residence times. 


Exercise 


Calculate R, Ry, and Ry assuming a division between upper and lower mantle with f= 0.1. 


Answer 
R= 4.75 Ga; Ry =1.28 Ga; Rp = 34.7 Ga. 


Exercise 


Let us now suppose the upper mantle is divided in two by the 400-km discontinuity. Assuming 
f= 0.3, calculate R, R,, and R>. 


Answer 

Rounding the figures, the mass of the mantle above 400 km is 0.60: 107* kg and from 400 to 
670 km it is 0.4-107* kg. 

R=1.28 Ga; Ry = 0.769 Ga; Rp = 1.7 Ga. 


8.2.2 Model 2 


The upper mantle is assumed to be divided into two reservoirs: an upper layer (astheno- 
sphere) and a lower layer (transition zone) of masses M, and M> (Figure 8.5). Subduction 
injects 50% into the upper layer and 50% into the lower layer. The upper layer is assumed to 
be well mixed, while the lower layer is segmented and matter advances horizontally in 
sequence andis then finally injected into the upper layer. 





We have: 
M 
R= 
S 
because the input is both direct and indirect, and 
M 
R=. 
My 


72 


and (71) = 7 and (7>) =F 
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Figure 8.5 Model 2 of the mantle (left) and ocean (right) showing the two layers that exchange material. 


With M,=0.6-10**kg and M,=04-107*kg, we get: Rj =0.714Ga, R>=0.952Ga, 
(T;) = 0.714 Ga, and (T>) = 0.47Ga. 

Itcanbeseen that the mean age of the deep reservoir is less than that ofthe upper reservoir, 
while the opposite applies for residence time. 

In these examples, information can be deduced about the convective structure of the 
reservoirs by juggling with residence times and mean ages. Such a model can be con- 
structed for ocean dynamics with different time constants. The upper layer is the well- 
mixed surface layer, and the lower layer is traversed by slow moving, deep currents, similar 
toa segmented reservoir. 


8.3 Non-steady states 


8.3.1 Simple reservoirs 


General equations 

Let us go back to the simple case ofa reservoir fed by an influx J, with an outflow considered 
proportional to the quantity of material M in the reservoir. Let k be the kinetic constant. 
The dynamic equation is written: 

dM 


——=J—kM 
dt f , 


with att =0,M = My) = 0. 
Integrating gives: 


J ; 
= en) 
It is confirmed that when t — 0, M — 0.When t — oo, M tends towards J/k, that is, the 
steady state, since J/k is the solution to the differential equation at equilibrium when dM// 
dt=0. 
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But whatis the significance ofk? At equilibrium, the residence time is R = M/k M = 1/k, 
therefore R = 1/k. Sok is the inverse of residence time, as already said. 
Let us rewrite the solution to the equation: 


M=JR (1 = ef/R) 


The equilibrium solution for the full reservoir is therefore: / = flow x residence time. The 
“speed” to attain equilibrium is proportional tol/R=k. 

Suppose now that the reservoir is full, and so its mass is M = JR. We decide to empty it. 
Whatis the drainagelaw? 


dM 
“de =-kM 


hence M = JR e!/®. 


The constant of the drainage time is the residence time. Likewise, R controls the time the 
system takes to attain the state ofequilibrium. 


Exercise 


How long does the system take to attain 99% of its equilibrium mass? 


Answer 
t=4R. 


Exercise 


What is the mean age of the reservoir in this case? Remember that 


raz ft Fat. 
m dt 
0 





Answer 
dM J a 
aa! k ; (l1-e“’). 


Hence, as with the simple case of the well-mixed reservoir, T= R. 

Such a model could apply to the growth of the continents where it is considered that at 
each period the same amount of material is formed and that the material is destroyed over 
time and reinjected into the mantle. As we shall see, this is a very general equation. 


The case of chemical elements 

The problem of the evolution of concentrations ofa chemical element in a reservoir is trea- 
ted analogously following Galer and O’Nions (1985). Let us consider the evolution of the 
mass ofan elementi: 


| 447 | Non-steady states 





d(C'M) 
dt 





=Ci,J—k'c'M 


where C’ is the concentration in the reservoir, C’, the concentration in the flow of 
material entering from outside, J the flux of incoming material, and M the mass of the 
reservoir. 

If the mass is constant, we can divide by M. This gives: 


dc’ = od. 
_ pi kc. 
ar = ce (3a) ~ FC 





The residence time of the chemical element is written: 


MC Gl 


R= = hy 
IG 





where Ry; is the residence time of the mass making up the reservoir, a formula we have 
already established in the steady state. 


The case ofa radioactive isotope 
Letus write the equation for the evolution ofthe radioactive isotope: 


dc* 
=O* — kM —- 1c 
dt g 





with Q* = C%, (J/M) (Vis the radioactive constant). The constant x is replaced in this equa- 
tion by (k + A) =k*.The residence time is R* = 1/k*. 

As canbe seen, radioactivity is involved in residence time. If) is very large, it reduces the 
residence time. 


Exercise 


The residence time of carbon in the ocean is 350 years. What is the residence time of **C? 


Answer 

About the same since for *C, A=1.209 - 10 * yr *. 
ee Ae 2.810) 292, 105. 

Ry4. = 342 years. 


8.3.2 Creation—destruction processes 


The Earth is a living planet; all terrestrial structures are created by some processes and 
destroyed by others. What we observe is merely the outcome of antagonistic processes: 
birth and death. Thus, magmatic volcanic and metamorphic processes create portions of 
continents. These landmasses are then destroyed by erosion or by recycling of their materi- 
als ina new metamorphic cycle. The oceanic crust is formed at the mid-ocean ridges. It is 
swallowed up in the mantle in the subduction zones. There it is destroyed either by being 
thoroughly mixed with the middle mantle or by being fed back through an ocean ridge 
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where it is again melted and reformed. These problems are analogous to those of birth 
and death in demography, as can be seen by consulting books on the subject. 

Letus first consider the question ofthe geodynamic cycle. Let D be the quantity of mantle 
differentiated at the mid- ocean ridges. We have: 
d(D) 
= J—k(D 

rr k(D) 

where Jis the rate of formation at the ocean ridge, and k(D) is the destruction of quantity D 
which is fed back through an ocean ridge. But J=kV, if Vis the total volume of the mantle 
and ifthe residence time Ris such that R = 1/k. 


dD 
ap = KV - D). 


The solution of this differential equation where Vis constantis: 
D=V(l-e™*). 


Timeis set tot = 0,4.55 Gaago. So D/V = (1- e *) tends towards 1 when fis large, and D = 0 
when t = 0.The question is, ofcourse, what value to take fork. 

Let us take the value for the residence time of the upper mantle recycled by plate tectonics 
and assumed to be ina steady state: R = 1.2 - 10 yrand k = 0.83 -10-° yr_' (Figure 8.6). It 
may also be that there was more recycling in the past because more heat was produced in 
the mantle and the time may have been 0.7 Ga, thatis, k = 1.4 - 107° yr 2 

On this basis then, let us look at two issues. The first is to determine the quantity of virgin 
upper mantle, that is, mantle that has not been melted at a mid-ocean ridge. This part of 
the virgin mantle is the complement of the mantle that has been recycled through ocean 
ridges: 


1=V(1—e™) + virgin mantle (Vo) 


Vo _ kt 

ya 

It can be seen therefore that the mass of the virgin mantle decreases with time, of course. 
What of the upper mantle? For k = 0.83 -10~° yr~', it is 2.3%. Fork =1.4-10~° yr“ it is 
1.8%o (these are per mil values!). 


Exercise 


What proportion of virgin mantle would be preserved if the flow at the ocean ridges were 
identical but the system were the entire mantle? 


Answer 
Let us now try to calculate the age spectrum of this recycled mantle. It is the age distribution 
at the time the mantle went through the ridge-subduction cycle. It follows the law: 


N(ty) = kVe™. 


As can be seen, the mathematical equations are analogous to those of the previous example, 
but their physical meaning is very different. It is an example to remember. 
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Figure 8.6 Spectrum calculation for k=0.83 - 10 ° yr * and 0.5 - 10 ° yr *. Notice the very rapid 
growth towards recent times. This is because the probability of double or triple recycling increases very 
rapidly with time. 


8.3.3 Time-dependent formation 


Let us now consider a slightly more complex case where the formation term decreases with 
time. This is geologically fairly logical as we know that the creation of radioactive energy 
has decreased with time. The equation becomes: 


dM 
—— = Joe" — kM. 

ae 8 
This is avery general equation found in many cases (Allégre and Jaupart, 1985). For exam- 
ple, for continental growth, where the equations found can be modified as a consequence or 
also for degassing of the mantle, which we have looked at. 


Integrating gives: 


= Jo —gt _ kt 
tee ape eo). 





Therefore M depends on thetwo constants k and q. 
To get our ideas straight, let us take the case of degassing of *°Ar from the upper mantle, 
and study the *°Ar content of the upper mantle: 


d*Ar 


= Ae Ky 0 — G Ar 
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Figure 8.7 Mantle degassing model. (a) Evolution of *°Ar in the mantle over time, assuming that *°K 
varies by radioactive decay alone. The scale on the right is drawn assuming *°Ky = 1. The scale on the left 
is in 107° g of *°Ar and corresponds to the total mass of “°Ar on the hypotheses made in the main text. 
(b) Evolution of *°Ar in the mantle assuming “°K decreases both by extraction from the continental 
crust and by radioactive decay. The scale on the left is in 107° g of *°Ar. On the right, it is assumed 
that *°K,=1. 


where A, is the fraction of *°K giving *°Ar; / is the total decay constant of *°K; G is the 
constant ofoutgassing (Figure 8.7). The equation can be easily integrated: 


40 
a. ‘s *“! (e*" = et). 





We are going to study the behavior of *°Ar for the different values of G, arbitrarily setting 
Go=l. 

The qualitative behavior is understandable. When G is quite large, the quantity of #°Ar 
reaches a maximum and then declines. So let us try to apply this information to the actual 
upper mantle. 

The present-day potassium level in the non-depleted mantle is K = 250 ppm, and 
4°K = 1.16 - 10 * or 116 ppm. The decay constant is 4 = 0.554 - 10° yr~'. Some 4.55 - 10° 
years ago, the *’K level was 12 times higher and so equal to 0.35 ppm. 

Given that the mass of the upper mantle is 1-107’ g, 4.55 Ga ago, there was therefore 
0.35 -107'g of #°K. From the previous calculation we obtain the following values of *°Artoday: 
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G(10-°yr~') 





0.25 0.375 0.75 0 
4 Ar(g) 15-10” 11-10% 0.49 - 10° 3.2 - 10” 





The present-day massis estimated at 2-3 - 10'°g, whichis notbad! 

There is one assumption in the model thatis not very satisfactory because it was considered 
that “°K decreased in the upper mantle by radioactive decay alone. Now, we know that K has 
also decreased in the upper mantle because it hasbeen extracted at the same time as continen- 
tal crustin which itis enriched. Letus therefore consider that *°K decreases by the law: 


40 = as e (AFA)t 


where (3 is the constant for extraction of K from the mantle to the continental crust. (Such 
extraction does not obey an exponential law exactly, but itis a first approximation.) 

We take 6 =0.35 -10~° yr! because, with this constant, total K evolves from 250 ppm 
to 50 ppm in 4.5 - 10° years, which is about the value estimated for the degree of depletion 
of the upper mantle in K. The change in *°Ar content of the mantle can therefore be calcu- 
lated by replacing the value of A = 0.5 - 10° yr "by (A+ 8) =0.85 - 10°? yr. 


40, he —(+B)t _ a-Gt 
At = (+B) (c GTi) Wg ) 

As can be seen from the curves, we obtain an acceptable value: 2.77 - 10'* g of *°Ar in the 
upper mantle for G=0.75 -10~° yr~'. Now, what does 0.75 -10~° yr~! represent? The 
value 1/G = 1.3 - 10’ is about the residence time of plates subducting into the mantle. If it is 
taken that the oceanic lithosphere degasses entirely by being fed through the mid-ocean 
ridges, a plausible scenario can be reconstructed for degassing the upper mantle. Which is 
no guarantee at all that the model is a proper reflection of reality! 


8.3.4 Effects of cyclic fluctuations 


General equations 
We saw when examining climatic variations that the Earth’s temperature varied cyclically 
(Milankovitch cycles).We can readily imagine that the Earth’s tectonic activity varies cycli- 
cally (Wilson’s plate tectonic cycles). How will such variations affect a dynamic system, a 
reservoir which receives and exchanges matter?” 

Let us consider the equation for the dynamic evolution ofa reservoir as we have already 
examined it: 


dM/dt=J—kM, 
but in which we write that the input flux varies periodically with the formula J = Jy + 5 sin 


wt, where w = 27/T, T being the oscillation period andk = 1/R, R being the residence time. 


? This problem has been addressed by Richter and Turekian (1993) and then by Lasaga and Berner (1998). 
The latter presentation has inspired the one given here. 
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Figure 8.8 Model of response of a system subjected to external action. 


The equation for mass evolution M (or concentration in an element) is therefore: 


c= hts sin wt —kM. 


The equation can be written in the form: 


dM . 
kM + ae sin wt. 


The first term of this equation depends on M alone, the second term being the forcing 
imposed on the system from outside (we shall also call this the source term). The question 
is, of course, how does the system react and what is its response to external stimulus 


(Figure 8.8). 


We integrate this first-order differential equation with constant coefficients in the 
standard manner: integrate the equation without the second member dependent on f¢, 
then calculate the first integration “constant.” In the course of calculation, we get on the 


integral: 


/ e* sin wt dt. 


This is the only minor mathematical difficulty. 


/ e* sinx dx 


is integrated by parts, integrating twice. This leads to: 


/ e* sin x dx = e* sin x — e* cos x — / e* sin x dx, 


hence the calculation of {e* sin x dx. Integrating this general equation therefore gives: 


J bw bk 
= -k 0 -k -k : 
M=Moe as P (l-e + ep” tae rae sin ut) 


(Goma cos vt) 
(Me +? 
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Itcan be seen thatif Mp = 0 and b = 0, we find the equation in Section 8.3.1: 


J —k 
M=> (i=—¢e*). 


Whenever fis quite large (say more than 3/k), the equation is simplified and can be written: 
: b 
Mi a sin wt BS cos wt. 


Ifw<k, that is, if R << T (the residence time is very much less than the oscillation 
period), the cosine term is negligible. The equation can then be written: 


M= 4 sin wt 
where Jo/k is the equilibrium value around which oscillation occurs. 

The system response is in phase with the source oscillation. The amplitude of fluctuation 
around equilibrium depends on the ratio Jo/b, that is, on the relative value between the equi- 
librium value and the pulse value, but if this ratio is not too large, the amplitude remains 
large. 

Conversely, if w >> k, that is, R >> T (the residence time is very much greater than oscil- 
lation period), the equation becomes: 


M= _ ° cos wt. 

But we have the trigonometric equality cos wt =—sin(wt — 2/2). Therefore the system 
oscillation is delayed by (2/2), that is, by a quarter ofa period relative to the source oscilla- 
tion. Moreover, the amplitude is subtracted from a term Jo/k, which is very large since k is 
very small, which greatly damps the signal. Between the two extremes we find intermediate 
behavior. 

Let us examine the consequences of this mathematical result. Suppose first that the 
source oscillation period is set, say at 100 ka. Chemical elements whose residence time in 
the oceans is much less than 100 ka, for example neodymium (R = 1000 years), will be sub- 
jected to fluctuations (if the geochemical processes governing them are involved) in 
phase with the source oscillations and which may be of large amplitude depending on the 
corresponding Jo/b ratio (Figure 8.9). 

The chemical elements with very long residence times like strontium (R = 2—4 Ma)) will 
be subjected to fluctuations with a time lag of half a period compared with the source, but 
that are greatly damped too. If, forexample, the disturbance reflects the glacial—interglacial 
cycles, the strontium fluctuations will be offset and damped. 

Let us examine the effect of the oscillation period. We stay with strontium with its resi- 
dence time of 2—4 Ma. If the fluctuations are of the order of 100 or 1000 ka (climate, for 
example) the results will be as already described. If the fluctuations are from some geologi- 
cal source of the order of 20-30 Ma (tectonic), the strontium fluctuations will follow the 
source fluctuations, in phase and without any attenuation. Of course intermediate cases 
arise between these two extremes. 
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Figure 8.9 Relationship between residence time and lag in the response curve. The response curve at 
the top has been greatly amplified vertically so the effect can be seen. C, concentration; C,, equilibrium 
concentration. 


The relative importance of the sine and cosine terms depends on the ratio k/w.We shall 
see that these properties extend to the fluctuations of isotopic compositions. 


Exercise 


We consider sea water and the disturbance to its chemical composition as a result of climatic 
disruptions introducing different concentrations in rivers. We consider a sinusoidal distur- 
bance with a period of 10 000 years. 

We assume the disturbance follows the law: J=a+ bsin wt. 

For four chemical elements Pb, Nd, Os, and Sr whose residence times in sea water are 
y= 10? years, Rug=3 - 10? years, Ros =3 - 10* years, and Rc, =2 - 10° years, respectively, we 
represent the fluctuations by changing the values of a and bso that a/R=1 and b=1 (this 
greatly amplifies the Os and Sr fluctuations). 

Draw the response curves for the different elements and estimate the phase-shift values. 
Try to identify any quantitative relationship between residence time and phase shifts. Next 
try to evaluate damping, taking a=1 and b=1 for all of the elements. 


Answer 
The equation describing the response curve is written: 
dc 


qemu. sin wt — kC. 


Integrating gives: 


b 
sin wt — pose cos wt. 


c=34 
Tk eee e+ a? 
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Figure 8.10 Response curves of Pb, Nd, Os, and Sr concentrations in the ocean, if the sources vary 
sinusoidally with the characteristics given in the main text. AC = concentration — equilibrium concentration. 


We take 10? years as the time unit and w= 2n/T=0.628. 


For Pb, k= 1; for Nd, 


k= 0.033; for Os, k= 0.033; and for Sr, k=5-10 *. 


The curves are illustrated in Figure 8.10 ignoring damping. They show the offset in terms of 
residence time. When the logarithm of R (residence time) is plotted against the phase shift, 
we get a curve similar to a hyperbola> with two asymptotes corresponding to the two limiting 
cases where k/w is very large and k/w is very small (Figure 8.11). 

To evaluate damping we take a= 1 for all the elements, therefore a/k is 1, 3, 30, and 2000 
for Pb, Nd, Os, and Sr, respectively. We evaluate the percentage variation: 


> Tn fact, it is the curve rg w.At=wR. 
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Figure 8.11 Relationship between residence time as a logarithm and phase shift, expressed in intervals 
of 10 000 years. 


AC a 

== Aci(7): 

We find 90%, 65%, 0.2%, and 0.15% for the fluctuations of Pb, Nd, Os, and Sr, respectively. 
We shall see that these properties extend to fluctuations in isotope composition. 


Generalization 

Extension to all forcing functions 

The great interest of this study of response to a sinusoidal source is that a response can be 
obtained for any source function by decomposing it into its Fourier sine functions and then 
finding the response for each sine function andsumming them. 


ACLIPTEE BIS TORY 





Joseph Fourier 


When he was prefect of France’s Isére department under Napoleon, Joseph Fourier (after 
whom Grenoble’s science university is named) proposed one of the most important theorems 
in mathematics. He showed that any periodic function could be represented by the sum of the 
sine and cosine functions with appropriate amplitudes and phases. He then showed that 
when a function was not periodic “by nature,” it could be made periodic by truncating it and 
then repeating the sampled portion. On this basis, any function can be separated into its 
Fourier components and so represented as a spectrum (frequency, amplitude). Milankovitch 
cycles are an example that we have already mentioned. 
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Figure 8.12 Quantity in the reservoir as a function of time. After Lasaga and Berner (1998). 


Exercise 


We take a system (borrowed from Lasaga and Berner) obeying the previous equations with 
an imposed fluctuation of F(t)=4+sin(5t)+sin(t/2). The residence time constant is 
taken as 1 in the arbitrary time units (t). Calculate and represent the function at the reservoir 
outlet. 


Answer 
See Figure 8.12. Notice the phase shift, the damping of high frequencies, and the slight 
alteration of low frequencies. 


The case of radioactive isotopes 

We have said that for radioactive systems, the residence time should take account of the 
mean life of the radioactive element, which isa sort of intrinsic residence time. The dynamic 
equations we have seen are identical, except for this modification of residence time. In 
some cases, when the residence time of the reservoir is very large, it is the isotope’s lifetime 
that determines the overall residence time. 

The same reasoning applies depending on the value of the 4/wratio, where w is the fre- 
quency of the periodic disturbance and / is the decay constant. The fluctuations imposed 
by the source shall be taken into account differentially with or without a phase shift and 
with or without amplitude damping. 
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EXAMPLE 


Cosmogenic isotopes in the atmosphere 








There are three types of cosmogenic isotope in the atmosphere we can look at: *°Be, 7H, and ““C. 
For 7H, A=5.57-10°* yr’, for *°Be, A= 4.62 -10~’ yr~*, and for “C, A=1.209 - 10-* yr-?. 

When we observe fluctuations in the abundance of these isotopes, 7H reflects rapid 
fluctuations in the atmosphere whereas *4C largely damps these variations. However, *°Be, 
with a much smaller decay constant, should damp them even more than 4 _ In fact, it reflects 
rapid oscillations. Why? Because its residence time in the atmosphere of 1-3 years is very 
short and it is this constant that prevails. 

For similar reasons when it comes to deciphering the Earth’s early history, the information 
provided by extinct forms of radioactivity is not the same as that provided by long-lived forms, 
as we have seen. 








8.3.5 Non-linear processes 


In all the examples examined so far, the basic differential equation has been linear, even if the 
forcing term was non-linear over time, as in the previous example. Let us now consider a model 
of growth of the Earth’s core. Let the variable N represent the quantity of iron in the core. Then: 


dN 
—=K(1—N 

a 7K ) 
where (1 — NV) is the mass fraction of iron in the core, the total quantity of iron being normal- 
ized to unity. It can be considered that the attraction of this iron dispersed in the form of 
small minerals is proportionally stronger when the quantity ofiron in the core is high (gravi- 
tational attraction). To characterize the quantity N, we can therefore take K = ON. 

This gives the equation: 

dN 

—=QON(1 - JN). 

= = ON(L-N) 
This is a well-known equation, especially in population dynamics. Itis the logistic equation 
(see Haberman, 1997): 


dN 


Wao 72% 


Byseparating out the simple elements, we can write: 





+ rae dN=OQ dt. 


Integrating gives: 
In|N| — Injfl — N|=Qt+C, 


hence: 
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Figure 8.13 Model curve of core growth. To simplify, it is taken that all the iron is in the core although a 
fraction (approx. 6%) is in the mantle. 


N 
N= 0 
No + (1 -_ No) e 2! 





where Nois the mass of iron in the core that may be considered as the mass of iron located at 
the center ofthe Earthand pooled by melting. This can be shown graphically as an S-shaped 
curve beginning slowly then accelerating suddenly and ending as an asymptote, with value 
1, whichis the total quantity of iron (Figure 8.13). 

An attempt can then be made to connect time and the constant Q. Assuming that 
No = 0.1, the time taken to form 95% ofthe core is written: 


r= 35/0: 


If this time is estimated at 50 Ma, we get Q=1-10~” (These calculations are to give an 
order of magnitude of plausible processes.*) 

This logistic law is probably as general in naturally occurring processes as the expo- 
nential law is in fundamental physical processes. 


8.4 The laws of evolution of isotope systems 


The various examples we have developed can be used to model the Earth’s geodynamic sys- 
tems using isotope systems as tracers, just as radioactive isotopes can be used to see how the 
human body or a complex hydrological system behave. This model is made much easier by 
using general equations describing the evolution of isotope systems in complex dynamic 
systems. These equations can be used to solve problems directly. But, of course, one of the 
aims is to obtain a formulation for calculating the system parameters from direct 
observations. 


* Tn actual processes, allowance must be made for oxidation of iron, which allows a fraction of the iron to 
remain in the mantle. 
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8.4.1 Equation for the evolution of radiogenic systems: 
Wasserburg’s equations 


Let us begin with a straightforward case. A reservoir exchanges radioactive and reference 
isotopes 87R b, 8’Sr, 8°Sr, notated r, i, j, with the outside. We notate what enters the reservoir 
(), and what exits ();. The decay constant is notated 4. The fluxes are notated 7, 7,7. We can 
then write the equations: 

dr 


— —Ar — (Hr), + (7). 


di : 
apo — (Gi),+ ip 


dj ‘ : 
a= ~ (Gi; + G),: 

We have written what leaves the reservoir as proportional to what is in the system, assum- 
ing the factor is the same for () and (7), that is, assuming no isotope fractionation occurs. Let 


us combine these equations to bring out the ratios (’//) and (/j), that is, by our notations 
’Rb/**Sr) and (*’Sr/*°Sr): 


DQ le-Al-Ob-a--09} 


dt J/ \rdt = jdt J J] 





Wehave notated dr/drand dj/dras and / respectively, asis often done. Bybringing out (¢’/j), 
that is what leaves the system, and by writing: 


®), @, WM, 


rf), O° 


then by multiplying the bracketed term by (r/7), and noting r/j = ju, as is our standard prac- 
tice, we get: 


dG — Hh) — n+ in — ) S. 


Doing the same calculations for (¢//) = a gives: 


da (/) 
eed A ex ro aap, 
ee (a, a) j 
By noting (1) i= L@ and G— H = Ewefinally obtain: 


oF ig — Alu + (Ux — 2») Ld) 


—=A)u + (ex — a) L(t). 
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Figure 8.14 Schema explaining the generality of Wasserburg’s equations. Most of the basic equations 
we have used for radioactive—radiogenic systems can be found in his figure. 


These are Wasserburg’s equations (see Wasserburg, 1964) (Figure 8.14). 

Let us make a few remarks about them. Notice that parameter F may be either positive 
or negative depending on whether the daughter element “leaks” from the reservoir faster 
(G > H) or more slowly (G < H) than the parent element. These are two concatenated (and 
not paired) equations. One (yw) describes the system’s chemical evolution. It therefore 
involves a chemical fractionation factor for the material leaving the reservoir. The other (a) 
involves two terms, one for radioactive decay Ajand the other for mixing (a,x — a). Solving 
the problem entails integrating the first and then the second. These are very general equa- 
tions applying to all systems — minerals, rocks, atmosphere, mantle — and thus can be used 
in both geochronology and isotope geology. Notice that L@) is the inverse of residence time 


(1/R(1). 


8.4.2 The steady-state box model 


This model is developed here through two examples. 
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Exercise 


Take a reservoir into which flows material from a single external source with a constant 
chemical and isotopic composition over time ({iex and aex) and a constant flow rate. Let us 
assume that the reservoir attains a steady state. 

What is the residence time if we suppose the reservoir is well mixed (that is, having a 
homogeneous isotope composition a)? 





Answer 
We find: —Au + (te, — )1/R=Oand Au + (dex — a) 1/R =0. 
This gives: 


We find quite simply the residence time calculated for the **C/C ratio of the deep ocean if 
p="“C/C and jie, is the **C/C ratio of the surface water in equilibrium with the atmosphere. 
The time can be computed from the simple radioactive decay ju = plex ee or plex =e". If we 
develop the Taylor series and keep the first two terms: 


Mex = p(I+ At)t = : (“2 1). 





bu 


As for the isotope ratio: 


pe aL (* = “s) a 
A Le 
This is the expression of the model age of the reservoir, so we are back to the equality: 


residence time = model age. 
(This is not so for **C because the product **N is drowned in normal *N.) 





Exercise 


The ®’Sr/®°Sr isotope composition of sea water is the result of erosion of the continents and of 
exchange at the mid-ocean ridges where Sr from the mantle is injected into sea water, but 
also of alteration by volcanoes in subduction zones and oceanic islands. We denote the 
isotope ratios of the continental crust ()¢¢ and of the mantle ()m: (a™)c¢=0.712, 
(0°) = 0.703, (oa). water = 0.709. 

What are the relative flows L,, and Lm, given that the residence time of Sr is Ro, =4 - 10° 
years and that a steady state is attained in the ocean? If we know the ratio of the mass of river 
water inflow to the mass of the ocean is 3 - 10 °, calculate the river/ocean Sr concentration 
ratio. 


Answer 
We write the simplified Wasserburg equations, as there is no radioactive decay or growth 
term: 


(ag = ae )iee all, (am -s an Wile =(), 


cc water m water 


We obtain: 
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Lin — (*e = “si =5 


Sr Sr 
L cc Water Om 








We also have: 
flip te lige = LR = 25 > 10° yar. 


hence Lc =1.66 - 107” yr-* and Ly =0.83 - 1077 yr*. 
We then have: 


river water flow x Sr concentration in rivers 
ocean mass x Sr concentration in ocean 





cc 


hence 


Sr concentration in rivers 0.005 
Sr concentration in sea water aeaT 





Exercise 


Suppose the variation in continental Sr input into sea water follows the tectonic cycle with a 
period of 100 Ma. Suppose also that this fluctuation occurs with constant isotope composi- 
tion for the continental crust and mantle. By how much would the °’Sr/*°Sr isotope ratio of 
sea water as indicated by limestone be offset? 


Answer 
It would not be offset. See Section 8.4. 


8.4.3. The non-steady state 


Naturally enough, in the general case, all of the parameters are a function of time: FQ), Hex), 
and L(). It is not generally very easy to integrate these equations when we are unaware a 
priori of the form of variation of the various parameters. It can easily be seen that if we write 
L@ = 0, that is, if we are in the case of evolution with no input from outside, without mixing, 
we come back to the equations developed in Chapter 3 for open geochronological systems 
with F@) taking the form ofan episodic or continuous loss. Conversely, if we cancel the terms 
of radioactive decay, we are dealing with pure mixing. The mixing equation we are used tois: 


QM = ax + an(1 — x). 


Let us assume that ayy = a (+ 1) anda =a (t) are the two values of the reservoir at ¢ + 1) 
and (). If we modify the value a of the reservoir by adding a corresponding quantity to Ax 
from the outside, then: 


ao(t+1) = (a; — a(t))Ax + a(t), 


therefore 
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a(t+1)— a(t) = Aa = (a; — a)Ax. 


This is the expression for differential mixing already established. 
Wasserburg’s equations may be extended to several reservoirs exchanging material and 
with different isotope ratios. For each reservoir, we write: 








d i=n ; i=n 

roe SOF -Alut+ Dow - wh 
i=1 i=1 

da i=n 

Gale + D(a - @) Li 


where Fiis the total of fractionation factors. 

There are as many pairs of equations as there are reservoirs and we switch therefore 
to a matrix system whose solution is complex and generally difficult to solve because there 
are many unknown, time-dependent parameters. However, in some cases it can be 
approximated. 








Figure 8.15 The simplified three-reservoir system. 


Exercise 


A simplified three-reservoir system is considered: the lower mantle (lm), upper mantle (um), 
and atmosphere (a) with transfers of radiogenic rare gases described by the transfer coeffi- 
cients shown in Figure 8.15, plus a chemical fractionation (F) during the transition from the 
upper mantle to the atmosphere. 

Write the matrix equation describing the dynamic evolution of the system. It is assumed 
there is no reverse transfer either from the atmosphere to the upper mantle or from the upper 
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to the lower mantle and that transfer from the lower to upper mantle does not involve 
chemical fractionation. 
Keep the a and 1 notations as used in this book. 


Answer 
The subscripts to denote the reservoirs are a= atmosphere, um = upper mantle, Im = lower 
mantle. 


ba Oa 
(8 = || Maga || Binel @ = || Cora 
Mim Om 
dy 
ae [T.]u 


where [T7,,] is the transfer matrix of ju. 


da 


ae 7 Tal a + Au 


where [Tq] is the transfer matrix of a. 





0 0 0 —Lumsa +Lum—a 0 
lice =|0 Ip = Uimsum) +Lim—sum and [Tal = 0 —Limsum +Lim—sum |- 
0 0 —A 0 0 0 


This exercise is designed to show how complex the problems are, but also to prepare 
readers for the mathematical processing used in research work. 

The cases of stable isotopes may also be covered by generalizing from these equations 
somewhat, but in this case, we must consider a combined formula because while there is no 
radioactive decay to be considered there is isotope fractionation. 

By positing a, = stable isotope ratio, we can write: 


da : ; 
a Fi as + Ds (Fes ai — as) L(t) 


where F; is fractionation internal to the system and F,, is fractionation for elements entering 
the system. This equation shows how worthwhile but how difficult it is to use stable isotopes 
in balance processes, because it involves an extra parameter — fractionation. 


EXAMPLE 





The crust—mantle system 


Consider the continental crust-mantle system. Let us take the example of exchange between 
the continental crust and the mantle. Let us keep our conventional use of ;: and a; let us take 
the ®’Rb/*°Sr system to clarify things. To simplify, we shall assume that the j. values for the 
mantle are much lower than those for the continental crust. 

The evolution of the crust is written: 


d 
af = D bbe (Lm Pee) 
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dae 


dt 


where j4,, aNd @m indicate the transfer from the mantle to the continental crust. 
It is assumed, to simplify matters, that Lis constant over time. Integrating the equation in ju 


gives: 








= +1Mee 4 (am Occ) L 


Hm L “a = 
Pec = 74 L [1-e ae | + Hoce & ee 


Hoce being the initial value for continental crust. Notice straight away that since 
t-e@t)t et — 1 this is a mixing-type equation whose proportions are time dependent. 
If x(t) =e | we get: 
= Hoi T (1 —x(t)) + Hoe x(t) 

A+k ie 
from which L is of the order of 0.3-10-° yr* and 4=0.0142-10~° yr~*. Therefore 





Hee 





L ee me 
a i ® [m,, Which is much less than jice and is ignored. 


dace ] u 


dt = bee e tht + (omy _ Occ) Ly 





Integrating gives: 
Qec = [Ace + Apoce t] e Att Qm| [2 _ ety 


Notice that this is a mixing equation between the evolution of isolated continental crust 
(whose evolution is written aoce+ Apoce t) and the am) coming from the mantle, which we 
have taken to be constant, the terms of the mix being weighted by e“‘ (Figure 8.16). 











—._ (A+ L) = 0.3*10-9 yr-1 
=== (\+L) =0.2-10-9 yr-1 


875 1/86Sr 











2 
Time (Ga) 


Figure 8.16 Results of the exercise above with jicc= 0.1. 
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Exercise 


Write the Wasserburg equation for stable isotopes (e.g., *80/7°0) in 5 notation. 





Answer 


= (6 bn) + OG — Ay) UC). 


The Aj, are isotopic fractionations during transfer from sources to the exterior, and A,; is 
the isotopic fractionation towards the reservoir, the L(t) are identical to those already 
defined. 





Exercise 


Consider the sea water reservoir. The concentration of elements is determined by the influx of 
products of erosion from rocks of continental and mantle origin. 
We assume the equation governing this composition is written for element i: 


des 


a Ji) = le 





and that 1/k;= R; is the residence time of element i. It is assumed that: 
Jj (t)=Joj+ bisin wt 
where w = 27/104 yr-?. 
For all elements we take Jp = Gi=1. 

Calculate the curves of variation of C’ for the elements Nd: R;= 1000 years, Os: R;= 30 000 
years, and Sr: Rj=2 - 10° years. 


Answer 
See Figure 8.10. 


8.4.4 Statistical evolution of radiogenic systems: mixing times 


Here, we shall again take the example of the upper mantle, but our approach is more gen- 
eral and could apply to other convective geochemical reservoirs like the ocean, the atmo- 
sphere, ora river. We are now going to look at not just the average values although they are 
essential, but also the statistical distributions that can be described summarily by their 
different statistical parameters: a mean, a dispersion, an asymmetry, etc. (Allégre and 
Lewin, 1995). 

As said, the upper mantle is subjected to two types of antagonistic processes. First, 
chemical fractionation (extraction of oceanic crust, extraction of continental crust, rein- 
jection of material via subduction phenomena). These processes result in chemical and 
isotopic heterogeneity with the help of time. Second, it is also subjected to mixing processes 
related to mantle convection, which stretch the rocks, break them, fold them, and mix 
them. There are also melting processes which also tend to homogenize the isotope ratios of 
the source zone. 
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Thus two types of phenomena are opposed: those producing chemical and isotopic dis- 
persion and those which mix, homogenize, and tend to destroy the heterogeneities (see 
McKenzie, 1979; Allegre etal., 1980; Allegre and Turcotte, 1986). 


Exercise 


Suppose that unaltered oceanic crust, altered oceanic crust, and fine sediments plunge 
into the mantle in a subduction zone. The extreme compositions for the ®’Rb—*°Sr 
system for unaltered oceanic crust are a" = 0.7025 and p/®°/5"=0.1 and for the sediments 


as’ =0.712 and p®/S'—0.4. The altered crust has intermediate values: a$—0.705 and 
Rb/Sr 
L =O, 


What will be the dispersion of the a isotope ratios if this subducted oceanic crust is in the 
mantle without mixing for 1 billion years? 


Answer 

Dispersion can be evaluated by calculating the two extreme values. We obtain 0.703 92 and 

0.717 68 respectively for the pieces of unaltered oceanic crust and for the sediments. The 

difference Aq is 0.0137, while the difference in a® values during subduction was 0.0095. 
We can also calculate it directly: 


Aa = (AQ) nitigh + A(AL)T. 


Hence A indicates the dispersion: Aa = 0.0095 + 0.004 26 = 0.0137. (Notice that given the 
value of A, the term —Ay is negligible in the evolution of 1.) 

Suppose now that these subduction products are subjected to multiple mixing processes in 
the mantle. Suppose the result is that Ay;, which was 0.3 initially, becomes Aj: = 0.1, and that 
Aa becomes 0.003. 

The effectiveness of this isotopic mixing can be measured by the ratio 30/137 =0.21 
whereas chemical mixing, measured by 0.1/0.3 = 0.33, is not quite as effective. (This reason- 
ing probably fails to allow for isotope exchange, but it is a first approximation.) 


Letus try to generalize these simple examples. We arelooking to write an equation derived 
from Wasserburg’s, but dealing with distributions. So we take as variables not the average 
values, which has already been done, but the dispersions. Dispersion can be measured by 
the standard deviation (or by the standard deviation of two extreme values, which, as we 
know, are about three times the standard deviation) (Allégre and Lewin, 1995). 

The following equation can be derived from Wasserburg’s equations by noting dispersion 
(). Thus we note the dispersion of isotope ratios (a) and the dispersion of chemical ratios 
(1) with subscripts a, (external), a; (internal), j1., (external), and jj; (internal). 


SM) <td) — (ui) L— Mn) 


where the term —A(j;) isignored (Figure 8.17). 

The new term that has been introduced is M (1i;), the term of homogenization of the mix- 
ture; M has the dimension of the inverse ofa time we shall call mixing time (7). Itis the time 
it takes to reduce the dispersion (j:) by a factor (e) exponential. Suppose a steady state is 
attained, then: 
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Figure 8.17 Diagram explaining how the histograms for parameters 4 and a evolve during the 
geodynamic cycle. Values of a and 4 are represented by histograms. We start on the left with a 
dispersed histogram for a and py. In the mantle the spread is reduced by mixing but supplementary a is 
heated by radioactivity (white in histogram). Then melting reduces the spread of a but not so much as for ju. 


L 


(Hi) = (Hex) MiL 


Replacing L by its expression 1/residence time = 1/Rand M = 1/r, gives: 


T 


(Hi) = (Hex) La 


If7 << R, mixingis very rapidand (yi) — Owhen7— 0.This is intuitive enough. Ifmixing 
time is short, homogenization is vigorous and therefore the standard deviation is zero. If, 
conversely, 7 >> R, homogenization is poor and (pj) = (flex): dispersion in the reservoir is 
the sameas that introduced. 

For isotope ratios, the equation for standard deviation is written: 


dai) (ex) — (a) , 4 (a) 
di yn a 





Letus make two remarks. The first, a purely arithmetical one, is that the factor '//> is found 
everywhere because the calculation made rigorously with variance is d(a)”/ 
dt = 2(a) d(a) /dt.The second and more important remark is that in the terms of creation 
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L< slope = RT 
—_1___§ R+T 





| =6<a> 








> 








<—26<> LL 


Figure 8.18 Mantle isochrons constructed from dispersion of (j:) and (a). The slope gives a pseudo-age 
(R+ 7). 


of heterogeneity, there is the term ofexternal inputs in (ex) but also a term from the disper- 
sion of (/1) values. 
If. is small enough for us to speak ofa steady state, we get: 


(a) =4 0) (Z) + (ound (G2). 


If7is small compared with R (very active mixing): 


(ai) & A (ui) 7 + (ex) (4). 





If vis very small, (aj) in the mixture is also very small. The mantle is therefore isotopically 
very homogeneous (small standard deviation). 

If is much larger than R, mixing is poor, and the standard deviation is equal to the stan- 
dard deviation of j multiplied by residence time, plus the deviation of input from outside. 

Letus examine the relationship there may be between the dispersion of (a) and that of the 
(1) values. We saw when calculating the least squares that in an (a, j4) plot, the statistical 
slope equals (a)/ (js) (the ratio of standard deviations multiplied by the correlation coeffi- 
cient ofapproximately 1). 

If we plot the points representing mantle rock on an (a, 1) diagram, e.g., (43Nd/'*4Nd, 
478m /'4Nd) or (8’Sr/*°Sr, *’Rb/*°Sr), the slope of the straight line yielding an apparent 
age is equal to the ratios of the standard deviations of the (a) and (z) values. 

Ifitcan be considered that (a,x) is about constant (this is not the absolute value of a,, but 
its dispersion!), the slope is equal to Rr /(R + 7)(Figure 8.18). 

If + is small compared with R, the slope is about equal to (7), the mixing time. 
Unfortunately it is not easy to estimate (i), the “chemical” dispersion ratio, because chemi- 
cal fractionation in basalt formation greatly increases (j.) dispersion even if it can be 
assumed that (a) remains the same. 

The slope of the correlation diagram obtained for basalts is then written: 


p( <_) 
R+T 
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where Dis acoefficient greater than unity and rather difficult to estimate. 

This difficulty makes the exercise somewhat hazardous. Letus attempt it none the less to 
get an order of ideas. An isochron has been obtained on oceanic basalt by the '*’Sm/'*4Nd 
method withan age of 350 Ma. 

Letus admit a value for D between 2 and1.5 andavalue of R = 1 Ga for the residence time 
ofthe upper mantle. This gives a mixing time 7 of 530 Ma. 

Another way of addressing the issue is to use the *He/*He ratios (Allégre et al., 1995). The 
ratios measured in MORB are the outcome of mixing of OIB ratios which represent an 
unmixed mantle. As Figure 6.18 shows, the *He/*He ratios of MORB seem to be slightly dis- 
persed around the average for OIB. 

Suppose, as a first approximation, that the dispersion caused by the decay of uranium is 
faithfully reflected by the OIB.We can then write: 


(mMorB) a 


(ors) R+r 





With (orp) = 45 - 10° and (QmorB) = 9, and still taking R = 1 Ga, we find 7 = 0.25 Ga. We 
are still dealing with the same order of magnitude but this time it is for the mantle MORB 
source alone. 

There are two important points to remember from this section. If we have an (a, ,/) rela- 
tion for present-day rocks from the mantle, therefore from a convecting reservoir, the 
slope does not measure the age of some sudden past event but is related to the physical 
characteristics of the reservoir: mixing time and residence time. We must henceforth set 
about describing geochemical reservoirs not by average parameters but by distributions 
and even by regionalized distributions. Work is under way inthis direction. 

Notice too that a number of conclusions about the case where external dispersion fluctu- 
ates with sin wt can be applied to the dispersion equation. The decisive parameter in this 
caseisL/(M + L),thatis:r/(R + 7). Dispersion willbein phase or out ofphase, damped 
or undamped, depending on the value of this parameter. We leave this matter to readers who 
wish to investigate this area further and who, for this purpose, may transpose the calcula- 
tions already set out. 


Exercise 


It is supposed that the *He/?He ratios of the upper mantle vary as a result of dis- 
persion introduced by variable ratios of the OIBs and of mantle convection (see Allégre 
et al., 1995). The values measured on OIB by 4He/?He ratios are: mean 93 390, dispersion 
45 330. 

The values measured for MORB of the North Atlantic ridges are: mean 8938, dispersion 
9330) 

Calculate the upper mantle mixing time in the North Atlantic, given that the residence time 
for the Atlantic lithosphere is 1.3 Ga. 

The residence time of the North Pacific upper mantle is 582 Ma and the dispersion 3000. 
Calculate the mixing time of these two zones of the upper mantle. 


Answer 
The mixing times for the two upper mantle zones are 300 Ma for the North Atlantic and 40 Ma 
for the North Pacific. 
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Problems 


1 Consider a reservoir whose concentrations evolve in accordance with the equation with 
standard notation: dC/dt=J— kC, which is therefore a non-linear evolution equation. What 
is the residence time of the element in question? Can you imagine a geochemical process 
for which such a formula might apply? What is the system’s response law if a flux Jo is 
suddenly injected and then left to evolve by itself? 


2 It is assumed that erosion fluctuates with glacial cycles. These cycles are supposedly modeled 
by the superimposition of three frequencies: 100 ka, 40 ka, and 20 ka, with relative amplitudes 
of 2, 1, and 1, respectively. Uranium has a residence time in the ocean of 3 Ma. Supposing 
that the 7**U/??*U ratios injected into rivers vary with climate, draw the 7**U/778U response 
curve of the ocean (without calculating). 


3 The residence time of oceanic lithosphere in the primitive upper mantle is 1Ga. It can be 
supposed that the corresponding 70 km of mantle are fully degassed when they go through 
the mid-ocean ridge. The *He in the upper mantle is the sum of two terms: the radiogenic part 
formed in situ over 1 Ga and the part coming from the lower mantle at the same time as 
the ?He. 

(i) Calculate how much “He accumulated in 1 Ga in the upper mantle with U=5 ppm and 
Th/U=2.5. 
(ii) Given that the degassing of *He from the mid-ocean ridge is 110° moles yr_* and that 
*He/*He = 10°, calculate the residence time of *He in the upper mantle. 
(iii) What do you conclude about the melting process at the mid-ocean ridges? 


4 Suppose that the dispersion of *He/*He ratios in the upper mantle is due to the incorporation 





Dispersion Expansion rate (cm yr *) Residence time (Ma) 


North Atlantic 9000 2.3 1400 


South Atlantic 6000 3.5 900 
South-west Indian Ocean 11000 1.7 1600 
North Pacific 3 000 8.0 580 
Central Indian Ocean 4700 3.6 700 





of a dispersion through the OIB counterbalanced by mantle convection. Dispersion measured 
in the MORB of various oceans is given in the table below. 


Ocean expansion rates are also given in the table along with the residence time of oceanic 
lithosphere in the corresponding mantle province. Calculate the mixing time of the various 
portions of the upper mantle, given that the OIB dispersion is 45 000. Is there a relation with 
the expansion rate? What is the relation? Draw it. 


5 Consider Figure 8.2 showing the hydrological cycle. Construct a system of boxed reservoirs, 
with four boxes: atmosphere/ocean, atmosphere/landmass, groundwater/runoff, and 
oceans. Draw the input and output and the corresponding flows for each box. What is the 
residence time of water in each box? What is the proportion of ocean going through the 
groundwater/runoff box and that has flowed into the sea as rivers over 1 million years? 
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APPENDIX 


Table A.1 Symbols and orders of magnitude 

















Prefix Factor 
exa (BE) 10'8 
peta(P) 10 
tera(T) 10" 
giga(G) 10° 
mega(M) 10° 
kilo (k) 10° 
hecto (h) 10° 
deca (da) 10! 
deci (d) 107! 
centi(c) 10> 
milli(m) 10-3 
micro (j2) 10~° 
nano (n) 10~° 
pico (p) 10°” 
femto (f) 10-5 
atto (a) 10-8 
Table A.2 Constants 
Symbol Value 
Speed oflight c 2.997 92458 -108ms_! 
Electron charge e —1.60217733 - 10°C 
Planck constant h 6.620 60755 - 10° **Js 
Boltzmann constant k 1.380 658 - 10°77 JK~! 
Gravitationalconstant G 6.6726 - 10° ''Nm?kg 
Electron rest mass Me 0.910 938 97 - 10 *°kg 
Atomic mass unit u 1.6605402- 10-7’ kg 
Avogadro constant Na 6.022 1367 - 107° mole! 
Ideal gas constant R 8.314510 Jmole !K~! 


1.989 calmole7!K7! 
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Table A.3 Geological data 








Mass of the Earth 5.9737 - 104 kg 
Volume 1.08320 - 107'm? 
Mean radius assuming spherical Earth 6371000m 
Mean density of Earth 5515kgm > 
Mass of atmosphere 51-10% kg 

Mass ofoceans 1.37 - 107 kg 
Mass of ice caps 2.9 - 10° kg 
Mass of fresh water (rivers and lakes) 3-10 kp 

Mass of continental crust 2.36 - 10” kg 
Mass of whole mantle 4-10%kg 

Mass ofupper mantle (above 670 km) 1.1074 kg 

Mass of core 1.950 - 10**kg 
Mass of outer core 1.85 - 10*4kg 
Mass of inner core 97 - 10 kg 

Areaof Earth 5.100 655 - 10° km? 
Area ofoceans 3,62 - 10° km? 
Area of continents (and continental margins) 2-108 km? 

Area ofexposed continents 1.48 - 10° km? 
Area of Atlantic Ocean 9.8 - 107 km? 
Area of Indian Ocean 77-107 km? 
Area of Pacific Ocean 17-108 km? 
Hydrothermal flux at ocean ridges 1-23 -10'*kgyr—! 
Flux ofrivers to ocean 4.24 -10*km? yr~! = 4.24 - 10° kg yr! 
Flux ofriver sediment load 1.56 - 10° kgyr! 
Flux ofoceanic crust formed 8.4-10%kg yr! 
Flux ofoceanic lithosphere created 8.4-10'4kg yr! 
Length ofocean ridges 50000 km 

Flux from hot spots 2.5 -104kg yr! 
Average sea-floor spreading rate 3 emyr! 

Flux oflithospheric subduction 8.4-10'4kg yr! 
Average altitude of landmasses 875m 

Average depth ofoceans 3794m 

Average thickness of continents 35km 

Average thickness ofoceanic crust 6.0 km 

Average heat flow 87mWm 7 

Total geothermal flow 44.3 TW 
Average continental heat flow 65mWm 
Average oceanic heat flow 101mWm 7 


Solar flux 1373 Wm 
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Table A.4 Long-lived radioactivity 





Percentage ofelement Decayconstant, (yr!) Meanlife, 7 (yr) Half-life, 71/2(yr) Product 

















ae B- 4.962 -10~!° 2.015 - 10° 1.397 - 10° Ca 
1.167 + 10-7 Kea e cap0.581 - 107° 17.21 - 10° 11.93 - 10° Ar 
Total 5.543 - 107" 1.80 - 10° 1.25 - 10° 
Rb GB 0.25 142-107"! 70.42 - 10° 48.8 - 10° est 
cm 138Ce 
8Ta] 0.089 3° 2.25.10° 4.44.10"! 3.08 - 10!! 138Ba 
e cap 
Latotal e cap4.4-10~-” 2.2 -10" 157-10" 
Total 6.65 - 10°? 15-10"! 1.04 - 10" 
'47 Sm (15.07) 644.10" 152.88 - 10° 1.06 - 10"! Nd 
Ty B-(2.6) 2-10-71! 50 - 10° 3.5 - 10! Morre 
'87Re 3” (63.93) 15-107" 66.66 - 10° 4.6 - 10!° 8705 
90+ ~ (0.0127) 116+ 10-" 862 - 10° 6-10" EQ. 
°2Th(100)(6a,48°) 4.9475 - 107"! 20.21 - 10° 1.4010 - 10" 208Pb 
351 (0.73)(70,58-) 9.8485 - 107 '° 1.01538-10° —0.7038099-10° + °’Pb 
2381 (99.27) (8a,63-) 1.55125 -10~° 6.44 - 10° 4.4683 - 10° ark 
Table A.5 Extinct radioactivity 
Percentage of Decay constant, 2 Mean life, T Half-life, 72 Product 
element (yr) (Ma) (Ma) 
26Al Bt 97-1077 1.03 0.71458 6M ge 
Be B- 46-108 2.16 - 107 15-10’ a: 
oe © Fc 2.25. 10° 0.44 0.308 3©Ar (98.1%) 
C1 B- 36S (1.9%) 
“Ca Bt 6.7-10°° 0.15 01 ane 
3Mn Bt 1.886 - 1077 53 3.3867 “ay 
60 Fe 237 4.761 -10~7 2.2 1.456 6ONi 
Nb Bt 2777 «10-* 36 25.67 2275 
107g 3~ 1.063 - 10-7 9.4 6.538 7 Ag 
191 8 4.108 25 17.327 129Xe 
Mosma 6.849 - 10°? 146 101.19 Nd 
B2Hf2 B- 7.692 - 10-8 13 9.01 182W 
205pp Gt 462-108 21.64 15 2057] 
44D fission 8.264 - 10° 121 83.91 X€fssion 
470m 2a, 3/3 44-108 22.5 15.6 oer 
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Table A.6 Half-lives of radium isotopes used in geology 








Parent Raisotope Half-life 
eae mee 1622 years 
aa meee 11.435 days 
eT h 228Ra 6.7 years 
22TH 224Ra 3,64 days 





Table A.7 Half-lives and decay constants of disintegration 
reactions for radioactive chains used in geology 





Nuclide Half-life (years) Decay constant (yr) 
ill 2.48 - 10° 2.794 -10- © 

ae Te 7.52 -10* 9.217 -10~° 

a. Ra 1.622 - 10° 4.272 .10~* 

Pb 22.26 3.11 -10~? 

a Pa 3.248 - 10* 2.134 - 107° 





Table A.8 Mass ratios of selected elements 





Chemical mass ratio 


(Rb/Sr) 
(Sm/Nd) 
(Lu/Hf) 
(Re/Os) 
(Re/Os) 
(U/Pb) 


Isotope ratio 


0.341 ®’Rb/*Sr) 
1.645 (!47Sm/'44Nd) 
1.992 (!°Lu/"”Hf) 
0.212 (!87Re/'88Os) 
0.0252('8’Re/'8°Os) 
~~ 710 73U/?Pb) a 





“This is indicative only because the figure varies with the lead isotope composition. Care must 
betaken with chemical values in the literature for rocks when compared with, say, carbonaceous 
meteorites, which have primitive isotopic compositions. 


Table A.9 Values of selected isotope ratios 








Bulk silicate earth Initial values 
M3N q/44Nd 0.512 638 0.505 83 
476m/44Nd 0.1966 
Mnf HE 0.282 95 0.279 78 
Mr u/ HE 0.036 
8767 /8Sr 0.7047 0.698 998 
S7Rb/*Sr 0.031 
187Q5/'86Os 1.06 0.805 
18705 /!88Qg 0.130 0.0987 
'87Re/!86Og 3.3 
'87Re/!88Og 0.412 
206 Dh /?°4Ph 18.426 9.307 
207 /?4Ph 15.518 10.294 
208 PH /?4PhH 39.081 29.476 
238/24 Pb 9.2 
232 /238Y 4.25 
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Table A.10 Atomic number (Z), chemical symbol, and atomic mass 
(A) of the natural elements 








Atomic number Element Atomic mass 
1 Hydrogen (H) 1.0079 
2 Helium (He) 4.002 60 
3 Lithium (Li) 6.941 
4 Beryllium (Be) 9.012 18 
5 Boron (B) 10.81 
6 Carbon (C) 12.011 
7 Nitrogen (N) 14.0067 
8 Oxygen (O) 15.9994 
9 Fluorine (F) 18.998 40 

10 Neon (Ne) 20.179 

11 Sodium (Na) 22.9898 

12 Magnesium (Mg) 24.305 

13 Aluminum (Al) 26.981 54 

14 Silicon (Si) 28.086 

15 Phosphorus (P) 30.973 76 

16 Sulfur (S) 32.06 

17 Chlorine (Cl) 35.453 

18 Argon (Ar) 39.948 

19 Potassium (K) 39.098 

20 Calcium (Ca) 40.08 

21 Scandium (Sc) 44.9559 

22 Titanium (Ti) 47.90 

23 Vanadium (V) 50.9414 

24 Chromium (Cr) 51.996 

25 Manganese (Mn) 54.9380 

26 Iron (Fe) 55.847 

2) Cobalt (Co) 58.9332 

28 Nickel (Ni) 58.71 

29 Copper (Cu) 63.545 

30 Zinc (Zn) 65.38 

31 Gallium (Ga) 69.72 

32 Germanium (Ge) 72.59 

33 Arsenic (As) 74.9216 

34 Selenium (Se) 78.96 

35 Bromine (Br) 79.904 

36 Krypton (Kr) 83.80 

37 Rubidium (Rb) 85.468 

38 Strontium (Sr) 87.63 

39 Yttrium (Y) 88.9059 

40 Zirconium (Zr) 91.22 

41 Niobium (Nb) 92.9064 

42 Molybdenum (Mo) 95.94 

43 Technetium (Tc) (97) 

44 Ruthenium (Ru) 101.07 

45 Rhodium (Rh) 102.9055 

46 Palladium (Pd) 106.4 

47 Silver (Ag) 107.868 

48 Cadmium (Cd) 112.40 

49 Indium (In) 114.82 
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Table A.10 (cont.) 








Atomic number Element Atomic mass 
50 Tin (Sn) 118.69 
51 Antimony (Sb) 121.75 

52 Tellurium (Te) 127.60 

53 Todine (1) 126.9045 
54 Xenon (Xe) 131.30 

55 Cesium (Cs) 132.9054 
56 Barium (Ba) 137.34 

37 Lanthanum (La) 138.9055 
58 Cerium (Ce) 140.12 

59 Praseodymium (Pr) 140.9077 
60 Neodymium (Nd) 144.24 
61 Promethium (Pm) (145) 

62 Samarium (Sm) 150.4 

63 Europium (Eu) 151.96 
64 Gadolinium (Gd) 157.25 

65 Terbium (Tb) 158.9524 
66 Dysprosium (Dy) 162.50 
67 Holmium (Ho) 164.9304 
68 Erbium (Er) 167.26 
69 Thulium (Tm) 168.9342 
70 Ytterbium (Yb) 173.04 

71 Lutetium (Lu) 174.97 

72 Hafnium (Hf) 178.49 
73 Tantalum (Ta) 180.9479 
74 Tungsten (W) 183.85 

75 Rhenium (Re) 186.2 

76 Osmium (Os) 190.2 

77 Iridium (Ir) 192.2 

78 Platinum (Pt) 195.09 
79 Gold (Au) 196.9665 
80 Mercury (Hg) 200.61 

81 Thallium (T1) 204.37 
82 Lead (Pb) 207.2 (variable) 
83 Bismuth (Bi) 208.9804 
84 Polonium (Po) (209) 

85 Astatine (At) (210) 

86 Radon(Rn) (222) 

87 Francium (Fr) (223) 

88 Radium (Ra) 226.0254 
89 Actinium (Ac) 227.0278 
90 Thorium (Th) 232.0381 
91 Protactinium (Pa) 231.0359 
92 Uranium (U) 238.029 
93 Neptunium (Np) 237.048 
94 Plutonium (Pu) (244) 

95 Americium (Am) (243) 

96 Curium (Cm) (247) 
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SOLUTIONS TO PROBLEMS 


Chapter 1 


(1) 


(2) 
(3) 


(4) 
(6) 


The mass of one atom of '’O is 28.45575- 10-2’ kg. Since the atomic mass unit is 
1.660 540 2 - 10-2” kg, the mass of '’O in mass unitis 17.136 4415. 

The mass of each of the two molecules '*CDH3 and CH, is 17.133 367 132 in mass 
units. The difference is 0.002 77, which in relative mass is about 1.610~* which corre- 
sponds to aresolution power of 6100 for the interference of separation. 

There are 31.7 ppm oflithium in the rock 

The measured isotopic ration wet = Res 1S equal to the real ratios + the pollution 
(estimated by the blank). The supposed isotopic ratio of theblank is Ry). The real isotopic 
ratio ofthe sample is R,. So: 


Rimes = RO = x) a Roi(X), 


where (X) is the mass fraction of the blank in the mixture (this is the same formula 
as isotope dilution). 

If the precision is measured at 1.107*, Rmes — R, should be greater than 10 times this 
value: 


Res — Rs <1.10~ 
which translates to 

(Rp — Rs)X¥< 107°, 
since Ry — Rs ~ 0.006 and 


_ blank 
~~ sample - 





x<1.6107-3 


So if the sample is 10~°g of Sr, x < 1.6107 °g. If we increase the accuracy by 10 times 
the blank should be 0.16 107g. 
The radius must be 63 meters if the angle of incidence is at 90° to the electromagnet’s 
input faces, 31 meters ifthe angle is 27%. 
Present day: 13.59 dps; 4.5 - 10° years ago: 77.15 dps. 


Solutions to problems 





(6) Production of radioactive heat fora mantle of primitive composition: 19.9 - 10!" W. Fora 
mantle analogous to the upper mantle: 2.6 - 10!" W. 
Urey ratios: (i) 47%, (11) 6%. The second ratio makes the production of radioactive 
heat virtually negligible. All the internal heat would therefore be related to the Earth’s 
early history. 


Chapter 2 


(1) Answers on pp. 288 and following. 
(2) Apparent ages in Ma 





206ppH /238Uy 207 pp /2U 207pp/29>Ph 208 pp /22Th 





473 510 677 502 
472 489 572 469 
442 460 548 471 
439 457 547 492 





(3) 5.14Ma;4.2 Ma. They correspond to lava from different eruptions. 
(4) Inactivity: 


24Ty BIY\ _, 7 
(=x) = (=x) . eh ee | 


234 
230Th = 2230 U 1 (1 e— (as0~fa34)") + [1 _ 7230"), 
238U A230 — Az34 \?38U 


(5) @ (am) = (am) eo (a Aam)t 
ai! excess 231Pa initial 


(ii) About 300 000 years. 





Chapter 3 


(1) 0.75 Ga. 
(2) WithT being the temperature, we have: 


Tr 
Ar = (AR), exp | (> +: cr) 
(3) (i) Theagesare: Pyke Hill: 2.75 Ga; Fred’s Flow: 2.58 Ga; Theo’s Flow: 2.46 Ga. 


(ii) Thesulfides notcontaining uranium lie on the isochrons and give roughly the initial 
values of the lead isotope compositions. 





(4) Lu—Hfages: M101 = 24.7 + 1.2 Ma, M 214 = 30.6 +2 Ma. 
Sm-—Ndages: M101 = 23.6 + 4.3 Ma, M 214 = 20.0 +7 Ma. 
The Sm—Nd ages seem younger than the Lu— Hf ages, but the pyroxenite beds are prob- 
ably 24 Mayears old. 
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(5) Agesofthree populationsofzircons 





Little Belt Mountains 1935-2000 Ma and 2630-2650 Ma 
Finland 2700-2800 Ma and 2000 Ma 
Maryland 600 + 60 Ma 








Itcan be seen that two of the zircon populations are double. 
(6) Astraight line. 


Chapter 4 


(1) C/N = 14.4 million! Plants have C/N ratios of 100-200. Draw your own conclusions! 
(2) About 1350 years! Itis therefore not the shroud in which Christ was wrapped. 


4k 4k 39K (sf) _ (sf) 
(3) (ax) = (sx) (ax) measured normal . 
K cosm 7K cosm K measured (sk) sa (sk) 
cosm normal 
(4) 8.9- 10° years. 
(5) a=162+0..mm Ma, 





Chapter 5 


(1) (i) Basalt >1.6 mg, granite >3 mg. 
(ii) Yes: basalt (2 Ga) = 0.7072; basalt (0.5 Ga) = 0.700 98; granite (2 Ga) = 0.7829; 
granite (0.5 Ga) = 0.7197. 
(iii) 3%ofor Sr, 2% for the Rb/Sr ratio. 
(iv) Five 200-g pieces are better than one I-kg piece. The result is cross-referenced and 
there is a hope of constructing an isochron. 
(2) 110+ 16ka. 
(3) 277+5Ma. 
(4) (i) (a) 1.12ionsper minute. 
(b) The uncertainty is +11540 years, or 20%, compared with 0.7% uncertainty on 
the present-day measurement. 
(c) Minimum age: 311 + 50 years. 
(d) Counting for 8 days, 300 mg ofcarbon would have to be extracted. 

(ii) The error by the *°Th—**4U method is 420 years for an age of 55 000 years, which 
corresponds to 0.76%. It is therefore an excellent method for this half-life, far 
superior to “C in theory. Geochemical conditions must hold for it to apply, that is: 
closed system and sufficient abundance levels. 

(5) (i) The *’Rb/*’Srage of the gneisses is 1.05 Ga. 

(ii) Theage of the granite determined by the concordia diagram is 2.11 Ga with an inter- 
cept less than about 1 Ga (see figure). The apparent ages and the geometric relations 
established by geologyare therefore contradictory. A granite that cross-cuts a gneiss 
cannot be older than the gneiss! Either of two hypotheses may hold. The first (A) is 
that both gneiss and granite are about 1 Ga old (given by the concordia intercept 
and the Rb-Sr isochron). The second (B) is to accept that the gneiss is 2 Ga old and 
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the granite alittle younger, but that the whole was subjected to alarge tectonic crisis 1 
Ga ago, making the zircons discordant and partially re-homogenizing the 
87Rb—*’Sr system. 
How do we choose between A and B? Hypothesis B is the more likely for two 
reasons. First, it is the concordia diagram that gives two ages of 2 Ga and about 
1 Ga. Now, the 1 Ga corresponds to the ’Rb—*’Sr age of the gneiss which has a poor 
alignment and above all a (°’Sr/*°Sr) initial ratio of about 0.713, which is very clear 
and indicates isotope re-homogenization. If we take the average of the °’Sr/*°Sr 
and *’Rb/*°Sr ratios, we get an average point. Taking an initial ratio of 0.705, we 
find an age of 1.95 Ga. Everything seems to be coherent therefore. However, of 
course, aseries of U—Pb measurements on the zircon of the granite would beneeded 
toconfirm this. 
(6) Initial age: 2.7 Ga, Grenville orogeny 1.1Ga.The zircon ages of 2.8 Gashow that some of 
the zircon is inherited. 
(7) 235+5Ma. 
(8) (i) All the time intervals are mathematically possible. Allowing for diffusion 
T <30 Ma. 
(ii) Rockof interest would contain zircon, apatite, and sphene. 
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(9) The rhyolite is the result of partial melting (whether followed by differentiation or not) 
ofthe ancient basalt crust. This buried hydrated crust is heated and melts a little to give 
rise to the rhyolite. 

(10) See Figure 5.11 for how to construct the diagram. 
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Chapter 6 


(1) (i) The initial two proportions in the two volcanogenic sediments are 0.576 and 0.423, 
respectively, giving: 


O' Sr "Sr)y cose: = 0.709 40and (Rb) Srhg.«,. = 0.1239. 


Sedian 


(ii) Initial ratios: °’Sr/*°Sr) granite = 0.718 65, @’Rb/*°St) granite = 3.885. 

Final ratio: (*’Sr/*°Sr) granite = 0.7738. 

(2) (i) Mass of *°Arassumed tobe contained in the core approx. 20 - 10° g, mass of *?Ar 
in the lower mantle 60 - 10'° g. This putative evaluation does not alter the general 
idea behind the *°Ar balance, a missing part of which must be in the mantle. 

(ii) Concentration of non-radiogenic lead in the core CR? = 1.81 ppm. 

(iii) For T=3 Ga, 7°°Pb/?*Pb) ower mantle = 17.40, 7°’Pb/?°*Pb) ower mantle = 14.74. 
The values for the closed system are 17.35 and 14.53, respectively. The point is slightly 
to the right of the geochron at 4.5 Ga. 

(iv) Taking T= 4 Ga, we have ?°°Pb/?™Pb) ower mantle = 17.90 and 7°’ Pb/?™ Pb) ower 
mantle = 16.10. 

(v) This phenomenon places the representative points in the J domain but is insuffi- 
cient to give lead values with an isotope signature like the island of St. Helena. For 
this, 50% of the lead in the mantle would have had to pass into the core after 4.4 Ga, 
which seems a lot. The idea of explaining OIBs with high py values by this mechan- 
ism does not seem to be corroborated by the data. 

(3) () Forthe mantle, the reinjection of continental crust plays virtually no part. This is 
because of the mass difference. Only the initial differentiation is seen. 
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For the continental crust, it does play a role, but its evolution does not correspond 
to observation. The concavity observed with time is the opposite of what is 
observed, which seems on the contrary to involve increasing recycling of conti- 
nental crust. 
(ii) Neither the Nd nor Sr curves of mantle evolution show the evolution really 

observed, which see a progressive onset of primitive mantle evolution. 

(iii) Overall, with the simplifying assumptions made here, this model does not account 
for the observations very well (see figure). 
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Armstrong’s model of continent growth. 


(4) (i) The upper mantle has a mass of 1 - 10’g with 5 ppb uranium, corresponding to 
2-10'°moles. 

(ii) Production of *He in 1 Gais 2.12 times that of uranium in moles, therefore 4.45 - 10'° 
moles. The quantity of *He outgassed is about 10° moles yr '. Therefore, the resi- 
dence time “He = 440 Ma is equal to half the residence time of the lithosphere, 
which means that when the oceanic lithosphere forms at the mid-ocean ridges, 
thereis enrichment in *He towards the melting zone. 

(5) (i) Values of WN* are calculated in both hypotheses aN4 — 0.5110 and 
aN4 — 0.5120, which are the extremes using the balance equation ju. Next the 
TN* model ages are calculated using the two extreme data by the age formula 
deduced from continental crust data. This gives a pair of values (WN¢, TN*) 
which are (0.2465; 2.84 Ga) and (0.4608; 1.08 Ga).Values of WN“ are calculated 


with the jz balance equation under both extreme conditions i Nd — 0.227 and 
Sm/Nd — 0.28 


dm 
Then7“ is calculated using the formula for the depleted mantle. We get a pair of 


values (WN*, TN) of (0.256; 2.6 Ga) and (0.4882; 0.964 Ga).We then take a (W*, 7) 
plane and draw the two straight lines corresponding to the pair of values (W, 7) 
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taken two by two (see figure). Their point of intersection gives WN* = 0.335, 
TN4 = 2.05 - 10° years. 
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Returning then to the balance equations, we get: as = 0.511567 and 
Sm/Nd 
Ham = 0.241. 

(ii) Using WN, W* is calculated as 0.22. From the balance equation for ju values we 
deduce pic, =0.409. From the balance equation for the a values, we deduce 
ast = 0.713 28. We check by calculating the 7*" model age on the depleted mantle 
values T*" = 2.1 Ga; with continental crust values T®" = 1.90 Ga, for an average of 
2 Ga. The overall picture is fairly coherent. 


Chapter 7 


(1) The first job is to estimate the fractionation factors at the missing temperatures +10 °C 
and —30°C. 

(i) We plot the two curves ap, 6)s,, against temperature and interpolate and extrapo- 

late linearly, which is warranted because they seem to vary linearly. The complete 











table is given below. 
ap A185 
+20 1.085 1.0098 
+10 1.10 1.0106 
0 1.1123 1.0117 
—20 1.1492 1.0141 


-30 1.175 1.0155 
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(ii) The results are as given below. 








O acss Ori Oo Oya o Orin 
1 —133 —33 -16.3 -6.5 
2 —208 —96 24.13 12.4 
3 307 —158 —33.57 —19.47 
4 —424 —249 —43.95 28.38 


(iii) Seefigure. 
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(2) The equationis: 
5=6)+ 10 (a-1)Inf 


For the first phase, fvaries from | to 0.7. The results are given in the table and figure 
below. 











Q_1 =0.0002 Q_—1 = 0.00025 Q_1 =0.00035 
f=09 f=07 f=59,Af=084 f=049,Af=07 f=0.388, Af=0.79 
Melt 5.52 5.571 5.614 5.66 5.74 
Olivine 5.32 5.37 5.414 5.46 5.54 
Pyroxene 5.31 5.36 5.44 
Plagioclase 5.14 





Ascanbeseen, great precision is required to bring out these variations. 
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(3) Withdp = 70% and Craig’s straight line of precipitation, we deduced = 10%.We cal- 
culate the partition coefficient at 550 °C. 
Ag-g=A:10°T- 7428 








A B A mineral—water 
Quartz 4.10 —37 2.35 
Magnetite —147 —37 —5.8 
Muscovite 19 —3.10 —0.41 
Feldspar 3.13 —3.41 1.20 
Calcite 2.78 —2.89 1:21 
Plagioclase 2.15 —2.0 1.149 





The balance equation is written: 


(69 — 61,0) x1 + (86mg — Sx,0) x2 + (SMe — 61,0) — 03+ 
(Steia — 64,0)X4 + (Scat — 6n,0)X5 + (Sptag — 64,0) %6 = Q. 


From this we get: 
Ssiticate _ 61,0 = 0.99 (2), 


but we alsoknow the initial balance: 

Sinitial silicate X Y1 + Oinitial water-V2 = Oinitial 

where y,and y> are calculated allowing for the fact that by mass: 
H,0 = 15% and silicate = 85%. 


In the silicates, oxygen = 54%; in the water, oxygen = 88.8%. Therefore the initial over- 
all value ofthe system, ifassumed closed, is: 


Oinitial =7x0.77+ (—10) x 0.23 = 5.39 — 2.3 = 3.09. 





Ea Solutions to problems 





This is preserved, so we have: 

Ositicate + Ou,0 = 3.09 (2). 

We then deduce dy,,0 by eliminating 6 siticate between (1) and (2): 
Ou,0 = 1.05 

All thatis left is to calculate the mineral 6 values: 


Oana = +3.4 
O magnetite = —4.7 
Oranscovite = 0.68 
Ofeldspar =— +2.29 
Ocalcite = +2.28 
O plagioclase = 42.39. 
(4) (i) Thequantity ofcarbonburntis 5.9 - 10'° g, which corresponds to 410 ppm of CO>. 
(ii) Now, the content is 330 ppm. The remainder has been dissolved in the ocean after 
homogenization. 
(iii) ThedCcatcitehas gone from +3 to 0. 
(iv) If6canbe measured witha precision of 0.1 dor 0.056, this criterion can beusedasa 


pollution control. 
(S) Ag-m = 6g —Omaj = Oso, — |xOg- + (1 — »)8s02-| 


s 
~~ $= + SOe 
K(T) 
yx - _ AID 
(a? + K(T)) 


Ay-m = 7.5x — 4.5. 


Therefore ifx < 0.6 Ay _ itis negative, otherwise it is positive. 
(6) (i) 6=0.344and 1.386, respectively. 
(ii) 6 =—1.05. 
(iii) 0.0081 6 m~' and 0.01108 6 m™! for the two snowball scenarios and for the 
scorched Earth scenario 0.01486 m_|. 
(iv) No. 


Chapter 8 
(1) Wefind: 
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A decay reaction, for example, decay of organic matter, obeys a second-order kinetic 


equation: 
Jo 
LS 
Jj kt+1 


(2) The frequency 100 kawillbe continued unchanged. The 40 ka and 20 ka frequencies will 
be phase-shifted and damped and therefore the 100 ka frequency will predominate. 
(3) (i) The upper mantle 1 - 10°’ g with 5 ppm of U, corresponding to 2 - 10'° moles. 
Production of *He in 1 Gais 2.2 times that of uranium in moles, therefore 4.4 - 10° yr. 
The quantity of *He degassed is about 10° moles per year. 
(ii) Therefore the residence time of *He of 440 Ma is twice the residence time in the 
lithosphere. 
(iii) This means that when the oceanic lithosphere forms at the ocean ridges, there is 
enrichment of *He towards the melting zones. 
(4) Mixing times in the upper mantle 








Mixing time (Ma) 
North Atlantic 350 
South Atlantic 138 
South-west Indian Ocean 533 
North Pacific 42 
Central Indian Ocean T7 





Yes, there is a relation with the expansion rate (see figure). 
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